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Abstract

This PhD thesis addresses the topic of large-scédgactions between climate and
marine biogeochemistry. To this end, centennialutations are performed under
present and projected future climate condition$\aitoupled ocean-atmosphere model
containing a complex marine biogeochemistry mod&he role of marine
biogeochemistry in the climate system is first stigated. Phytoplankton solar
radiation absorption in the upper ocean enhanceasgdace temperatures and upper
ocean stratification. The associated increase iramclatent heat losses raises
atmospheric temperatures and water vapor. Atmogploinculation is modified at
tropical and extratropical latitudes with impacta @recipitation, incoming solar
radiation, and ocean circulation which cause umgean heat content to decrease at
tropical latitudes and to increase at middle ld&sI Marine biogeochemistry is tightly
related to physical climate variability, which meagry in response to internal natural
dynamics or to external forcing such as anthropmgesrbon emissions. Wind changes
associated with the North Atlantic Oscillation (NAQ@he dominant mode of climate
variability in the North Atlantic, affect ocean perties by means of momentum, heat,
and freshwater fluxes. Changes in upper ocean teyve and mixing impact the
spatial structure and seasonality of North Atlamltytoplankton through light and
nutrient limitations. These changes affect the bagpya of the North Atlantic Ocean of
absorbing atmospheric G@nd of fixing it inside sinking particulate orgamatter.
Low-frequency NAO phases determine a delayed respanf ocean circulation,
temperature and salinity, which in turn affects atfication and marine
biogeochemistry. In 20th and 21st century simuketioatural wind fluctuations in the
North Pacific, related to the two dominant modestohospheric variability, affect the
spatial structure and the magnitude of the phytdgitan spring bloom through changes
in upper-ocean temperature and mixing. The impafdisiman-induced emissions in the
21st century are generally larger than natural aféem fluctuations, with the
phytoplankton spring bloom starting one month eathan in the 20th century and with
~50% lower magnitude. This PhD thesis advanceskti@vledge of bio-physical
interactions within the global climate, highlighginthe intrinsic coupling between
physical climate and biosphere, and providing enéaork on which future studies of

Earth System change can be built on.
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Chapter 1

Introduction

The Earth’s climate comprises a variety of physaral biospheric processes ultimately
powered by the Sun energy (Peixoto and Oort, 1982kast range of physical,
chemical, biological, and human processes intesauoultaneously and at different
spatio-temporal scales within and among the atmasph oceanic, and land
components of the climate system. Earth systenmeeies devoted to investigating the
nature of these interactions and assessing thkbrawm the mean state and temporal

evolution of the Earth’s climate.

Fig. 1-1 shows a schematic representation of Eigkem components and interactions
of relevance for this study. The Earth’s climat@ibks strong fluctuations in time both
due to natural variability and to external forciniygtural climate fluctuations (arrow 1)
span multiple time scales - interannual, interdatadultidecadal - and arise from the
atmosphere’s dynamics and from ocean-atmospheegaation. Well known climate
fluctuations are the EI Niflo-Southern Oscillationvalving pressure and ocean
temperature redistributions between the easternaastern tropical Pacific (Philander,
1990), the Northern and Southern Annular Modes linng seesaws of atmospheric
mass between polar and middle latitudes (Thomsdrvéallace, 2000), and the Pacific
North American teleconnection associated - amoigrset - with fluctuations of the
Aleutian Low strength (Wallace and Gutzler, 198A)mospheric oscillations affect
ocean properties through heat, momentum, and fraehvexchanges (Visbeck et al.,
2003), and are hypothesized to be in turn infludnt® some degree by oceanic
temperature patterns (Czaja and Frankignoul, 2001).

External forcing of climate variability (arrow 2)ises from any process capable of
modifying the radiative balance of the Earth Syst@ims occurs for instance through
changes in solar activity, changes in the Earthlstal parameters (Hays, 1976), or
through fossil fuel emissions by human activiti€orgter et al., 2007). This latter
process increases the atmospheric greenhouse gesnt@tions and thus the fraction
of longwave radiation re-emitted towards the Eainface. A larger greenhouse gas

concentration is thus expected to increase atmospkemperatures which in turn



impact the ocean compartment, e.g. through chaimmgsteric height and stratification
(Bindoff et al., 2007; Meehl et al., 2007).
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Fig. 1-1: Schematic representation of Earth system compsram interactions of relevance
for this study.

This PhD thesis focuses on the study of large-so#kractions between physical
climate and marine biogeochemistry. Marine biogeoaistry is closely related to the
physical processes occurring within the Earth Sgstécean-atmosphere dynamics and
external forcing affect marine biogeochemistry tlylo a variety of processes such as
ocean mixing and circulation, sea ice coverage, iandming solar radiation. More
precisely, these processes modify environmentaditons relevant to the lower trophic
levels of the marine ecosystems through changesean temperature, nutrients, and
solar radiation availability (Mann and Lazier, 199®nghurst, 2007). Natural climate
fluctuations (arrow 1) and anthropogenic climatearde (arrow 2) may therefore
significantly impact the composition, spatial stuue, and temporal evolution of the

ocean biogeochemical compartment (Sarmiento antdesra006).

The interaction between physical climate and mabiegeochemistry is however bi-

directional. Marine biogeochemical processes mayact create feedbacks onto the



physical climate system (arrow 3), owing to theipability of modifying physical and
chemical properties of their surrounding environtnébenman et al., 1996). For
instance, phytoplankton absorbs £@nd contributes to the sequestration of
atmospheric C@ (biological pump) and produces other radiativetyivee chemical
substances (Boyd and Doney, 2003). Another bioiphlfeedback is the absorption of
solar radiation by phytoplanktonic organisms whacbdifies the upper ocean radiative
budget (Morel and Antoine, 1994).

The understanding of the two-way interactions betwphysical climate and marine
biogeochemistry is further complicated by the fabat these interactions are
simultaneous, characterized by multiple scales,pasdibly co-varying to some degree.
It is therefore useful to analyze these interastionthin coupled climate models, which
interactively simulate the dynamical evolution bEtocean, atmosphere, sea ice, and
marine biogeochemistry in an interactive way. Ctienaodels are capable of internally
generating natural climate variability and of rezsdy simulating the major large-scale
processes occurring within the Earth System. Theytleerefore valuable tools, to be
used in combination with observational data setsjrvestigating interactions between
physical climate and marine biogeochemistry undegsgnt climate and future
projections of increased greenhouse gases.

In this PhD thesis | focus on three particular aspef the vast range of bio-physical

interactions occurring within the Earth System:

1. The response of marine biogeochemistry to the NortAtlantic Oscillation and
to North Pacific climate variability (arrow 1).

2. The combined impacts of natural climate and anthropgenic forcing on marine

biogeochemistry in the North Pacific (arrows 1 an®).

3. The climate feedbacks of solar radiation absorptiorby phytoplankton (arrow
3).

These aspects are thought to be relevant for innpgathe scientific understanding of
Earth System functioning and its temporal evolutidhe interrelated, simultaneous,
and bi-directional nature of the bio-physical pisses requires a comprehensive
approach considering the various aspects of therantion as part of a unitary and
coupled system. In this PhD thesis | have consdbuersed a coupled ocean-



atmosphere model containing interactive marine dmafemistry to investigate two-
way interactions between climate and marine biolgeoustry within the Earth System.

The following topics will be addressed:

Chapter 2 describes the coupled model employechtestigate the main PhD
questions, the model development performed withenRhD, and the experiments
conducted in this work; subsequently, the modeiatblogical outputs are be

analyzed in comparison with available observations.

Chapter 3 analyzes the feedbacks exerted by odedogbankton radiative heating
on global climate. The investigations are carried i the areas where the bio-
optical feedbacks have a larger effect on the physilimate, in order to better

identify underlying mechanisms.

Chapter 4 investigates physical and biogeochenticabn responses to the North
Atlantic Oscillation. It focuses on analyzing thenne biogeochemical responses

on interannual to decadal time scales and on iiyemgithe driving processes.

Chapter 5 explores and compares the impacts ofatand anthropogenic climate

change on marine biogeochemistry in 20th and 2Arsicy simulations.

Chapter 6 summarizes the main findings and conslufethe main perspectives

that this work opens.



Chapter 2

Methods

2.1 Coupled model description

The fully coupled global models used in this stadlg two: the first one is a carbon
cycle model containing ocean, atmosphere, seameene biogeochemistry, and land
surface compartments (for a technical descriptemFogli et al., 2009); the other one is
identical to the first one except for not contagthe land surface compartment.

The atmosphere general circulation model is ECHAMBeckner et al., 2003), which
numerically solves the primitive equations for titenospheric general circulation on a
sphere. The horizontal triangular truncation used Ti31, corresponding to an
approximate 3.75° horizontal grid spacing. In teetigal a flexible coordinate is used,
enabling the ECHAM5 model to use either terrainefeing sigma or hybrid

coordinates, with a total of 19 vertical levels.

The ocean general circulation model OPA 8.2 (Maeeal., 1998) solves primitive
equations on the global curvilinear and tripolar@¥® grid (Madec and Imbard, 1996).
The model has a horizontal resolution of 2°x2°amscept for the tropical belt between
20°S and 20°N, where grid spacing is reduced tb. 0Be model has 31 unevenly
spaced vertical levels with increasing resolutignta 10 m in the upper thermocline.
Vertical eddy diffusion of momentum and tracerp#&@ameterized according to a 1.5
turbulent closure model based on a prognostic emuétr the turbulent kinetic energy
(Blanke and Delecluse, 1993). The mixed layer depthen computed diagnostically as
the depth at which density is 0.1 kg’ righer with respect to surface values. In case of
vertical density instability, vertical diffusivitis artificially enhanced to 100 sec' in
order to parameterize convective adjustment. Thizdatal diffusion of momentum is
parameterized with a Laplacian operator and a pddialy-varying kinematic viscosity
coefficient set to 40000 frsec¢' poleward of 20°N and 20°S and in the western
boundary regions, and gradually decreasing to 2806ec’ in the equatorial region.
The horizontal diffusion of tracers is computedrbgans of a harmonic operator along

isopycnal surfaces with an eddy diffusivity coeffitt equal to 2000 fnsec'. The



model implements an eddy-induced velocity paranegtton (Gent and McWilliams,
1990) with coefficient values depending on the glowate of baroclinic instabilities
and usually varying between 15 and 3000sh Ocean and atmosphere exchange of
momentum, heat, and freshwater fluxes is providest@ day by means of the OASIS3
coupler (Valcke et al., 2004). Heat and freshwatemservation are ensured by the
OASIS3 coupler without the addition of flux cornects. However, since river runoff is
climatologically prescribed, excess freshwater alt & equally redistributed on the

global ocean on a daily basis.

The ocean model includes the thermodynamic-dynasea ice model LIM
(Timmermann et al., 2005). Sensible heat storagevantical heat conduction within
snow and ice are determined by a three-layer m@he layer for snow and two layers
for ice). Vertical and lateral changes of sea ice @btained from prognostic energy
budgets at the vertical boundaries of the snowecmeer. For the momentum balance,
sea ice is considered as a two-dimensional commnuuits dynamical interaction with

atmosphere and ocean.

The ocean model contains the marine biogeochemistigel PELAGOS (Vichi et al.,
2007a) which is the global implementation of thed&ochemical Flux Model (BFM,
http://bfm.cmcc.if. A model assessment against observational datasgresented in
Vichi et al. (2007b) for a climatological simulati@nd in Vichi and Masina (2009) for

an interannual simulation forced with observed apheric fluxes. The model includes
a comprehensive set of marine biogeochemistry ioalstfor major inorganic and
organic compounds and for the lower trophic lewadlghe marine ecosystem. Three
phytoplankton groups (diatoms, nano- and picopHgtdgon), three zooplankton
groups (nano-, micro- and mesozooplankton) and loaeterioplankton group are
described according to their physiological requeets and feeding interactions.
Diatoms are the largest phytoplankton group, havmgh nutrient requirements,
elevated growth rates, and being grazed by mesteradpn. In this model, diatoms are
the dominant phytoplanktonic group in the Equatdriacific and at subpolar and mid-
latitudes, whereas the smaller-sized nano- andppigoplankton dominate subtropical
and tropical domains. Nutrient uptake is paramegerifollowing a Droop kinetics
(Vichi et al., 2007a) which allows for multi-nutrnielimitation and variable internally-
regulated nutrient ratios. Chlorophyll synthesislasvn-regulated when the rate of light

absorption exceeds the utilization of photons fanbon fixation (Geider et al., 1997).



Living groups excrete, in different quantities,stitved and particulate organic carbon,
which bacterioplankton remineralizes into dissolwedrganic compounds. Particulate
organic carbon, mainly produced by the largest @hyand zooplankton, is

parameterized as sinking through the water coluritim avconstant speed of 5 m day

Solar radiation in the climate model is the sumvisible and infrared wavelengths,
absorbed by the ocean according to the PaulsoSamaison (1977) double exponential

formulation:
I (x, Y, z): lo (x, y) [Rek'RZ +(1- R)ekV'SzJ (2-1)

wherez is the vertical coordinate oriented upwards betwibe bottom depth where=
—H and the surface wheme= 0, | is irradiance at depth |y is the spatially-varying
incoming solar radiation at the ocean surfé&the partitioning between infrared (58%)
and visible (42%) wavelengths, akg and ky;s the infrared and visible attenuation
coefficients typical of clear open ocean watersrig¥e 1968). Whereas infrared
radiation is totally absorbed in the first modeldg visible radiation may reach ~100 m
depth (corresponding to an attenuation depth fortglave radiation equal to 23 m).
When ocean biogeochemistry is present, the alufityisible radiation of penetrating at
depth is dependent also on chlorophyll pigmentsl (Bna lesser extent on detrital
matter) which strongly absorb in the short-wavetandhe coefficientkys is then
computed at each depttas the sum of the constant seawater absorptidficcest k,
(set to 0.043 m, i.e. the inverse of the attenuation depth) andthef biological

attenuation coefficieri,, (Vichi et al., 2007a) integrated down to depth z:

s (D =+ k(202 (2-2)

Ky (2) = ¢, P(2) + cxR(2) (2-3)

In Eg. (2-3)P andR are the chlorophyll and detrital matter concerdret at each depth
z, and ¢, and cg their respective specific absorption coefficie(dsO3 nf mg* for

chlorophyll and 18 m*mg* for detritus).

Radiation absorption by seawater and biologicakenaiauses local radiative heating in

the ocean according to the following formula:



— = (2-4)

where T/ t is the temperature variation in timejs ocean density, andr the ocean
heat capacity (4xfQ) K* kg%). The radiative heating term in Eq. (2-4) is adtedhe

ocean temperature trend equation aside heat admetd diffusion.

In the version of the coupled climate model contgnland surface, the land and
vegetation model SILVA (Alessandri, 2006) is usedstmulate soil hydrology and
thermodynamics, snow, and vegetation processewvardleto climate. The model
computes land surface characteristics such as @lvedghness length, conductance,
and evapo-transpiration as a function of the sailewcontent and vegetation state. The
addition of a land and vegetation component toatmosphere-ocean-sea ice-marine

biogeochemistry coupled model allows for a closafrtne global carbon cycle.

2.2 Model development

As part of the PhD thesis, a full description o ttlissolved inorganic carbon (DIC)
dynamics was incorporated inside PELAGOS in ordeadequately simulate the ocean

components of the carbon cycle. In the ocean, amoogcarbon exists in three different

forms: free carbon dioxid&COz] = [COZ]aq +[H2003]), bicarbonate io(HCQ; ), and

carbonate ior(CO," ) The carbonate species reach the following eqitilit:
CO, +H,0-¥® HCO, +H" - ¥® COZ +2H" (2-5)

defined by the equilibrium constants, and K, for the first and second reaction
respectively (Zeebe and Wolf-Gladrow, 2001). Thebonate system in seawater is
described in terms of 7 chemical species, i.eg frarbon dioxide, bicarbonate ion,
carbonate ion, carbon dioxide partial pressure eawate(pCQ,), hydrogen ion
concentratiofpH =- log,,((H" ])) total carbon concentrationDIC), and total
alkalinity (TA), which are governed by the following relations:

K, = [Heo; [4H-] (2-6)
co,



K, = lcoz [4H-] (2-7)

DIC =[c0o,]+|HCO; |+|co? | (2-8)
pCQ, = % (2-9)

TA=[Hco; |+ 2co? |+ (B(oH); |+ [oH- ]+ [HPoz |+ PO | +...
+[H.si0; |- |H* |- - [HSQ, |- [HF]- [H4PO,]. (2-10)

The species appearing in Eq. (2-10) are expresseterms of their equilibrium
constants and of their elemental concentrationsalTalkalinity is therefore computed

as a function of:

TA= f([H*] DIC, K, K, K, Ky, Ky, Ky, Ky Ko K K bt st pt, i sit) (2-12)

whereK; and K, are the equilibrium constants for carbonic acid &rcarbonate ion
calculated as a function of temperature and sglagtording to Roy et al. (1993 is
the Henry's constant which regulates £€blubility in seawater and it is calculated
according to Weiss (1974) as a function of tempeeatk,, is the ion product of
seawater calculated according to Millero (1995ngscomposite data recommended
Dickson and Goyet (1994, is the dissociation constant for boric ac(iE(OH)S)
calculated according to Millero (1995, KopandKs, are the dissociation constants
for phosphoric acid(H3P04), dihydrogen phosphate io(HZPO;) and hydrogen
phosphate ior{HPOj') respectively, calculated according to Millero (59XKs; is the
dissociation constant for silicic ac(<$i(OH)4) computed according to Millero (1995);
Ks is the dissociation constant for bisulphate itmsq) calculated according to
Dickson (1990)K; is the dissociation constant for hydrogen quor(dHF) calculated
according to Dickson and Riley (1979) convertingttdal “hydrogen” scale as in
Dickson and Goyet (1994). The speciés is the total boron concentration
((B(OH),] +[B(OH),]) calculated according to Uppstrom (197abis the total sulphate
concentration([quJ+[SQf' ]) calculated according to Morris and Riley (1966) &

is the total fluoride concentratiou([HF]+[F' ]) calculated according to Riley (1965).

The species  pt, i.e. the total phosphorus concentration



(H,PO,]+|H,PO; |+|HPO? | +|PO} | and sit, i.e. the total silica concentration
([S(OH)4]+[H38'O‘;J), are model state variables. The fore mentionedutations

have been performed following the US DepartmenEpérgy (DOE) “Handbook of
Methods for the Analysis of the Various Parametdrthe Carbon Dioxide System in
Seawater” (Dickson and Goyet, 1994), with the aggpion of the total “hydrogen” scale
for all computations. A pressure correction on eaththe equilibrium constants is
applied following Millero (1995) and Zeebe and Walfadrow (2001).

This system contains 7 unknown variabléBlC,TA,COz,HCOé,CO§' HT, pCOZ)

and is defined by 5 equations (Egs. 2-6 to 2-10e $ystem is therefore determined
when two of the seven variables are known: in ¢thse these are total inorganic carbon
(DIC), varying as a function of physical and biogeocivaiprocesses, and alkalinity
(TA), varying as a function of physical processes ,0ak/ biogeochemical processes
leading to alkalinity changes (i.e. calcium carldenproduction and dissolution, and
riverine inputs of alkalinity) are not implementedthe model. The local equilibrium

carbonate chemistry is solved according to the Iieg method proposed by Follows

et al. (2006) for the computation oi[H*J from which other variables
(CO,O?',HCO,O;,COZ,pCOZ) may then be calculated. ThEH value is calculated as

- log,,H".

The difference between atmospheric and surfacenoC&a partial pressure drives a
CO, flux between the ocean and the atmosphere. Thi @ea CQ transfer over the

ocean is parameterized according to WanninkhofZ}%99
ﬂux(Coz )air- sea — KO >4(av >(pCOZ(air) - pcoz(sea)) (2'12)

where pCQuin and pCQeajare the air and sea GPartial pressures at the atmosphere-
ocean interfaceKy is the fore mentioned solubility coefficient for €@ seawater, and

Kav is the gas transfer coefficient for steady wind&tininkhof, 1992) computed as:

SC -05
k, =03 x — (2-13)
660
where u is the wind speed and Sc is the Schmidtbeundefined as the kinematic
viscosity of water divided by the diffusion coeféot of the gas, and estimated

according to (Wanninkhof, 1992):

10



Sc=20731- 12562xXT +3.6276xT > - 0.0432194 °. (2-14)

The implementation of carbonate chemistry for tleswre of the carbon cycle adds 2
dynamically transported variables (total alkalireiyd total dissolved inorganic carbon)
and 5 diagnostic variables for the carbonate spenidaqueous C¢) bicarbonate and
carbonate concentrations, p&®H and ocean-atmosphere GI0x).

2.2 Experiment set up

The coupled model described in Section 2.1 is teguoduce a number of simulations
which are shown schematically in Fig. 2-1. A codplemulation containing the
physical components only of the coupled model, atmosphere (ECHAMS), ocean
(OPA 8.2) and sea ice (LIM), is named A for “abidtiExperiment A is initialized with
climatological temperature and salinity data froie tWorld Ocean Atlas 1998
(Antonov et al., 1998; Boyer et al., 1998) and ngegrated for 400 years. Another
coupled simulation is performed with the same pigistore as experiment A with the
addition of the marine biogeochemistry model PELASS&nd is named B for “biotic”.
The B experiment is initialized with the physicstioé year 100 of the A experiment and
integrated further for 300 years. Both experimeAtsand B are conducted under
constant greenhouse gas atmospheric concentratien§Q, CH,;, N.0, and CFC; in
particular, CQ concentrations are equal to 348 ppm, a value aypitthe 1980s (Fig.
2-2). Marine biogeochemistry in experiment B idialized as follows: macronutrients,
dissolved inorganic carbon and alkalinity are priégc from World Ocean Atlas 2001
climatologies (Conkright et al., 2002), dissolvedni concentration is initialized as
homogeneous zonal bands based on sparse dataemlgcGregg et al. (2003) and the
remaining variables are set to uniform concentratiavith chlorophyll concentrations
computed as a constant ratio of phytoplankton cariburing the model integration,
atmospheric iron deposition is taken into accoynajplying climatological model data

from Tegen and Fung (1994) and assuming a dissalftaction of 1%.

11
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Figure 2-1: Experiments analyzed in this study: in experimeitand B atmospheric GO
levels are set to 348 ppm; in the pre-industrigleginents greenhouse gases are set to the
climatological value for the year 1860; in the “X2éntury” experiment greenhouse gases are
those observed for the period 1860-1999; in the I'Befhtury” experiment greenhouse gases are
prescribed according to the A1B scenario. Model poments, used in different combinations
among the simulations, are ECHAMS5 (atmosphere), O®RA (ocean), LIM (sea ice),
PELAGOS (marine biogeochemistry), SILVA (land aregygtation).

A set of centennial simulations have been performihdin the framework of the EU

Project = ENSEMBLES Http://ensembles-eu.metoffice.cm/ In  particular,

ENSEMBLES designed a carbon cycle concerted exgatimin which atmospheric
greenhouse gases (hereafter GHG) concentrationssae to drive the carbon cycle

model instead of GHG emissions, following the siatioin strategy proposed by

12



Hibbard et al. (2007). A number of pre-industrighglations were performed under
climatological GHGs (C@ CH;, N,O, and CFC), ozone, sulfate, and aerosol
concentrations relative to the year 1860, which d&mospheric C®is equal to 286
ppm. A pre-industrial simulation performed with thieysical core of the coupled model
was initialized following the method by Stouffer &t (2004) from historical oceanic
observations representative of current temperatndesalinity distributions (Levitus et
al., 1998). Another pre-industrial simulation contag the interactive terrestrial
vegetation model SILVA was initialized from the yeE20 of the physics-only pre-
industrial experiment and integrated for 200 ye@hss simulation was used to initialize
the physics and terrestrial vegetation of anothesipdustrial experiment containing the
interactive marine biogeochemistry model PELAGO®gere marine biogeochemistry

was initialized identically as in the B experimeleiscribed above.

In order for the ocean and terrestrial biosphergbara pools to equilibrate with
preindustrial atmospheric GQconcentrations, an artificial acceleration methvaas
performed, similarly to Alessandri (2006); spedaiflg for the ocean, the global ocean-
atmosphere COfluxes drive an artificially enhanced ocean ousggasg where the excess
carbon is removed homogeneously from the oceami@anic carbon pool. After the
oceanic carbon pools have reached equilibrium atithospheric GHGs, the simulation
is continued for another 50 years and used tcaliaé a historical 1860-1999 century
simulation containing all model components, anccédr with observed atmospheric
concentrations of atmospheric GHGs, sulphates, gzand aerosols (made available
within the ENSEMBLES multi-model experiment). Theay 1999 of the XX century is
used to initialize a XXI century projected climasgmulation performed with all
components of the coupled model. Time-varying GH&sphate, ozone, and aerosol
concentrations are prescribed employing the Iniggonental Panel on Climate
Change (IPCC) Special Report on Emissions Scend8&ES) “business-as-usual”
A1B scenario (Nakicenovic and Swart, 2000). Theetievolution of atmospheric GO

concentrations during 1860-1999 and for the AlBade is shown in Figure 2-2.

13
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Fig. 2-2: Time evolution of prescribed atmospheric £éncentrations in the A and B
simulations, i.e. 348 ppm(black), for the™@entury simulation, i.e. those observed during the
years 1860-1999 (blue), and for'2dentury simulation according to the A1B scenaréal).
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B bias

2.3 Model climatology and biases

Model climatologies are analyzed over the last y&érs of the B experiment and over
the last 30 years of the XX century simulation, aodpared with observational data
sets. Fig. 2-3 shows in colors the annual SST Wi#ts respect to 1950-2002 Hadley
SST (Rayner et al., 2003) and the climatology @heaxperiment in contours. In the B
experiment SST exhibits negative biases in therakatuatorial Pacific (~2°C), in the
northwestern North Atlantic (~6°C), in the northé&acific subtropical gyre (~2°C) and
in the Southern Ocean between 30°-60°S (2-3°C), mowitive biases in the eastern
tropical basins (~4°C) and in the North Pacifiartund 45°N (~5°C). The last 30 years
of the XX century exhibit similar spatial patteresen though the ocean surface is
significantly colder. This counterintuitive resudt due to the fact that sulfate aerosol
concentration, exerting a negative feedback orasarfemperatures, is higher in the last

30 years of the XX century than in the B experiment
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Fig. 2-3: Colors: Annual SST model bias (°C) with respectHiadley SST, contours: model
climatology;(a) B experiment(b) last 30 years of the XX century.

Annual precipitation simulated in the B and XX agytexperiments is compared with
Climate Prediction Center Merged Analysis of Pregatpn (CMAP) estimates for
1979-2002 (Xie and Arkin, 1996) in Fig. 2-4. The debis capable of capturing the
main features of the precipitation field even thoygrecipitation in the Tropics is
slightly overestimated and affected by the presenfea double Intertropical
Convergence Zone (hereafter ITCZ), and over thetiNétlantic and North Pacific

storm tracks tend to be shifted more poleward titzserved.
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Similarly to other coarse resolution coupled sirtiales (Meehl et al., 2007), the SST
and precipitation biases shown in Figs. 2-3 and &idinate from issues regarding
model physics, air-sea coupling and grid resolutlarparticular, in the eastern tropical
Pacific and Atlantic basins the misrepresentatibriow stratus clouds and of deep
convection processes could account for some oE®iE and precipitation biases (Lin,
2007), whereas overly strong easterlies, simplif@unulations of air-sea momentum
fluxes (Jungclaus et al., 2006; Guilyardi et aDp2) and reduced tropical instability
wave activity are the likely cause for cold biastle central equatorial Pacific. The
North Atlantic negative SST bias is mostly relatedhe displaced pathways (Fig. 2-5)
of the Gulf Stream and the North Atlantic CurreReyerdin et al., 2003) which reduce
heat transport into the subpolar gyre.

B exp
XX century
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Fig. 2-4: Simulated annual precipitation (mm dyn (a) B experiment(b) last 30 years of the
XX century(c) CMAP estimates.
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Fig. 2-5: B experiment annual surface currents (m2se€urrents having a magnitude
exceeding 0.65 m séare scaled of a factor 2 for better visualizatiad@rrows).

Annual wind stress biases with respect to ERA-4hadysis (Uppala et al., 2005) are
shown in Fig. 2-6 for B and XX century experimentsboth the experiments, easterly
trade winds in the northern subtropical Pacific @verestimated (up to 0.1 N7 and
mid-latitude westerlies are poleward-shifted in terthern Pacific and equatorward-
shifted in the Southern Ocean. Wind biases areilggssriginating from inaccurate
meridional SST gradients which affect vertical skeaf zonal winds through the
thermal wind relation (Holton, 1992). Annual latémtat fluxes are compared with
NCEP reanalysis (Kalnay et al., 1996), and thaasés shown in Fig. 2-7 for B and XX
century experiments together with their climatobagivalues, where positive values
indicate ocean heat gains. Latent heat lossesttelbe overestimated where SST values
are overestimated (e.g. subtropical gyres, Kuroghitension region in the western
North Pacific), whereas they tend to be undereséchevhere SST values are lower than

observed (e.g. subpolar North Atlantic, equatdPatific).
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Fig. 2-6: Simulated annual wind stress bias (N)rwith respect to ERA-40 reanalysis (colors

indicate magnitude) and model climatology (conthu¢®p) B experiment(bottom) last 30
years of the XX century.
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Fig. 2-7: Simulated annual latent heat flux bias (W’)nwith respect to NCEP reanalysis
(colors) and model climatology (contourg®) B experiment,(b) last 30 years of the XX
century.

JFM JAS

Fig. 2-8: sea ice edge, diagnosed as 1% sea ice coverdrp&iment (red), last 30 years of the
XX century experiment (green), NCEP reanalysisgplo January-MarcfIFM, left) and July-
Septembe(JAS, right).

The northern hemisphere sea ice edge, diagnoséd&oasea ice cover, in B and XX
century simulations is shown in Fig. 2-8 togethathwthe NCEP reanalysis data
(Kalnay et al., 1996) for winter (JFM) and summ&i$) months. In the B experiment
winter sea ice is generally overestimated in therador Sea and in the western North
Pacific whereas it is rather well simulated in suennin the XX century sea ice is
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highly overestimated in both the North Atlantic aNdrth Pacific basins in relation to

negative SST biases in the northern hemisphere 2F3t).
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Fig. 2-9: Mixed layer depth (m) plotted in logarithmic scaleJanuary-March (JFM, left) and
July-September (JAS, right) f@a,b) B experiment(c,d) XX century experiment, ang,f) de
Boyer-Montégut et al. (2004) observational estirmate

Mixed layer depth (MLD) in B and XX century expeemts is shown in logarithmic
scale in Fig. 2-9 for January-March (JFM) and Joptember (JAS) and compared
with de Boyer-Montégut et al. (2004) estimatess|to be remarked that MLD in the
model is computed diagnostically as the depth a@thviocean density is 0.1 kg~
higher than the surface, whereas in de Boyer Martitégal. (2004) it is diagnosed as
the depth at which temperature is 0.2 °C lower tti@nsurface. As discussed by de

Boyer Montégut et al. (2004), the temperature Gute is more suitable because of
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higher spatial coverage of observational data auduse it detects boundaries between
density-compensated water massémwvever MLD values calculated with two different
methods (de Boyer Montégut et al., 2004) yield isightly similar results for the
purpose of the present comparison. When compartédobiservational estimates, both
the B and the XX century simulations show overeatian of JFM MLD in the Atlantic
Nordic Seas and in the subpolar North Pacific, amderestimation in the Labrador Sea,
the latter caused by overestimated sea ice (FR). 22 the Southern Ocean MLD is
generally underestimated south of 60°S in both J&Wtral summer) and JAS (austral
winter), and overestimated equatorward of 60°S AS J(austral winter). The
equatorward shift of MLD maximum in the Southerne@g is possibly related to the

incorrect equatorward displacement of westerly wi(ilg. 2-6).

Annual chlorophyll concentrations averaged overdbnphotic layer depth in B and XX
century experiments are shown in logarithmic sdal€ig. 2-10 and compared with
SeaWiFS satellite estimates (McClain, 2009) antt World Ocean Atlas (Conkright et
al., 2002) data averaged over the first 100 m déjgtk main features of the chlorophyll
field are correctly represented by the model sitmta in terms both of magnitude and
of spatial structure, i.e. chlorophyll values arghler in subpolar regions (up to 0.5 mg
min the North Pacific and Southern Ocean, up tan@g21i®in the North Atlantic) and
in the Tropics (up to 0.3 mgTin the equatorial Pacific), and are lower at syfitral
latitudes. However it may also be seen that chloybpralues are underestimated at
subtropical latitudes in both hemispheres, whetieag are overestimated south of 40°S
in the Southern Ocean. In the North Atlantic Oce&orophyll values tend to be
underestimated, even though the seasonal maximuwarisctly captured in terms of
both timing and amplitude (Fig. 2-11).
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Fig. 2-10: Annual chlorophyll concentration in the euphota@ydr (mg ri) plotted in
logarithmic for the(a) B experiment,(b) last 30 years of the XX century experime(d)
SeaWiFS satellite estimates gl World Ocean Atlas observational data.

The reasons for the biases in the chlorophyll nstate arise from inaccuracies in both
physical and biogeochemical models. For instanoe, positive bias in the Southern
Ocean is related to an inadequate representaticheoinixed layer seasonal cycle,
which is too deep in the winter months and too Iskalin the subsequent summer
months (Fig. 2-9). Moreover the equatorward disgtaent of the MLD maximum
impacts the spatial distribution of the chlorophylaximum as well. The chlorophyll
underestimation in the subpolar North Atlantic Qteaprobably related to a number of
reasons: (1) winter chlorophyll values are lowartobserved because of the
overestimated depth of the winter mixed layer (Rid.1) which exerts a light limitation
on phytoplankton growth; (2) the lower-than-obsdnsimmer values are related to
underestimated nutrient concentrations (not showimch are largely consumed and
exported from the euphotic layer depth during theng months; (3) in the course of
the whole 300-year model integration, surface eatrand chlorophyll values exhibit a
systematic decrease, possibly caused by an oviedggsexport of nutrients from the
surface layers into deeper ocean layers, where #reylikely conveyed by the

meridional overturning circulation towards soutisIbehavior may be seen in Fig. 2-
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12a showing a time series of B experiment chloriptgncentration integrated in the
euphotic layer and spatially averaged north of 35%Where it may be seen that

chlorophyll values tend to stabilize in the las®3@ars of the simulation.
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Fig. 2-11 Observed (blue, dashed line) and simulated (neitllihe) climatological seasonal
cycles, computed over the subpolar North Atlarteft: mixed layer depth (MLD) in m, where

the observed values are from de Boyer Montégutt €2@04).Right: chlorophyll concentration
(Ch-SAT) in mg ri?, where observed values are SeaWiFS satellite @stin(McClain, 2009),

and simulated values are vertically averaged tmeil3° optical depth.

It needs to be stressed that the goodness of adwbgmical model lies in its capability
of correctly simulating not only mean bulk biogeeutical properties but also the rates
at which organic matter is processed within thedfa@b, which influence upper ocean
carbon transformation processes and ultimatelyoradequestration in deeper ocean
layers. As shown by Vichi and Masina (2009), the REOS model used in this study
has skill at simulating net primary production ovke global ocean, when compared

with satellite-derived estimates and an independats set oin situ observations in the

equatorial Pacific.
For the analysis of chlorophyll interannual andatkd variability in the B experiment,

characterized by constant atmospheric,@Oncentrations, it is convenient to have
chlorophyll anomaly time series detrended from eysitic tendencies unrelated to
climate variability. A second order polynomial fdaf the last 200 years of the
chlorophyll time series is therefore computed athegrid point and its spatial average
north of 35°N shown Fig. 2-12a (red line). A fitttvian exponential function was also
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attempted but it did not give satisfactory resuttsall parts of the basin. Evidently,
various time scales are involved in the adjustnpeatess to initial conditions and thus
one cannot assume a simple exponential model ofabihyll temporal evolution in all
grid points. The obtained polynomial coefficiente ased to detrend the time series of
B experiment chlorophyll concentration at each grainht. From Fig. 2-12b it may be
seen that after the detrending operation over dse 200 years of the time series the
chlorophyll anomalies oscillate around zero witlctlations which are then related to

climatic variability.
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Fig. 2-12: Time series of annual chlorophyll (CHL) concentmatintegrated in the euphotic

layer (mg nf) and averaged north of 35°N&a) B experiment CHL time series (black) and
second order polynomial fit (red) over the last 3@@rs of simulation(b) last 200 years of the

B experiment CHL anomalies after detrending.

For the analysis of the marine biogeochemical nespdo increased G@oncentrations
in the XXI century simulations, a polynomial fit tfe time series cannot be performed
as for experiment B. In fact the changes in surfaderophyll are likely to be mostly
forced by external climate trends. In Fig. 2-13bgllly averaged time series of annual
chlorophyll concentration values are shown for fhe-industrial simulation (where
atmospheric gases and aerosols are climatologisetlyo the year 1860 values), for the
historical simulation (where atmospheric gases agrdsols are those measured during
the 1860-1999 period), and for the XXI century podjon (where atmospheric gases

and aerosols are those estimated by the A1B so@nétrihas to be remembered that
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marine biogeochemistry was initialized (identicallg for the B experiment) at the
beginning of the pre-industrial simulation. It mhg seen that chlorophyll exhibits a
large decrease during the first 100 years simulaés similarly seen and discussed for
the B experiment in the northern hemisphere (Fif.2R Afterwards chlorophyll
exhibits a tendency towards stabilization (as ie # experiment) before showing
another large drop in the XXI century projection.id very likely that the first
chlorophyll drop in the pre-industrial era, i.e.rfpemed under constant GO
concentrations, is due to dynamics internal todbepled model, whereas the second
drop in the XXI century, i.e. after chlorophyll hesughly stabilized, is due to external

climate forcing.
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Fig. 2-13 Time series of annual chlorophyll concentratiotegmated over the euphotic layer
depth and averaged over the global ocean (i) for the pre-industrial simulation (blue),
historical simulation from 1860 to 1999 (green)] &1B scenario for the XXI century (red).
Finally, a comparison between the simulated surf@ partial pressure (hereafter
pCQ,) in the last 30 years of the XX century and obsdmeCQ data obtained from the
Lamont Doherty Earth Observatory (LDEO) datasekéhashi et al., 2009a) covering
the period 1970-2005 is shown in Fig. 2-14. Obsg¢raed simulated data are binned
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onto a regular 2x2 degrees grid and annually aeetagdhe model reproduces the
pattern of high pC@in the large scale upwelling of the Pacific Ocesglated to
entrainment to the surface of carbon-rich subserfaaters. It does not have skill
however to reproduce the regions of high p@®the Indian Ocean because of weaker
and shallower than observed upwelling, indicatimgf this area acts as sinks and not as

source in the XX century simulation.
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2-14 Maps of 2x2 degrees binned data of surface pQG@tm) from (a) LDEO dataset
(Takahashi et al., 2009]b) annual climatology of the last 30 years of the X¥ntury
simulation. From Vichi et al., 2010 (in preparajion

26



Chapter 3

Feedbacks of biological radiative heating in a
coupled climate model

Summary This study addresses the mechanisms by which upmmean

phytoplankton may generate feedbacks on the gldimahte by means of solar radiation
absorption during photosynthetic reactions. Phyokion radiation absorption gives
rise to a local radiative heating pattern capalfl¢ropagating into the coupled and
dynamical climate system and of generating feedbarko oceanic and atmospheric
properties. Here a coupled model containing interaenarine biogeochemistry is used
to perform a 300-year simulation which is compawath a physics-only simulation,
thus enabling the analysis of the effects of thaitamh of biological radiative heating on
the physical climate. It is found that in the dyneely coupled climate system the
heating perturbation induced by biology propagatéhin the climate system and
generates feedbacks on virtually all its componefsitgeneral increase of sea surface
temperatures around 0.5°-1°C is accompanied bynhareement of latent heat losses
to the atmosphere which determine increases in sgh®sic temperatures and water
vapor content up to 6%. The equatorial maximum imlogical heating causes an
intensification of the Hadley circulation which scas a teleconnection mechanism
affecting cloudiness and solar radiation patterosftropical to subtropical latitudes.
Changes in temperature meridional gradients ataggpical latitudes modify the
vertical shear of zonal winds and give rise to@mionic anomalies in the mid-latitude
atmospheric circulation. Modified atmospheric clation drives 5-10% modifications
in the upper ocean circulation and related heatsprarts. In response to changes in
incoming solar radiation and in ocean circulatiopper-ocean heat content decreases alf
tropical latitudes and increases at middle latisuddhe biologically-induced
modifications in the physical climate might interadth the other sources of internal
and external climate variability and might need&kept into consideration in climate
impact studies.
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3.1 Introduction

The upper ocean contains a variety of living andddparticles which absorb, scatter
and reflect incoming solar radiation (Morel and @ine, 1994). Among these are
chlorophyll pigments which are internal constitiseot phytoplanktonic organisms used
to absorb visible radiation for photosynthetic teats. This process interacts with the
vertical distribution of shortwave radiation thrduthe water column and thus with the
upper ocean heat budget. Bio-optical feedbacksedexyant in the context of climate
research as they are virtually ubiquitous and iataty intertwined with time- and

space-varying physical forcing factors.

Most climate models use a constant attenuatiore sical visible radiation of ~20 m

depth which comes from observational estimatespainoocean water clarity (Jerlov,
1968; Paulson and Simpson, 1977). This assumptosvever does not consider the
large variations of bio-optical properties that daa found throughout the ocean on
various temporal and spatial scales. For instaloce] variations in temperature linked
to biological radiative heating in the tropical Facwere observed to strongly respond
to ocean variability associated with El Nifio South®scillation (Strutton and Chavez,
2004); using remotely sensed data for the Arabea Sathyendranath et al. (1991) find
that the distribution of phytoplankton, which is imlg governed by upwelling

seasonality, exerts a controlling influence on #sasasonal evolution of sea surface

temperature.

Whereas the local effect of chlorophyll radiatiobsarption may be measured
instrumentally, its full-scale effects on the climaystem may only be addressed in
modeling studies. A key region is the tropical Heccharacterized by high chlorophyli
concentrations and by pronounced ocean-atmospheuplimg. In forced ocean
configurations biological heating was found to effeequatorial sea surface
temperatures (Nakamoto et al., 2001; Loeptien .2809) and it was suggested that
this might improve some of the systematic errotsitbin coupled models (Murtugudde
et al., 2002). The sea surface temperature (SS3ponse to biology is strongly
dependent on dynamical feedbacks involving chamgesixed layer depth (hereafter
MLD) and currents. It is found that changes in eéqual and off-equatorial MLD are
connected to modifications of meridional ocean gpamts (Sweeney et al., 2005;
Manizza et al., 2008; Loeptien et al., 2009) andhatocurrent velocities through

geostrophic adjustment (Nakamoto et al., 2001; hege et al., 2007). In addition to
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the local effect induced by biology on the Equatwn-local processes may also be
important in affecting equatorial SSTs. For insgnihe meridional advection of off-
equatorial heat anomalies induced by biology isntbuo be relevant in affecting
equatorial temperatures and their seasonal cygledBey et al., 2005; Lengaigne et al.,
2007; Gnanadesikan and Anderson, 2009).

In the dynamically coupled ocean-atmosphere systeenalso expect local biological
heating anomalies to propagate into the climateesysand generate feedbacks onto its
components which are not easily predictable fromitiitial perturbation alone. In an
atmospheric model forced by biologically-perturlssh surface temperatures (Shell et
al., 2003) and in coupled model experiments (We&tedl., 2006; Lengaigne et al.,
2007; Gnanadesikan and Anderson, 2009) ocean pmtarates changes in surface
winds, in the Walker circulation, and in tropicalepipitation patterns. The role of
coupled ocean-atmosphere processes is howevernstillclear. On one hand the
atmospheric response to biological heating is foiumdnhance temperature anomalies
through wind stress feedbacks (Anderson et al.7206ngaigne et al., 2007), on the
other hand atmospheric feedbacks are found to wedke biological perturbation
through turbulent heat fluxes (Oschlies, 2004; Rar&l., 2005). Finally, changes in the
tropical ocean-atmosphere mean state may modifyNiEb Southern Oscillation
variability: hybrid and coupled models have beeadut® assess the role of ocean biota
on tropical variability in response to changes ieam seasonal cycles (Marzeion et al.,
2005; Lengaigne et al., 2007), air-sea couplingnfiermann and Jin, 2002; Anderson
et al., 2009), and thermocline depths (Wetzel .2@06).

A number of studies have focused on how biologgrantts with the temperate and high
latitude climate. Forced and coupled models comtgininteractive marine
biogeochemistry were used to analyze biologicalhduced changes in ocean
temperature, stratification, sea ice and oceanulation (Oschlies, 2004; Wetzel et al.,
2006; Manizza et al., 2008; Lengaigne et al., 200Bey find that the seasonal cycle of
the MLD is amplified because of increased turbuleeat fluxes and changes in the
ocean temperature vertical structure produced blodpy. Spring biological heating is
found to enhance sea ice melting and to produchidvater anomalies which slightly
impact the large-scale meridional overturning daton (Lengaigne et al., 2009).
Teleconnection processes with tropical latitudéseain relation to Hadley circulation
changes (Shell et al., 2003) which modify cloudsnesd solar heat flux patterns at
subtropical and middle latitudes (Wetzel et al.0@0 In the Southern Ocean, sea
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surface temperatures anomalies induced by biolegg back on the wind stress curl
field and thus play an indirect effect on oceanidienal overturning and water mass

formation (Gnanadesikan and Anderson, 2009).

The understanding of how the global climate systsma whole responds to the bio-
optical perturbation still remains a challenge. iEt@ough the local effect of biological
radiative heating has been observationally estithyemeans of combined satellite and
ocean measurements (e.g. Sathyendranath et al.; $&@tton and Chavez, 2004), the
estimation of how this local effect may affect giblrlimate is not possible in an
observational framework as a “control” condition e biology is absent is not
available. Yet the study of bio-optical feedbackstbe global climate is relevant in
climate research as they may interact with the aesp of the Earth System to

anthropogenic climate change.

The strategy in this study is thus to use a couplsshn-atmosphere model containing
interactive marine biogeochemistry which is capalde simulating the major
interactions and feedbacks among different clintat@ponents on a global scale. The
use of imposed chlorophyll structures would notsbhé&able for this study as it would
not allow for internally consistent bio-physicalettbacks. A 300-year simulation
containing full coupling with biology is compareditv a physics-only control
experiment with the purpose of analyzing bio-featisaon the adjusted state of a

coupled climate system.

Scientific questions:

Which regional responses arise in response togicdl radiative heating?
Which are the oceanic and atmospheric mechanisiviaglthese responses?

Do these mechanisms act as positive or negativibhéeais on global temperaturgs?

This chapter is organized as follows: section 3@ws the biologically-induced

changes in the ocean-atmosphere mean state. Thessisn of dynamical mechanisms
giving rise to these changes in the Tropics anddidpics is deferred to Section 3.3.
Section 3.4 briefly describes the impact of biotagiradiative heating on Tropical and

Extratropical interannual variability. Concludingnnarks are given in Section 3.5.
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3.2 Changes in the ocean and atmosphere mean state

To assess the influence of interactive marine lmogemistry on global climate, two
300-year simulations performed under constant @hospheric levels (described in
Section 2.3) are compared. The first is a physidg-control simulation and is named A
for “Abiotic”; the second contains full interactiomith marine biogeochemistry and is
named B for “Biotic”. The last 150 years of eacmulation are used for the analysis of
all variables except heat trend terms which areilabla only for 100 years of

simulation.

In experiment A ocean attenuation depth for vistaléiation is held constant to 23 m,
whereas in experiment B it varies spatially andgerally as a function of chlorophyll
and detrital matter concentrations. In Fig. 3-1askew B minus A attenuation depths
calculated following equations 2-2 and 2-3 over gwphotic depth. A decrease in
attenuation depths of 3 to 6 m occurs in correspooe of high chlorophyll structures,
indicating an enhanced upper ocean heat trappimmgodical radiative heating the B
experiment is computed the difference between tatal “pure” seawater radiative
heating. Areas of enhanced local biological radetieating (Fig. 3-1b) occur in boreal
and austral subpolar latitudes and in the equatBeaific, with annual mean values of
0.4-0.6 °C montt at the surface. We remark that radiative heatingnly one of the
components of the upper ocean heat budget alongsigective, diffusive and ocean-
atmosphere heat fluxes: these other terms compefsaexcess radiative heating in
order to maintain the climate system in dynamiaglildrium. Biological radiative
heating is the only difference between the two erpents and its effect on oceanic and
atmospheric properties will now be described. Thexuksion of local and remote
mechanisms leading to these changes will be deféor&ection 3.3.

The addition of biology to the coupled model ovevedrms the ocean surface (Fig. 3-
2a). In the eastern tropical Pacific and at middhel subpolar latitudes SST in
experiment B is ~0.4°C higher than in A, with peaksmore than 1°C in some
localized regions of the North Pacific and NortHaftic Oceans. SST differences are
instead close to zero or negative in some limiteghs at high latitudes and in the
tropical Pacific Ocean. Following SST changes, dbean is in general more stratified
in experiment B with respect to A (Fig. 3-2b), egp#ly at middle and subpolar
latitudes and in the central equatorial Pacificevehpercentual changes in mixed layer
depth (hereafter MLD) may reach 20%. Heat conteteigrated between the surface and
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300 m depth (Fig. 3-2c) is higher by ~5%10n” at subtropical and middle latitudes,
whereas it tends to be lower (~3%10 m?) at tropical latitudes (20°S-20°N) and
poleward of 50°S and 50°N. Heat content change® drom the complex interplay of
oceanic and atmospheric mechanisms, as discusstte inext section. B minus A
differences in SST, heat content and MLD are giediby significant at 99% on large
portions of the global ocean (Fig. 3-3), whereistigal significance is determined by
means of a Student’s t-test.

B minus A attenuation depth

0.6

0.4

0.2

C month™

0

Fig. 3-1 (top) B minus A annual mean differences of attenuatieptid (m); (bottom) B
experiment biological heating at the surface (°Qithd).
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Fig. 3-2 B minus A annual mean differences(a) sea surface temperature (SST) in (i),
mixed layer depth (MLD), indicated as the percehth@ange with respect to the A experiment,
(c) 0-300 m integrated heat content (HC) in 3, ) precipitation (PREC), in mm ddy(e)
solar radiation at the ocean surface (W) mnd(f) ocean-atmosphere latent heat fluxes (W,m
where positive heat fluxes indicate an ocean haiat g

Feedbacks on atmospheric variables and on air-se& fluxes are also detected.
Precipitation (Fig. 3-2d) increases by more th&m day* between 10°S-10°N in the

Pacific, whereas it generally decreases betweef8A5in both hemispheres. Changes
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appear in general to respond to local SST changdshe Intertropical Convergence
Zone (ITCZ) is not significantly displaced. Incorgisolar radiation at the ocean surface
(Fig. 3-2e) is overall lower at tropical latitud¢except on the equatorial Pacific)
whereas it is higher at subtropical and middlegudi&s. Changes in incoming shortwave
radiation in experiment B are connected to theisartintegral of cloud cover (not
shown), which is up to 2% higher in the tropicalt lfexcept on the equatorial Pacific)
and down to 2% lower at subtropical and middletddis. Changes in cloudiness are
related to atmospheric circulation changes, asilitbe discussed in the next section.
Ocean-atmosphere latent heat fluxes (Fig. 3-2fefindd positive downwards — in
general decrease in B, indicating that an oceah hiblogy looses more heat to the
atmosphere through evaporative fluxes. Some limateas of positive B minus A latent
fluxes occur however in the tropical Pacific, inrthevestern Atlantic Ocean and in the
Southern Ocean. In most areas, solar and non4seédrflux changes range between +5
W m?2.
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Fig. 3-3 Statistical significance at a 99% confidence wdérof B minus A annual mean
differences of(a) sea surface temperature (SS{0), mixed layer depth (MLD)(c) 0-300 m
integrated heat content (HQYl) sea level pressure (SLP).

The presence of biology induces anomalies in sar@mospheric circulation through
changes in wind velocities (Fig. 3-4, arrows). Wipatterns appear to respond to sea
level pressure changes (Fig. 3-5), whose relatiath Wiological heating will be

discussed in Section 3.3. Sea level pressure chaagein general statistically not
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significant at extratropical latitudes and in thestern parts of the tropical basins (Fig.
3-3d), where interannual fluctuations exceed chardyes to biology. At extratropical
latitudes, increased sea level pressure is asedciaith negative wind stress curl
anomalies (Fig. 3-4, colors) in the northern heimsp (positive in the southern
hemisphere), indicating increased anticyclonic iedyt of surface winds. Wind speed
changes are around 0.5 m$eice. 5-10% with respect to the A experiment. rptcal
latitudes wind changes in B with respect to A apeeially high in the Pacific Ocean
(differences up to 1 m sét Sea level pressure decreases in the easterficPaui
increases in the central part of the basin, causssterly wind anomalies to arise east
of 130°W. In the central-western Pacific sea lgu&ssure in B is relatively lower on
the equator with respect to subtropical latitudasising increased wind convergence on
the Equator. Easterlies are then weakened in tteregpart of the basin, whereas in the
central-western part of the basin they increase thegnitude and their convergence on
the Equator.
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Fig. 3-4: B minus A annual differences of wind velocitiesninsec at 1000 mbar (arrows) and
associated wind stress curl in 1210 m® (colors).

Changes in wind patterns may in turn affect ocaeulation through changes in wind
stress curl (Fig. 3-4, colors). At middle latitud@setween 40°-60°), negative wind

stress curl changes of 1-2X4M m? in the northern hemisphere (positive in the
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southern hemisphere) correspond to anomalous domnkkeman velocities of ~1 cm
day’. Poleward of 60°S, wind stress curl differencesraostly negative and their value
of ~1x10® N m® corresponds to an upward Ekman velocity of ~0.5day". In the
tropical Pacific wind stress curl differences aositive (negative) equatorward of 10°N
(10°S) with values up to 1xFON m?®, corresponding to anomalous upward Ekman

velocities exceeding 5 cm day
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Fig. 3-5 B minus A annual differences of sea level pres¢hPa) and A annual climatology in
contours. Shading intervals are 0.05 hPa and comnttervals 5 hPa.

Surface ocean circulation (Fig. 3-6) is modified asresult of thermal and wind
anomalies produced by biological radiative heatlraygest changes (red arrows) occur
in the central-western tropical Pacific, where thestward South Equatorial Current
and the meridional divergence from the Equatorraensified (induced currents > 0.45
cm sed). Anticyclonic circulation in the North Atlanticnad North Pacific basins is
enhanced, with current velocity changes betweer0@L% cm se¢ (blue arrows). In the
Southern Ocean equatorward surface anomalies (85lebn se¢) occur throughout the
basin between 40°-60°S.

The vertical structure of oceanic and atmosphergponse to biological heating will
now be addressed. Fig. 3-7 shows meridional sectidrB minus A zonally averaged

atmospheric and oceanic temperatures and atmospivater vapor, expressed as
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percentual changes with respect to A. Since theorese to biology is rather
homogeneous along longitude, and more variablegalatitude (Fig. 3-2), the zonal
average is representative of the investigated gnAtmospheric temperature
differences (Fig. 3-7a) are mostly positive, witalues exceeding 0.5°C at tropical
latitudes (between 200 and 400 hPa) and at middikeides (for pressures > 400 hPa);
negative values occur instead at high latitudepfessures <200 hPa. Zonally averaged
ocean temperature differences (Fig. 3-7d) may redfch °C in the first 300 m depth,
whereas they are minimal below (not shown). At rtredi@titudes (40°-50° in both
hemispheres) positive temperature anomalies od¢soughout the first 300 m depth,
with highest values in the first 100 m depth (~G@}3°At tropical latitudes ocean
temperature differences are positive (but lowentBal°C) until 50 m depth, whereas
negative values of -0.2°C are found between 50 20@ m depth in two circular
structures centered on 10°S and 10°N. Water vapoceptual changes in B with
respect to A are positive throughout the atmospliespecially at tropical latitudes)

because of the overall enhancement of evapordtixed (Fig. 3-2f).

The ocean-atmosphere thermal coupling occurs bynsnebsurface heat fluxes, which
contribute to the redistribution of the biologidaat perturbation between ocean and
atmosphere. Zonally averaged B minus A surface fheads, distinguished in incoming
shortwave radiation, outgoing longwave radiaticensible and latent heat fluxes, are
shown in Fig. 3-7c, where positive fluxes indicai® ocean heat gain and negative
values an ocean heat loss. Incoming solar radiati@is lower at tropical latitudes and
higher at middle and high latitudes. Longwave radimdifferences are mostly positive,
except at high latitudes where they are slightlyatize. Latent heat flux differences are
negative at all latitudes, with higher losses auad 40°N and 40°S. Sensible heat flux
differences are smaller with respect to other ffluged are mostly positive, indicating
that in the adjusted state of the simulation theaacsurface is slightly cooler than the
overlying atmosphere. On global average the neasarheat flux is close to zero,
indicating that the atmosphere and upper-ocean adyested to biology reaching a new
thermal equilibrium. In this adjusted state, lateeat fluxes are the main contributor to
redistributing the biological heat perturbationtie atmosphere, whereas sensible heat
fluxes transfer back to the ocean a small parhefaxchanged heat. Changes in solar

and longwave radiation, also importantly involvedhe redistribution of heat between
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the ocean and atmosphere compartments, are mailated to modifications in the
atmospheric circulation, as it will be discussedthia following Section.
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Fig. 3-6 B minus A annual differences of surface currents (cril)s&ote different scaling for velocity differences >0.45 @u’qdepicted in red), velocities
included between 0.15 and 0.45 cm’sg@epicted in blue), and lower than 0.15 cmi's@tepicted in black).

39



o pressure (hPa)

60°S 40°S 20°S 0 20°N 40°N 60°N

o pressure (hPa)

60°S 40°S 20°S 0 20°N 40°N 60°N

3
2
TENCA > — "\ |~ Solar
I= 0 7}/& TS 'Qf\)o(v)( — Latent
= ) W \/—70& ~ /\m — Sensible
- e 7N
5 \/ VN \V — Longwave
-3
c 60°S 40°S 20°S 0 20°N 40°N 60°N
0.4
-50
€ -100] 0.2
< -150 0 °¢
S 200 -0.2
-250 -04

60°S 40°S 20°S 0 20°N 40°N 60°N
latitude

Fig. 3-7 Zonal averages &) B minus A (colors) and A (contours) atmospherimperature
(°C) plotted as a function of atmospheric pressfileB minus A (colors, %) and A (contours,
kg/kgx10®) water vapor plotted as function of atmospheriespure(c) B minus A surface
heat fluxes (W ™) distinguished between solar (red), latent (bliesnsible (green), and
longwave (grey), where positive values indicatoesan heat gairfd) B minus A (colors) and
A  (contours) ocean temperature (°C)  plotted until 003 m  depth.
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3.3 Discussion of mechanisms

In Section 3.2 it was shown that the addition ofbialogical radiative heating
perturbation of ~0.4°C monthinto the coupled climate model significantly atfemost
components of the climate system, including oceamperature and circulation, ocean-
atmosphere heat fluxes, atmospheric temperaturéswater vapor, and atmospheric
circulation and associated precipitation and sodaiation patterns. Results have also
highlighted a meridional ocean heat content reifistion between tropical latitudes
which cool, and subtropical and middle latitudesiokhwarm. These results raise
several questions, for instance: (1) which processenpensate for the ~0.4°C mohth
biological heating to produce a new equilibrium rgoin which SST is on average
~0.4°C higher? (2) Why does ocean heat contentedserin the tropical Pacific even
though chlorophyll values are high? (3) Through ekhimechanisms does biology
interact with atmospheric circulation at tropicaldaextratropical latitudes? These and
other issues will be analyzed in the following teections separately for the Tropics

and Extratropics as they involve different mechansis

3.3.1 Dynamical feedbacks in the Tropics

To investigate tropical responses to ocean biotafogus on the tropical Pacific where
biology and biologically-induced changes on the gty are more pronounced.
However many of the discussed arguments also loolthé tropical Atlantic Ocean. In
the tropical Pacific, B minus A surface radiativeating differences (Fig. 3-8a) are
positive (0.6 °C montf) on the Equator and negative in the surroundirigegfiatorial
belts. This modified radiative heating pattern,ssiby the sum of biological radiative
heating (Fig. 3-1b) and changes in incoming shoréwvaadiation (Fig. 3-2e), is

importantly involved in generating tropical Paci8ST differences.

The feedback of ocean biota on physics is diffefestween eastern and western
tropical Pacific. In the eastern tropical Pacifigspiive SST anomalies generate direct
thermally-driven ascending motions in the atmosphessociated with decreased sea
level pressure (Fig. 3-5). The resulting weakerohghe west-east sea level pressure
zonal gradient induces westerly wind anomaliehadastern Pacific (Fig. 3-4) through

Bjerknes feedback. Lower tropospheric easterly wiadd upper troposphere westerly
winds decrease by ~0.5 m Ze(Fig. 3-9), indicating an overall weakening of the
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eastern branch of the Walker circulation, i.e. zbaal atmospheric cell driven by east-
west pressure differences (Bjerknes, 1969).
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Fig. 3-8 Annual means of B minus A surface heating terf@ rfonth') due to(a) radiative
processes an@) advective processes (sum of zonal, meridionahantical components). Note
the different color scales.
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Fig. 3-9 Zonal section in the Equatorial Pacific of atmamph zonal velocities (m sk
averaged between 5°S-5°N and plotted as a funcfi@imospheric pressure (hPa). Colors: B
minus A, contours: A. Positive values correspondastward motion.
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In the central and western Pacific, large-scalengba in the sea level pressure field
(Fig. 3-5) create relatively lower sea level pressuon the equator with respect to
subtropical latitudes, causing trade winds to gfifleen and to enhance their converge
on the Equator. Consistently, in the western Ratiife Walker circulation is enhanced
(Fig. 3-9). The Hadley circulation, i.e. the meoidal atmospheric cell connecting

tropical ascending motion to subtropical descendimgfion, is also strengthened in

response to concentrated heating in the equatmla(Hou and Lindzen ,1992), related
to the chlorophyll maximum. Wind convergence insesaon the equator, anomalous
upward atmospheric velocities of ~1 hPa Hagcur over the tropical Pacific (Fig. 3-

10a) and poleward wind anomalies between 0.1-0£eéh are detected in the upper
troposphere (Fig. 3-10b). Increased atmosphericampwnotion over the Tropics is

associated with the advection of heat anomali¢sarupper troposphere (Fig. 3-7a) and
with enhanced tropical precipitation (Fig. 3-2d,aso found by Wetzel et al., (2006),
and cloudiness (not shown). This process, whichsesua decrease in incoming
shortwave radiation at the ocean surface (Fig.)3-@eerts a negative feedback on
tropical SSTs. Exception to this pattern is a tigahd on the equatorial Pacific, where
increased upwelling and advective cooling (whichi e discussed further on) have
opposite effects on cloudiness and incoming shartwadiation.

Latent heat fluxes (Fig. 3-2f) are importantly ihxed in damping biologically-induced

SST anomalies and are certainly a major agentitigni6ST differences between the
two experiments. This important feedback wouldltaptured by ocean-only models,
which are in fact often characterized by more pumoed biologically-induced SST

perturbations (e.g. Nakamoto et al., 2001, Murtaguett al., 2002). In addition,

increased evaporative fluxes cause atmosphericdiyngFig. 3-7b) and cloudiness to
increase globally, leading to a decrease in thgang longwave radiation (Fig. 3-7¢)

by means of cloud and water vapor feedbacks (Hettl Soden, 2000). This process
exerts a positive climatic feedback on SSTs (Foestal., 2007).
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Fig. 3-1Q Meridional sections in the central Pacific of Bnos A (a) vertical atmospheric
velocity (hPa day) and (b) meridional atmospheric velocity (m $&cQuantities are zonally
averaged between 145°E and 100°W. Positive vahaisate downwarda) and northwardb)
motion.

After having analyzed tropical atmospheric feedlsatke oceanic responses will now
be investigated. The changes in the wind patterrika central equatorial Pacific (Fig.
3-4) play a relevant role in producing circulatiamomalies (Fig. 3-6). Increased
easterlies accelerate the South Equatorial Cuamethtincrease cyclonic wind stress curl
anomalies which increase equatorial upwelling (Bid.1a). Geostrophic processes may
also be at play in modifying equatorial Pacificcalation. Zonal sections of ocean
temperature differences, latitudinally averagedveen 2°S-2°N in the tropical Pacific
(Fig. 3-12a), show a subsurface cooling of up &f©.close to the thermocline depth
(Fig. 3-12a, lines). This is related to radiatie®lking induced by chlorophyll structures,
(Fig. 3-12b) which cause the water column to absoope radiation in the upper ocean
and to have less radiation in layers underneatha Assult the thermocline shoals by

~10 m in the central-eastern Pacific and incredsesast-west gradient. The subsurface
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meridional convergence of off-equatorial watersrdéf@e increases (Fig. 3-11b)
through geostrophic adjustment. At the Equator, retike Coriolis force vanishes, the
increased fluid convergence in part rises to thdasa to sustain the enhanced
divergence, and in part accelerates eastward ingiée Equatorial Undercurrent
(Philander, 1990). This is evident from Fig. 3-1@d&ere zonal velocities in the upper
thermocline exhibit an eastward increase (up tmésec') all along the Equator, and a
slight westward increase below. This pattern cwasds to a slight upward shift and a

~1 Sv enhancement (not shown) of the Equatorialedndrent.
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Fig. 3-11 Equatorial Pacific map of B minus (&) ocean vertical velocity (cm dayaveraged
over the first 50 m depth, where positive valuedidate upward motion, an@) meridional
ocean velocity (cm sé&§ at 50 m depth, where positive values indicatehveard motion.

We note that non-local atmospheric feedbacks (wladt cyclonic vorticity to the
ocean) and local biological processes (which enddahe thermocline east-west tilt)
both act to increase shallow meridional overturnemgd upwelling in the central
equatorial Pacific. From Fig. 3-8b it may be sdeat surface advection contributes to
cooling the ocean surface of the eastern equat®seific by more than 0.2°C morth
with the dominant term being vertical advectiont(slbown). Ocean dynamics exerts a
negative feedback on equatorial upper ocean teriyvesa which therefore do not

increase as much as one might expect from biolbb&ating alone.
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Shallow tropical mixing (Fig. 2-8a,b) reduces thentiation of subsurface layers:
surface radiative warming then has the possibdftpeing damped by means of ocean
evaporative heat losses, whereas subsurface chigkapduced cold anomalies have
less chances of being dissipated. Thus in the Tsothe effect of absorbing solar
radiation closer to the sea surface is a net cgalinthe water column, as also seen by
Oschlies (2004) for the North Atlantic. This mecisam in association with decreased
incoming shortwave radiation and with increasedasopal upwelling, is responsible
for the overall 0-300 m heat content decrease énttbpical Pacific (and to a lesser

extent in the tropical Atlantic).

Increased precipitation (Fig. 3-2d), stronger upwegl (Fig. 3-11a) and enhanced
vertical temperature gradients (Fig. 3-12a) argoalcesses which concur in enhancing
the water column vertical density gradient and thtuatification (Fig. 3-2b). In previous
studies using forced ocean configurations, incréasgiatorial stratification gave rise to
(1) enhanced poleward volume transports in the dhigger (Sweeney et al., 2005;
Loeptien et al., 2009) and (2) an increased miggdr depth meridional gradient which
enhances zonal currents through geostrophy (Nalkagtal., 2001). Also in this study
these processes likely act to make equatorial latiom in the central equatorial Pacific

stronger.

Considering the increase in upwelling occurringthie central equatorial Pacific, we
would expect to see a decrease in SST rather tlsighd increase. Evidently, surface
biological heating dominates on counteracting dyicamfeedbacks in setting the
equatorial SST response to biology. Counteractiegdlbacks on equatorial SSTs
triggered by biology were also found in other cagpimodel studies. For instance,
Lengaigne et al. (2007) find that increased SSVe gise to decreased easterlies and
weaker equatorial upwelling: this positive feedbawmk equatorial SSTs is however
counteracted by meridional advection of biologigéiduced negative subsurface
anomalies. Anderson et al. (2007) also find th&eqgliatorial chlorophyll values play a
relevant role in supplying cool subsurface watershe equatorial Pacific: however in
their coupled model this advective effect dominabegr surface radiative heating,
causing SST to decrease. Equatorial Pacific SSTiggdstherefore appear to be very
sensitive to atmospheric and oceanic feedbackgetrggl by biology, which in turn

depend on the model used and on the experimensagrderhis indicates that in the
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tropical Pacific the response to ocean biology migbt be entirely robust among
coupled models.
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Fig. 3-12 Zonal sections in the equatorial Pacific (2°S-2Mrage) of(a) B minus A ocean
temperatures in °C (colors) and thermocline defuli (ine: A experiment, dashed line: B
experiment)(b) B minus A radiative heating differences in °C nfoh¢colors) and chlorophyll
concentration in mg th (contours),(c) B minus A (colors) and A (contours) zonal current
velocities in cm set Note the different depth scale of pa(i®l
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3.3.2 Dynamical feedbacks in the Extratropics

Biological radiative heating (Fig. 3-1b) and incsed shortwave radiation (Fig. 3-2e)
concur in enhancing surface radiative heating &iagopical latitudes (Fig. 3-8a). The
increase in radiative heating due to biology gemesravarm SST anomalies, in
agreement with other studies using ocean-only (ls;h2004; Manizza et al., 2005)
and coupled model configurations (Wetzel et alQ&0The biological perturbation is
partly dissipated by increased evaporative heaelwto the atmosphere (Fig. 3-2f),
which then exert a negative feedback on SST anemali

B minus A SST differences have a maximum incredase4&° and an overall slight
decrease poleward of 50° in both hemispheres (RBg®a and 3-7d). Meridional
temperature gradients therefore decrease betwdrrogical and middle latitudes, and
increase between middle and high latitudes. Thecatishear of zonal winds adjusts by
means of the thermal wind relation by decreasingvéen ~20-40° and increasing
between ~40°-60° in both hemispheres (Fig. 3-13helVintegrated throughout the
atmospheric column, these wind shear changes leadnbmalous anticyclonic
structures centered at ~50° in both hemispheresitedder near the troposphere-
stratosphere boundary meridional temperature gnégligre also enhanced (Fig. 3-7a)

resulting in enhanced westerlies above that leye¢hb thermal wind balance.

Anticyclonic atmospheric circulation correspondsrtereased mid-latitude atmospheric
descending motion (Fig. 3-10a) and positive seallpvessure differences (Fig. 3-5).

The Hadley cell amplification (Fig. 3-10) is respdie for subtropical and middle

latitude increases in descending motion, which eaisuds to decrease and incoming
shortwave radiation to increase, thus exerting sitipe feedback on subtropical and
mid-latitude SSTs. This atmospheric teleconnechietween tropical and extratropical

latitudes, referred to as “atmospheric bridge” (and Alexander, 2007), appears to be
effective in transferring the biological perturloati generated in the Tropics to

extratropical latitudes. Increased middle latitu88Ts, in connection to intensified

Hadley circulation, were also found by Shell et(a2003) and Wetzel et al. (2006).
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Fig. 3-13 Atmospheric zonal velocities (m sBczonally averaged over the globe. Colors: B
minus A differences; contours: A experiment.

In the North Atlantic and North Pacific, anticyclorwind anomalies (Fig. 3-4) drive
anticyclonic ocean circulation anomalies (Fig. 3-&4ows) which are geostrophically
adjusted to sea surface height changes (Fig. 8dldrs). It has to be remarked that the
model does not simulate steric sea surface hetggadges, which are therefore solely
due to changes in ocean divergence. The inducedntamresulting from the anomalous
circulation are responsible for an increase inGladf Stream and North Atlantic Current
in the North Atlantic, and of the Kuroshio and Nomacific Current in the North
Pacific. Signatures of these circulation changey b®seen in the advective heating
structures found between 40°-50°N which reinfotoe warm SST anomaly, and in the
advective cooling structures between 50°-65°N (Bi@b) which counteract the warm
SST anomaly. In the Southern Ocean, increased hyestmds at ~60°S (Figs. 3-4 and
3-13b) give rise to positive wind stress curl anbesa(Fig. 3-4, colors). Surface ocean
currents respond to wind stress curl changes yeasing northward ocean transport
between 40-60°S (Fig. 3-6) which causes advectoairng throughout the Southern
Ocean (Fig. 3-8b). This process counteracts sunfad@ative warming due to ocean
biology (Fig. 3-8a). Gnanadesikan and Anderson 920flso find that temperature
changes induced by ocean biota in the Southern rDesa connected to ocean

meridional overturning changes through variationwind stress curl.

Hemispheric asymmetry in the SST response to obada may be seen, with boreal
latitudes warming more than austral latitudes dedpwer chlorophyll concentrations.
This result might be due to the ability of northémemisphere deep mixed layer depths
to store biological radiative heating anomaliesuibsurface layers more efficiently than

in the southern hemisphere, where instead vigocouent systems tend to cancel the
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biological heat perturbation. Moreover the diffargeometry and latitudinal extents of
the Southern Ocean with respect to the North Attaarid North Pacific basins may also

give rise to different dynamical feedbacks.
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Fig. 3-14B minus A surface current velocities in cm$éarrows) and sea surface height in cm
(colors) in the(a) North Atlantic and(b) North Pacific. Note the different color and arrow
scales between the two panels.

Northern and southern hemispheres however shaoenanon increase in stratification
at middle and subpolar latitudes (Fig. 3-2b), emlato increased vertical temperature
gradients (Fig. 3-7d) which stabilize the waterucoh. The zonally averaged seasonal
evolution of MLD in B and its percentual changehmiespect to A is shown in Fig. 3-
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15. Strong seasonal variability is evident, witlejgest mixed layers (MLD) occurring in
each hemisphere’s winter. Between 50-60°N and (& 7we find an increase in
stratification in summer and a decrease in winteplying an amplification of the MLD

seasonal cycle. This behavior was also detectsdbgolar latitudes by Oschlies (2004)
and Manizza et al (2008), who give the followingterpretation: in summer, when the
mixed layer depth is shallower than the light peatein depth, enhanced biological
heat trapping leads to increased SST and shalldbidéd. However increased SSTs
enhance ocean buoyancy losses which accumulatetm@nnual cycle and eventually
result in a deepening of the winter mixed layer.r&twer it is possible that during
winter, deep mixing entrains to the surface coladnaalies developed during the
preceding months in association with subsurfacdogical radiative cooling. This

destabilizes the upper water column and furtherem®es the MLD. We remark that the
seasonal amplification of the MLD is accompanied a&light delay of the spring

stratification onset in both hemispheres.
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Fig. 3-15 Mean seasonal cycles of zonally averadedt) mixed later depth in the B
experiment angright) B minus A mixed later depth.
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3.4 Changes in variability

After having analyzed the changes in the physicahmstate induced by biological
radiative heating, here the feedbacks on oceansgheve variability are briefly
addressed. In Fig. 3-16 diagnostics for the eagtepical Pacific (Nifio3 region: 5°S-
5°N; 150°W-90°W) are shown. SST in the Nifio3 regisrslightly higher in the B
experiment but the amplitude of its seasonal cigleot modified (Fig. 3-16a). Time
series of SST anomalies in the Nifio3 region (Niffagx) show a tendency in the B
experiment towards an increased number of highxiptases (positive and negative) at
the expenses of lower amplitude events (Fig. 3-16bjsistently, standard deviation of
the Nifio3 index increases from 1.0 in the A expenmto 1.2 in the B experiment.
Increased standard deviation of the Nifio3 inde®B inannot be explained by reduced
seasonal cycle, as found in previous studies (Mamzet al., 2005; Lengaigne et al.,
2007). It could be however related to shoalinghaf thermocline in B which enhances
the sensitivity of the upper ocean layer to cougledan-atmosphere fluxes. The power
density spectrum of the Nifio3 index shows a pedkdrn at a 30-40 month period (i.e.

2-3 years) and no significant shift appears to bbetween the two experiments.

At extratropical latitudes, leading modes of atntasyc variability are extrapolated by
means of Empirical Orthogonal Function (EOF) analg@mputed on winter sea level
pressure (hereafter SLP) anomalies. The first mafd8LP variability in the North
Atlantic sector, the North Atlantic Oscillation (N8 Hurrell et al., 2003), and the
second mode of winter SLP variability in the NoRAcific sector, the North Pacific
Oscillation (NPO, Rogers, 1981) both involve meoidil redistributions of atmospheric
mass between subtropical and subpolar latitudes.VvEnhiance explained by the NAO
increases from 53% in A to 60% in B, and the vargaexplained by the NPO increases
from 22% in A to 27% in B. The first mode of SLPriadbility in the North Pacific
sector, involving fluctuations of the Aleutian Lastrength with coherent SLP changes
over the whole North Pacific, decreases from 52% to 44% in B. An interpretation
to these results could be the bio-optical feedhao&eause of their ability of modifying
meridional temperature and SLP gradients (Figsa,326, 3-7a), are effective in
enhancing the variance of those modes involvingtdlations of subtropical-subpolar
SLP differences, i.e. the NAO and the NPO. Howewenas to be noted that the

variance explained by the described modes of wditiabis biased towards
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overestimated values (as found also in other caupledels, e.g. Miller et al., 2006).
Therefore these interpretations have to be takém eaire.
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Fig 3.16: Nifio3 region (5°S-5°N; 150°W-90°W) SST diagnastior experiments A (blue
lines) and B (red linesja) SST seasonal cyclé)) histogram of Nifio3 indeXc) power density
spectrum of Nifio3 index.
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3.5 Conclusions

Global bio-optical feedbacks arising from the apsion of solar radiation by ocean
phytoplankton were investigated in a state-of-titefally coupled model containing
interactive marine biogeochemistry. This modelimgnfework allowed bio-optical
feedbacks to be fully represented at the globaesaad to be at all times internally
consistent marine biogeochemical structures. A B&dF- experiment was performed
with the full version of the coupled model and camga with a control simulation
characterized by a constant attenuation depthigible radiation over the entire ocean
domain. It is found that in the dynamically coupleimate system the heating
perturbation induced by biology propagates withhe tlimate system and generates
feedbacks around 5-10% on virtually all its compugse Biological radiative heating
raises sea surface temperature (SST) of aboutlOG,°"and triggers various intrinsically

coupled mechanisms within the climate system:

1. Increased ocean latent heat losses raise atmospbemnperatures and water vapor.
Implication: Increased atmospheric water vapor exerts a pesfeedback onto
global temperatures because of its capability abdting longwave radiation. This
may suggest that marine biogeochemistry contribitesome extent to the Earth’s

greenhouse gas effect.

2. The equatorial Pacific maximum in biological hegticauses an intensification of
the Hadley circulation which acts as a teleconoectmechanism affecting
cloudiness and solar radiation patterns from tmlpito subtropical latitudes.
Implication: Changes in solar radiation exert a negative fegddba SST at tropical
latitudes, and a positive feedback at Extratrodetatiudes.

3. Changes in SST meridional gradients at extratropetaudes modify the vertical
shear of zonal winds and give rise to anticyclommmalies in the mid-latitude
atmospheric circulation, thus modifying ocean detion. Related ocean heat

transport modifications locally affect SSTs.

4. Increased wind convergence onto the Equator indageknic wind stress curl
anomalies which drive near-surface upwelling. lmgtion increased upwelling
exerts a negative feedback onto equatorial SSTs.
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5. At subpolar latitudes, biological radiative heatimgeracts with seasonal mixing
and heat fluxes by generating an amplificationhe& tixed layer depth seasonal

cycle.

The response of the climate system to biologicatihg by phytoplanktonic organisms
resembles in many ways that to anthropogenic cagbuissions as simulated in climate
projections for the XXI century (Meehl et al., 2007%ven though with lower
magnitudes. Increased atmospheric water vapor, rdpg@gospheric heating localized
over the Tropics, cooling at the troposphere-sgattere boundary north of ~45°N and
associated mid-latitude westerly jet response,adsad sea ice, decreased heat content
in some tropical areas, and increased (decreasestippation over the Tropics
(Subtropics) are all processes in common betweentwlo climate perturbations. A
hypothesis that can be made to interpret thesdtsasuhat phytoplankton contributes
to a small extent to the greenhouse gas effe@rdstingly, even though the two climate
perturbations (anthropogenic and bio-optical) acated one in the atmosphere and the
other in the ocean, the climate system adjusts whade to the perturbations and the
origin of the initial perturbation cannot be annder distinguished.
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Chapter 4

Bio-physical ocean responses to the North

Atlantic Oscillation in a coupled model

Summary This study aims at analyzing the response of tteaw physical and
biogeochemical properties to the North Atlantic @eston (NAO), the primary mode

of climate variability in the North Atlantic sectdVhile physical responses to the NAO
are rather well documented, the study of maringgdxdahemical responses is made
difficult by the shortness of available time seraslimited spatial coverage. Here a
coupled ocean-atmosphere model containing a comphaine biogeochemistry model
is used to perform a 300-year global simulationeuntbnstant C®concentrations in
which NAO variability is internally generated. & found that NAO variability affects
ocean properties through changes in momentum amebfreshwater fluxes which drive
coherent anomaly patterns in sea surface temperabgean mixing and circulation.
Nutrients, chlorophyll and zooplankton concentnasicare tightly related to NAO
interannual variability mainly through changes inxed layer depth. In particular,
increased mixing in the subpolar gyre during puwsitiNAO phases decreases
phytoplankton biomass in winter and increases thenfollowing spring bloom because
of higher nutrient availability. The modificationf ehe lower trophic levels of the
ecosystem affect in turn particulate organic mgtt@duction and air-sea G@luxes,
with potentially relevant feedbacks on climate. &8yalyzing the lagged response to the
NAO it is found that ocean temperature and saliaitpmalies persist and propagate in
successive years after their generation by NAOirigicOn the other hand marine
biogeochemistry has limited memory of NAO forcing #s variability is mainly
governed by interannual fluctuations of verticalximg. The interannual and low-
frequency bio-physical ocean responses to the NAf@rdDuring persistent positive
NAO phases, changes in ocean circulation, i.e ngansification of the subpolar gyre
and an “inter gyre-gyre” anticyclonic circulationamaly at mid-latitudes, modify the
temperature and salinity fields, with impacts omatdfication and on marine
biogeochemistry.




4.1 Introduction

Multiyear time series at fixed points and ship-lthseeasurements of upper North
Atlantic Ocean biogeochemical and ecological progershow interannual-to-decadal
fluctuations (Barton et al., 2003; Bates, 2007) ahhiare suggested to be largely
influenced by large-scale patterns of meteoroldgieaiability. The primary mode of
climatic variability in the North Atlantic sectordm interannual to decadal time scales
is the North Atlantic Oscillation (Bjerknes, 196#hich refers to a redistribution of
atmospheric mass between Arctic and subtropicabntit. The North Atlantic
Oscillation (NAO) is characterized at the surfacg & north-south dipole of
simultaneous out-of-phase sea level pressure aresm@&@Valker and Bliss, 1932); it is
thus a measure of the strength and position of maxi surface westerly winds across
the Atlantic. The temporal evolution of the NAO described by the NAO index,
calculated as the normalized time series of seal Ipressure differences between
Portugal and Iceland (Hurrell, 1995). Positive dehases (NAO+) correspond to
increased pressure gradients and thus to strohgeraverage westerly winds; negative
index phases (NAO-) correspond to reduced pregpacdkents and thus to a weaker and

more zonally-oriented storm track (Fig. 4-1).

Large scale meteorological fluctuations associamth the NAO drive coherent
patterns of spatial and temporal variability of tho’tlantic Ocean properties. On
interannual time scales, North Atlantic Ocean sgfase temperatures and circulation
vary primarily in response to changes in the s@famnds, air-sea heat exchanges, and
freshwater fluxes associated with changes in serfaind fields (Bjerknes, 1964). A
NAO+ phase shows positive sea surface temperatuaalies in the subtropics and in
the marginal seas of northern Europe, and negatioenalies at subpolar and tropical
latitudes (Visbeck et al., 2003). On longer timalss the additional contribution of
ocean dynamics is suggested to be playing an aatieein determining the temporal
and spatial evolution of surface and subsurfacgésature anomalies (Kushnir, 1994;
Eden and Jung, 2001). The ocean, owing to its tddvheat capacity, is capable of
integrating atmospheric forcing and of giving rige delayed effects in the ocean
circulation. For instance, observational evidengggests delayed responses to NAO
wind forcing of the Gulf Stream — North Atlantic @ent system and of the subpolar
gyre strength (Curry and McCartney, 2001; Frankigret al., 2001; Flatau et al., 2003;
Haekkinen and Rhines, 2004) which in modeling stsdhave been suggested to



produce reverberations on the meridional overtyrwinculation (Eden and Willebrand,
2001; Boening et al., 2006; Bellucci et al., 20D@shayes and Frankignoul, 2008). The
excitation of baroclinic Rossby waves in resporseeérturbations of the meridional
overturning circulation is also suggested to belavant mechanism on decadal time
scales in determining the adjustment of mid-lagtgyres to changing surface forcing
(Frankignoul et al., 1997).
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Fig. 4-1 Schematic illustration of the path and strengttwofter storms around high (H) and
low (L) pressure zones in the North Atlantic cop@sding to positive (left) and negative (right)
NAO phases. Frorttp://www.ldeo.columbia.edu/res/pi/NAO/

Regional patterns of NAO variability are capablafiécting ocean ecosystems through
their local effects on upper-ocean mixing, soladiagon and ocean temperature
(Drinkwater et al., 2003). In particular during aAQ+ phase, strengthened and
poleward-shifted westerlies lead to surface cooing deeper mixing at subpolar and
tropical latitudes, and enhanced temperatures aradifisation at middle latitudes
(Cayan, 1992). Observational evidence of the imiteéeof meteorological variability on
marine biogeochemistry and phytoplankton ecology Ib@en obtained in past studies
from time series at fixed points, such as the syistal Bermuda Atlantic Time Series
(BATS) station (Follows and Dutkiewicz, 2002; Grulet al., 2002; Bates, 2007) and
the subpolar Ocean Weather Station “India” (Follosvsl Dutkiewicz, 2002), from
Continuous Plankton Recorder (CPR) measurementsploftoplankton relative
abundance (Barton et al., 2003; Leterme et al.50&nd from satellite chlorophyll
estimates (Follows and Dutkiewicz, 2002; Siegelakt 2002; Henson et al., 2006;
2009).



The response of phytoplankton variability to change mixing is hypothesized by
Dutkiewicz et al. (2001) to be regionally dependentthe ratio between the Sverdrup
critical depth, defining the compensation leveimsn phytoplankton growth and loss
rates (Sverdrup, 1953), and the local mixed laysothl In fact when the mixed layer
depth exceeds Sverdrup’s critical layer (around6@0m according to Follows and
Dutkiewicz, 2002), there is insufficient light toriek net production and a
phytoplankton bloom will not occur. Follows and Rigiwicz (2002) show that the ratio
between Sverdrup’s critical depth and the localedixayer depth exhibits a poleward
decrease over the North Atlantic basin, indicatbfean increased light vs. nutrient
limitation from subtropical to subpolar latitudes.

At subtropical latitudes increased winter mixingcorring during NAO- phases, leads
to a stronger bloom in response to enhanced nusigoply (Follows and Dutkiewicz,
2002). At subpolar latitudes the phytoplankton cese to NAO wind fluctuations
appears more complex. Barton et al. (2003) anaBRBR measurements during 1948-
2000 and detect, in association with NAO+ phasgsosative trend of phytoplankton
abundance in the transition zone (45°-55°N) betwadtropical and subpolar latitudes,
and negative trends to the north and to the sdutby hypothesize that deeper mixing
would lead to enhanced nutrient entrainment androphyll in the transition zone, but
to decreased primary productivity at subarctictuaiés because of Sverdrup’s light
limitation theory. Conversely, in two ~3-year obsdional data sets Follows and
Dutkiewicz (2002) find no discernible interannuaral in chlorophyll variability at
subpolar latitudes - in contrast to subtropicaituges - whereas spatial variability is
much larger. Henson et al., (2006) investigate roiplbyll satellite products in the
Irminger Basin and find that winter pre-conditiogiis critical in determining the timing
of the phytoplankton spring bloom and its magnituaeich is inversely correlated with

the frequency of winter storms.

The North Atlantic Ocean is the largest ocean fankatmospheric C®in the Northern
Hemisphere (Gruber et al., 2009). Changes in teamstate associated with the NAO
may also affect the capacity of the North AtlanBcean to absorb GOfrom the
atmosphere, as documented by Gruber et al., (20@2Bates (2007) for the subtropical
Bermuda Atlantic Time Series station, Olsen et @Q03) for the northern North
Atlantic, and Santana-Casiano et al. (2007) for ¢hstern Atlantic ESTOC station.

Positive NAO phases are found to be associatednbinereased ocean capacity of



absorbing atmospheric GCas also suggested by Thomas et al. (2008) intihaileling
study for the period 1979-2004.

A better knowledge of the mechanisms underlyingimeaibiogeochemistry responses to
meteorological fluctuations is relevant in Eartlsteyn science. In fact, understanding
the biogeochemical responses to changes in phydinate on interannual time scales
may provide insight into potential responses togierm human-induced climate

trends. Moreover, quantifying the magnitude of ratufluctuations may help to

distinguish them from human-induced trends in presay observed time series; for
instance, the effects on marine biogeochemistith@fpersistently positive NAO phases
in the last decades (Hurrell et al., 2003) couldgiady be exchanged with impacts of
anthropogenic climate change. Finally, if it isedauman-induced climate change may
force ocean variability towards a preferential esi@illett et al., 2003), we can expect a

corresponding response also in marine biogeochéstitetures.

Yet, whereas ocean physical NAO responses are rratedl documented in
observational data sets, the analysis of biogeowaM™NAO responses is made difficult
by reduced spatial and temporal coverage of availabservational data sets. Ocean
general circulation models containing interactivarime biogeochemistry and forced by
specified or observed surface heat fluxes have theen used to investigate the
biogeochemical ocean responses to the NAO (Osci2i@g81l; Henson et al., 2009).
However an analysis of this interaction within dlyfucoupled climate framework,
capable of internally generating NAO-like variatyiliand of capturing the major
features of atmosphere-ocean-marine biogeochentstpling, is still lacking.

In the present study, a climate coupled model doimiz interactive marine
biogeochemistry, is used to produce a 300-year lalion under constant present-day
atmospheric C@concentrations. The objective of this study igjt@antify basin-scale
responses of marine biogeochemistry to NAO vaiigbftom interannual to decadal
time scales and to identify driving mechanisms imitla fully coupled climate
framework. With respect to previous studies thereggh chosen in this work presents
several advantages: (1) a multi-centennial timeesqarovides more robust statistics and
allows a separate investigation between interanaundl decadal variability; (2) the
coupled model allows for a dynamically consisteainfework where feedbacks from
the ocean to the atmosphere (including those irdligebiology) are simulated; (3)

constant C@atmospheric levels prevent interference of hunmalué¢ed climate change



onto the investigated natural signal. The outcowofethis study may help to interpret
observations obtained on smaller spatial and teahpbymains and may give insight
into basin-scale changes in upper ocean carboredlwith the atmosphere and deeper

ocean.

Scientific questions

A\1”4

1. Which are the physical mechanisms driving changespatial structure, magnituds

and seasonality of biogeochemical properties ipalse to the NAO?

2. Which are the lagged and low-frequency physicaan response to the NAO and
which is their impact on marine biogeochemistry?

This chapter is organized as follows: in sectioR the North Atlantic atmospheric
variability simulated by the coupled model will peesented. Section 4.3 investigates
the physical and biogeochemical ocean respons®A interannual fluctuations in
terms of spatial structures and seasonal evolut®ection 4.4 shows the lagged
response to NAO forcing whereas Section 4.5 analffse in-phase and in-quadrature
responses to low-frequency NAO forcing. Section diScusses gives concluding

remarks.

4.2 North Atlantic atmospheric variability

North Atlantic variability is investigated by means Empirical Orthogonal Function
(EOF) analysis calculated on December-March (DJBBB level pressure (hereafter
SLP) anomalies in the North Atlantic sector (20°N090°W-40°E). The NAO spatial
pattern is identified as the leading eigenvectothef cross-covariance matrix and the
NAO index as the standardized leading principal ponent time series. NAO
variability explains 60% of SLP variance vs. 37%irid in observations (Hurrell et al.,
2003), a bias common to other coupled models whatd to overestimate the
percentage of variance explained by the Northernubar Mode (Miller et al., 2006).
The NAO index (Fig. 4-2a, bars) exhibits strongiafaitity on interannual time scales
and its decorrelation time scale is of 1 year,d@nparatively lower than the 3 years of
the observed NAO index (Hurrell et al. 2003). E¥leough decadal cycles are detected

in a 9-year running average (Fig. 4-2a, black line¢ model tends to overestimate the



energy at interannual time scales at the expenkeleaadal and multi-decadal time
scales. This bias is common to other coupled mofgidett et al., 2005) possibly
caused by misrepresentations of stratosphere-tphyeos coupling processes (Scaife et
al., 2005).

The NAO spatial pattern expressed in amplitude B& hs obtained by regressing
wintertime SLP anomalies on the NAO index (Fig.B}-olors). During positive NAO
phases (hereafter NAO+) anomalously high surfacesgures south of 55°N are
associated with anomalously low pressures througt@euArctic. NAO+ phases act to
enhance meridional pressure gradients and to dspéavards north the climatological
centers of maximum SLP (Fig. 4-2b, contours), theraffecting wind direction, speed
and maxima location. From Fig. 4-2c it may be sémst during NAO+ phases,
westerlies are enhanced north of 45°N and weakéeéseen 30°-45°N. Wintertime
wind stress curl (Fig. 4-2d) responds to the noatfulashift of westerly winds by giving
rise to an anticyclonic wind anomaly between 35°MN6&nd a cyclonic anomaly to the
south. We can then expect an enhanced anticycleimd driven circulation located
between the subtropical and subpolar gyres (theer4gyre gyre”, Marshall et al.,
2001). During NAO+ phases the zero-wind-stress-tind, which affects storm track
pathways and the location of the Gulf Stream andlafth Atlantic Current, increases
its southwest to northeast tilt over the North Atle. The described patterns compare
well with observations both in terms of amplitudedaf spatial structure (Marshall et
al., 2001; Hurrell et al., 2003; Visbeck et al.03]
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4.3 Direct response to the NAO

4.3.1 Spatial response

In this section the effect of interannual wind fletions on physical and

biogeochemical properties over the North Atlantice@n will be explored. Physical

variables are seasonally averaged over the wieteson (DJFM) which is the period of
strongest response to atmospheric forcing; for meabiogeochemistry, since we do not
yet know when the highest response to NAO will tgkace, an annual average is
performed. Here in Section 4.3.1 we focus on theptaally averaged spatial response,
whereas the investigation of the seasonal respsrdeferred to Section 4.3.2. Fig. 4-3
shows the regression between the standardized M&éxiand DJFM time series of

physical variables (in colors) described by theesgion coefficient of the variable onto
the NAO index. For reference, the respective clofuafical values are included as
contours. The displayed anomalies thus correspondAO index values equal to 1

(Fig. 4-2a): however it has to be noted that angtfrtdlAO index will produce about

twice the anomalies shown in Fig. 4-3.

Coherent patterns of spatial variability are detdcin response to interannual wind
fluctuations. Changes in wind speed and atmosploecalation affect net heat fluxes
(Fig. 4-3a) mainly in response to sensible andhitabeat fluxes (Cayan, 1992). During
NAO+ phases ocean heat losses increase in the laulgyoe and south of 30°N (~30%
with respect to climatology) whereas they decreasseniddle latitudes and in the
Norwegian Sea. Associated buoyancy changes affgmruocean mixing (Fig. 4-3b),
with largest modifications occurring in the subpolgre, where the MLD deepening
exceeds 120 m (>30% variation with respect to diahogy). Increased stratification
occurs instead at mid-latitudes, even though cleage less pronounced than at higher
latitudes. The SST response (Fig. 4-3c) to locahtians in surface heat fluxes results
in a tripolar structure of simultaneous SST de@eatssubpolar and tropical latitudes,
and increase at mid-latitudes. Compared to obseraadbility (Visbeck et al., 2003),
the simulated SST response to NAO is reasonablulated, even though a positive
SST anomaly interrupts the negative pattern at gabpatitudes. This is possibly due
to an overly strong response of the MLD to NAO+cfog which promotes mixing to

the surface layer of relatively warmer subsurfaetens.



During NAO+ phases, the northward displacementhef storm track and associated
moisture transport result in a precipitation inseaf about 10-20% with respect to
climatology north of 45°N and decrease between4X¥IN and in the Labrador Sea
(Fig. 4-3d). Salinity (Fig. 4-3e) decreases by mtiven 0.1 at 40-45°N and east of
Greenland, and increases in the subpolar gyrehenwestern Labrador Sea and at
subtropical latitudes. Salinity changes appear riseafrom modifications in surface
freshwater fluxes (Fig. 4-3f) and from changesurface freshwater advection (Fig. 4-4
right). Evaporation minus precipitation (E minusi®gnhanced throughout the subpolar
latitudes (0.2-0.3 mm d&y because of increased evaporation (related tatlateat
losses) and at middle latitudes (0.3-0.5 mm™jlayecause of decreased precipitation.
Surface freshwater fluxes due to advective proceseease by more than 2 mm day
south of Greenland because of enhanced southwatidmuad surface currents (Fig. 4-4
right), which arise as a wind-driven response tmdwvstress curl anomalies. The
importance of wind-driven advective processes itemning the response of total
freshwater flux to NAO on interannual time scalessvalso shown by Visbeck et al.
(2003). During NAO+ phases sea surface height @i8g) increases at mid-latitudes,
caused by enhanced heat and mass convergence dmrstale surface current

anomalies (Fig. 4-4 right).
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Having assessed that the physical ocean respansdéased by our model is reasonably
similar to observational estimates, we now invegéghow changes in upper ocean
physics during winter affect spatial structuresnafrine biogeochemistry throughout the
year. To this end we show in Fig. 4-5 linear regi@ss between annual time series of
selected biogeochemical properties and standardidé@® index. The depicted

variables are integrated throughout the euphotierlan panels a-d and defined at the

surface in panels e-f.

Phosphate concentration (Fig. 4-5a), which in thadel is one of the major nutrients
limiting phytoplankton growth, is overall positiyelcorrelated to winter MLD
variations, indicating higher nutrient supply (~30%hen winter vertical mixing is
deeper (i.e. NAO+). The NAO explains ~10-30% of ghtwate fluctuations in the
subpolar gyre and in the western mid-latitudes .(Biga). In addition to changes in
mixing, subsurface ocean vertical velocities (Fe3h) induced by anomalous wind
stress curl (Fig. 4-2d) may also lead to changesitrient supply (as found by Oschlies,
2001). However since the simulated NAO anomaliesagfan vertical velocities are in
the order of a few cm ddywe expect that on interannual time scales chaimgesxing

will have a stronger effect on nutrient entrainmiiain vertical advection.
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Fig. 4-5 Climatologies (contours) and regression onto NA@ein(colors) of annual anomalies
of (a) phosphate in mmol i (b) total chlorophyll in mg M, (c) mesozooplankton in mg C'h
(d) particulate organic carbon (POC) production in Bohi” yeaf’, (e) surface CQ partial
pressure (pC¢ in atm, (f) sea-air CQ@flux (defined positive upwards) in mol Cyear".
Variables in panels a-d are integrated over théaetipdepth.

Phytoplankton growth can be described as a lodahba between nutrient availability,
which is positively correlated with vertical mixingnd residence time within the sunlit
euphotic layer, which instead increases with dication. In fact vertical mixing
beyond a threshold depth may result in reducedgpifigmkton growth because the cells,
though nutrient-replete, continue to be mixed dosva depth where they become light-
limited. This threshold depth, estimated by Follawsl Dutkiewicz (2002) to be around
20-60 m according to solar radiation levels, is egally not met at low latitudes
whereas it is commonly exceeded at high latitudesnd the winter months (Siegel et

al., 2002). According to latitude and season, eatrand light limitation may thus exert



differing pressures on phytoplankton growth. In fresent study we observe that
during NAO+ phases, chlorophyll concentration (Higbb), which can be considered as
a proxy of phytoplankton biomass, increases by ~1i0%he subpolar gyre, in the
eastern Labrador Sea, and off the northwesterrcdiricoast, whereas it decreases at

middle latitudes.
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Fig. 4-6 Variance explained by the NAO index (%) (@ euphotic-depth-integrated phosphate
concentration,(b) euphotic-depth-integrated chlorophyll concentrati¢c) euphotic-depth-
integrated mesozooplankton concentrati¢), euphotic-depth-integrated particulate organic
carbon (POC) productiofe) surface C@partial pressure (pG (f) sea-air CQflux.

The overall positive correlation between annuabaphyll concentration and winter
MLD variations indicates that on an annual scal&ient limitation is relatively more
important in determining phytoplankton variabilitiyan it is light limitation. Despite

general spatial correspondence between annual patspand chlorophyll anomalies,



some dissimilarity is evident. The largest chlorgplincrease at subpolar latitudes
occurs not in the area of MLD and nutrient maxinué &t its edges. Evidently here the
balance between light and nutrient limitations jdimal for phytoplankton growth. It
may also be speculated that the chlorophyll in&redtthe northwestern African coast
might be more related to increased upwelling causgdoositive wind stress curl
anomalies, rather than to changes in mixing, wiaicd only slight in this area. This
result is consistent with the study of OschliesO@0who finds increased advective
nitrate supply of ~1 mol fyeaf* during NAO+ phases along the northwestern African

coast.

Chlorophyll variability affects mesozooplankton imass (Fig. 4-5¢) which increases
during NAO+ phases of ~30% in the subpolar gyre decteases at mid-latitudes with
spatial structures similar to the chlorophyll chasigChanges in phyto- and zooplankton
productivity affect in turn particulate organic ban (hereafter POC) production which
during NAO+ phases increases at subpolar latit@étesdecreases at mid-latitudes by
~10% (Fig. 4-5d). The NAO index generally explauys to 30% of the variance of

chlorophyll, zooplankton and POC production in thbpolar gyre and in the western

mid-latitudes.

The chlorophyll increase found in the subpolar ggteing NAO+ phases does not
agree with previous findings, based on a few yeasatellite data, that in the Irminger
Basin a bloom delay during NAO+ years related tep#e mixing decreases the
magnitude of the subsequent spring bloom (Hensoralet 2006). Follows and
Dutkiewicz (2002) however observe that over the Mhsubpolar region a clear
interannual signal is not discernible and invokgesal mechanisms including small
scales and intermittency driving restratificatiormgesses, which the coarse resolution
model used in this study is not able to capturewéier authors also discuss that it is
likely that the shortness of the time series aral gborer satellite data coverage at
higher latitudes due to cloudiness may also beiggubtese different results. Longer
and spatially-integrated observational records tares required to assess prevailing

mechanisms.

Even though available SeaWiFS chlorophyll timeesedre too short to provide a robust
statistical framework, for reference we show in.Hg/ regressions between the April-
July (AMJJ) chlorophyll concentration anomalies owke euphotic depth and the
simulated NAO index, and the SeaWiFS chlorophyfidiseries for the years 1998-
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2006  (McClain, 2009) regressed onto the Hurrell NAGnNndex
(http://www.cgd.ucar.edu/cas/jhurrell/indices.ngrAMJJ climatologies are shown in

contours for reference. It may be first of all mbteat the model correctly captures the
amplitude of the anomalies corresponding to an Nid2x equal to 1. Moreover it may

be seen that tropical and subtropical latitudesbéixa similar response between model
and observations, whereas at subpolar latitudesethdts differ as already discussed
previously. The chlorophyll concentration decre&send during NAO+ phases by

Henson et al. (2006) in the Irminger Basin may &ens However other areas south of
Greenland and Iceland exhibit a strongly positegponse which we might hypothesize

to be due to increased nutrient availability drivsgndeeper mixing.
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Fig. 4-7: (a)simulated chlorophyll concentration in spring (AMahomalies averaged over the
euphotic layer depth (mg ™ regressed onto the normalized simulated NAO inded (b)
spring (AMJJ) SeaWiFsS satellite chlorophyll concatibn anomalies (mg ) during the years
1998-2006 regressed onto the normalized observedHNAO index.

Climatological CQ partial pressure (hereafter pgGt the ocean surface (Fig. 4-5e)
depends on both physical and biological factorsraased MLD increases pgO
entrainment of carbon-rich waters, increased pHgtdgon biomass lowers pGy
biological uptake, and increased temperature isee@CQ. Ocean-atmosphere pgO
differences drive a C£¥lux between the two compartments whose amplielgends
on wind speed squared (Wanninkhof, 1992). Climafickl CGQ fluxes in our model
(Fig. 4-5f) show the subpolar latitudes as beimqgeamanent sink of atmospheric €O
with magnitudes of ~4 mol C fayear', similar to those estimated from observations



(Koertzinger et al., 2008; Takahashi et al., 2008iddle and subtropical latitudes are
either neutral or a source of g0On contrast to observational estimates (Takaheshi
al., 2009) which show the zero-line of gfluxes shifted much more to the south. This
result might be explained by considering that aphesic CQ concentrations in our
simulation are lower than those occurring in th8Q included between 350 and 360
ppm (Bates, 2007). It is also possible that, sim@emodel overestimates winter MLD
in the western mid-latitudes (Fig. 2-8), enhancettagnment of carbon-rich waters in

winter might produce an overestimation of winter £&0tgassing.

In response to NAO wind variability, the model résishow that changes in surface
ocean pC@ in the order of 5 atm, are inversely correlated to chlorophyll
concentration and MLD, thus indicating that on amuwal time scale the dominant
control on surface pCOnterannual variability is exerted by biologiqabcesses. NAO
interannual variability gives rise to modificatiomssea-air C@fluxes through changes
in surface pC@ wind speed, and SST (which affects £lubility in seawater). The
subpolar gyre shows the largest response, witreasad ocean G@ptake occurring
during NAO+ phases because of higher biologicabkgt lower SST, and stronger
winds. This result agrees with observational stithiased on fixed-point time series in
the northern North Atlantic (Olsen et al.,, 2003)dam the northeastern Atlantic
(Santana-Casiano et al., 2007), and with an ocesime biogeochemistry modeling
study (Thomas et al., 2008). Changes in sea-apy flt® between 30°-45°N are close to
zero (as also found by Bates, 2007) despite rd#éinge modifications in surface pGO
This effect is related to the fact that during NA@Rases wind speed decreases between
30°-45°N (Fig. 4-1c) thus causing @@ux to decrease in amplitude. The variance

explained by the NAO in affecting G@luxes is rather low (<5% on large areas).

4.3.2 Seasonal response

The seasonal response of marine biogeochemistAtd winter forcing is analyzed in
two different geographical locationsne is in the subpolar gyre (48°-55°N; 45°-30°W),
the other one in the Sargasso Sea around the Bardtantic Time Series (BATS)
station (30°-40°N; 70°-60°W). In Figs. 4-8 and 4+h0nthly composites during NAO+
and NAO- years, defined as those in which the NA@ek exceeds +1 standard

deviation, are shown and compared with monthly attogies.



At subpolar latitudes (Fig. 4-8), the winter climlaigical means indicate that deep
mixing (Fig. 4-8a) and typically low incoming solaadiation limit phytoplankton
growth despite high nutrient availability (Fig. )8 In spring the upper water column
stratifies and the phytoplankton bloom initiategy(F-8c). The diatom peak, occurring
in May in agreement with observations (McClain, 200sustains with two months
delay a mesozooplankton biomass maximum (Fig. 486 remark that the model
does not simulate the climatological autumn phyogton maximum (Mann and
Lazier, 1996) because of underestimation of oceaing in autumn (Fig. 4-8a).
Phytoplankton primary production is partly respiréy heterotrophic oxidation
reactions, and partly transferred to higher tropbiels or to dissolved and particulate

organic matter (Fig. 4-8e) pools.

Winter MLD interannual variability has significamhpacts on nutrient availability and
on light levels experienced by phytoplankton. Oesults show that during NAO+
(NAO-) phases, diatom biomass decreases (increbsésgen January and April even
though nutrient concentrations are higher (lowas)yeported by Henson et al. (2006).
This result may be explained by considering thagpee winter mixed layer depths
reduce the retention time of phytoplankton insitie euphotic layer. Conversely,
shallower mixed layers allow for an earlier incea$ phytoplankton growth. However,
during the subsequent months (May-July) phytoplamkiiomass and bloom duration
are larger when deeper mixing has occurred in winte. during NAO+ phases,

because of higher nutrient availability.
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Fig. 4-8 Climatological (black), NAO+ (red), and NAO- (blusg¢asonal cycles in the subpolar
gyre region of(a) mixed layer depth in m (note reversed ax{B),phosphate concentration in
mmol m?, (c) diatom concentration in mg Cn(d) mesozooplankton concentration in mg C
m’?, (e) particulate organic carbon (POC) production in iBoin? yeai’, (f) sea-air C@ flux
(defined positive upwards) in mol Cnyeaf*. Variables in panels b-e are integrated over the
euphotic depth.

We then conclude that changes in winter mixing cffieot only the mean annual
phytoplankton biomass, but also the amplitude @ndth of the seasonal cycle: during
NAO+ phases, the seasonal cycle amplifies and tinenger maximum lasts longer,
during NAO- phases the seasonal cycle amplitudedaced. Temporal fluctuations of
the subpolar gyre phytoplankton bloom initiatiortiwe order of 2-3 weeks are observed
in relation to NAO-induced changes in light coralits (Henson et al., 2009). The
temporal resolution of the model used in this stddgs not allow discrimination of

temporal shifts below the monthly scale. We do fiotl changes in timing of the



phytoplankton seasonal peak, but we do find tha¢ theasonal peaks of
mesozooplankton and POC production are shiftednef month between NAO+ and
NAO- phases and that their seasonal cycle is meatlifonsistently with phytoplankton

biomass variability.

For reference we show in Fig. 4-9 composite NAOH &NAO- seasonal cycles of
chlorophyll concentration averaged over subpoléituldes (45°-60°N) for SeaWiFS
satellite values available for 1998-2006 (top) &mdmodel chlorophyll averaged over
the euphotic depth (bottom). Composites are caiedlby selecting years in which the
observed and simulated normalized NAO index exceddsl) standard deviation. The
model simulates rather well the magnitude and @nafh the spring phytoplankton
bloom, even though it exhibits an anticipated blo@mding and underestimated
chlorophyll values in autumn-winter. In responseNlAO+ phases SeaWiFS satellite
estimates show a slight decrease of chlorophyltentrations in winter and an increase
in spring-summer, as seen in the model results/aedlin this study. We may therefore
hypothesize that the processes found in the medeling to chlorophyll changes may
indeed be valid. However it has to be stressedttieste are only speculations, as the

shortness of the satellite time series does nowaibbust statistics.

Climatological sea-air COfluxes (Fig. 4-8f) exhibit seasonal oscillationsthwthe
ocean being a source of €@ winter, when deep mixing entrains subsurfac®aa-
rich waters, and a sink in the remaining part &f ykear, when pC£is lowered by the
biological and solubility pumps, consistently witibservations (Koertzinger et al.,
2008). During NAO+ phases, deep winter mixing aboa-rich waters increases winter
CO, outgassing, whereas lower SST and increased priptraduction in the subsequent
months increase ocean gQ@ptake. Despite increased winter £0utgassing, the
annual net of these two processes results in aedse in ocean CQuptake during

NAO+ phases.
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Fig. 4-9 Climatological (black), NAO+ (red), and NAO- (blus¢asonal cycles in the subpolar
latitudes of the North Atlantic (50°-60°N,50°-10°Vdj (top) SeaWiFS satellite estimates of
chlorophyll values (mg i) during the years 1998-2006 arfdottom) model chlorophyll
concentration (mg ).

The BATS area (Fig. 4-10) is located in the nortsieen Atlantic in the transition zone
between easterlies and westerlies and in a regfonear zero mean geostrophic
circulation (Bates, 2007). It represents the equatal limit of significant winter

mixing and is then expected to be largely influehd®y interannual changes in
atmospheric and oceanic forcing (Longhurst, 20COmpared to the subpolar regime,
mixed layers are shallower and upper-ocean nujrgmgtoplankton and zooplankton
concentrations are lower. Nutrient limitation is mmoeffective in controlling

phytoplankton growth than light limitation, and tiplytoplankton and zooplankton
blooms occur coincidentally or with little delay tvirespect to the MLD seasonal
maximum (Fig. 4-10 a-d). POC production (Fig. 41@ lower than at subpolar
latitudes, both because primary production is lovaerd because the phytoplankton
community is characterized by a higher nanophytdtan fraction (not shown) having

lower POC production rates.
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Fig. 4-10Climatological (black), NAO+ (red) and NAO- (blusg¢asonal cycles in the Sargasso
Sea near BATS dfa) mixed layer depth in m (note reversed axis),phosphate concentration
in mmol PQ m?, (c) diatom concentration in mg Cm(d) mesozooplankton concentration in
mg C n¥, (e) particulate organic carbon (POC) production in @aii? year', (f) sea-air C@
flux (defined positive upwards) in mol Cyear". Variables in panels b-e are integrated over
the euphotic depth.

NAO-related changes in winds drive an opposite arsp with respect to subpolar
latitudes of MLD which shoals during NAO+ phases a@eepens during NAO- phases.
MLD interannual variability (Fig. 4-10a), thoughske pronounced than in the subpolar
gyre, yet causes a 25% change in phosphate coatiens (Fig. 4-10b), with consistent
impacts on the seasonal cycle amplitude and pHeaaélmological components. During

NAO+ phases, shallower winter MLD causes phytoplanmkto peak already in

February, i.e. one month earlier than averdadges might be due to a combination of

increased light availability in winter and insuféat nutrients in following months. A



30-40 day earlier bloom start during NAO+ phases waigo found at mid-latitudes by
Henson et al., (2009) caused by increased retemsitie the euphotic layer. In contrast
to subpolar latitudes (Fig. 4-8) winter phytoplamktbiomass does not increase when
MLDs are shallower, because at these latituded ligtitation is less effective than
nutrient limitation in controlling phytoplankton @wth. In general, we observe that in
this model changes in amplitude of the seasondecgre more typical of subpolar

latitudes, whereas changes in phase are more coratrsubtropical latitudes.

At BATS, the simulated climatological sea-air flok CO; is positive throughout the

year (Fig. 4-10f), with higher values during wintend lower values in the remaining
part of the year. As already noted in the previgestion, our model tends to
overestimate ocean outgassing in this area. @f@yassing increases when winter MLD
is deeper and decreases when spring biologicakepsahigher and SST lower, with a
resulting amplification of the seasonal cycle dgriAO- phases and reduction during
NAO+ phases. However averaged over the whole ye&® Nhterannual variability

does not significantly modify C{luxes.

4.4 Lagged response to the NAO

Simulated SST anomalies generated by NAO forcinghtaia statistically significant
correlations with the NAO index (at 95% confidemeeel) with lags up to 3 years (Fig.
4-11). Similar ocean memory is found in observatlaeanalyses such as the 100-year
Kaplan winter anomaly SST data set (Kaplan etl@98; Visbeck et al., 2003) and the
winter Hadley SST reanalysis (Rayner et al., 2@Q8)ng the years 1930-2002 (Fig. 4-
12). In Fig. 4-12 correlations are computed withpect to the observed station-based
Hurrell NAO index {ttp://www.cgd.ucar.edu/cas/jhurrell/indices.hfnirhe observed

persistence is significantly longer than one migkpect from local air-sea interaction,
yielding decay scale of about 3 months (Frankigredwl., 1998), and may be explained
by the “reemergence mechanism” (Alexander and Dd$95; Deser et al., 2003). This
mechanism suggests that a shallow summer thernecshields subsurface temperature
anomalies from atmospheric damping and large cugkears, making it possible for
the anomalies to become partially re-entrained tineomixed layer during the following

winter.

From both model results and observational estim&83 anomalies show evidence of

propagation away from their source region duringcessive years. In the coupled



simulation analyzed here, SST anomalies generatedA©D+ forcing along the North
American coast propagate northeastward in suceesgars, whereas negative SST
anomalies generated in the subpolar gyre persigtertdrate in the southern limb of the
gyre (Fig. 4-11). In the Hadley SST data set, tawaipee anomalies are shifted
northeastward in successive years even thoughshather apparent propagation speeds
with respect to the coupled simulation (Fig. 4-1Phis behavior might be explained
considering that decorrelation time scales in thigpted model are much higher (i.e. 1
year) with respect to the observed values of 3 syg#ig. 4-13): therefore in
observations SST anomalies are actively forcealiowing years by an NAO index of
the same sign.

Other observational data sets have also shown maedef persistent and propagating
SST anomalies below the seasonal thermocline dosthe Gulf Stream — North
Atlantic Current path (Levitus et al., 1994; Sutenmd Allen, 1997; Sinha and Topliss,
2006) and in the subpolar gyre (Reverdin et al97)9 Advection of temperature
anomalies by the mean circulation is invoked a®ssible mechanism explaining the
temporal evolution of SST anomalies (Hansen andd8ez1996; Sutton and Allen,
1997). However Visbeck et al. (1998) and Krahmanal.g2001) show that the overall
cross basin propagation speed depends on the ddreiguency and is not simply set by
the advection speed of the upper ocean, suggetatgemperature anomalies are not
only passively drifting with ocean currents butoakctively forced and destroyed by

ocean-atmosphere coupling.
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Fig. 4-11Lagged correlations between NAO index and DJFM 8&dmalies with{a) no lag,(b) 1 year
lag, (c) 2 years lag,(d) 3 years lag. Correlation coefficients lower thadd0are not statistically
significant at 95% confidence level and are nowsho
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Fig. 4-12Lagged correlations between Hurrell NAO index aratlldy SST DJFM anomalies for the
period 1930-2002 witka) no lag,(b) 1 year lag(c) 2 years lag(d) 3 years lag. Correlation coefficients
lower than 0.24 are not statistically significan®8% confidence level and are not shown.
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Fig. 4-14 Lagged correlations between NAO index and sprungraer (AMJJ) chlorophyll
anomalies witl{a) no lag,(b) 1 year lag(c) 2 years lag(d) 3 years lag. Correlation coefficients
lower than 0.14 are not statistically significan®8% confidence level and are not shown.

In contrast to SST, correlations between the NA@einand chlorophyll concentration
do not show large significance in successive yéarg. 4-14). This result may be
related to possible reasons: (1) simulated mariogelochemistry is mainly controlled

by interannual fluctuations of vertical mixing, cheterized by the fast decorrelation
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time scales typical of atmospheric signals; (2)rieats are completely consumed in
summer (Figs. 4-8 and 4-10) and thus the biogeoatsystem is “re-set” each year.

4.5 Low-frequency response to the NAO

For the analysis of the in-phase ocean responséowefrequency NAO cycles,
composite years for positive (NAO+) and negativd(N) NAO phases are selected by
using the 9-year running average of the NAO index.(4-2a). For biogeochemical
variables, time series detrended with a secondr gralgnomial fit (see Section 2-4) are
employed. For the in-quadrature ocean responseowsfrequency NAO cycles,
transition periods between opposite low-frequenc&ONphases symmetrical with
respect to the zero-crossing of the NAO index 9-yaaning average are chosen. The
in-phase response will give information on the @ffef persistent NAO forcing on
ocean properties, whereas the in-quadrature respahsiracterized by NAO forcing
close to zero (not shown), will tell whether theean keeps memory of previous phases
of low-frequency NAO forcing. In order to test ratoess of results, also 9-year
running means of the investigated variables arepted and the regression with the 9-
year running mean of the NAO index (for the in-ghassponse) and with its derivative
(for the in-quadrature response) calculated. The twethods - regression and
composites - yield similar results (not shown).tlhe following composites will be

shown.

The in-phase response of physical ocean propddidsw-frequency NAO forcing is
shown in Fig. 4-15 (left) for SST, heat contenegrated between 0-300 m depth, and
sea surface salinity (SSS), and in Fig. 4-16 (fop)sea surface height and horizontal
currents averaged between 40-100 m depth.
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Fig. 4-15In-phase (left) and in-quadrature (right) respotts®&AO+ low-frequency phases of
(a,b) sea surface temperature (SST) in °C, (c,d) tentent integrated between 0-300 m depth
in J m? and (e,f) sea surface salinity (SSS).
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Fig. 4-16In-phase (top) and in-quadrature (bottom) resptm®AO+ low-frequency phases of
(a,b) sea surface in cm (colors) and horizontaleriis averaged between 40-100 m depth.

At mid-latitudes, positive SST anomalies (Fig. &l5enerated by persistent NAO+
phases are concentrated on a narrow zonal ban@-45°A, instead of covering the
whole 30°-45°N area. This structure is possiblated to (1) the time averaging of SST
anomalies propagating with yearly lags along thetiNétlantic Current, and (2) the
increased mass convergence into the area relafgtsstent wind stress curl anomalies
(Fig. 4-2d), which causes positive sea surfaceit@gomalies between 40°-45°N (Fig.
4-16, colors); changes in sea surface height im toodify horizontal currents through

geostrophy giving rise to an anomalous anticyclamculation (Fig. 4-16, arrows). The
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anomalous anticyclonic circulation causes (1) a@ensification of the North Atlantic
Current which reinforces and confines positive terapure and salinity (Fig. 4-15e)
anomalies around 40°N; (2) an increase of southwartgsport in the eastern part of the
basin (Fig. 4-16) thus reducing heat and salindyeation into the eastern subpolar
gyre, as also shown by Herbaut and Houssais (2808)Frankignoul et al., (2009).
Positive 0-300 m heat content anomalies (Fig. 4-8bow a northeastward extension
up to 55°N in equilibrium with the sea surface Ieignd geostrophic currents (Fig. 4-
16), possibly indicating that ocean dynamics play®le in determining the shape of
subsurface temperature anomalies. This northeadtesension is not visible at the
surface likely because of atmospheric damping (N&st al., 2004).

At subpolar latitudes, persistent NAO+ phases caosgative SST anomalies
throughout the subpolar gyre without being intetedp as seen in the interannual
response, by anomalies of opposite sign in corredgace of maximum MLD
deepening. This might be due to the fact that emmd buoyancy losses during
persistent NAO+ phases cool subsurface layers eiteetively than in the interannual
case; thus mixed layer deepening typical of NAOa&ag@s (Fig. 4-3b) would not entrain
to the surface relatively warmer subsurface wat&sa surface height is lower
throughout the subpolar gyre and Labrador Seagostgophic balance with cyclonic
circulation anomalies which enhance the strengtthefsubpolar gyre (Haekkinen and
Rhines, 2004; Boening et al., 2006).

Pronounced freshening occurs in the subpolar gyrehe Labrador Sea and in the
eastern mid-latitudes. Whereas on interannual tsoales surface salinity mainly
responds to local changes in evaporative fluxesvand-driven currents (Fig. 4-3f and
4-4 right, Visbeck et al., 2003), in response tesigtent NAO+ phases low frequency
changes in geostrophic ocean advection (Fig. 4&lfear to be more relevant. In
particular, NAO+ forcing is associated with reduagsaithward salt transport in the
eastern subpolar gyre regions by the wind-driveergyre-gyre (Marshall et al., 2001),
and increased southward flows of freshwater reltdaedcreased subpolar gyre strength
(Fig. 4-16). Similar processes were also detectazbservational (Reverdin et al., 1997,
Belkin, 2004) and modeling studies (Frankignoubkt 2009; Herbaut and Houssais,
2009), where it was found that anomalous circutatr@luced by NAO forcing plays a
relevant role in the generation and spreading iccessive years of surface salinity

anomalies.
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By analyzing the in-quadrature ocean response 4Hi§, right panels, Fig. 4-16
bottom), it can be seen that positive SST and isalemomalies generated at mid-
latitudes by persistent NAO+ forcing continue taesu northeastward despite the
absence of NAO-derived forcing. A similar resultssfaund by Eden and Jung (2001)
who explain the SST anomaly evolution as due tays convergence of heat transport
from anomalous ocean circulation. Also the subpglae exhibits memory of previous
persistent NAO+ forcing, especially for subsurfdoeat content (Fig. 4-15d), sea
surface height, and near-surface currents (Figh)(t less for SST and SSS anomalies
which are more affected by atmospheric couplinge Tdtean is thus providing
significant amounts of memory to the system foresalvyears after a persistent NAO
forcing phase. These results also point to the rapoe of ocean preconditioning in the
passage from one NAO decadal cycle to its opppsitse, as found by Lohmann et al.

(2009h).
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Fig. 4-17 In-phase response to low-frequency NAO+ phasdsa)aiixed layer depth (m)b)
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euphotic-depth-integrated phosphate concentratiomg] m?), (c) euphotic-depth-integrated
chlorophyll concentration (mg ), (d) sea-air C@fluxes in mol nfyear'.

In response to persistent NAO+ forcing, MLD (Figlda) deepens in confined areas of

the Irminger and GIN Seas, and becomes shallow#raeimremaining areas of the 45°-

60°N belt, contrarily to the interannual responsig.(4-3b). We may explain this result
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by considering that mixed layer depth variabilsydetermined by upper ocean density
modifications which are driven by both temperatame salinity changes. The extensive
freshening occurring in the subpolar gyre and ia #astern middle latitudes during
persistent NAO+ phases (Fig. 4-15e) enhances fatatitbn in these areas. Thus on
decadal time scales persistent changes in saliadguire more importance, in
comparison with surface heat fluxes, in determivtidd variability.

Low-frequency changes in MLD are positively cortethwith phosphate (Fig. 4-17b)
and chlorophyll concentration anomalies (Fig. 4)1Tadicating that, similarly to the
interannual time scale, deeper-than-average MLD&i@nmore nutrients to the surface
in winter which may be used by phytoplankton in tbbowing spring-summer. Low-
frequency changes in MLD are instead negativelyatated with sea-air COflux
anomalies (Fig. 4-17d), indicating that when MLDdeeper the ocean GQuptake
increases because of higher primary productionlewer sea surface temperatures. It
may be seen that in the subpolar gyre, the aredsaréased C{pcean uptake (positive
anomalies) are much larger compared to the intei@nresponse. In other words,
whereas the interannual response to NAO+ phasegesaularge ocean G@bsorption
at the surface (Fig. 4-5f), on lower frequency #ifect that ocean dynamics has on
ocean stratification acts to weaken the oceapn &f3orbing capacity. This indicates that
one cannot extrapolate the biogeochemical resptm$¢AO fluctuations to decadal

time scales, as these are affected also by slomverdcales set by ocean dynamics.
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4.6 Conclusions

The study analyzed the response of the physicalb@sgkeochemical ocean system to
North Atlantic Oscillation (NAO) from interannuab tdecadal time scales. A fully

coupled model containing interactive marine biodmmaistry was used to produce a
300-year simulation under constant £®Ohe climate model is found to be capable of
internally generating NAO-like variability and oéproducing the main features of the
North Atlantic Ocean response to NAO interannuattilations through changes in

heat, freshwater, and momentum fluxes.

In this modeling study, NAO interannual fluctuatsoare found to explain a substantial
amount of marine biogeochemical variability in therth Atlantic Ocean. Marine
biogeochemistry is found to mainly respond to clesngn winter mixing, which
influences phytoplankton growth through light amghifation mechanisms. Increased
winter mixing, occurring during NAO+ in the subpotiyre and during NAO- at middle
latitudes, causes phytoplankton growth to decreéaseinter (light limitation) and to
increase during the following spring (increasedrieat availability), similarly to what
found in the 9-year time series of SeaWiFS sateHlistimates. In particular, deeper

ocean mixing causes:

1. An amplification of seasonal cycles of phytopkmm, zooplankton, particulate

organic matter production, and air-sea@xes.

2. Higher biomasses of phytoplankton and zooplankto annual scales (10-20% with
respect to climatology). In the subpolar gyre thglies increased air-to-sea ¢@uxes

and particulate organic matter production by phgied zooplankton.

The analysis in the coupled model of lagged ocempanses to NAO fluctuations
shows that temperature and salinity anomalies gengp to 3 years after their
generation, similarly to what found in ocean regs@$. This behavior suggests an
ocean memory of the NAO signal which is furtherastigated with a low-frequency
analysis of the ocean responses. It is found thdeupersistent positive NAO phases
ocean circulation adjusts to the modified wind streurl field, influencing the ocean
temperature and salinity fields as well. This stwdsyo shows that ocean anomalies
generated on decadal time scales persist also WAéh forcing ceases, re-confirming
the capability of the ocean of integrating the apteric signal over time. In contrast,

in this model simulation ocean marine biogeochewmikas limited memory of NAO
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forcing suggesting that its variability is mainlg\@rned by interannual fluctuations of
vertical mixing. However, the ocean changes ocogrron decadal time scales in
response to low-frequency NAO forcing are foundthis study to generate some

impacts on ocean stratification and marine biogeouhktry as well.

Outlook

This modeling study has found that during positN&O phases Cg@air-to-sea fluxes
and particulate organic matter (POC) productiomraxy of carbon export from the
ocean surface layer, increase by 10-20% in the ddabpgyre (see schematic
representation in Fig. 4-18). This behavior is ealuby increased wind speeds which
enhance mixing, primary productivity, and oceanagphere gas transfer velocity. The
combined effect of these two processes (increasegflixes and POC production)
might lead to an increased uptake of carbon froen North Atlantic Ocean during
positive NAO phases. If this is true, an increa&AO+ phases, suggested as partly
caused by anthropogenic €€oncentrations (Gillett et al., 2003), may acaasegative
feedback to increased anthropogenic,@missions. How this processes may impact
carbon sequestration into deeper ocean layersryetdime scales was not investigated
in this study, and constitutes a relevant scientifuestion to be addressed in future
studies.

NAO + NAO -

MIXING
MIXING phytoplankton : : phytoplankton

sinking POC sinking POC

Fig. 4-18 Schematic diagram of the subpolar changes inoset CQ fluxes and
production of particulate organic matter (POC) dgripositive (NAO+) and negative
(NAO-) phases. Large arrows indicate large flusesall arrows reduced fluxes.
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Chapter 5

North Pacific marine biogeochemical variability

in XX and XXI century simulations

Summary This study addressed the impacts on North Pacifiarime

biogeochemistry of natural climatic fluctuationsdaanthropogenic climate chang
induced by increased G@®missions. To this end a coupled model contaimitgractive
marine biogeochemistry is used to produce a XX wgnsimulation forced with
observed atmospheric greenhouse gas concentradodsa XXI century simulation
forced with the IPCC SRES *“business-as-usual” AtBnario of greenhouse gase
increase. It is found that the leading mode of ratatmospheric variability over the
North Pacific involves fluctuations of the Aleutidrow strength, whereas the secon

mode involves a seesaw of atmospheric mass betwabtropical and subpolar

latitudes. Associated wind changes affect ocearpéeature and mixing with impacts

on the phytoplankton spring bloom. In particulae thirst mode of atmospheric
variability causes 20-30% chlorophyll changes aditgy to an east-west dipole; th
second forces ~10% chlorophyll changes according atonorth-south dipole.
Comparisons between XX and XXI century simulatiogBow that increased
atmospheric C®levels produce sea surface temperatures up tdigft@r with respect
to the XX century, which drastically reduce oceawring and its interannual variability

in this region. These environmental changes calg®@decrease in the subpolar gyr

spring phytoplankton bloom and reduced interanwaaiability on most of the basin;

the variance explained by the two dominant modeatimiospheric variability remains
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nonetheless virtually unchanged in the XX and X&¥htury. These results show that i
a AlB emission scenario, human-induced trends meycdnsidered as the larges
source of biogeochemical variation; however naturdérannual fluctuations may
superimpose to anthropogenic-induced trends ardeimée the temporal evolution o

marine biogeochemical properties.
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5.1 Introduction

Observations of biogeochemical and ecological ptasein the North Pacific Ocean
for the XX century reveal interannual to decadakttliations (Miller and Schneider,
2000; Schwing et al., 2010) superimposed to lortgan trends (Karl et al., 2001;
Watanabe et al., 2005; Ono et al., 2008). Wheteagarmer have been often found to
correlate with climatic indices reflecting largeate fluctuations in the climate system,
the latter have been related to ocean changesadhenhan carbon emissions in the
atmosphere. Separating these two phenomena is ditidelt by their intrinsically

coupled nature, and by the relatively short obgemal records of marine

biogeochemical properties compared to the tempscales of decadal and multi-

decadal variability.

The leading mode of atmospheric variability in therth Pacific sector is the Pacific—
North America (PNA) pattern (Wallace and Gutzl€981) which is associated with the
modulation of the Aleutian Low, the Asian jet, ahé Pacific storm track. Fluctuations
in the strength of the winter Aleutian Low pressgystem co-vary with the first mode
of sea surface temperature variability in the NoRAcific, the Pacific Decadal

Oscillation (Mantua et al., 1997). The Pacific DeaiaOscillation (hereafter PDO)

index exhibits the tendency for multiyear and nudtadal persistence with a few
instances of abrupt sign changes, as it occurrd®16-1977 (Mantua and Hare, 2002;
Deser et al., 2006). The temporal evolution of BHi2O has been linked to several
biological and ecosystem regime shifts in the odétare and Mantua, 2000; Miller and
Schneider, 2000; McFarlane et al., 2000).

Recently a link was also found between low-freqyefhuctuations of Northeast Pacific
marine biogeochemistry and the second mode of WasthPacific sea surface height
variability, i.e. the North Pacific Gyre Oscillatio(NPGO, Di Lorenzo et al., 2008,
2009), which closely tracks the second mode of IN®¥cific sea surface temperature
variability, i.e. the Victoria mode (Bond et al.0@3). The NPGO is the oceanic
expression of the North Pacific Oscillation (NPQjieh is identified by fluctuations of
the sea level pressure between Hawaii and the ddélfaska (Walker and Bliss, 1932),
and co-varies with winter temperature differencetwieen western Alaska-eastern
Siberia and western Canada (Rogers, 1981). SimcBlEO involves a redistribution of

atmospheric mass between subtropical and highudietit in the North Pacific, it is
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suggested to be a basin analog of the North Adadscillation (Linkin and Nigam,
2008), even though atmospheric teleconnections deiwthe North Pacific and North

Atlantic appear to be complex and non-stationahaZand Moore, 2009).

In addition to natural variability cycles, anthrg@mic CQ emissions are expected to
produce significant impacts on North Pacific Ocganperties (Meehl et al., 2007)
which in turn may affect marine biogeochemistry mhaithrough changes in ocean
temperatures, mixing and upwelling. Some of thdtects have already been detected
in the last decades of the XX century. In the scti@northeast Pacific, Freeland et al.,
(1997) observed a shoaling of the mixed layer deptthe last 60 years of the XX
century in response to upper ocean warming andhdresg; however Li et al., (2005)
analyzed several stations of the Alaskan Gyre auhd a more complex picture of
mixed layer depth temporal and spatial responses the period 1956-2001 owing to
various regional forcing factors such as Ekman pgogypheat and freshwater fluxes.
Ono et al. (2008) found a decreasing nutrient trendhe period 1975-2005 in the
Subarctic North Pacific region between 155°E an&°¥B which is significantly
correlated with sea surface temperature changeshé\ibcean station ALOHA near
Hawaii in the subtropical North Pacific subtropiogyre, Karl et al. (2001) have
observed changes in nutrient levels, primary praditg, and pigment concentrations in
the last three decades of the XX century, suggestia shift in the ecosystem structure

towards smaller-sized phytoplankton.

Models have also been used to address impacts tbf radural fluctuations and of
human-induced climate change on North Pacific neariniogeochemistry and
ecosystems. A number of modeling studies have shinanclimate indices may be
correlated with biogeochemical variability in thertheastern Pacific (Chai et al., 2003;
Alexander et al., 2008; Di Lorenzo et al., 2008020 By using six different coupled
climate model simulations, Sarmiento et al. (2084pgested that anthropogenic climate
warming may cause geographical biomes shifts amtedsed nutrient supply in the
North Pacific. Hashioka et al. (2009) used an egeymitting ecosystem model forced
with future climate forcings and found that clim@euced enhancement of ocean
stratification may impact the timing and magnituefethe subarctic spring bloom. In
addition, Bopp et al. (2005) found in acean biogeochemistry model coupled to a

climate model, that more nutrient-depleted condgian the surface ocean may favor
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small phytoplankton at the expense of diatoms fthege causing changes in
phytoplankton community composition.

In the XX century, North Pacific natural ocean wahiiity and human-induced impacts
on sea surface temperatures appear to fall undesaime order of magnitude, e.g. 0.5-
1°C (Bindoff et al., 2007); however climate projeas under increased G@mission
scenarios show that future anthropogenic impactg largely exceed the amplitude of
natural fluctuations (Meehl et al., 2007; Wang &t 2010). A comprehensive
investigation of how natural and anthropogenic eesir of variability may
simultaneously affect the patterns of spatio-terapweariability of North Pacific Ocean
is still to be addressed. Earth System Modelshenlimits of their biases and coarse
resolution, may be used in combination with extehdeservational efforts, to address

this topic in both present and future climate progns.

This study investigates the response of marinedaogemistry to natural and human-
induced climate variability by using an Earth Syst®odel. Two simulations are
produced and compared: a historical XX century $aton was performed forced with
observed greenhouse gases, aerosol, ozone, aradesutincentrations and a XXI
century climate projection forced with the Intergavmental Panel on Climate Change
(IPCC) A1B emission scenario (Nakicenovic and Swa@00). The main scientific

questions of this study are:

Scientific questions
Which is the response of chlorophyll concentratiorlimate natural variability

in the North Pacific?

Which are the impacts of increased atmospheric &Wels on chlorophyll

structures and on their variability?

This chapter is organized as follows: section Haws the main features of North
Pacific variability simulated by the coupled modsé&ction 5.3 focuses on the bio-
physical ocean responses to climate variabilitytha North Pacific, distinguishing
between natural fluctuations and anthropogenic atgpdinally, section 5.4 gives some

concluding remarks.
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5.2 North Pacific variability

North Pacific atmospheric variability is investigdtby means of Empirical Orthogonal
Function (EOF) analysis calculated on January-Ma(@RM) sea level pressure
(hereafter SLP) anomalies in the North Pacific @e¢20°-65°N, 120°E-100°W). The
spatial patterns of leading modes of sea levelspresvariability over the XX century
are shown in Fig. 5-1 by regressing JFM anomalieSL&, winds and wind stress curl,
onto the first and second standardized principahpmment (hereafter PC) time series
(Fig. 5-2 a,b). The displayed anomalies in Fig. &frespond to PC values equal to 1,
however it has to be noted that a strong index eolnab yield about twice the shown

anomalies.

The first mode of sea level pressure variabilit%b explained variance in the XX
century) is associated with fluctuations in the dlen Low strength and position (Fig.
5-1a) and has been shown to be closely relateaetdorth Pacific Index, i.e. the mean
SLP anomaly in the Aleutian Low over the Gulf ofas8ka (Trenberth and Hurrell,
1994), and to the Pacific North American (PNA) paitin the troposphere (Wallace et
al., 1992), calculated as the normalized 500 hiighhenomalies at 20°N, 160°W and
55°N, 115°W minus those at 45°N, 165°W and 30°N;V85Wallace and Gutzler,
1981). By convention, when the first mode of sesll@ressure variability is in its
positive polarity, the Aleutian Low is stronger thasual and the wind field exhibits a
cyclonic circulation anomaly throughout the NortacRic (Fig. 5-1c). This involves
strengthening of westerly winds between 30°-45°N weakening in the eastern Pacific
between 45°-55°N, an increase of high-latitudeexbss, and weakening of subtropical
easterlies. Changes in wind patterns in turn affaot stress curl (Fig. 5-1e), which
exhibits overall cyclonic anomalies (around 10%¢lahatology) north of 40°N (except

for coastal domains) and anticyclonic anomaliethéosouth.
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Fig. 5-1 XX century JFM sea level pressure (hPa) regresseal the first(c) and secondd)
principle component (PC) time series of JFM SLPraaaes with winter climatology plotted in
contours for reference; JFM wind velocity (m Seat 10 m height regressed onto the fit
and secondd) PC time series of JFM SLP anomalies; JFM windsstreurl (1x1d N m?®)
regressed onto the fir§e) and secondf) PC time series of JFM SLP anomalies. For
construction these maps show anomalies relatiredex values equal tol.

The second mode of North Pacific JFM SLP variap(#2% explained variance in the
XX century), corresponding to the North Pacific (laton (NPO), involves a north-
south dipole characterized by simultaneous outhafsp fluctuations of atmospheric

mass between subtropical and subpolar latitudes 8-iLb). By convention, positive
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polarities of the NPO indicate an enhancement @hibrth-south SLP difference, which
in turn is associated with an intensification andrtimvard shift of mid-latitude
westerlies (Fig. 5-1d). The northward shift in veglst winds gives rise to a negative
wind stress curl anomaly between 30°-45°N and @ipesanomaly north of 50°N (Fig.
5-1f).

EOF analysis is performed also on JFM sea surfacepérature (hereafter SST)
anomalies over the North Pacific sector (20°-65°M20°E-100°W) and the
corresponding standardized PC time series of &irst second modes of variability
computed separately for the XX and XXI centuries sinown in Fig. 5-2 together with
winter SLP PC time series. The first mode of SSiiabdity in the North Pacific is the
Pacific Decadal Oscillation (PDO, Mantua et al.97p whereas the second mode is
known as the “Victoria” mode (Bond et al., 2003}igh is in turn related to the second
mode of Northeast Pacific sea surface height vditigbthe North Pacific Gyre
Oscillation (NPGO, Di Lorenzo et al., 2008). Vaildfp of SLP and SST PC time series
show general correspondence, especially in theiflequency temporal evolution (Fig.
5-2, red lines), indicating a relevant atmosphesaurce for North Pacific SST
variability (Schneider and Cornuelle, 20@hhak et al., 2009; D’Orgeville and Peltier,
2009. Indeed, Schneider and Cornuelle (2005) showtli@aPDO pattern and evolution
can be reconstructed using an autoregressive niadeld by variability of the Aleutian
low, El Nifio-Southern Oscillation (ENSO) and oceanirculation anomalies in the
Kuroshio-Oyashio Extension region, witthanges of the Aleutian low and of ENSO
being essential on interannual frequencies. Condp&meSLP which exhibits high-
frequency fluctuations at interannual time sca&ST variability shows higher energy at
decadal frequencies with a spectral peak at ~12sy@et shown), which is slightly
lower but still comparatively similar to the obsedvPDO period (Mantua and Hare,
2002). These longer time scales are possibly eelatéhe integrating effect of the upper
ocean mixed layer (Newman et al., 2003), to ocehrecive processes, and to the
excitation of low frequency off-equatorial Rossbyawes (Schneider and Cornuelle,
2005; Power and Colman, 2006; Kwon and Deser, 2007)
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Fig. 5-2(a) First (PC1, light grey) antb) second (PC2, dark grey) PC time series of JFM SLP
anomalies during the XX and XXI centuries (ba(s).First (PC1, light grey) an¢d) second
(PC2, dark grey) PC time series of JFM SST anomaliging the XX and XXI centuries (bars).
Red lines indicate 9-year running averages and ewsribdicate the variance explained by each
mode during the XX and XXI centuries.

By comparing the variance explained by each mod&drand XXI century simulations
(percentages in bottom part of each panel), it beageen that the variance explained by
the first and second SLP modes remains approxignaglal (i.e. 2% changes), as
similarly found by Keeley et al. (2008). On the @tthand, in the XXI century the
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variance explained by the PDO exhibits a 10% irszaaith respect to the XX century,
and the variance explained by the second mode &f \&8ability decreases by 5%.
Thus the model indicates that global warming irdeyavith upper ocean temperature by
selecting PDO variability more efficiently than tMéctoria mode of SST variability.
However the physical link between global climatearope and Pacific variability
changes is a still topic of scientific debate (Cettal., 1999; Rauthe et al., 2004).

5.3 Ocean bio-physical response to atmospheric fong

5.3.1 Natural variability

Ocean physical properties are regressed onto thednd second PC time series of
winter SLP anomalies in the XX century. Fig. 5-3w8 the regression coefficients

relative to JFM net surface heat fluxes (a,b), §@) and mixed layer depth (e,f),

where for construction the computed anomalies spoed to index values equal to 1. It
has to be noted that a high index phase in the hipage 5-2) would produce anomalies

that are about twice as large as those shown inbF3y

On interannual time scales the ocean adjustmemti@eper-than-average Aleutian Low
is characterized by decreased SST (~0.5°C) in ¢m¢ral and western Pacific (Fi§-
3c). This is related to increased advection of cool @ndair from the north (Fig. 5-1c)
and enhanced wind speeds (Fig. 5-1c¢), which cansecaease of ocean-to-atmosphere
net heat fluxesKig. 5-3a),and strengthened equatorward temperature advebiion
Ekman currents (not shown) driven by cyclonic watess curl anomalies (Fig. 5-1e).
In the eastern part of the basin, weakened windgs @1c) and increased northward
ocean circulation (not shown) in relation to cyatowind stress curl anomalies (Fig. 5-
le) lead to positive heat flux anomalies and wanmonaalies of surface temperature
(~0.5°C). Changes in surface heat fluxes and sdacgeutemperatures drive changes in
mixed layer depth (hereafter MLD) which increasgsdver 60 m in the west and
decreases of about the same value in the east5f3¢g. North of 50°N, increased SST
is associated to MLD deepening: this is relatetheincrease of sea ice melting which
leads to an expansion of the ice-free surface tblkeact to winter heat losses. This
result is however partly biased by the model seaoierestimation in this area during
the XX century (Fig 2-7). The pattern of SST regias onto the first mode of SLP
variability has very similar structure and magnéuslith respect to the simulated PDO
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(not shown), confirming the relevant atmospheriarse in forcing SST variability on

interannual time scales.

Fig. 5-3 XX century JFM climatologies (contours) and JFMressiongcolors) with the first
(left) and secondright) mode of sea level pressure variability(afb) net surface heat fluxes
(NET) in W m?, (c-d) sea surface temperature (SST) in (&f) mixed layer depth (MLD) in
m.
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Fig. 5-4 XX century variance explained (%) by the fi{gft) and secondright) principle
component time series (PC) of sea level pressuriabitity; (a,b) net surface heat fluxes
(NET), (c-d) sea surface temperature (SSE)) mixed layer depth (MLD). Note the different
color scale of panel®,b).

During positive NPO phases changes in wind speddiaection (Fig. 5-1d) are tightly
linked to net surface heat flux modifications (Feg3b). The SST response (Fig. 5-3d)
is connected to surface heat flux changes andasacterized by simultaneous decreases
at ~45°N (0.6°C) and in the eastern part of thenb@s2-0.3°C) and increases at ~30°N
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in the western part of the basin (~0.3°C). The Mk&ponds to the modified
atmospheric forcing by increasing by more than 38tmmiddle and subpolar latitudes

except near the coast.

In Fig. 5-4, explained variance of net surface lieaes, SST and MLD by the first and
second mode of sea level pressure variability asvshin Fig. 5-4. It may be seen that in
the central Pacific changes in the Aleutian Lowersgth are dominant (variance
explained >80% for surface heat fluxes, 30-50%38M and MLD), whereas the NPO
explains less ocean variance (10-20%) and in camgiéary regions with respect to

areas of influence of the Aleutian Low.

Similarly to what found in Chapter 4 for the Nor#ktlantic Ocean, chlorophyll
interannual variability is tightly linked to winteMLD changes induced by wind
fluctuations. Chlorophyll concentration, a proxypifytoplankton biomass, is integrated
throughout the euphotic layer depth and averagest éwyril-July (AMJJ) when its
biomass and variance are largest. Regressions éetidJJ chlorophyll anomalies and
the first and second PCs of winter SLP variabiditg shown in Fig. 5-5 in the XX and
XXI centuries together with respective AMJJ chldmglh climatology, whereas the
variance explained by each mode is shown for theaX® XXI century in Fig. 5-6.
Regression of chlorophyll AMJJ anomalies onto ti8¥ $C time series yield broadly

similar spatial patterns (not shown).

In the XX century, when the winter Aleutian Low #eeper-than-average, the
subsequent spring months exhibit an enhanced playtkipn bloom 20-30% higher
than the climatological values simulated in thet@rpart of the basin between 30°-
45°N (Fig. 5-5a, colors). This is due to the f deremixing (Fig. 5-3e) which entrains
more nutrients to the surface in the winter perfodt shown). By comparison with
AMJJ climatology (Fig. 5-5a, contours) it can bers¢hat during positive index phases
the spring bloom exhibits a southward shift. Aldhg northwestern edge of the basin,
chlorophyll increases by ~10% because of increasedree zones. Conversely, the
spring bloom is diminished in magnitude by 10-20f6 the Alaskan Gyre. The
chlorophyll variance explained by changes in theufian Low exceeds 50% over large

parts of the central Pacific and Alaskan Gyre (Bi§a).
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Fig. 5-5 XX century (top) and XXI century (bottom) April-Ju (AMJJ) euphotic-depth-
integrated chlorophyll concentration in m¢g nContours: AMJJ climatology; colors: regression
onto the(a) first and(b) second principle component (PC) time series of 3ekllevel pressure
anomalies.

In the XX century, increased westerlies associatéld positive NPO phases lead to
deeper winter mixing at subpolar latitudes causiag enhancement of the
phytoplankton bloom in the following spring (Fig-5B, colors) because of higher
nutrient entrainment into the euphotic layer (ndtown). By comparison with

climatological values (Fig. 5-5b, contours) it mag/ seen that chlorophyll concentration
is about 10% higher in the open ocean subpolar gydethat the spatial structure of the
spring bloom is not significantly modified. The dease in chlorophyll along subarctic
coastal areas could be biased by the fact thattblogical sea ice extent in this model
is overestimated (Fig. 2-8). The chlorophyll vadarexplained by the NPO is ~20%
(Fig. 5-6b), i.e. overall lower with respect to Aten Low fluctuations; however it is

the dominant mode in explaining chlorophyll variamorth of 45°N.

In recent modeling studies marine biogeochemicakequences of the North Pacific
1976-1977 regime shift, in which the Pacific Dedadascillation entered in a

predominantly positive phase (Hare and Mantua, 086re investigated by means of
physical-biogeochemical ocean models forced witkeoked atmospheric fields. Chai et
al. (2003) find that subsequent to the 1976-197matke shift surface nitrate and
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chlorophyll concentrations increased by 10-50%han ¢entral North Pacific thanks to a
combination of winter mixed layer deepening and amv Ekman pumping

enhancement. On the other hand, Alexander et @08(2find in the central Alaskan

Gyre that enhanced upward Ekman pumping duringtipesPDO phases causes the
halocline and the mixed layer to shoal: this letmlsan earlier start of the spring
phytoplankton bloom with biomasses ~40% lower bseaof increased zooplankton
grazing pressure. The results found in these feooe@n studies agree well with the

coupled-model results found in the present analysis

In observational biogeochemical data sets off théf@nian coast, Di Lorenzo et al.
(2008, 2009) find that nutrient and phytoplankt@miability is mainly explained by the
NPGO, connected to the second mode climatic vditiabn the Northeast Pacific,
rather than by the PDO. The authors find that w@eie\physical mechanisms driving
biogeochemical variability are wind-driven upwetjimnd horizontal advection. These
processes do not appear to be captured in thenpretsely. However the model appears
to successfully capture the large-scale featurehloirophyll variability connected with
the second mode of climate variability in the NoPRlacific when compared with
SeaWiFS satellite data (Di Lorenzo et al., in prep.
http://eros.eas.gatech.edu/npgo/slides/npgo_equsjs.

When computing the same analysis on the XXI censimulation (Fig. 5-5 c¢,d), it may
be seen that global warming does not impact théaspructures of the chlorophyll
anomalies, even though the amplitude and the pexgerof variance explained by the
first mode of variability is slightly diminished i@z 5-6 c,d). It may therefore be
concluded that in this coupled simulation the sastructures and amplitudes
associated with atmospheric climatic indexes rentaoadly stationary between XX

and XXI centuries.
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Fig. 5-6 XX century (top) and XXI century(bottom) April-July (AMJJ) euphotic-depth
integrated chlorophyll concentration: variance exptd by the(a,c) first and (b,d) second
principle component (PC) time series of JFM seallpvessure anomalies.

5.3.2 Anthropogenic impacts

The physical response to increased atmospheritigoeise gases is analyzed by taking
the differences between the last 30 years of thé afl XX century (Fig. 5-7). The
model simulates an increase in JFM sea surfaceamtyes (Fig. 5-7a) up to 5°C in
the central North Pacific, which is in the rangeotfier coupled model projections for
the end of XXI century (Meehl et al., 2007). JFMassurface salinity (Fig. 5-7b)
increases in the central Pacific of 0.2-0.4 becadismhanced evaporation (not shown),
whereas it decreases in the eastern portion ofb#®en in connection with sea ice
melting freshwater anomalies being advected by rfean circulation (Fig. 2-5).
Associated with surface temperature and salinitgngles, the JFM MLD shoals by
more than 100 m (~50% with respect to climatologpyth of 45°N and slightly
deepens (up to 20 m) in the central subtropicaéggn the northwestern edge of the
basin JFM mixed layer increases because of thesexpmf formerly sea-ice-covered

regions.
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Fig. 5-7 Differences between the last 30 years of the XXd &X centuries (colors) and
climatology of the last 30 years of the XX centuigontours) of (a) JFM sea surface
temperature (SST) in °@p) JFM sea surface salinit{c) JFM mixed layer depth (MLD) in m,
(d) JFM winds (arrows) and total wind speed (colorsh@m height.

Under increased CQevels, wind patterns show intensification andtimaard shift of

mid-latitude surface westerlies. Other coupled rtindestudies have shown an
intensification of the mid-latitude westerly jetXXI century climate models (lhara and
Kushnir, 2009) possibly related to enhanced memnaidemperature gradients at the

troposphere-stratosphere boundary as proposedieyntand DeWeaver (2007).

When comparing wind variability associated to naltuclimate oscillations with
anthropogenic wind changes (Fig. 5-1c and d), iy fba seen that associated wind
speed anomalies are of similar magnitude, evengthgpatial patterns are considerably
different. From Fig. 5-7c it may also be seen taD modifications in the subpolar
gyre are mostly caused by buoyancy changes relatadcreased temperature and
decreased salinity, which would overpower the iaseel wind speeds at mid-latitudes.
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The differences between the last 30 years of thd 2xd XX centuries of AMJJ

chlorophyll concentration integrated in the euphdtyer are analyzed in terms of
median changes (Fig. 5-8a), whose 95% statistigaifcance is tested through the
non-parametric Wilcoxon test (Fig. 5-8b). This test suitable for non-normally

distributed time series, as in the case of chloybgoncentration time series. The null
hypothesis states that two samples come from ghiisbn with equal medians, and the
grey shading shown in Fig. 5-8b indicates the avelasre the null hypothesis can be
rejected. Spring chlorophyll concentration in thébolar gyre decreases significantly
by ~50% in the XXI century with respect to the X&ntury, owing to decreased winter
nutrient availability caused by increased stradiiien (Fig. 5-7c). The significant

chlorophyll increases along the Siberian coastrel@ed to increased sea ice melting
which allows phytoplankton growth in areas formedgvered by sea ice. Slight,

although statistical significant, chlorophyll ineses occur in the subtropical gyre
because of increased mixing, a result which dissgvath the observed trend in the last

decade of the XX century (Polovina et al., 2008).

Also the interannual variability of spring euphetiepth-integrated chlorophyll changes
between the last 30 years of the XX and XXI ceetu(Fig. 5-8c) with magnitudes of
~10 mg nf. In order to test the statistical significancevafiance changes between the
time series, the Ansari-Bradley test is used. Thk mypothesis states that the two
samples come from the same distribution, agairestatternative that they come from
distributions that have the same median but diffex@riance. Prior to computing the
test, AMJJ chlorophyll values were detrended wihiirt median value in order to obtain
two samples with zero-median. Fig. 5-8d shows @yghading the areas where the null
hypothesis can be rejected at 95% confidence I&vein figs. 3-8c and 3-8d, it may be
seen that the variance of chlorophyll time serigeiBcantly decreases in the XXI with
respect to the XX century decreases between 3(%;46the Alaskan Gyre, and in the
northwestern part of the basin; in an area in téetral subpolar gyre chlorophyll

variability instead increases, even though notigantly at a 95% confidence level.
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Fig. 5-8 April-July (AMJJ) euphotic-depth-integrated chlohyi concentration (CHL) in mg
m. (a) Differences between XX and XXI century mediansigrs) and XX century median
(contours),(b) statistical significance at 95% (grey shading)Xef and XXI century median
differences;(c) differences between XX and XXI century standardiatéans (colors) and XX
century standard deviation (contour)) statistical significance at 95% (grey shading) of X
and XXI century standard deviation differences.

Changes in chlorophyll mean state and variabilily XX and XXI centuries in
connection to changes in the physical climate migarty be seen on time series
averaged over the subpolar North Pacific (45°-60°E-130°W) shown in Fig. 5-9,
and over the subtropical central North Pacific (26°N, 160°E-130°W) shown in Fig.
5-10. Over the subpolar gyre, JFM SST increasegpbto 3°C by the end of the XXI
century (Fig. 5-9a), associated with a decreasd#-M MLD (Fig. 5-9b) of several tens
of meters. JFM MLD also shows a decrease in interahvariability, possibly caused
by increased SST which stabilizes the water coland makes it more difficult for

momentum fluxes to erode the ocean mixed layer.

Spring (AMJJ) chlorophyll concentrations are shdwath in terms of their integrated
values over the euphotic layer depth, to allow cangon with Fig. 5-8, and in terms of
their averaged values over the euphotic layer depthllow comparison with satellite
SeaWiFS chlorophyll estimates shown for the ye&8812006 with a blue line. As
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discussed in Section 2.4, the coupled model exhibitchlorophyll concentration
decreasing trend especially in the first 200 yedrthe simulation which tends to be
more stabilized during the following century (Figsl2a, Fig. 2-13). Since the first 50
years of the XX century are characterized by nreddyi small atmospheric GO
variations with respect to the subsequent increaéélse projected emission scenario
(Fig. 2-2), it is here assumed that the chloroptigltreasing trend shown between years
1900-1949 is mainly due to the model internal daiftd not to climate signals. The
linear trend over those years is therefore compqted line) and extrapolated also
during the remaining time series. This can givestimate of the error due to the model
drift unrelated with climate forcing. The medianffeience between the AMJJ
chlorophyll during the last 30 years of XX and X¥énturies is ~15 mg f The
associated error, estimated by subtracting the s@dnthe linear trends (red line,
dashed) of the last 30 years of XX and XXI censirie ~5 mg .

From Fig. 5-9d it may be seen that euphotic-deptiraged chlorophyll concentrations
are in the range of SeaWiFS satellite estimateschware however available only for
the years 1998-2006. Even though the time seriexti@mely short compared to the
scales of the Earth system response to the antheopo perturbation, a trend is
detected towards decreasing chlorophyll valuesyloich a large interannual fluctuation
is superimposed. The similar behavior between maddl observations may indicate
that the subpolar chlorophyll response to both nadtand anthropogenic impacts may

be correctly captured by the coupled model simoitati

Similar responses occur in the central Pacific .(Biy.0): JFM SST increases by ~3°C
by the end of the XXI century and JFM MLD decreaskghtly in magnitude and
largely in variability. As a response to modifielygical forcing, chlorophyll decreases
by 3.3 mg nif, with an estimated error related to the systemtagicd of 1.2 mg .
Hence in the subtropical Pacific the estimated reammounts to a large part of the
chlorophyll decrease, and thus could argue thatsiimellated chlorophyll trend is not
climate-related. In addition this area shows a leEnse physical forcing in the model,
as temperature and salinity are counteracting eficbr and the MLD changes only
slight. Indeed, the main impact of anthropogenimate change in this area is a drastic
reduction of chlorophyll interannual variability,n i response decreased mixing
variability (Fig. 5-10b). However these considesati have to taken with care as the

model in this area underestimates the mean vald®warestimates the amplitude of the
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interannual oscillations when compared to 1998-26itéllite SeaWiFS products (Fig.
5-10d).

Fig. 5-9 XX and XXI century time series averaged in thepmléar North Pacific (45°-60°N,
150°E-130°W), ofa) sea surface temperature (SST) in (16),mixed layer depth (MLD) in m,
(c) euphotic-depth-integrated chlorophyll concentraf@HL) concentration in mg ™(grey),
(d) euphotic-depth-averaged chlorophyll concentraf@®HL) in mg m® (grey) and chlorophyll
estimated from SeaWiFS satellite data for the y@888-2006 (blue). In panes) and(d), the
linear trend relative to the years 1900-1949 isashdred full line) and extended for reference
also in remaining part of the time series (red dddime).
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Fig. 5-10 XX and XXI century time series averaged in thet@nNorth Pacific (20°-45°N,
160°E-130°W), ofa) sea surface temperature (SST) in (16),mixed layer depth (MLD) in m,
(c) euphotic-depth-integrated chlorophyll concentraf@HL) concentration in mg f(grey),
(d) euphotic-depth-averaged chlorophyll concentrat®HL) in mg m® (grey) and chlorophyll
estimated from SeaWiFS satellite data for the y@888-2006 (blue). In panes) and(d), the
linear trend relative to the years 1900-1949 isashdred full line) and extended for reference
also in remaining part of the time series (red dddime).

Changes in climatological seasonal cycles durirggléist 30 years of the XX and XXI
centuries are shown in Fig. 5-11. Both at subpatar at subtropical latitudes, increased
SSTs and stratification in the XXI century lead aodrastic reduction of the spring
phytoplankton maximum (>50%) and to an earliertstgrof the winter bloom period in
the order of one month. These effects arise beaafugecombination of increased light
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availability in winter, and decreased nutrient dypm the following months and

possibly increased zooplankton grazing pressuragitine following spring months.

Fig. 5-11 Climatological seasonal cycles of euphotic-deptiraged chlorophyll concentration
computed over the last 30 years of XX century (bine) and of the XXI century (red dashed
line) over (left) the subpolar North Pacific (45°-60°N, 150°E-130°@Ad (right) over the
central North Pacific (20°-45°N, 160°E-140°W).

When comparing the magnitude of the chlorophyll raakes induced by natural
variability (Section 5.3.1) and by global warmimgrds, we can make the following
considerations: (1) Interannual chlorophyll fludtoas range between 4-10 mg?m
when the PC index value is equal to 1; (2) a stewent having index values around 2
(Fig. 5-2) will generate chlorophyll anomalies abowice as high (~8-20 mg ), (3)
chlorophyll changes induced by global warming rabgéveen 20-40 mg f Thus
interannual fluctuations are lower and on averaggesent 10% to 50% of projected
global warming impacts predicted by this model. ldger strong interannual wind
fluctuations produce chlorophyll anomalies which ifathe range of those projected to
occur in an anthropogenic A1B emission scenarias Behavior can also be seen in the
time series shown in Figs. 5-8 and 5-9, where dacadriations due to natural
oscillations may in cause amplification or weakgnai the anthropogenic signal. This
study shows that care must thus be taken in atindpchlorophyll trends computed on

short periods to anthropogenic impacts.
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5.4 Conclusions

This study addressed the impacts on North Paciidma biogeochemistry of natural
climatic fluctuations and anthropogenic climate r induced by increased €O
emissions. To this end a coupled model containmeractive marine biogeochemistry
is used to produce a XX century simulation forcedhwobserved atmospheric
greenhouse gas concentrations, and a XXI centumylation forced with the IPCC

SRES A1B scenario of greenhouse gases increase.

The dominant modes of winter climate variabilityhath the XX and XXI centuries are
found to be related with (1) fluctuations of theeAlian Low strength and (2) with a
redistribution of atmospheric mass between subteb@nd subpolar latitudes, referred
to as the North Pacific Oscillation. Associatediations in wind speed and direction
modify ocean temperatures and mixing through chenigesurface heat fluxes. These
climate fluctuations are found to explain a largetf the variability of phytoplankton

spring blooms. In particular, when the Aleutian Lasvstrong, spring chlorophyll

increases by 20-30% in the central Pacific and edsms in the Alaskan Gyre. When
subpolar-subtropical pressure gradients are stramgrophyll is enhanced by ~10% at

subpolar latitudes.

In the coupled model, increased greenhouse gagée iKXI century raise sea surface
temperatures by up to 5°C in the subpolar Northifffacwith a consequent
enhancement of stratification by up to 50%. This k@nificant impacts on the North
Pacific phytoplankton spring bloom, which at thel erfi the XXI century is shifted one
month earlier and with magnitudes 50% lower tharthe XX century. Moreover,
increased upper-ocean temperatures significanttigoe the magnitude chlorophyll
interannual fluctuations on large portions of therthN Pacific. This study however also
shows that the variances explained by the first sadond modes of atmospheric
variability, and their impact on the chlorophyllrgmg bloom, do not substantially
change between XX and XXI centuries.

Concluding, human-induced impacts on the physingirenment are the largest source
of marine biogeochemical variation, with naturalmate fluctuations amounting on
average to 10-50% of the human-induced changesekemit has to be remarked that
strong interannual wind fluctuations may producphyll anomalies which fall in

the range of those projected to occur in an antigepic A1B emission scenario. This
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result shows that care must thus be taken whebuattrg chlorophyll trends computed
on short time series to anthropogenic climate caang

This PhD thesis advances the knowledge of bio-ghysnteractions within the global
climate, highlighting the intrinsic coupling betwephysical climate and biosphere, and

providing a framework on which future studies ofthé&System change can be built on.
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Chapter 6

Conclusions

In this PhD thesis | focused on the study of tworwaeractions between climate and
marine biogeochemistry in a global climate modelithid the vast range of bio-

physical interactions occurring within the Earthst&yn, | analyzed some particular
aspects which are believed to be relevant in utaleleng the Earth’s climate

functioning and its temporal evolution. These dretlie climate feedbacks of the solar
radiation absorption by phytoplankton, (2) the ptgl and biogeochemical ocean
responses to the North Atlantic Oscillation, and) (Be response of marine
biogeochemistry to natural climate fluctuations am@nthropogenic climate forcing in

the North Pacific Ocean.

Prior to addressing these studies, | assessed ahil coupled model had sufficient
skill at simulating the salient features of the g climate state. Coupled climate
models are powerful tools for simulating the intéinge evolution of the atmosphere-
ocean-sea ice system, yet they are affected byrsettat may hinder a correct
representation of natural processes. | devotedriagbaChapter 2 to a comparative
analysis of the model skills and errors with avasgaobservational data sets. The
climate model was found to capture the promineraratieristics of the large-scale
atmospheric, oceanic, and marine biogeochemicgepties, and this has motivated me
in continuing my analysis of interactions betweémate and marine biogeochemistry.
Modeling results obtained throughout the thesisehaewever been interpreted and

discussed in consideration of the errors of thepmimodel.

In Chapter 3, | addressed the scientific questibwltether phytoplankton organisms,
which are ubiquitous in the global ocean, are ckgpabaffecting the physical climate in
the process of absorbing solar radiation for tipkiotosynthetic reactions. In fact this
process heats the surrounding environment and mesdihe radiative and thermal
budget of the upper ocean. Such bio-optical feekdbanay be relevant for global
climate, as phytoplankton organisms are virtualbyquitous and dwell in the upper

ocean layers in strong contact with the atmosphere.
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To address the role of biological radiative heatngo the global climate, | performed
and compared two fully coupled simulations: one taming both physical and
biological components of the coupled model, theeottontaining only the physical
components. The model results show that phytoptemittarms the ocean surface and
raises sea surface temperatures of about 0.5°G f{figgers various dynamically
coupled oceanic and atmospheric responses involdiragnges in stratification, wind
patterns, precipitation, incoming solar radiati@amd ocean circulation. In addition,
increased evaporative heat fluxes from the oceafa result in an increase of
atmospheric water vapor. This process exerts atip®sifeedback onto global
temperatures and suggests that marine biogeochgmisty contribute to a small part

of the Earth’s greenhouse effect.

This analysis showed that phytoplankton may indgied rise to a climatic effect by
means of its capability of absorbing solar radmatiBio-optical feedbacks may therefore
interact with other sources of climate variabilisych as natural climate fluctuations
and anthropogenic climate change. It is instructveeompare the magnitude of bio-
optical feedbacks with natural and anthropogerimate variations, which | addressed
in Chapters 4 and 5. Impacts of anthropogenic wagmas simulated under the A1B
scenario, are the largest source of oceanic vamatwhereas impacts of natural
fluctuations and of bio-optical feedbacks are atsubrder of magnitude smaller. This
comparative analysis of different climatic perturbas may be useful in deciding
whether to add the marine biogeochemistry compartrteclimate model simulations

in order for bio-optical feedbacks to be explicitpresented.

In Chapters 4 and 5 | focused on the study the atBmforcing of on marine
biogeochemistry. In particular | analyzed effectsh® primary modes of atmospheric
variability on the North Atlantic (Chapter 4) armu the North Pacific (Chapter 5), and
the impacts of the anthropogenic emission scenafiB of the IPCC for the 21
century (Chapter 5). | focused on the northern Bphere — rather than on the southern
hemisphere - because there a larger quantity afredsonal data is available for the
assessment of model results. | extrapolated theemotiatmospheric variability of the
simulated climate by means of Empirical OrthogoRahction analysis on winter sea
level pressure fields, and the response to theatinfluctuations was investigated

mainly through regression analysis on the obtaprattipal component time series.
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The physical and biogeochemical ocean responsdketdNorth Atlantic Oscillation
(NAO) were analyzed on the 200-year simulation grened with the fully coupled
model under constant greenhouse gases typicaesépt climate conditions (GO 348
ppm). When compared to observational data setsc¢limate model was found to be
capable of internally generating NAO-like variatyiliand of reproducing the main
features of the North Atlantic Ocean response toONiAterannual fluctuations. The
North Atlantic Oscillation involves a north-southdistribution of atmospheric mass
and is linked, though changes in the wind field ctherent out-of-phase sea surface
temperature changes between middle and subpolatudied. The marine
biogeochemistry responses to NAO fluctuations wayesequently assessed. Marine
biogeochemistry is found to mainly respond to NAfdticed changes in winter mixing,
which influence the phytoplankton growth throughtli and limitation mechanisms. An
increase in winter mixing in the subpolar gyre {pes index phase) causes on annual
average increased values of phytoplankton, zoopdankparticulate organic matter
production, and air-sea G@uxes of 10-20% with respect to climatology. A piide
future direction of this study would be assessinhg &ffective carbon sequestration
changes related to the NAO in the North Atlantitiich is one of the largest carbon
sinks in the northern hemisphere.

An aspect | wished to investigate was whether endbupled model the ocean system
(physical and biogeochemical) was capable of keppiemory of meteorological
forcing in years subsequent to an NAO event. | dfee analyzed the lagged
correlations between NAO index and ocean time sesied found that temperature
anomalies persist up to 3 years after their gererasimilarly to what found in ocean
reanalyses. Moreover they appear to propagate fh@i source region in successive
years apparently following major current systemscdntrast, marine biogeochemistry
had limited memory of interannual NAO forcing whiblought me to hypothesize that
in this model biogeochemical variability was mainboverned by interannual
fluctuations of vertical mixing having very shoeabrrelation time scales. The behavior
of the ocean physics instead suggested a memahg afterannual NAO signal which |
therefore further investigated with a low-frequeoalysis of the ocean responses. It is
found, in agreement with previous modeling and olzg®nal studies, that under a low-
frequency persistency of NAO phases, ocean ciriomadjusts to the modified wind

stress curl field, influencing the ocean tempemtwalinity, and mixing, and marine
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biogeochemistry as well. Finally, this study alémws that ocean anomalies generated
on decadal time scales persist also when NAO fgraeases, re-confirming the

capability of the ocean of integrating the atmosgh&gnal over time.

Having detected in the North Atlantic a multitudepbysical and biogeochemical ocean
responses to physical climate forcing, | next tdrne Chapter 5 to investigating
biogeochemical variability in the North Pacific @cein present climate and a future
scenario of anthropogenic emissions. To this engbdd another set of centennial
simulations performed within the ENSEMBLES projéctwhich global climate was
forced by historical measurements and the A1B &tprojection of atmospheric
radiatively-active gases. My aim was investigatilgw responses of marine
biogeochemistry to natural and anthropogenic f@siwere comparatively different in
terms of magnitude and spatial structures. To mywkedge this topic has not been
addressed in previous coupled modeling studiesjtyistan important one, as in the
short available observational time series it is alwtays clear whether the observed

changes are due to anthropogenic forcing or torakariability cycles.

The two dominant modes of winter atmospheric vdlitgbin the 20th and 21st
centuries are involve fluctuations of the sea Igressure fields according to a specific
spatial structure. The first mode, explaining theyést atmospheric variance in winter,
involves fluctuations of the Aleutian Low strengthd has its oceanic counterpart in the
well-known Pacific Decadal Oscillation. The secandde involves a redistribution of
atmospheric mass between subtropical and submtiardes, similarly to the NAO, and
has also recently been found to have distinctiveanc responses. Associated wind
changes affect ocean temperature and mixing withagts on the phytoplankton spring
bloom. In particular the first mode of atmosphenariability causes 20-30%
chlorophyll changes according to an east-west dipthe second forces ~10%

chlorophyll changes according to a north-south lgipo

The impact on marine biogeochemistry of increagetbapheric greenhouse gases in a
projected future climate was subsequently analyZée. model simulation shows that
increased atmospheric G@vels produce in the North Pacific sea surfaogptratures
up to 5°C higher with respect to the 20th centuvizjch substantially reduce ocean
mixing and its interannual variability. These eowimental changes cause a
statistically-significant 50% decrease in the suapgyre spring phytoplankton bloom

and reduced chlorophyll interannual variability orost of the basin; the variance

117



explained by the two dominant modes of atmospheitability remains nonetheless

virtually unchanged in the 20th and 21st century.

These results suggest that in the North Pacificdanuinduced impacts on the physical
environment are the largest source of marine bidgemical variation, whereas natural
climate fluctuations amount on average to 10-50%thaf human-induced changes.
However it has to be remarked that higher-thanagyerclimatic fluctuations may

produce chlorophyll anomalies which fall in the garof those projected to occur in an
anthropogenic A1B emission scenario. | thereforachaled that care must thus be
taken when attributing to anthropogenic climatenggathe chlorophyll trends extracted
from short-term time series, as they could insteaginate from natural climate

fluctuations.
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Fig. 1-1: Schematic representation of selected componentsnégractions of relevance in this
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Figure 2-1: Experiments analyzed in this study: in experimeihtand B atmospheric GO
levels are set to 348 ppm; in the pre-industrigleginents greenhouse gases are set to the
climatological value for the year 1860; in the “X2éntury” experiment greenhouse gases are
those observed for the period 1860-1999; in the I'Behtury” experiment greenhouse gases are
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among the simulations, are ECHAMS5 (atmosphere), OBRA (ocean), LIM (sea ice),
PELAGOS (marine biogeochemistry), SILVA (land aregygtation).

Fig. 2-2: Time evolution of prescribed atmospheric GOncentrations in the A and B

simulations, i.e. 348 ppm(black), for the™6entury simulation, i.e. those observed
during the years 1860-1999 (blue), and fof 2&ntury simulation according to the A1B
scenario (red).

Fig. 2-3: Colors: Annual SST model bias (°C) with respectHiadley SST, contours: model
climatology;(a) B experiment(b) last 30 years of the XX century.

Fig. 2-4: Simulated annual precipitation (mm dyn (a) B experiment(b) last 30 years of the
XX century(c) CMAP estimates.
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exceeding 0.65 m séare scaled of a factor 2 for better visualizati@u @rrows).

Fig. 2-6: Simulated annual wind stress bias (N)rwith respect to ERA-40 reanalysis (colors
indicate magnitude) and model climatology (conthug®p) B experiment(bottom) last 30
years of the XX century.

Fig. 2-7: Simulated annual latent heat flux bias (W’)nwith respect to NCEP reanalysis
(colors) and model climatology (contourg®) B experiment,(b) last 30 years of the XX
century.

Fig. 2-8: sea ice edge, diagnosed as 1% sea ice coverdrp&iment (red), last 30 years of the
XX century experiment (green), NCEP reanalysis€pla January-MarcfJFM, left) and July-
Septembe(JAS, right).

Fig. 2-9: Mixed layer depth (m) plotted in logarithmic scateJanuary-March (JFM, left) and
July-September (JAS, right) f¢a,b) B experiment(c,d) XX century experiment, ang,f) de
Boyer-Montégut et al. (2004) observational estirpate

Fig. 2-10: Annual chlorophyll concentration in the euphota@ydr (mg i) plotted in
logarithmic for the(a) B experiment,(b) last 30 years of the XX century experime(d)
SeaWiFS satellite estimates gl World Ocean Atlas observational data.

121



Fig. 2-11 Observed (blue, dashed line) and simulated (naltl lihe) climatological seasonal
cycles, computed over the subpolar North Atlariteft: mixed layer depth (MLD) in m, where
the observed values are from de Boyer Montégutt ¢2@04).Right: chlorophyll concentration
(Ch-SAT) in mg ¥, where observed values are SeaWiFS satellite &gtin(McClain, 2009),
and simulated values are vertically averaged tmeil3® optical depth.

Fig. 2-12: Time series of annual chlorophyll (CHL) concentmatintegrated in the euphotic
layer (mg nf) and averaged north of 35°N&a) B experiment CHL time series (black) and
second order polynomial fit (red) over the last 3@@rs of simulation(b) last 200 years of the

B experiment CHL anomalies after detrending.

Fig. 2-13 Time series of annual chlorophyll concentratiotegmated over the euphotic layer
depth and averaged over the global ocean (i) for the pre-industrial simulation (blue),
historical simulation from 1860 to 1999 (green)] &1B scenario for the XXI century (red).

Fig. 2-14 Maps of 2x2 degrees binned data of surface p@@m) from(a) LDEO dataset
(Takahashi et al., 2009]b) annual climatology of the last 30 years of the XXntury
simulation. From Vichi et al., 2010 (in preparajion
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Fig. 3-1 (a) B minus A annual mean differences of attenuatigpild (m) integrated throughout
the euphotic layer deptth) B experiment biological heating at the surface ifi@nth")

Fig. 3-2 B minus A annual mean differences(a) sea surface temperature (SST) in (i),
mixed layer depth (MLD), indicated as the percehtahange with respect to the A
experimeni{c) 0-300 m integrated heat content (HC) in 3, fd) precipitation (PREC), in mm
day’, (e) solar radiation at the ocean surface (W)rand (f) ocean-atmosphere latent heat
fluxes (W nt), where positive heat fluxes indicate an ocear taia.

Fig. 3-3 Statistical significance at a 99% confidence wdérof B minus A annual mean
differences of (a) sea surface temperature (S®))mfxed layer depth (MLD), (c) 0-300 m
integrated heat content (HC), (d) sea level presgsicP).

Fig. 3-4: B minus A annual differences of wind velocitiesninse¢" at 1000 mbar (arrows) and
associated wind stress curl in N°igtolors).

Fig. 3-5 B minus A annual differences of sea level presgbPa) and A annual climatology in
contours. Shading intervals are 0.05 hPa and comttervals 5 hPa.

Fig. 3-6 B minus A annual differences of surface currents éec). Note different scaling for
velocity differences >0.45 cm sé¢depicted in red), velocities included betweerbtahd 0.45
cm seé (depicted in blue), and lower than 0.15 cmi's@kepicted in black).

Fig. 3-7 Zonal averages df) B minus A (colors) and A (contours) atmospherimperature
(°C) plotted as a function of atmospheric press{imeB minus A (colors, %) and A (contours,
kg/kgx10®) water vapor plotted as function of atmospheriespure(c) B minus A surface
heat fluxes (W i) distinguished between solar (red), latent (blissnsible (green), and
longwave (grey), where positive values indicat@esan heat gairfd) B minus A (colors) and
A (contours) ocean temperature (°C) plotted uritd & depth.
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Fig. 3-8 Annual means of B minus A surface heating terf@ rfonth') due to(a) radiative
processes an@) advective processes (sum of zonal, meridionalvamtical components). Note
the different color scales.

Fig. 3-9 Zonal section in the Equatorial Pacific of atmamph zonal velocities (m s&k
averaged between 5°S-5°N and plotted as a funcfi@imospheric pressure (hPa). Colors: B
minus A, contours: A. Positive values correspondastward motion.

Fig. 3-1Q Meridional sections in the central Pacific of Bnos A (a) vertical atmospheric
velocity (hPa day) and(b) meridional atmospheric velocity (m $@cQuantities are zonally
averaged between 145°E and 100°W. Positive vahaksate downwarda) and northwardb)
motion.

Fig. 3-11 Equatorial Pacific map of B minus (&) ocean vertical velocity (cm dayaveraged
over the first 50 m depth, where positive valuedidate upward motion, an@) meridional
ocean velocity (cm s&y at 50 m depth, where positive values indicatéhveaird motion.

Fig. 3-12 Zonal sections in the equatorial Pacific (2°S-2Mrage) of(a) B minus A ocean
temperatures in °C (colors) and thermocline deftfl (ine: A experiment, dashed line: B
experiment)(b) B minus A radiative heating differences in °C nioh¢colors) and chlorophyll
concentration in mg th (contours),(c) B minus A (colors) and A (contours) zonal current
velocities in cm set Note the different depth scale of pa(t®l

Fig. 3-13 Atmospheric zonal velocities (m $Bczonally averaged over the globe. Colors: B
minus A differences; contours: A experiment.

Fig. 3-14B minus A surface current velocities in cm$¢arrows) and sea surface height in cm
(colors) in the(a) North Atlantic and(b) North Pacific. Note the different color and arrow
scales between the two panels

Fig. 3-15 Mean seasonal cycles of zonally averadet) mixed later depth in the B
experiment angright) B minus A mixed later depth.

Fig 3.16: Nifio3 region (5°S-5°N; 150°W-90°W) SST diagnostior experiments A (blue
lines) and B (red linesja) SST seasonal cyclé)) histogram of Nifio3 indeXc) power density
spectrum of Nifio3 index.

Chapter 4

Fig. 4-1 Schematic illustration of the path and strengtiwafter storms around high (H) and
low (L) pressure zones in the North Atlantic copasding to positive (left) and negative (right)
NAO phases. Fromttp://www.ldeo.columbia.edu/res/pi/NAO/

Fig. 4-2 DJFM North Atlantic atmospheric variabilitfa) NAO index (NAO+ in yellow bars,
NAO-in blue bars) and its 9-point running mean ¢kldine), (b) sea level pressure (hPa)
climatology (contours) and regression onto NAO in¢lors),(c) regression onto NAO index
of wind stress (arrows, in N'frand wind speed (colors, in m 8¢0(d) wind stress curl (N in
¥x10") climatology (contours) and regression onto NA@eix (colors).

Fig. 4-3DJFM climatologies (contours) and regression ohtoNIAO index (colors) of DJFM
anomalies ofa) net surface heat flux in W f(defined positive downwardslb) mixed layer
depth (MLD) in m,(c) sea surface temperature (SST) in (@), precipitation in mm day; (e)
surface salinity(f) evaporation minus precipitation (E minus P) in rday, (g) sea surface
height in cm(h) ocean vertical velocity at 50 m depth in cmday
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Fig. 4-4 (left) DJFM surface current climatology (cm 8®c(right) DJFM surface currents
regressed onto NAO index and salinity flux dueudace horizontal advection (mm d8y

Fig. 4-5 Climatologies (contours) and regression onto NA@ein(colors) of annual anomalies
of (a) phosphate in mmol i (b) total chlorophyll in mg M, (c) mesozooplankton in mg Ch
(d) particulate organic carbon (POC) production in Bohi? yeaf’, (e) surface C@ partial
pressure (pCg in atm, (f) sea-air C@flux (defined positive upwards) in mol Cnyear".
Variables in panels a-d are integrated over théetipdepth.

Fig. 4-6 Variance explained by the NAO index (%) (af) euphotic-depth-integrated phosphate
concentration,(b) euphotic-depth-integrated chlorophyll concentmati¢c) euphotic-depth-
integrated mesozooplankton concentrati¢d), euphotic-depth-integrated particulate organic
carbon (POC) productiofe) surface C@partial pressure (pG (f) sea-air CQflux.

Fig. 4-7: (a)simulated chlorophyll concentration in spring (AMahomalies averaged over the
euphotic layer depth (mg ™ regressed onto the normalized simulated NAO inged (b)
spring (AMJJ) SeaWiFsS satellite chlorophyll concatibn anomalies (mg ) during the years
1998-2006 regressed onto the normalized observedHNAO index.

Fig. 4-8 Climatological (black), NAO+ (red), and NAO- (blusg¢asonal cycles in the subpolar
gyre region of(a) mixed layer depth in m (note reversed axiB),phosphate concentration in
mmol m?, (c) diatom concentration in mg Cn(d) mesozooplankton concentration in mg C
m’, (e) particulate organic carbon (POC) production in iBoin? yeai’, (f) sea-air C@ flux
(defined positive upwards) in mol Cnyeaf*. Variables in panels b-e are integrated over the
euphotic depth.

Fig. 4-9 Climatological (black), NAO+ (red), and NAO- (blus¢asonal cycles in the subpolar
latitudes of the North Atlantic (45°-60°N) ¢fop) SeaWiFS satellite estimates of chlorophyll
values (mg i) during the years 1998-2006 afimbttom) model chlorophyll concentration (mg
m?).

Fig. 4-10Climatological (black), NAO+ (red) and NAO- (blusg¢asonal cycles in the Sargasso
Sea near BATS dfa) mixed layer depth in m (note reversed axi8),phosphate concentration
in mmol PQ m?, (c) diatom concentration in mg C(d) mesozooplankton concentration in
mg C n¥, (e) particulate organic carbon (POC) production in @aii? year', (f) sea-air CQ
flux (defined positive upwards) in mol Cyear'. Variables in panels b-e are integrated over
the euphotic depth.

Fig. 4-11Lagged correlations between NAO index and DJFM &8dmalies with(a) no lag,
(b) 1 year lag{c) 2 years lag(d) 3 years lag. Correlation coefficients lower thab40are not
statistically significant at 95% confidence levatiaare not shown.

Fig. 4-12Lagged correlations between Hurrell NAO index aratlldy SST DJFM anomalies
for the period 1930-2002 witfa) no lag,(b) 1 year lag,(c) 2 years lag(d) 3 years lag.
Correlation coefficients lower than 0.24 are natistically significant at 95% confidence level
and are not shown.

Fig. 4-13 Decorrelation time scale for 200 years of the &ad NAO index (black line,
circles) and for the 1860-2009 Hurrell NAO indexaygline, triangles).

Fig. 4-14 Lagged correlations between NAO index and sprimgraer (AMJJ) chlorophyll
anomalies witl{a) no lag,(b) 1 year lag(c) 2 years lag(d) 3 years lag. Correlation coefficients
lower than 0.14 are not statistically significan®8% confidence level and are not shown.
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Fig. 4-15In-phase (left) and in-quadrature (right) respotess®lAO+ low-frequency phases of
(a,b) sea surface temperature (SST) in °C, (c,d) tentent integrated between 0-300 m depth
in J m” and (e,) sea surface salinity (SSS).

Fig. 4-16In-phase (top) and in-quadrature (bottom) resptm®AO+ low-frequency phases of
(a,b) sea surface in cm (colors) and horizontaleriis averaged between 40-100 m depth.

Fig. 4-17 In-phase response to low-frequency NAO+ phasda)ahixed layer depth (m)b)
euphotic-depth-integrated phosphate concentratioma] m?), (c) euphotic-depth-integrated
chlorophyll concentration (mg ), (d) sea-air C@fluxes in mol nfyear'.

Fig. 4-18 Schematic diagram of processes affecting submpye air-to-sea COfluxes and
production of particulate organic matter duringipes (NAO+) and negative (NAO-) phases.

Chapter 5

Fig. 5-1 XX century JFM sea level pressure (hPa) regresséal the first(c) and secondd)
principle component (PC) time series of JFM SLPnaaiges with winter climatology plotted in
contours for reference; JFM wind velocity (m Seat 10 m height regressed onto the fit
and secondd) PC time series of JFM SLP anomalies; JFM windsstreurl (1x10 N m®)
regressed onto the firde) and secondf) PC time series of JFM SLP anomalies. For
construction these maps show anomalies relativedex values equal tol.

Fig. 5-2(a) First (PC1, light grey) anfb) second (PC2, dark grey) PC time series of JFM SLP
anomalies during the XX and XXI centuries (ba(s).First (PC1, light grey) an¢d) second
(PC2, dark grey) PC time series of JFM SST anomaliging the XX and XXI centuries (bars).
Red lines indicate 9-year running averages and ewsribdicate the variance explained by each
mode during the XX and XXI centuries.

Fig. 5-3 XX century JFM climatologies (contours) and JFMressiongcolors) with the first
(left) and secondright) mode of sea level pressure variability(afb) net surface heat fluxes
(NET) in W mi?, (c-d) sea surface temperature (SST) in (&f) mixed layer depth (MLD) in
m.

Fig. 5-4 XX century variance explained (%) by the fi{gft) and secondright) principle
component time series (PC) of sea level pressurabitity; (a,b) net surface heat fluxes
(NET), (c-d) sea surface temperature (SYE}) mixed layer depth (MLD). Note the different
color scale of panel®,b).

Fig. 5-5 XX century (top) and XXI century (bottom) April-Ju (AMJJ) euphotic-depth-
integrated chlorophyll concentration in mgfn€ontours: AMJJ climatology; colors: regression
onto the(a) first and(b) second principle component (PC) time series of 3elllevel pressure
anomalies.

Fig. 5-6 XX century (top) and XXI century(bottom) April-July (AMJJ) euphotic-depth
integrated chlorophyll concentration: variance exptd by the(a,c) first and (b,d) second
principle component (PC) time series of JFM seallpvessure anomalies.

Fig. 5-7 Differences between the last 30 years of the XXd a&X centuries (colors) and
climatology of the last 30 years of the XX centuigontours) of (a) JFM sea surface
temperature (SST) in °@p) JFM sea surface salinit{c) JFM mixed layer depth (MLD) in m,
(d) JFM winds (arrows) and total wind speed (colorsh@m height.
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Fig. 5-8 April-July (AMJJ) euphotic-depth-integrated chlohyi concentration (CHL) in mg
m2. (a) Differences between XX and XXI century mediansigrs) and XX century median
(contours),(b) statistical significance at 95% (grey shading)Xef and XXI century median
differences;(c) differences between XX and XXI century standardiatéans (colors) and XX
century standard deviation (contour)) statistical significance at 95% (grey shading) of X
and XXI century standard deviation differences.

Fig. 5-9 XX and XXI century time series averaged in thepmlar North Pacific (45°-60°N,
150°E-130°W), ofa) sea surface temperature (SST) in (1§}, mixed layer depth (MLD) in m,
(c) euphotic-depth-integrated chlorophyll concentraf@HL) concentration in mg f(grey),
(d) euphotic-depth-averaged chlorophyll concentrat®HL) in mg m® (grey) and chlorophyll
estimated from SeaWiFS satellite data for the y@888-2006 (blue). In panefs) and(d), the
linear trend relative to the years 1900-1949 isagshdred full line) and extended for reference
also in remaining part of the time series (red dddime).

Fig. 5-10 XX and XXI century time series averaged in thet@@nNorth Pacific (20°-45°N,
160°E-130°W), ofa) sea surface temperature (SST) in (16),mixed layer depth (MLD) in m,
(c) euphotic-depth-integrated chlorophyll concentraf@HL) concentration in mg f(grey),
(d) euphotic-depth-averaged chlorophyll concentrat®HL) in mg m® (grey) and chlorophyll
estimated from SeaWiFS satellite data for the y@888-2006 (blue). In panefs) and(d), the
linear trend relative to the years 1900-1949 isagshdred full line) and extended for reference
also in remaining part of the time series (red dddime).

Fig. 5-11 Climatological seasonal cycles of euphotic-deptiraged chlorophyll concentration
computed over the last 30 years of XX century (tilue) and of the XXI century (red line) over
(left) the subpolar North Pacific (45°-60°N, 150°E-130°8¥)d (right) over the central North
Pacific (20°-45°N, 160°E-140°W).

126



References

Alexander, M. A., and C. Deser (1995): A mechanfemthe recurrence of wintertime
midlatitude SST anomalies. J. Phys. Oceanogr.125;137.

Alexander, M., A. Capotondi, A. Miller, F. Chai, Brodeur, and C. Deser (2008):
Decadal variability in the northeast Pacific in laygical-ecosystem model: Role of
mixed layer depth and trophic interactions, J. Ggsp Res., 113, C02017,
doi:10.1029/2007JC004359.

Alvain, S., Moulin, C., Dandonneau, Y., Loisel, 2008): Seasonal distribution and
succession of dominant phytoplankton groups indlubal ocean: A satellite view,
Global Biogeochem. Cy., 22, GB3001, doi:10.1029726B003154.

Anderson, W.G., Gnanadesikan, A., Hallberg, R., mnJ., Samuels, B. L. (2007):
Impact of ocean color on the maintenance of thefieacold Tongue, Geophys. Res.
Lett., 34 (11), Art. No. L11609.

Anderson, W., Gnanadesikan, A., Wittenberg, A. @0Wegional impacts of ocean
color on tropical Pacific variability, Ocean Sciend (3), 313-327.

Antonov, J. I., Levitus, S., Boyer, T. P., Conktigh. E., O'Brien, T., and Stephens C.
(1998): World Ocean Atlas 1998 Vol. 2: Temperatofethe Pacific Ocean, NOAA
Atlas NESDIS 28. U.S. Government Printing Officeastington, D.C.

Barber, R.T. & Chavez, F.P. (1983) Biological cansences of El Nifio. Science
(Washington, DC), 222, 1203-1210.

Baretta, J.W., Ebenhoh, W., Ruardij, P. (1995): TBaropean-Regional-Seas-
Ecosystem-Model, a complex marine ecosystem maddeiherlands Journal of Sea
Research, 33 (3-4), 233-246.

Barton AD, Green CH, Monger BC, Pershing AJ (200B)e continuous plankton
recorder survey and the North Atlantic Oscillatiomerannual- to multidecadal-scale
patterns of phytoplankton variability in the Nor#&tlantic Ocean, Prog. Oceanogr.,
58:337-358.

Bates, N.R. (2001): Interannual variability of oeea CO, and biogeochemical
properties in the Western North Atlantic subtropiggre. Deep-Sea Res. Il 48 (8-9),
1507-1528.

Bates, N.R. (2007): Interannual variability of tbeeanic CQ sink on the subtropical
gyre of the North Atlantic Ocean over the last 2abss. J. Geophys. Res. 112.

Behrenfeld, M., R. O’Malley, D. A. Siegel, C. Mc@aJ. Sarmiento, G. Feldman, P.
Falkowski, E. Boss, and A. Milligan (2006): Climataven trends in contemporary
ocean productivity, Nature, 444, 752— 755.

127



Belkin, I. M. (2004) Propagation of the "Great Salinity Anomaly" of th@90s around
the northern North Atlantic, Geophys. Res. Lett.(8): Art. No. LO8306.

Bellucci, A., Gualdi, S., Scoccimarro, E., Navarfa,(2008): NAO-ocean circulation
interactions in a coupled general circulation mo@dimate Dyn ., 31 ,759-777.

Bjerknes, J. (1964): Atlantic air-sea interactioAdyances in Geophysics, 10, 1-82.

Bjerknes, J. (1969): Atmospheric teleconnectiomsnfithe equatorial Pacific, Monthly
Weather Review, 97,63-172.

Blanke, B.; Delecluse, P. (1993): Variability oftiropical Atlantic Ocean simulated
by a general circulation model with 2 different mdxlayer physics, J. Phys. Oceanogr.,
23 (7),1363-1388 JUL 1993

Boening, C., M. Scheinert, J. Dengg, A. Biastochd a&. Funk (2006): Decadal
variability of subpolar gyre transport and its mderation in the North Atlantic
overturning, Geophys. Res. Lett., 33, L21S01, dbi:029/2006GL026906.

Bond, N. A., J. E. Overland, M. Spillane, and RPalfenho (2003): Recent shifts in the
state of the North Pacific, Geophys. Res. Lett., (23) 2183,
doi:10.1029/2003GL018597.

Bopp, L., Monfray, P., Aumont, O., Dufresne, Jlle, Treut, H., Madec, G., Terray, L.,
Orr, J.C. (2001): Potential impact of climate cheamgn marine export production,
Global Biogeochem. Cy., 15 (1), 81-99.

Bopp, L., Aumont, O., Cadule, P., Alvain, S., anéh&n M. (2005): Response of
diatoms distribution to global warming and potenirmaplications: A global model
study, Geophys. Res. Lett., 32, L19606, doi:10.12236GL023653.

Boyd, P., Doney, S.C. (2003): The impact of climelbange and feedback process on
the ocean carbon cycle. In: Ocean Biogeochemidthg Role of the Ocean Carbon
Cycle in Global Change (ed. Fasham MJR), pp. 157-38ringer, Berlin.

Boyer, T. P., Levitus, S., Antonov, J. I., Conktigh. E., O’Brien, T., Stephens, C.
(1998): World Ocean Atlas 1998 Vol. 5: Salinity thie Pacific Ocean, NOAA Atlas
NESDIS 31. U.S. Government Printing Office, Waskamg D.C..

Cayan, D.R. (1992): Latent and sensible heat fhonaalies over the Northern Oceans
driving the sea surface temperature, J. Phys. @ggear22 (8): 859-881.

Chai, F., M. Jiang, R. T. Barber, R. C. Dugdaled ah Chao (2003)|nterdecadal
variation of the transition zone chlorophyll fronA physical-biological model
simulation between 1960 and 1990, J. Oceand@y 461—-475.

Conkright, M., Garcia, H., O'Brien, T., Locarnim,., Boyer, T., Stephens, C., Antonov,
J. (2002): World Ocean Atlas 2001, Volume 4: Nutt$e In: NOAA Atlas NESDIS 52.
U.S. Government Printing Office, Washington D.C..

128



Corti, S., Molteni, F., Palmer, T.M. (1999): Sigmet of recent climate change in
frequencies of natural atmospheric circulationmegg, Nature, 398, 799— 802.

Curry, R. G., McCartney, M. S. (2001): Ocean gyireutation changes associated with
the North Atlantic Oscillation, J. Phys. Ocean@&., 3374-3400.

de Boyer Montégut, C., Madec, G., Fischer, A. Sazdr, A., ludicone, D. (2004):
Mixed layer depth over the global ocean: An exammmaof profile data and a profile-
based climatology, J. Geophys. Res., 109, C120613,&11029/2004JC002378.

de Coétlogon, G., Frankignoul, C. (2003): On thesigéence of winter sea surface
temperature in the North Atlantic. J. Climate, 1864-1377.

Denman, K., Hofmann, E., Marchant, H. (1996), Marimbiotic responses to
environmental change and feedbacks to climate,limafe Change 1995, edited by J.
T. Houghton et al., pp. 483— 516, Cambridge UnresB, New York.

Deser, C., Alexander, M. A., Timlin, M. S. (2008)nderstanding the persistence of sea
surface temperature anomalies in midlatitudes|itha®e, 16, 57— 72.

Deser, C., Phillips, A. S. (2006): Simulation oéth976/7 limatetransition over the
North Pacific: Sensitivity to tropicébrcing, J. Climate, 19, 6170-6180.

Deshayes, J., Frankignoul, C. (2008): Simulatedalbdity of the circulation in the
North Atlantic from 1953 to 2003. J. Climate, 2919-4933.

Dickson, A. G., Riley, J. P (1979): The estimatiohacid dissociation constants in
seawater media from potentiometric titrations vatfong base. I. The ionic product of
water KW). Marine Chemistry7, 89—99.

Dickson, A. G. (1990) Standard potential of thecteen: AgCI(s) + 1 2H2(g) = Ag(s) +
HCl(aq), and the standard acidity constant of treHSO4 in synthetic sea water from
273.15 to 318.15 K. Journal of Chemical Thermodyica22, 113-127.

Dickson, A.G., Goyet, C. (1994): Handbook of methdar the analysis of the various
parameters of the carbon dioxide system in seaWd#&sion 2). DOE (US Department
of Energy) ORNL/CDIAC-74, Carbon Dioxide Informatiand Analysis Center, Oak
Ridge, TN

Di Lorenzo, E., Schneider, N., Cobb, K.M., Franks].S., Chhak, K., Miller, A.J.,
McWilliams, J.C., Bograd, S.J., Arango, H., CurthisE., Powell, T.M., Riviere, P.,
2008. North Pacific gyre oscillation links ocearnimdte and ecosystem change.
Geophysical Research Letters 35, L08607, doi:1@/MRID7GL032838.

Di Lorenzo, E.Fiechter, J., Schneider, N., Bracco, A., Miller, A, Franks, P. J. S. ,

Bograd, S. J., Moore, A. M., Thomas, A. C., CrawfdW., Pefa, A., Hermann, A. J.

(2009), Nutrient and salinity decadal variationghe central and eastern North Pacific,
Geophys. Res. Lett., 36, L14601, doi:10.1029/200383261

129



D’Orgeville, M., Peltier, W. R. (2009)Implications of Both Statistical Equilibrium and
Global Warming Simulations with CCSM3. Part I: OretDecadal Variability in the
North Pacific Basin, J. Climate, 22, 20, 5277-5297.

Drinkwater, K.F., Belgrano, A., Borja, A., Conver#i., Edwards, M., Greene, C.H.,
Ottersen, G., Pershing, A.J., Walker, H., (2003)e Tesponse of marine ecosystems to
climatic variability associated with the North Attic Oscillation, Geophys. Monogr.
Ser., vol. 134, edited by J. W. Hurrell et al., pp1-234, AGU, Washington D. C.

Drinkwater, K.F., Beaugrand, G., Kaeriyama, M., Ki&, Ottersen, G., Perry, R.I.,
Poertner, H.-O., Polovina, J.,J., Takasuka, A. 200n the processes linking climate
to ecosystem changes, J. Mar. Syst., 79, 374-388.

Dutkiewicz, S., Follows, M., Marshall, J. Gregg, Wi. (2001): Interannual variability
of phytoplankton abundances in the North Atlanbeep-Sea Research Il 48, 2323—
2344.

Eden, C., Jung, T. (2001): North Atlantic InterdgadaVariability: Oceanic response to
the North Atlantic Oscillation (1865-1997), J. Céte, 14, 676-691.

Eden C, Willebrand, J. (2001): Mechanisms of intatel to decadal variability in the
North Atlantic circulation, J. Climate, 14, 2266-822

Esselborn, S., Eden, C. (2001): Sea surface helgiriges in the North Atlantic Ocean
related to the North Atlantic Oscillation, Geophiges. Lett., 28, 3473—-3476.

Flatau, M. K., Talley, L., Niiler, P. P. (2003): &@North Atlantic Oscillation, surface
current velocities, and SST changes in the subpddath Atlantic, J. Climate, 16 (14),
2355-2369

Fogli, P.G., Manzini, E., Vichi, M., Alessandri, Aatara, L., Gualdi, S., Scoccimarro,
E., Masina, S., Navarra, A. (2009): INGV-CMCC Car¢CC): A Carbon Cycle Earth
System Model, CMCC Research Paper No. 61.

Follows, M., Dutkiewicz, S. (2002): Meterologicaloagtulation of the North Atlantic
spring bloom, Deep-Sea Research Il 49, 321-344.

Follows, M.J., Ito, T., Dutkiewicz, S. (2006): Ometsolution of the carbonate chemistry
system in ocean biogeochemistry models, Ocean Modgel?2 (3-4), 290-301.

Forster, P., V. Ramaswamy, P. Artaxo, T. BerntserBetts, D.W. Fahey, J. Haywood,
J. Lean, D.C. Lowe, G. Myhre, J. Nganga, R. Prl@nRaga, M. Schulz and R. Van
Dorland (2007): Changes in Atmospheric Constitueartd in Radiative Forcing. In:
Climate Change 2007: The Physical Science Basistribation of Working Group | to
the Fourth Assessment Report of the IntergovernahePénel on Climate Change
[Solomon, S., D. Qin, M. Manning, Z. Chen, M. MaigjuK.B. Averyt, M.Tignor and
H.L. Miller (eds.)]. Cambridge University Press,iaridge, United Kingdom and New
York, NY, USA.

130



Frankignoul, C., P. Muller, and E. Zorita (1997): sAmple model of the decadal
response of the ocean to stochastic wind forcinghys. Oceanogr., 27, 1533-1546.

Frankignoul, C., Czaja, A., L'Hevender, B. (199®&jir-sea feedback in the North
Atlantic and surface boundary conditions for oceantels, J. Climate, 11, 2310-2324.

Frankignoul, C., De Coétlogon, G., Joyce, T.M., Bors. (2001): Gulf Stream
variability and ocean-atmosphere interactionshysPOceanogr. 31, 3516—-3528.

Frankignoul, C., Deshayes, J., Curry, R. (2009)e Tble of salinity in the decadal
variability of the North Atlantic meridional overtung circulation, Climate Dyn, 33
(6), 777-793.

Freeland, H., Denman, K., Wong, C.S., Whitney,JacquesR. (1997): Evidence of
change in the winter mixed layer in the Northeaastifit Ocean, Deep-Sea Research |,
44,2117-2129.

Friedlingstein, P., Bopp, L., Ciais, P., Dufresrkl., Fairhead, L., LeTreut, H.,
Monfray, P., Orr, J.C (2001): Positive feedbacknlssn future climate change and the
carbon cycle, Geophys. Res. Lett., 28 (8), 15436154

Geider, R.J., Macintyre, H.L., Kana, T.M. (1997)yriamic model of phytoplankton
growth and acclimation: Responses of the balancedth rate and the chlorophyll a :
carbon ratio to light, nutrient-limitation and teerpture, Marine Ecology-Progress
Series, 148 (1-3), 187-200.

Gent, P.R., McWilliams, J.C. (1990): Isopycnal mixiin ocean circulation models, J.
Phys. Oceanogr., 20 (1), 150-155.

Gildor, H., Naik, N.H. (2005): Evaluating the effeaf interannual variations of surface
chlorophyll on upper ocean temperature, J. GeopgRgs.- Oceans, 110 (C7), Art. No.
C07012.

Gillett, N.P., 2005: Northern Hemisphere circulatidlature, 437, 496.

Gillett, N. P., F. W. Zwiers, A. J. Weaver, andA.Stott (2003): Detection of human
influence on sea-level pressure, Nature, 422, 292-

Gnanadesikan, A., Anderson, W.G. (2009): Ocean WGiaaity and the Ocean General
Circulation in a Coupled Climate Model, J. Physe@uogr., 39 (2), 314-332.

Gregg, W.W., Ginoux, P., Schopf, P.S., Casey, N2U03): Phytoplankton and iron:
validation of a global three-dimensional ocean bmthemical model, Deep-Sea Res. —
Part 1, 50 (22-26), 3143-3169.

Greatbatch, R. J., (2000): The North Atlantic Qatibn, Stochastic Environ. Res. Risk
Assess., 14213-241.

Gruber, N., Keeling, C.D., Bates, N.R. (2002): tatenual variability in the North
Atlantic Ocean carbon sink, Science, 298, 2374-8237

131



Gu, D.F., Philander, S.G.H. (1997): Interdecadahate fluctuations that depend on
exchanges between the tropics and Extratropicensej 275 (5301): 805-807.

Guilyardi, E., Wittenberg, A., Fedorov, A., Collingl., Wang, C.Z., Capotondi, A., van
Oldenborgh, G.J., Stockdale, T. (2009): Understamd| Nifio in Ocean-Atmosphere
General Circulation Models, Progress and Challenges. Amer. Meteor. Soc., 90 (3),
325.

Haekkinen, S., Rhines, P. (2004): Decline of susapblorth Atlantic circulation during
the 1990s, Science, 304, 555 — 559, doi:10.112énhce.1094917.

Hansen, D.V., Bezdek, H.F. (1996): On the naturedetadal anomalies in North
Atlantic sea surface temperature, J. Geophys. R@%,3749-8758.

Hare, S.R., Mantua, N.J. (2000): Empirical evidefareNorth Pacific regime shifts in
1977 and 1989, Progr. Oceanogr., 47,103— 145.

Hashioka, T., Sakamoto, T.T., Yamanaka, Y. (200@ytential impact of global
warming on North Pacific spring blooms projected dy eddy-permitting 3-D ocean
ecosystem model, Geophys. Res. Lett., 36, L2068i41@11029/2009GL038912.

Hays, J.D. (1976): Variation in the Earth’s orbi®acemaker of the Ice Ages, Science,
194, 4270,1121-1132.

Held, .M., Soden, B.J. (2000): Water vapor feedtband global warming, Annual
Review of Energy and the Environment, 25, 441-475.

Henson, S. A., Robinson, 1., Allen, J. T., Wani&k,). (2006): Effect of meteorological
conditions on interannual variability in timing anthgnitude of the spring bloom in the
Irminger Basin, North Atlantic, Deep Sea Res., P#rt 53, 1601- 1615,
doi:10.1016/j.dsr.2006.07.009.

Henson, S. A., Dunne, J. P., and Sarmiento, J2Q09): Decadal variability in North
Atlantic  phytoplankton  blooms, J.  Geophys. Res., 4,11 C04013,
doi:10.1029/2008JC005139.

Herbaut, C., Houssais, M.-N. (2009): Response efdastern North Atlantic subpolar
gyre to the North Atlantic Oscillation. GRL, 36, ,17 L17607,
doi:10.1029/2009GL03909.

Hibbard, K., Meehl, G., Cox, P., Friedlingstein,(P007): A strategy for climate change
stabilization experiments, EOS, 88(20), 217, 10912207E0200002.

Holton, J.R. (1992): An Introduction to Dynamic Metology, Ed. 4, 535 pagolton,
J. R., 1992, Academic Press, San Diego, 507 pp.

Hou, A.Y., Lindzen, R.S. (1992): The influence aincentrated heating on the Hadley
Circulation, Journal of the Atmospheric Sciencés(¥4), 1233-1241.

132



Houghton, B., Visbeck, M. (2002): Quasi-decadaingig fluctuations in the Labrador
Sea, J. Phys. Oceanogr., 32, 687-701.

Hurrell, J., Kushnir, Y., Ottersen, G., Visbeck, k2003): An overview of the North

Atlantic Oscillation. In: Hurrell, J., Kushnir, JOttersen, G., Visbeck, M. (eds) The
North Atlantic Oscillation: climatic significancend environmental impact, American
Geophysical Union, Washington DC.

Ihara, C., Kushnir, Y. (2009): Change of midlatéudesterlies in XXI century climate
simulations, Geophys. Res. Lett., 36, L13701, dbi029/2009GL037674.

Jerlov, N.G. (1968): Optical oceanography, Ameriésevier Publ. Co., Inc., New
York.

Jungclaus, J.H., Keenlyside, N., Botzet, M., Hadk,Luo, J.J., Latif, M., Marotzke, J.,
Mikolajewicz, U., Roeckner, E. (2006): Ocean ciatidn and tropical variability in the
coupled model ECHAMS5/MPI-OM, J. Climate, 19 (16952-3972.

Kalnay et al. (1996): The NCEP/NCAR 40-year reasialproject, Bull. Amer. Meteor.
Soc., 77, 437-470.

Kaplan, A., Cane, M., Kushnir, Y., Clement, A.,uBienthal, M., Rajagopalan, B.
(1998): Analyses of global sea surface temperdat8&6-1991, J. Geophys. Res., 103,
18, 567-18, 589.

Karl, D.M., Bidigare R.R., Letelier, R.M. (2001):ohgterm changes in plankton
community structure and productivity in the NortlacRic Subtropical Gyre: The
domainshift hypothesis. Deep-Sea Res., 48, 1449-1470.

Karl, D.M., Bates, N., Emerson, S., Harrison, Pléandel, C., Llinas, O., Liu, K.K,,
Marty, J. C., Michaels, A.F., Miguel, J.C., Neu&r, Nojiri, Y., Wong, C.C. (2003):

Temporal studies of biogeochemical processes datednfrom ocean time-series
observations during the JGOFS era, in Ocean Bidugguistry: The Role of the Ocean
Carbon Cyclein Global Change, edited by M. J. Rshaan, pp. 239- 267, Springer-
Verlag, New York.

Keeley, S. P. E., M. Collins, and A. J. Thorpe 200®rthern Hemisphere Winter
Atmospheric Climate: Modes of Natural Variabilitpda Climate Change, Clim. Dyn,
31, 195-211, doi:10.1007/s00382-007-0346-6.

Keenlyside, N., Latif, M., Jungclaus, J., Kornbluéh Roeckner, E. (2008): Advancing
decadal-scale climate prediction in the North Alarsector, Nature 453, 84-88,
DOI:10.1038/nature06921.

Key, R.M., Kozyr, A., Sabine, C.L., Lee, K., Wankimof, R., Bullister, J.L., Feely,
R.A., Millero, F.J., Mordy, C., Peng, T.H. (200#:global ocean carbon climatology:
Results from global data analysis project (GLODAB)pb. Biogeochem. Cy., 18(4),
GB4031

133



Koertzinger, A., Send, U., Lampitt, R.S., Hartm&n, Wallace, D.W.R., Karstensen, J.,
Villagarcia, M.G., Llinas, O., DeGrandpre, M.D. (B): The seasonal pCO2 cycle at
491N/16.51W in the northeast Atlantic Ocean and twhaells us about biological
productivity, J. Geophys. Res. 113, C04020.

Krahmann, G., Visbeck, M., Reverdin, G. (2001): rRation and propagation of
temperature anomalies along the North Atlantic @utrJ. Phys. Oceanogr., 31, 1287—
1303.

Kwon, Y.-O., Deser, C. (2007): North Pacific dedadariability in the Community
Climate System Model version 2. J. Climate, 20,6224 33.

Latif, M., Barnett, T.P. (1996): Decadal variahjlibver the North Pacific and North
America: Dynamics and predictability, J. Climate2807—2423.

Latif, M. (1998): Dynamics of interdecadal variatyilin coupled ocean-atmosphere
models, J. Climate, 11 (4), 602-624.

Lengaigne, M., Menkes, C., Aumont, O., Gorgues,Bbpp, L., Andre, J.M., Madec,
G. (2007): Influence of the oceanic biology on ttepical Pacific climate in a coupled
general circulation model, Climate Dynamics, 28 B8)3-516.

Lengaigne, M., Madec, G., Bopp, L., Menkes, C., Aai O., Cadule, P.: Bio-physical
feedbacks in the Arctic Ocean using an Earth SydWdel (2009): Geophys. Res.
Lett., 36 L21602, doi:10.1029/2009GL040145.

Leterme S.C., Edwards M., Seuront L., Attrill M, Reid P.C., John AW.G.: Decadal
basin-scale changes in diatoms, dinoflagellates, @mytoplankton color across the
North Atlantic, Limnol. Oceanogr., 50 (4), 1244—822005.

Le Treut, H., R. Somerville, U. Cubasch, Y. Ding, Mauritzen, A. Mokssit, T.
Peterson and M. Prather, 2007: Historical Overva@wClimate Change. InClimate
Change 2007: The Physical Science Basis. Contobutf Working Group | to the
Fourth Assessment Report of the IntergovernmentaheP on Climate Change
[Solomon, S., D. Qin, M. Manning, Z. Chen, M. MaigjlK.B. Averyt, M. Tignor and
H.L. Miller (eds.)]. Cambridge University Press,miaridge, United Kingdom and New
York, NY, USA.

Levitus, S., Antonov, J. |. & Boyer, T. P. Interamah variability of temperature at a
depth of 125 metres in the North Atlantic oceaoience266,96—-99 (1994).

Levitus, S., T.Boyer, M. Conkright, T.O'Brien, Antonov, C. Stephens,
L. Stathoplos, D. Johnson, and R. Gelfeld (19980RILD OCEAN DATABASE
1998: Vol. 1: Introduction, vol. NOAA Atlas NESDIS3, 346 pp., U.S. Gov. Printing
Office, Washington D.C.

Lévy, M., Klein, P., and Treguier, A. M. (2001): pact of sub-mesoscale physics on
production and subduction of phytoplankton in amgaitophic regime, J. Mar. Res.,
59(4), 535-565.

134



Lévy, M., Lehahn, Y., Andre, J. M., Memery, L., kel, H., Heifetz, E. (2005):

Production regimes in the northeast Atlantic: Adgtbased on Sea-viewing Wide Field-
of-view Sensor (SeaWiFS) chlorophyll and ocean gdrarculation model mixed layer

depth, J. Geophys. Res., 110, C07S10, doi:10.1009[C002771.

Li, M., Myers, P.G., Freeland, H. (2005): An exaation of historical mixed layer
depths along Line-P in the Gulf of Alaska, Geophyes. Lett., 32, L05613,
doi:10.1029/2004GL021911.

Lin, J.L. (2007): The Double-ITCZ Problem in IPCCRA Coupled GCMs: Ocean-—
Atmosphere Feedback Analysis, Journal of Climade, ROI: 10.1175/JCLI14272.1.

Linkin, M. E., Nigam, S. (2008): The North Pacifi©scillation—West Pacific
Teleconnection Pattern: Mature-Phase Structure ¥fidter Impacts, Journal of
Climate, 21, DOI: 10.1175/2007JCLI2048.1.

Liu, Z.Y., Alexander, M. (2007): Atmospheric bridgeceanic tunnel, and global
climatic teleconnections, Rev. Geophysics, 45 A2). No. RG2005.

Lohmann, K., Drange, H., Bentsen M. (2009a): Respaft the North Atlantic subpolar
gyre to persistent North Atlantic Oscillation likercing, Clim. Dyn., 32, 273-285,
doi:10.1007/s00382-008-0467-6.

Lohmann, K., Drange, H., Bentsen M. (2009b): A lmesmechanism for the strong
weakening of the North Atlantic subpolar gyre i tmid-1990s, Geophys. Res. Lett.,
36, L15602, doi:10.1029/2009GL039166.

Longhurst, A. R. (2007): Ecological Geography «f Bea, 2 ed., Amsterdam, Boston,
MA, Academic Press.

Loeptien, U., Eden, C., Timmermann, A., Dietze, (B009): Effects of biologically
induced differential heating in an eddy-permitticgupled ocean-ecosystem model, J.
Geophys. Res. Oceans, 114: Art. No. C06011.

Lorenz, D. J., DeWeaver, E.T. (2007): Tropopaudghteand zonal wind response to
global warming in the IPCC scenario integrationsGéophys. Res., 112, D10119,
doi:10.1029/2006JD008087.

Madec, G., Imbard, M. (1996): A global ocean meshovercome the North Pole
singularity, CLIMATE DYNAMICS, 12 (6), 381-388.

Madec, G., Delecluse, P., Imbard, M., Levy, C. @990PA 8.1 Ocean General
Circulation Model Reference Manual, Note du Polevtlélisation, 11, Institut Pierre
Simon Laplace, 91pp.

Manizza, M., Le Quere, C., Watson, A.J., BuitenhWisT. (2005): Bio-optical
feedbacks among phytoplankton, upper ocean physidssea-ice in a global model,
Geophys, Res. Lett., 32 (5), Art. No. L05603.

135



Manizza, M., Le Quere, C., Watson, A.J., Buitenhuls.T. (2008): Ocean
biogeochemical response to phytoplankton-light liee#t in a global model, J.
Geophys. Res. Oceans, 113 (C10), Art. No. C10010.

Mann K.H., Lazier J.R.N. (1996): Dynamics of margeosystems. Blackwell Scientific
Publications, Oxford.

Mantua, N. J., Hare, S. R., Zhang, Y., Wallacéyl.J.Francis, R. C. (1997): A Pacific
interdecadal climate oscillation with impacts onnsan production, Bull. Amer.
Meteor. Soc., 78, 1069-1079.

Mantua, N., Hare, S.: The Pacific decadal oscdlati. Oceanogr., 58, 35— 44, 2002.

Marshall, J., Johnson, H., Goodman, J. (2001): ul\sof the interaction of the North
Atlantic Oscillation with the ocean circulation,Qlimate, 14, 1399-1421.

Marshall, J., Plumb, R.A. (2008): Atmosphere, Oc¢eand Climate Dynamics: An
Introductory Text. Elsevier, Amsterdam, 319 pp.

Marzeion, B., Timmermann, A., Murtugudde, R., JiR,F. (2005): Biophysical
feedbacks in the tropical Pacific, J. Climate, 18 $8-70.

Masina, S., Di Pietro, P., Navarra, A. (2004): tatenual to decadal variability of the
North Atlantic from an ocean data assimilation egst Climate Dyn., 23,
doi:10.1007/s00382-004-0453-6.

McClain, C.R. (2009): A Decade of Satellite Oceanld€ Observations, Annual
Review of Marine Science, 1, 19-42.

McGillicuddy, D.J., Anderson, L.A., Doney, S.C., Mad M.E. (2003): Eddy-driven
sources and sinks of nutrients in the upper ocBRasults from a 0.1° resolution model
of the North Atlantic, Glob. Biogeochem. Cycles, ()7 1035,
doi:10.1029/2002GB001987.

Meehl, G.A., T.F. Stocker, W.D. Collins, P. Friedjstein, A.T. Gaye, J.M. Gregory, A.
Kitoh, R. Knutti, J.M. Murphy, A. Noda, S.C.B. Rages. Watterson, A.J. Weaver and
Z.-C. Zhao, 2007: Global Climate Projections. Iinm@te Change 2007: The Physical
Science Basis. Contribution of Working Group |he Fourth Assessment Report of the
Intergovernmental Panel on Climate Charn§elomon, S.,D. Qin, M. Manning, Z.
Chen, M. Marquis, K.B. Averyt, M. Tignor and H.L. ilr (eds.)]. Cambridge
University Press, Cambridge, United Kingdom and Néwk, NY, USA.

Miller, A. J., Schneider, N. (2000): Interdecadiinate regime dynamics in the North
Pacific Ocean: Theories, observations and ecosystgpacts, Prog. Oceanogr., 47,
355-379.

Miller, R.L., Schmidt, G.A., Shindell, D.T. (2006orced variations of annular modes
in the XX century IPCC AR4 simulations. J. GeophyRes., 111, D18101,
doi:10.1029/2005JD006323.

136



Millero F. J. (1995): Thermodynamics of the carbdioxide system in the oceans.
Geochimica et Cosmochimica Acta 59, 661-677.

Morel, A., Antoine, D. (1994): Heating rate withiime upper ocean in relation to its bio-
optical stateJ. Phys. Oceanogr., 24 (7), 1652-1665.

Morris A. W., Riley, J. P. (1966): The bromide/cthitaty and sulphate/chlorinity ratio
in sea water. Deep-Sea Research 13, 699-705.

Murtugudde, R., Beauchamp, J., McClain, C.R., Lewls, Busalacchi, A.J. (2002):
Effects of penetrative radiation on the upper ttapocean circulation, J. Climate, 15
(5): 470-486.

Nakamoto, S., Kumar, S.P., Oberhuber, J.M., Iskiizak, Muneyama, K., Frouin, R.
(2001): Response of the equatorial Pacific to dpbyll pigment in a mixed layer
isopycnal ocean general circulation model, GeopRgs. Lett., 28 (10), 2021-2024.

Nakicenovic, N., Swart, R. (Eds.) (2000): Speci@pBt on Emissions Scenarios. A
Special Report of Working Group 1ll of the Intergmmmental Panel on Climate
Change, 612 pp., Cambridge University Press, CalgeriUK, ISBN 0521804930.

Navarra, A., Gualdi, S., Masina, S., Behera, Sg,Ll1J., Masson, S., Guilyardi, E.,
Delecluse, P., Yamagata, T.: Atmospheric horizorgablution affects tropical climate
variability in coupled models, JOURNAL OF CLIMATR] (4): 730-750 FEB 2008

Newman, M., Compo, G.P., Alexander, M.A. 2003: ENf®@ed variability of the
PDO.J. Clim, 16, 3853-3857.

Olsen, A., R. G. J. Bellerby, T. Johannessen, A.Qvhar, and I. Skjelvan (2003),
Interannual variability in the wintertime air-sdax of carbon dioxide in the northern
North Atlantic, 1981— 2001, Deep Sea Res., P&®,1323— 1338.

Ono, T., A. Shiomoto, and T. Saino (2008), Recestrelase of summer nutrients
concentrations and future possible shrinkage osthmarctic North Pacific high-nutrient
low-chlorophyll region, Global Biogeochem. Cycles 22, GB3027,
doi:10.1029/2007GB003092.

Oschlies, A. (2001), NAO-induced long-term changesutrient supply to the surface
waters of the North Atlantic, Geophys. Res. L&8(9), 1751-1754.

Oschlies, A.: Feedbacks of biotically induced réide& heating on upper-ocean heat
budget, circulation, and biological production in@upled ecosystem-circulation model,
JOURNAL OF GEOPHYSICAL RESEARCH-OCEANS, 109 (C12)t. No. C12031
DEC 28 2004

Park, S., Deser, C., Alexander, M.A.: Estimationha surface heat flux response to sea
surface temperature anomalies over the global sceMDURNAL OF CLIMATE, 18,
4582, 2005.

137



Paulson, C.A., Simpson, J.J.: Irradiance measursmerupper ocean, JOURNAL OF
PHYSICAL OCEANOGRAPHY, 7 (6): 952-956 1977

Peixoto, J. P., and A. H. Oort, 19%hysics of ClimateAmerican Institute of Physics,
520 pp

Philander, G.: El Nifo, la Nifa, and the Southerscillation, Academic Press, San
Diego, California, USA, 1990.

Polovina, J. J., E. A. Howell, and M. AbecassisO@0 Ocean’s least productive waters
are expanding, Geophys. Res.Lett., 35, L0361810di029/2007GL031745.

Power S, Colman R. 2006. Multi-year predictabilitya coupled general circulation
model. Climate Dynamics 26: 247-272.

Quadrelli, R., and J. M. Wallace, 2004: A simplifienear framework for interpreting
patterns of Northern Hemisphere wintertime climatgability. J. Climage, 17, 3728
3744.

Randall, D.A., R.A. Wood, S. Bony, R. Colman, Tchefet, J. Fyfe, V. Kattsov, A.

Pitman, J. Shukla, J. Srinivasan, R.J. StouffelSémi and K.E. Taylor, 2007: Cilmate
Models and Their Evaluation. In: Climate Change 200he Physical Science Basis.
Contribution of Working Group | to the Fourth Asse®nt Report of the

Intergovernmental Panel on Climate Change [Solon®n,D. Qin, M. Manning, Z.

Chen, M. Marquis, K.B. Averyt, M.Tignor and H.L. N&r (eds.)]. Cambridge

University Press, Cambridge, United Kingdom and Néwk, NY, USA.

Rauthe, M., A. Hense, and H. Paeth, 2004: A modelcomparison study of climate
change-signals in extratropical circulation. IntClimatol., 24, 643—-662.

Rayner, N. A., D. E. Parker, E. B. Horton, C. K.ll&od, L. V. Alexander, D. P.
Rowell, E. C. Kent, and A. Kaplan: Global analysésea surface temperature, sea ice,
and night marine air temperature since the latetagnth century, JOURNAL OF
GEOPHYSICAL RESEARCH, 108, 4407, doi:10.1029/200202670, 2003.

Reverdin, G; Cayan, D; Kushnir,:YDecadal variability of hydrography in the upper
northern North Atlantic in 1948-1990, JOURNAL OF GEHYSICAL RESEARCH-
OCEANS, 102 (C4): 8505-8531 APR 15 1997

Reverdin, G., P. P. Niiler, and H. ValdimarssonQ2)) North Atlantic Ocean surface
currents, J. Geophys. Res., 108(C1), 3002, doid2®/412001JC001020.

Riley J. P. (1965) The occurrence of anomalousgh Hluoride concentrations in the
North Atlantic.Deep-Sea Researdl2, 219-220.

Roéckner, E., Bauml, G., Bonaventura, L., Brokopf, Esch, M., Giorgetta, M.,
Hagemann, S., Kirchner, I., Kornblueh, L., Manzif, Rhodin, A., Schlese, U.,
Schulzweida, U., Tompkins, A.: The atmospheric gaherculation model ECHAM5,

138



Part I: Model description, Max-Planck-Institute ftMeteorology, Report No. 349,
Hamburg, Germany, 2003.

Rogers, J. C., 1981: The North Pacific OscillatidrClimatol.,1,39-57.

Roy R. N., L. N. Roy, K. M. Vogel, C. Porter-Moor€&, Pearson, C. E. Good, F. J.
Millero & D. J. Cambell (1993): Determination ofethonization constants of carbonic
acid inseawater in salinities 5 to 45 and tempeest0 to 45 °CMarine Chemistry4,
249-267.

Santana-Casiano, J.M., Gonzalez-Davila, M., Rukta.,, Llinas, O., Gonzalez-Davila,
E.F.: The interannual variability of oceanic COZagmaeters in the northeast Atlantic
subtropical gyre at the ESTOC site, GLOBAL BIOGECEMICAL CYCLES, 21 (1):
Art. No. GB1015 MAR 8 2007

Sarmiento, J. L., Slater, R., Barber, R., Bopp,Doney, S.C., Hirst, A.C., Kleypas, J.,
Matear, R., Mikolajewicz, U., Monfray, P., Soldatdv., Spall, S.A., Stouffer, R.:
Response of ocean ecosystems to climate warmin@BaL BIOGEOCHEMICAL
CYCLES, 18, GB3003, doi:1029/2003GB002134, 2004.

Sarmiento, J., and N. Gruber (2006), Ocean Biogaoatal Dynamics, Princeton Univ.
Press, Princeton, N. J.

Scaife A.A., et al.,, 2005: A stratospheric influenon the winter NAO and North
Atlantic surface climate, Geophys. Res. Lett., 138715, doi:10.1029/2005GL023226.

Schneider, N., and B.D. Cornuelle, 2005:The forcinf the Pacific decadal
oscillationJ.Climatel8, 4355 —4373.

Schwing, F.B., Mendelssohn, R., Bograd, S.J., Gwet| J.E., Wang, M., Ito, S.:
Climate change, teleconnection patterns, and ragigrocesses forcing marine
populations in the Pacific, J. Mar. Syst.,79, 2452

Shell, K.M., Frouin, R., Nakamoto, S., SomervilR,C.J.: Atmospheric response to
solar radiation absorbed by phytoplankton, JOURNADF GEOPHYSICAL
RESEARCH-ATMOSPHERES, 108 (D15): Art. No. 4445 AQ&X003

Siegel, DA, Doney, S.C., Yoder, J.A., 2002: The tNoktlantic spring phytoplankton
bloom and Sverdrup's critical depth hypothesis,ENMGE, 296 (5568): 730-733.

Simmons, A.J., Gibson, J.K.: The ERA-40 projectnpl@ech. Rep., ERA-40 Project
Report Series 1, ECMWF, Reading, United Kingdompp32000

Sinha, B. and Topliss, B. (2006) A description tierdecadal time-scale propagating
North Atlantic sea surface temperature anomaliesthair effect on winter European
climate, 1948-2002lournal of Climate19, (7), 1067-1079.

Stenseth, N. C., A. Mysterud, G. Ottersen, J. Wrrélly K.-S. Chan, and M. Lima,
Ecological effects of climate fluctuatiorScience297, 1292-1296, 2002.

139



Strutton, P.G., Chavez, F.P.: Biological heatingthe equatorial Pacific: Observed
variability and potential for real-time calculatiohOURNAL OF CLIMATE, 17 (5):
1097-1109 MAR 2004

Sutton, R., and M. Allen, 1997: Decadal predicigbibf North Atlantic sea surface
temperature and climate. Nature, 388, 563-567.

Sverdrup, H. U. (1953), On conditions for the vérboming of phytoplankton, J.
Cons. Cons. Int. Explor. Mer, 18, 287— 295.

Sweeney, C., Gnanadesikan, A., Griffies, S.M., idarr, M.J., Rosati, A.J., Samuels,
B.L.: Impacts of shortwave penetration depth ogdascale ocean circulation and heat
transport, JOURNAL OF PHYSICAL OCEANOGRAPHY, 35 (6)103-1119 JUN,
2005.

Takahashi, T., et al. (2002), Global sea-air CQ& thased on climatological surface
ocean pCO2 and seasonal biological and temperetigets, Deep Sea Res., Part 11, 49,
1601- 1622.

Takahashi, T., S.C. Sutherland, and A. Kozyr. 20@8kbal Ocean Surface Water
Partial Pressure of CO2 Database: Measurementored During 1968-2008
(Version 2008). ORNL/CDIAC-152, NDP-088r. Carbonokide Information Analysis

Center, Oak Ridge National Laboratory, U.S. Departimof Energy, Oak Ridge,
Tennessee, doi: 10.3334/CDIAC/otg.ndp088r.

Takahashi, T., S. C. Sutherland, R. Wanninkhof,S@eeney, R. A. Feely, D. W.
Chipman, B. Hales, G. Friederich, F. Chavez, A.&af D. C. E. Bakker, U. Schuster,
N. Metzl, H. Yoshikawa-Inoue, M. Ishii, T. Midorika, Y. Nojiri, C. Sabine, J.
Olafsson, Th. S. Arnarson, B. Tilbrook, T. Johaseas A. Olsen, Richard Bellerby, A.
Kortzinger, T. Steinhoff, M. Hoppema, H. J. W. daaB, C. S. Wong, Bruno Delille and
N. R. Bates, 2009b: Climatological mean and decealdahges in surface ocean pCO2,
and net sea-air CO2 flux over the global oceangpEgea Res. Il, 56, 554-577.

Tegen, I., Fung, I.: Modeling of mineral dust i ttmosphere — sources, transport, and
optical-thickness. J. Geophys. Res.-Atmos 99, 2282914, 1994,

Timmermann, A., Jin, F.F.: Phytoplankton influencemn tropical climate,
GEOPHYSICAL RESEARCH LETTERS, 29 (23): Art. No. 21DEC 6, 2002.

Timmermann, R., Goosse, H., Madec, G., Fichefet,Ethe, C., Duliere, V.: On the
representation of high latitude processes in theC®RIM global coupled sea ice-
ocean model, OCEAN MODELLINGS, 175-201, 2005.

Thomas, G.E. and Stamnes, K.: Radiative Transfethen Atmosphere and Ocean,
Cambridge University Press, Cambridge, UK, 1999.

Thomas, H., Prowe, A. E. F., Lima, I. D., Doney(CS, Wanninkhof, R., Greatbatch, R.
J., Schuster, U., and Corbiere, A. (2008): Changethe North Atlantic Oscillation

140



influence CO2 up- 5 take in the North Atlantic owdie past 2 decades, Global
Biogeochem. Cycles, 22, GB4027, doi:10.1020/20070867.

Thompson, D.W.J.and J.M.Wallace, 2000: Annular msode the extratropical
circulation.Part 1:Month- to-month variabilityClimate,13,1000-1016.

Trenberth, K. E.,, and J. W. Hurrell, 1994: Decaatatiosphere-ocean variations in the
Pacific. Climate Dyn., 9, 303-319.

Uppala, S. M., et al. (2005), The ERA-40 re-analyQ. J. R. Meteorofoc., 131,
2961-3012, doi:10.1256/qj.04.176.

Uppstroem, L. (1974), The boron-chlorinity ratiod#fep seawater from the Pacific
Ocean, Deep Sea Res. Oceanogr. Abstr., 21, 161- 163

Valcke, S., Caubel, A., Vogelsang, R., Declat, @asis3 ocean atmosphere sea ice soil
user’s guide, Technical Report TR/CMGC/04/68, CERBSA Toulouse, France, 2004.

Vichi, M., Masina, S., Pinardi, N.: A generalizedde!| of pelagic biogeochemistry for
the global ocean ecosystem. Part I: Theory, JOURNALMARINE SYSTEMS, 64,
1-4, 89-109, 2007.

Vichi, M., Masina, S., Navarra, A.: A generalizedael of pelagic biogeochemistry for
the global ocean ecosystem. Part Il: Numerical &tmans, JOURNAL OF MARINE
SYSTEMS, 64 (1-4): 110-134 JAN 2007

Vichi, M. and S. Masina: Skill assessment of the LRGOS global ocean
biogeochemistry model over the period 1980-2000,0g8bsciences, 6, 2333-
2353, 2009

Visbeck, M; Cullen, H; Krahmann, G; Naik,: M\n ocean model's response to North
Atlantic Oscillation-like wind forcing, GEOPHYSICAIRESEARCH LETTERS, 25
(24): 4521-4524 DEC 15 1998

Visbeck, M. 2002: The Ocean’s Role in Atlantic Climate Variabilityci8nce, 297,
2223-2224

Visbeck, M., E. P. Chassignet, R. G. Curry, T. lelorth, R. R. Dickson, and G.
Krahmann (2003), The ocean’s response to Northnidascillation variability, in The
North Atlantic Oscillation: Climatic Significancend Environmental Impact, Geophys.
Monogr. Ser., vol. 134, edited by J. W. Hurrelbét pp. 113- 145, AGU, Washington
D. C.

Walker, G. T., and Bliss, E.W. 1932: World weatkeMem. Roy. Meteor. Sod, 53—
84.

Wallace, J.M., and D.S.Grutzler, 1981: Teleconmadiin the Geopotential Height
Field during the Northern Hemisphere Wintgion.Wea.Rey109,784-812.

141



Wallace, J.M., Smith, C., Bretherton, C.S.: Singmalue decomposition of wintertime
sea surface temperature and 500-mb height anomalsRNAL OF CLIMATE, 5
(6): 561-576 JUN 1992

Wallace, J.M.: North Atlantic Oscillation/annular ode: Two paradigms - one
phenomenon, QUARTERLY JOURNAL OF THE ROYAL METEOROGICAL
SOCIETY, 126 (564): 791-805 Part A, 2000

Wallace, J. M., and D. W. J. Thompson (2002), Theifit center of action of the
Northern Hemisphere annular mode: Real or artifatt€lim., 15, 1987— 1991.

Wang, M., Overland, J.E., Bond, N.A. (2010): Climadrojections for selected large
marine ecosystems, J. Mar. Syst. 79, 258-266.

Watanabe, Y.W., H. Ishida, T. Nakano, and N. Nag@{5: Spatiotemporal decreases
of nutrients and chlorophyll-a in the surface mixager of the western North Pacific
from 1971 to 2000J. Oceanogt.61, 1011- 1016.

Wanninkhof, R. 1992. Relationship between wind dpaed gas exchange over the
ocean. J. Geophys. Res. 97: 7373-7382.

Weiss R. F. (1974) Carbon dioxide in water and s¢amvthe solubility of a non—ideal
gas.Marine Chemistry2, 203-215.

Wetzel, P., Maier-Reimer, E., Botzet, M., Jungclalls Keenlyside, N., Latif, M.:
Effects of ocean biology on the penetrative radmatin a coupled climate model,
JOURNAL OF CLIMATE, 19 (16): 3973-3987 AUG 2006

Xie, P., and Arkin, P. A.. Analyses of global mdgttprecipitation using gauge
observations, satellite estimates, and numericatlaingredictions, JOURNAL OF
CLIMATE, 9, 840-858, 1996.

Zeebe, R. E., Wolf-Gladrow. D.A (2001): CO2 in Sasev: Equilibrium, Kinetics,
Isotopes, Elsevier Oceanography Series, 65, pp./A#8terdam.

Zhao, H., Moore, G.W.K. (2009): Temporal varialyilih the expression of the Arctic
Oscillation in the North Pacific, J. Climate, 22, 318-3126, DOI:
10.1175/2008JCLI2611.1

142



