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Abstract

The PhD research project was aimed to improve the scientific knowledge of the origin and
fate of C-bearing gas compounds released from active volcanoes, hydrothermal systems and
tectonically active sedimentary basins. The first goal was to investigate the primary source(s)
of CH4 and light hydrocarbons in volcanic-hydrothermal gases under crustal conditions. This
objective was achieved by comparing the composition of low molecular weight organic
fraction (C;-C4) and associated CO, and H,O in fumarolic gases and geothermal wells from
different study areas around the world. We demonstrated that these hydrocarbons derive from
biotic sources, i.e., predominantly from the thermal decomposition of organic matter.
Meteoric waters and seawater circulating through the crust shuttle organic matter from Earth’s
surface into the reservoir rocks. There, high temperature pyrolysis of organic matter and open
system degassing generates n-alkanes with isotopic compositions previously classified as
being indicative for abiogenesis. These results led us to question the dogma of crustal
production of abiotic hydrocarbons and highlighted the potential of n-alkanes to become
sensitive indicators of life on habitable (exo)planets. The second goal was to study the
secondary processes affecting the composition of CO,, CH, and light hydrocarbons in natural
fluids during their uprising from the deep reservoirs to the surface in different geologic
setting, ranging from active volcanoes to sedimentary basins. Under magmatic-hydrothermal
conditions, catalytic organic reactions may strongly affect volatile organic compounds,
drastically changing alkanes-alkenes-aromatics relative abundances and isotopic composition
of C—C4 hydrocarbons. At peripheral areas of volcanic systems and tectonically active
sedimentary basins, composition of CO, and CHy in interstitial soil gases and dissolved gases
in groundwater are mainly controlled by supergene mechanisms, such as calcite precipitation
and microbial-driven processes. These secondary processes likely play a major role in

regulating the ultimate release of C-bearing gas compounds into the atmosphere.
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1 Introduction

Carbon displays remarkable chemical flexibility and thus is unique in the diversity of its
biogeochemical roles. Carbon has the ability to bond to itself and to more than 80 other
elements in a variety of bonding topologies, most commonly in 2-, 3-, and 4-
coordination.With oxidation numbers ranging from —4 to +4, carbon is observed to behave as
a cation, as an anion, and as a neutral species in phases with an astonishing range of crystal
structures, chemical bonding, and physical and chemical properties. This versatile element
concentrates in dozens of different Earth repositories, from the atmosphere and oceans to the
crust, mantle, and core, including solids, liquids, and gases as both a major and trace element
(Holland, 1984; Berner, 2004; Hazen et al., 2012).

The origin of carbon on Earth, similar to many other volatile elements, is debated (Marty et
al., 2013). Although carbonaceous chondrite is commonly used as the model for the terrestrial
building block because of their compositional similarities with the solar photosphere
(Lodders, 2003), geochemical arguments for other types of chondrites and non-chondritic
compositions, likely with quite different and lower abundance of carbon, also exist in modern
literature (e.g., Alard et al., 2000; Javoy et al., 2010; Caro, 2011; Warren, 2011; Campbell and
O’Neill, 2012; Morbidelli et al., 2012). The key information on the fate of carbon during early
Earth differentiation is how the element was partitioned between various reservoirs: core,
mantle (magma ocean), and proto-atmosphere. Magma ocean processes must have set the
initial distribution of carbon and conditions for further development of Earth’s deep carbon
cycle and have forced Earth to evolve differently compared to the planet Mars (Kuramoto,
1997). The carbon cycle post magma ocean crystallization was modulated by the thermal
vigor of solid state convection and plate tectonic cycles. The most important potential
consequences of plate tectonics on carbon cycle relate to subduction of carbon, notably
carbon-rich sediments. The sequestration of carbonates and organic matter has undoubtedly
played, and continues to play, a major and evolving role in Earth’s carbon cycle (Hayes and
Waldbauer, 2006; Kah and Bartley, 2011; Dasgupta, 2013). Plate tectonic cycle also
generated, for the first time, buoyant continental crust that resulted in substantial amounts of
subaerially exposed crust, as well as potentially extensive shallow marine continental shelves.
The evolution of Earth’s near-surface carbon mineralogy is intertwined with the origin and

evolution of life. In this respect, the co-evolving geosphere and biosphere transformed Earth




through three main episodes: (i) the emergence of chemolithoautotrophic microbial
communities, (ii) the rise of photosynthetic organisms and finally (iii) the innovation of
skeletal biomineralization.

The onset of plate tectonic and the emergence of life strongly shaped dynamics and timing of
the global carbon cycle. Dasgupta (2013) argued that the upper mantle geotherm of the past
billion years is sufficiently cool for subducted carbonates to remain largely sequestered in the
mantle; a situation that contrasts with prior eons of Earth history. Burton et al. (2013),
cataloging all known volcanic emissions of carbon and concluded that these varied sources
collectively represent only a small fraction of the carbon that is being subducted. Taken
together, these observations suggest a possibly dramatic Phanerozoic increase in the amount
of subducted carbon that remains sequestered in the mantle. The geologic history of Earth led
to the concentration of carbon into reservoirs interconnected by pathways of exchange.
Subduction is considered as a factory for the recycling of elements such as carbon between
the Earth’s interior and surface, linking the shallow and the deep carbon cycle. Presently, the
major reservoirs of carbon at the surface of our planet are carbonates in marine and
continental sedimentary rocks, reduced carbon in the biosphere and in fossil hydrocarbons,
dissolved inorganic carbon in the oceans and gaseous C species, notably CO,, in the
atmosphere. Carbonates occur as continental massive units from ancient oceanic platforms, as
oceanic sediments, and as veins and alteration phases in the oceanic crust (Hazen et al., 2013).
The amount of reduced carbon is lower than the carbonate reservoir by about a factor of ~4 to
5. Current estimates of the total amount of carbon at Earth’s surface are around 7-11 x 10*'
moles (Ronov and Yaroshevskhiy, 1976; Javoy et al., 1982; Holser et al., 1988; Hayes and
Waldbauer, 2006).

Throughout Earth’s crust and upper mantle, fluids play the dominant role in transporting and
concentrating Earth’s energy and chemical elements (Liebscher and Heinrich, 2007).
Furthermore, the flux of fluids, which act as both reaction media and reactants, strongly
influences the genesis and evolution of different rocks. Among the different types of fluids,
those containing volatile carbon, hydrogen and oxygen (C-H-O) species tend to dominate in
the lithosphere. Carbon can be a major constituent of crustal and mantle fluids, occurring both
as dissolved ionic species (e.g., carbonate ions or organic acids) and molecular species (e.g.,
CO,, CO, CHy4, and more complex organic compounds). The chemistry of dissolved carbon
changes dramatically with pressure (P) and temperature (T). In aqueous fluids at low P and T,
molecular carbon gas species such as CO, and CH4 saturate at low concentration to form a

separate phase. With modest increases in P and T, these molecular species become fully
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miscible with H,O, enabling deep crustal and mantle fluids to become highly concentrated in
carbon. At such high concentrations, carbon species play an integral role as solvent
components and, with H,O, control the mobility of rock-forming elements in a wide range of
geologic settings. The mobility of C species from deep reservoirs to shallow environments on
Earth supply pre-biotic molecules and nutrients to the biosphere, to gas reservoirs and to the
atmosphere and oceans. Hence, the migration of carbon-bearing crustal and mantle fluids
contributes to Earth’s carbon cycle; however, the mechanisms, magnitudes, and time
variations of carbon transfer from depth to the surface remain least understood parts of the
global carbon budget (Berner 1991, 1994; Berner and Kothavala, 2001). At crustal conditions,
carbon-bearing gas compounds can be primarily produced by geological and biological
processes. Magma degassing and carbonates metamorphism are both geogenic sources of C
gas species mainly in the form of CO,. On the contrary, thermal decomposition of
sedimentary organic matter produces CH4 and volatile organic compounds and only minor
amounts of CO, during the early stages of kerogen’s evolution via decarboxylation of pre-
existing carboxylic acids. Recent observations of hydrocarbons emanating from non-
sedimentary systems (abiogenic), such as mid-ocean ridge hydrothermal systems or occurring
within some crystalline rock-dominated Precambrian shield environments have challenged the
view that organic rich sediments provide the only significant source of crustal hydrocarbons
(Potter and Konnerup-Madsen, 2003; Sleep et al., 2004; Sherwood Lollar et al., 2006;
McCollom, 2013; Sephton and Hazen, 2013). Geopressured-geothermal regimes contain C-H-
O fluids with vast energy potential in the form of methane and hot water at high pressure.
Even fluid inclusions from both metamorphic and igneous terrains record the presence of
methane-bearing fluids reflecting reduced redox state conditions of formation. It is becoming
increasingly clear that organic molecules present as gas species, in aqueous and volatile fluids
play major roles in controlling geochemical processes, not just at Earth’s surface, but also
deep within the crust. Biosphere heavily shapes the global carbon cycle, being the source of
CO, and CHs by plant and animal respiration and methanogenesis, respectively.
Methanogenic microbial consortia have been found at basinal temperatures up to 75 °C and
down to 3 km depth (Rice and Claypool, 1981; Inagaki et al., 2015). Biogenic gases are
produced ubiquitously in near-surface environments (Rice and Claypool, 1981; Faiz and
Hendry, 2006) and can comingle with geogenic gases, forming gas of mixed origin. A grand
challenge in carbon sciences is developing criteria to accurately discriminate between
biogenic and abiogenic processes. In ecosystems near the limits of habitability some of the

classical discriminants for life, e.g. organic carbon compounds, are also potentially produced
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by abiotic processes (Sephton and Hazen, 2013). Due to the overlap of biogenic and abiogenic
processes, and complex physiological adaptations of microbial populations (e.g. under carbon
limitation), several geologic contexts present a challenge to deciphering biogenic from
abiogenic carbon sources.

Once formed through geological or biological processes in the subsurface, C-bearing gas
compounds such as CO, and CH4 may be transported within the Earth’s crust as a free gas
phases or dissolved in water, forming secondary carbon reservoirs, fostering shallow
biosphere and ultimately being released into the atmosphere. Upon leaving the formation
zone, C species may experience post-genetic processes during their geologic pathways
throughout the crust, such as: dissolution of CO; into shallow aquifers and subsequent carbon
segregation in carbonate minerals (e.g. Inguaggiato et al., 2005; Chiodini et al., 2015),
microbial oxidation of methane in oxic and anoxic environments by methanotrophic activity
(e.g. Templeton et al., 2006; Sivan et al., 2007) and biodegradation of C,,; volatile organic
compounds (e.g. Alexander, 1994). Accordingly, the chemical speciation of carbon in natural
gas samples is the result of source and supergene processes and information about the primary
source (genetic mechanism and physico-chemical conditions) can be totally or partially
preserved or completely altered by secondary phenomena. The comprehension of both (i) the
primary processes on C-bearing gas compounds occurring in deep reservoirs at crustal
conditions and (ii) the secondary processes occurring during the uprising of fluids toward the
surface, are crucial for a reliable estimation of the global carbon budget.

The latter processes have a limited effect on the pristine fluid composition when the uprising
of the deep-originated C species is relatively fast. Hence, gases from high-flux natural
emissions may be considered the best proxy of the deep reservoirs. However, CO,, CH4 and
light hydrocarbons are emitted not only through punctual degassing vents, but also diffusively
through the Earth surface. Soil diffuse degassing significantly contributes to the atmospheric
emissions of carbon (e.g. Cardellini et al., 2003; Chiodini et al., 2004; Granieri et al., 2010;
Viveiros et al., 2010; Tassi et al., 2013). The chemical features of C species in interstitial soil
gases from diffuse degassing areas are likely controlled by secondary processes as fluids are
uprising towards the surface. Gas fluxes from soil, depending on the pressure gradient, and on
the structure, porosity and permeability of the media encountered during the ascent towards
the surface (e.g. Cardellini et al., 2003; Chiodini et al., 2010), is orders of magnitude lower
than those characterizing punctual discharges (e.g. Aiuppa et al., 2013). Thus, it is reasonable
to suppose that the composition of the gases released as diffuse emissions significantly

depends on chemical and physical processes (e.g. oxidation reactions, water vapor
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condensation, interactions with shallow aquifers), favored by the strong changes in physico-
chemical conditions, which are particularly effective when fluids slowly approach the surface,
i.e. within the soil (Tassi et al.,, 2013). Similarly, secondary processes driven by
microorganisms (Bacteria and Archaea), inhabiting soils and aquifers at shallow depths, may
affect the C-bearing compounds of fluids (e.g. Huber et al., 2000; Norris et al., 2002;
D'Alessandro et al., 2011; Gagliano et al., 2014). The establishment of pathways of fluid
migration in natural environments is particularly effective in volcanic and tectonic areas
where structural configuration allows fluid channeling along faults and fracture enhancing the
transport speed of carbon from deep to shallow reservoirs.

Investigating the geochemistry of C-bearing gas compounds in natural fluids can shed light on
their origin and evolution and on the history of the transporting media but many aspects are
still pending a solution. For example, based on the 8'*C and CO./*He ratios measured in
volcanic gases from convergent plate boundaries volcanic centers, Sano and Marty (1995)
inferred that up to 20 % of the carbon is derived from a MORB-type source, while the major
fraction of the gases has been attributed to CO, produced by decarbonation of subducted
marine limestone slab carbonate. However, shallow processes such as mixing of deep gases
with meteoric water and calcite precipitation may strongly mask the deep 8'°C—CO,, making
deciphering the origin of CO; in volcanic contexts a challenging task. In the last decades
organic geochemistry has been extensively used in order to unravel the sources of methane
and light hydrocarbons in natural fluids. It has been generally presumed that thermogenic,
biogenic, and abiogenic hydrocarbons should differ in their carbon isotopic composition.
Typical reference values of 3'°C (CHy) are -70%o to -60%o for a biological production, -60%o
to -40%o for a thermogenic origin, -30%o to -20%o for geothermal hydrocarbons, and -20%o to
-5%0 for MORs (Schoell, 1988; Bradley and Summons, 2010), but this division is being
debated (e.g., Sherwood Lollar and McCollom, 2006; Ueno et al., 2006a, 2006b). As for
hydrocarbon gases (C;—Cy), it has been suggested that a slight decrease in 8°C with
increasing carbon number could be an indication of an abiotic catalytic formation, while a
thermogenic origin has always shown a strongly positive correlation (Des Marais et al., 1981;
Sherwood Lollar et al., 2002; Pan et al., 2006). This isotope reversal trend has been attributed
to kinetic isotope fractionation effects during surface-catalyzed polymerization reactions of
methylene units (e.g., Schoell, 1983; Jenden, 1993; Fu et al., 2011). As the trend is weak to
almost flat, it was even suggested that no fractionation occurs during polymerization.
However, hydrocarbon gases produced experimentally via abiogenic re- actions do not

consistently produce inverse or flat trends, and results are rather heterogeneous (e.g.,
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McCollom and Seewald, 2006; Fu et al., 2007; Taran et al., 2007, 2010a; McCollom et al.,
2010). Experiments reported in the literature to date were carried out under various physical
and chemical conditions. This definitely indicates that carbon isotope fractionation of
hydrocarbons is controlled by their formation processes and kinetics, which in turn may differ
according to temperature, pressure, and redox conditions (McCollom and Seewald, 2006; Fu
et al., 2011). Whether the experiments were conducted in a gas and/or water phase and in a
closed or flow-through reactor are other possible influencing factors. In addition, several
thermogenic gases do show reversals of the kind attributable to abiotic reactions (e.g., Burruss
and Laughrey, 2010). The reverse or flat trend has generally been observed for hydrocarbon
gases in ultramafic-hosted hydrothermal systems and terrestrial volcanic-hydrothermal
systems, but no clear evidence of their abiogenic origin has been brought forth (Proskurowski
et al., 2008; Charlou et al., 2010). Clearly, it will be even more difficult to determine the
origin of longer n-alkanes and other organic compounds detected in natural fluids from non-
sedimentary environments. Notwithstanding the complexity of carbon cycle, understanding
the mechanisms and rates of C-bearing gas compounds formation and alteration under crustal
conditions is very promising not only for geochemical studies, but also in the framework of
industrial applications and green chemistry (Shipp et al., 2014) and it opens fascinating and
appealing perspectives in studies on the origin of life on the Early Earth and astrobiology (e.g.
Waichtershduser, 1988; Russel and Martin, 2004; Sherwood Lollar, 2004; Williams et al.,
2005).

The current PhD project was aimed to improve the scientific knowledge of the origin and fate
of C-bearing gas compounds released from active volcanoes, hydrothermal systems and
tectonically active sedimentary basins, covering most of the issues previously described. In
the framework of the 3-year research project, several sampling campaigns were carried out
from different sites. The selection of the study areas was dictated by the need to investigate
the geochemistry of carbon-bearing gas compounds under a wide range of conditions and
geologic contexts to understand the primary origin and fate of these compounds in the Earth’s
crust. Sampling strategies and analytical techniques were adopted in order to determine the
chemical and isotopic composition of carbon species in high-flux emissions (fumaroles,
boiling and bubbling pools), interstitial soil gases, shallow aquifers and natural gas reservoirs.
The first goal was to investigate the primary source(s) of CHs and light hydrocarbons in
volcanic-hydrothermal gases under crustal conditions. This objective was achieved by
comparing the composition of low molecular weight organic fraction (C;-C4) and associated

CO; and H,0 in fumarolic gases and geothermal wells from different study areas around the
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world. The second goal was to study the secondary processes affecting the composition of
CO,, CH4 and light hydrocarbons in natural fluids during their uprising from the deep
reservoirs to the surface in different geologic setting, ranging from active volcanoes to
sedimentary basins. The scientific objectives of this thesis are documented within five
individual manuscripts, including data already presented at national and international
scientific conferences (Appendix B) and published in (or under submission to) peer-reviewed
international scientific journals (Appendix A). The results of these studies are presented and
discussed in chapters 3-7.

The first manuscript (submitted to Nature Geoscience) investigates the primary origin of
methane and light normal-alkanes in hydrothermal gases associated to subaerial volcanic
systems. In this context, the origin of the organic fraction was debated, and two main genetic
mechanism are often invoked: thermal decomposition of organic matter or abiogenesis.
Results suggest that high temperature pyrolysis of organic matter and open system degassing
are the processes most likely responsible for the observed chemical and isotopic composition
of n-alkanes in hydrothermal gases. Furthermore, our findings challenge the dogma of crustal
production of abiotic hydrocarbons.

The second manuscript (in preparation, under internal review) focuses on the primary origin
and fate of light hydrocarbons in high-temperature magmatic gases and low-temperature
hydrothermal gas emissions discharged at Vulcano Island (southern Italy). Vulcano Island
was the perfect case study to investigate the behavior of light hydrocarbons in natural fluids
under a wide range of temperatures and redox conditions. Moreover, the primary origin of
methane in high temperature magmatic gases has been also studied. Results suggested that
secondary processes possibly catalyzed by minerals or inorganic gas species, heavily shape
the isotopic composition of the organic fraction, challenging the use of geochemical
parameters used commonly to discriminate between biotic and abiotic sources.

The third (published in Journal of Volcanology and Geothermal Research) and fourth
(published in Science of Total Environment) manuscripts investigate the effects of secondary
processes on CO, and CHy in soils affected by hydrothermal alteration and shallow aquifers
from Vulcano Island, Solfatara crater (Pozzuoli, southern Italy) and Monterotondo Marittimo
(Larderello geothermal field, central Italy). In soils, gas diffusion and microbial activity
seemed to highly affect the carbon isotopic composition of CO, and CH4. While in shallow
aquifers, our results suggested that calcite precipitation, affecting hydrothermal fluids during

their underground circulation, rather than two endmember biogenic-hydrothermal mixing, is




the process responsible for the observed variations of the 8'C of dissolved CO, and TDIC
(Total Dissolved Inorganic Carbon).

The fifth manuscript (in preparation; under internal review) explores the origin and fate of
CH, in the Southern Po River Basin, a tectonically active sedimentary basin of central-
northern Italy, highlighting the key role of microbial activity in regulating the ultimate release
of methane into the atmosphere. In the study area, migration of deep hydrocarbons, enhanced
by the structural configuration of the strata, allowed them to reach shallower levels and
pervasively contaminate near-surface aquifers. Our geochemical investigation suggested that
methane fluxes from shallow aquifers to atmosphere is controlled by the microbial

consumption of methane at aerobic conditions by methanotrophic bacteria.




2 Origin and fate of C-bearing gas

compounds in Earth’s crust

2.1 Introduction

Carbon-bearing compounds are of specific importance to many geochemical processes on
Earth and other planets. Not only are volatile species (CO,, CO, CHy4 and light hydrocarbons)
important components of biological systems, but they might also be a manifestation of deep-
seated geologic processes. In this chapter, a compendium of the current state of knowledge
about: (i) carbon species in Earth degassing; (ii) genetic mechanisms of hydrocarbons in the
deep subsurface under crustal conditions and (iii) biological processes of
formation/consumption of C-bearing compounds in shallow environments is presented in
order to provide a suitable background to the main topics of this PhD thesis. First, an
overview on the main hypotheses about the origin of organic compounds in natural systems is
described. These sections, shedding light on processes occurring at depth, are preparatory to
the results and discussions presented in the manuscript. Finally, the potential role played by
biogenic processes at shallow depth on the origin and fate of C-bearing gas compounds rising
toward the surface is discussed through the description of the main microbial metabolic

pathways involving these compounds.

2.2 Carbon species in Earth degassing

Earth is unique among the terrestrial planets in our solar system in having a fluid envelope
that fosters life. The secrets behind Earth’s habitable climate are well-tuned cycles of carbon
(C) and other volatiles. While on time-scales of ten to thousands of years the chemistry of
fluids in the atmosphere, hydrosphere, and biosphere is dictated by fluxes of carbon between
near surface reservoirs, over hundreds of millions to billions of years it is maintained by
chemical interactions of carbon between Earth’s interior, more specifically the mantle, and the
exosphere (Berner, 1999). This is due to the fact that the estimated total mass of C in the
mantle is greater than that observed in the exosphere (Sleep and Zahnle, 2001; Dasgupta and
Hirschmann, 2010) and the average residence time of carbon in the mantle is between 1 and 4

Ga (Sleep and Zahnle, 2001; Dasgupta and Hirschmann, 2006).




Over long periods of time (~Ma), we may consider the oceans, atmosphere and biosphere as a
single exospheric reservoir for CO,. The geological carbon cycle describes the inputs to this
exosphere from mantle degassing, metamorphism of subducted carbonates and outputs from
weathering of aluminosilicate rocks (Walker et al., 1981). A feedback mechanism relates the
weathering rate with the amount of CO; in the atmosphere via the greenhouse effect (e.g.,
Wang et al.,, 1976). An increase in atmospheric CO, concentrations induces higher
temperatures, leading to higher rates of weathering, which draw down atmospheric CO,
concentrations (Berner 1991). Atmospheric CO, concentrations are therefore stabilized over
long timescales by this feedback mechanism (Zeebe and Caldeira, 2008). This process may
have played a role (Feulner et al., 2012) in stabilizing temperatures on Earth while solar
radiation steadily increased due to stellar evolution (Bahcall et al., 2001). In this context the
role of CO, degassing from the Earth is clearly fundamental to the stability of the climate, and
therefore to life on Earth. Notwithstanding this importance, the flux of CO, from the Earth is
poorly constrained. The uncertainty in our knowledge of this critical input into the geological
carbon cycle led Berner and Lagasa (1989) to state that it is the most vexing problem facing
us in understanding that cycle. Notwithstanding the uncertainties in our understanding of CO,
degassing from Earth, it is clear that these natural emissions were recently dwarfed by
anthropogenic emissions, which have rapidly increased since industrialization began on a
large scale in the 18th century, leading to a rapid increase in atmospheric CO, concentrations.
While atmospheric CO; concentrations have varied between 190-280 ppm for the last 400,000
years (Zeebe and Caldeira, 2008), human activity has produced a remarkable increase in CO,
abundance, particularly in the last 100 years, with concentrations reaching ~390 ppmv at the
time of writing. This situation highlights the importance of understanding the natural carbon
cycle, so that we may better determine the evolution of the anthropogenic perturbation. The
main sources of carbon are active and inactive volcanism from arcs and rift zones and
metamorphism of crustal carbonates. The main sinks for geological carbon are silicate
weathering and carbonation of oceanic crust. Knowledge of both the total magnitude of
carbon capture during subduction and carbon released from volcanism and metamorphism
would allow quantification of the evolution and relative distribution of volatiles in the crust
and mantle (Dasgupta and Hirschmann, 2010). CO, released directly from active volcanoes
has three main sources, CO, dissolved in the mantle, recycled CO, from subducted crustal
material (e.g., Marty and Tolstikhin, 1998) and decarbonation of shallow crustal material
(e.g., Troll et al., 2012). Separating the relative proportions of mantle and crustal carbon is

possible through investigation of the isotopic composition of emitted carbon (e.g., Chiodini et
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al., 2011) and is increasingly important given that during eruptions magmatic intrusions may
interact with crustal material, strongly enhancing the CO, output of the volcanic system (Troll
et al., 2012), at least temporarily. The magnitude of diffuse mantle CO; can also be identified
isotopically in mixed metamorphic and magmatic gases using Carbon (Chiodini et al., 2011)
or Helium isotopes as a proxy for deep mantle sources in both major fault systems (Pili et al.,
2011) and crustal tectonic structures (Crossey et al., 2009). Diffuse CO, degassing from both
volcanic and tectonic structures is a large contributor to the global geological CO, emission,
but is difficult to measure due to the large areal extent that may be in play, and the large
number of degassing sites throughout the globe. Measuring the CO, degassing rates into
volcanic lakes and from submarine volcanism have significant technical challenges.

CO; is not the only carbon-containing molecule emitted from the Earth. In order of decreasing
emitted amounts, CO,, CHy, CO, OCS and VOCs (Volatile Organic Compounds) all
contribute to the total carbon budget. Morner and Etiope (2002) estimated that the global
emission of CO;, from Earth degassing was ~600 million tons of CO, per year (Mt/yr, 1 Mt =
1012 g), with ~300 Mt/yr produced from subaerial volcanism, and another 300 Mt/yr
produced from non-volcanic inorganic degassing, mostly from tectonically active areas
(Chiodini et al., 2005). For comparison, Cadle (1980) estimated that volcanic activity
produces 0.34 Mt/yr of CHs. Mud volcanoes in Azerbaijan were estimated to produce ~1
Mt/yr of CHy4, however the global flux from mud volcanism is not known. Hydrocarbon
seepage of CHy4 globally is estimated to produce between 8 and 68 Mt/yr (Hornafius et al.,
1999). Etiope et al. (2008) estimated that global CH,4 emissions from geological sources to be
53 Mt/yr, a significant proportion of the geological C output. CH4 from geological sources is
commonly emitted along with minor amounts of higher hydrocarbons and heteroatomic
organic compounds. Within this large group of compounds, ethane is the most abundant non-
methane hydrocarbon in the atmosphere. Nicewonger et al. (2016) estimated that global
geologic emission of ethane was 0.002-0.003 Mt/yr in the Preindustrial era. CO is emitted
directly from volcanoes, with a CO,/CO ratio that varies between ~10 and ~1000 depending
on the oxygen fugacity and temperature of the fluid co-existing with melt prior to outgassing.
OCS is also directly emitted within volcanic plumes, but in even smaller relative amounts
than CO, typically 1000-10,000:1 for CO,: OCS (Mori and Notsu, 1997; Burton et al., 2007;
Oppenheimer and Kyle, 2008; Sawyer et al. 2008). OCS is the most abundant S bearing gas
species in the atmosphere, contributes to stratospheric sulfuric acid aerosol generation
(Crutzen, 1976) and is an efficient greenhouse gas (Briihl et al., 2012). Its budget is

dominated by emissions from oceans and anthropogenic processes. From a total global output
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of ~1.3 Mt/yr of OCS only 0.03 Mt is estimated to arise from volcanism (Watts, 2000). CS; is

the final trace carbon gas emission from volcanoes, with a similar flux and chemistry to OCS.

2.3 Origin of hydrocarbons: geological sources and

Processes

2.3.1 Thermogenic hydrocarbons from deep environment

Deep hydrocarbons include a rich diversity of organic chemical compounds in the form of
petroleum deposits, including oil and gas in various reservoirs, bitumen in oil sands, coal and
clathrate hydrates. The major gaseous hydrocarbons are the alkanes methane (natural gas,
CH.,), ethane (C,Hg), propane (Cs;Hsg), and butane (C4H,o). Liquid components of petroleum
include a complex mixture primarily of linear and cyclic hydrocarbons from Cs to C,7, as well
as numerous other molecular species, while solid hydrocarbons include such broad categories
as paraffin waxes (typically from C;g to Cs9). Water-based clathrates, also known as gas
hydrates or clathrate hydrates, are an important emerging source of deep methane that deserve
special notice in the context of deep hydrocarbons. These remarkable crystalline water-cage
compounds, which form at low temperatures (< 0 °C) and elevated pressures (> 6 MPa), have
potential applications both as a major methane source and as model materials for efficient
energy storage (Buffett, 2000; Boswell, 2009; Koh et al., 2009, 2011). “Methane ice,” by far
the dominant natural clathrate hydrate mineral, forms in permafrost zones below a depth of
~130 meters and in marine sediments on the outer continental shelves (Max, 2003;
Guggenheim and Koster van Groos, 2003; Koh et al., 2011). The extent of methane hydrate is
remarkable, with total estimated methane storage of 2 x 1016 m’ (Kvenvolden, 1995; Milkov,
2004). Methane ice thus represents a potential energy source that is orders of magnitude
greater than the proven traditional natural gas reserves (Allison and Boswell, 2007), and
which may exceed the energy content of all known fossil fuel reserves (Kvenvolden, 1995;
Grace et al., 2008). It is well established that methane-bearing hydrate clathrates arise from
H,0-CHjy fluids subjected to low-temperature and high-pressure (Buffett, 2000; Hyndman and
Davis, 1992; Max, 2003), at which conditions an H,O framework crystallizes around the CHy4
template molecules. Subsurface methanogenic microorganisms represent one significant
source of methane (and to lesser extent low-molecular weight hydrocarbons) generated at
relatively low temperatures (Chapelle et al., 2002; D’Hondt et al., 2004; Hinrichs et al., 2006;
Jorgensen and Boetius, 2007; Roussel et al., 2008; Schrenk et al., 2010, 2013; Mason et al.,

12



2010; Menez et al., 2012; Colwell and D’Hondt, 2013). At higher temperatures and pressures,
thermal maturation of organic matter followed by migration of hydrocarbons to surficial
environments is another important contributor to the formation of reservoirs. The more
conventional view of petroleum formation is that it formed when selected aliquots of biomass
from dead organisms were buried in a sedimentary basin and subjected to diagenesis through
prolonged exposure to microbial decay followed by increasing temperatures and pressures.
Oxygen-poor conditions, produced by exhaustion of local oxygen levels by biomass decay
and often sustained by physical barriers to oxygen recharge, are obvious enhancers for fossil
organic matter preservation and passage into the geosphere. The major organic components in
life are large, high molecular weight entities and the most resistant of these units are
preserved in sediments, augmented by cross-linking reactions that polymerize and incorporate
smaller units into the complex network. The high molecular weight sedimentary organic
matter is termed kerogen. It is worth noting that not all of life’s organic matter is reflected in
kerogen. Even under relatively favorable conditions less than 1% of the starting organism,
representing the most resistant chemical constituents, may be preserved (Demaison and
Moore, 1980). The chemistry of kerogen depends strongly on its contributing organisms and
several different types are formed. Type I forms from mainly algae, Type II from a mixture of
algae and land plants, and Type III primarily from land plants. Irrespective of kerogen type,
increased temperature and pressure leads to thermal dissociation or “cracking” and produces
petroleum. Owing to their intrinsic chemical constitution, Type I and Type II kerogens are
predisposed to generate oil while Type III kerogens produce gas. At more extreme
temperature and pressures, petroleum can undergo secondary cracking reactions that result in
significant quantities of the light hydrocarbons. Petroleum reservoirs often comprise porous
and permeable sedimentary rock (Selley, 1985). Resilient compounds derived from plants
(lignin) and microbes (long-chain carboxylic acids) progressively transform on burial. There
are many pathways for these transformations, and a host of products. Oxidation of organic
carbon and decarboxylation of preexisting carboxyl groups in organic matter yield CO,. Small
organic acids are released during petroleum and coal formation (followed, perhaps, by their
decarboxylation). Hydrolytic disproportionation processes transform hydrocarbons. Alkanes,
alkenes, alcohols, ketones, aldehydes, and other compounds are generated through aqueous
organic transformation reactions. Finally, methane and other small organic compounds are
released during the final steps of maturation of organic matter.

Thermogenic processes are a series of reactions involving pre-existing organic compounds

and occurring at temperatures >120-150 °C. They refer to both (i) thermal degradation of
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large organic molecules (e.g. proteins, lipids, DNA) to smaller and simpler ones and (ii)
rearrangement of compounds under high temperature and pressure conditions (Konn et al.,
2015). In analogy with processes used in petroleum refining industry, Capaccioni et al. (1993,
1995) referred to these processes as (i) thermal cracking and (ii) catalytic reforming

(including polymerization processes).

2.3.1.1 Thermal cracking

Thermal decomposition of organic matter (or thermal cracking, also referred to as pyrolysis)
is considered the most important source of hydrocarbons in the deep subsurface of
sedimentary basins. Thermal cracking defines a series of reactions involving the breaking of
bonds in organic molecules, i.e. C-C, C-H or C-R bonds (where R refers to any heteroatom,
such as O, S, N or halogens, or group of atoms), resulting in the fragmentation of molecules
into smaller structures (Capaccioni et al., 1993, 1995; Guéret et al., 1997). The molecule
fractionation preferentially occurs by breaking of C-C bonds as the result of the larger
dissociation energy of the C-H bonds (Guéret et al., 1997). For instance, the cracking of
normal-alkanes, during which the C-C or C-H bonds are broken, leads to the formation of an
alkane and/or an alkene (Guéret et al., 1997). Consequently, ethane may decompose to ethene,
propane to propene or ethene, butanes to methane, ethane, ethene, propene and 1-butene
(Gunter, 1978).

The dissociation reaction is highly endothermic; hence, it requires high temperatures. The
standard free energy of formation (Figure 1) provides an indication of the stability of each
hydrocarbon molecule. At a given temperature, the most stable compound has the lowest
AG':. The stability of hydrocarbons generally decreases with increasing temperatures, except
for ethyne (Figure 1). Methane is the most stable hydrocarbon up to 1300 K, where benzene
becomes more stable than methane (Guéret et al., 1997). In fact, the stability of aromatics
increases faster as a function of temperature. However, hydrocarbons in Figure 1 are unstable
for all T relative to C and H,, except for methane and ethane at T lower than 800 K and 400
K, respectively (Guéret et al., 1997).
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Figure 1: Thermodynamic stability of hydrocarbons (after Guéret et al., 1997). The standard Gibbs energy of
formation is related to a carbon atom to facilitate comparison.

To prevent the decomposition of hydrocarbons into C and H the reaction has to be stopped
(quenched) at a certain time (or reaction progress), i.e. before C is formed (Holmen et al.,
1995; Guéret et al., 1997). The rates of cracking reactions are considered negligible at
temperatures below 350 °C (Capaccioni et al., 1995). At temperatures from 150 to 350 °C,
catalytic reforming processes prevail (Capaccioni et al., 1995). The traditional paradigm of
kerogen-cracking limits the generation of oil-associated gas to the ‘oil window’ (vitrinite
reflectance R, = 0.6 to 1.0 %), whereas the onset of gas generation in the 'gas window' is
typically associated with R, of 1.0 to 1.3 % and terminates around 3.0 % (Higgs, 1986; Jarvie
et al., 2007). However, in a series of laboratory experiments, Wei et al. (2018) were
successful in generating large amounts of methane along with minor contents of C,;-Cs;
alkanes by long-term heating kerogen-containing rocks at low temperatures (60 and 100 °C).
High experimental methane yields, up to 5-11 orders of magnitude higher than those
theoretically predicted by kinetic models of hydrocarbons generation, strongly suggest a

contribution of catalytic methanogenesis, providing evidences that high amounts of organic
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matter can be converted to relatively dry natural gas over tens of thousands of years in

sedimentary basins at temperatures as low as 60 °C.

2.3.1.2 Catalytic reforming

In reforming processes, catalytic agents, rather than temperature and pressure, play the most
important role (Capaccioni et al., 1993). A catalyst is a substance that increases the rate of a
chemical reaction by providing an alternative pathway for breaking and making of bonds
without undergoing a permanent chemical change itself in the process (Killops and Killops,
2005; Brown et al., 2012). The catalyst partially bonds to the reactants, weakening one or
more of the bonds that are to be broken (Killops and Killops, 2005).

Activated
complex

E, (uncat)

Uncatalyzed
reaction

Reactant

Potential energy

Catalyzed
reaction

AE

Product

Reaction coordinate

Figure 2: Effect of a catalyst on the activation energy of a reaction

In other words, a catalyst lowers the overall activation energy for a specific chemical reaction
(Figure 2), without being involved as a reactant, and allows the reaction to proceed faster.
Catalyst may be present in the same phase of the reacting molecules (homogeneous catalyst)
or in a different phase (heterogeneous catalyst), usually as a solid in contact with either
gaseous or liquid reactants. The distinction between hetero- and homo-catalytic processes is
important. While homogeneous catalyzed reactions are subject to the probability (clearly
small under dilute conditions) of favorable reactant collision in solution, heterogeneous
catalysts scavenge dilute solutions for reactants through surface adsorption, significantly
enhancing the reaction rate (Cody et al., 2004). Heterogeneous catalysis usually starts with

adsorption of reactants, i.e. reactant molecules bind to the catalyst surface. Adsorption occurs
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because atoms and ions at the surface of a solid are extremely reactive as they have unused
bonding capability that can be used to bond molecules from the gas or liquid phase to the
surface of the solid (Brown et al., 2012). Catalytic agents may enhance a series of structural
transformations of organic molecules, including e.g. polymerization (addition to make larger
molecules) and many organic functional interconversions (e.g. by condensation, cleavage,
cyclization, hydrolysis, oxidation and hydrogenation reactions; Shock et al., 2013 and
references therein). An example of catalytic reforming reaction is metathesis, consisting in

interconversions among homologues, as follows:
2CHm — Ch.iHma + CosiHmao

For instance, propene may undergo metathesis reaction to form ethene and butene, by
breaking and making C=C double bonds and redistributing carbons to new compounds, as

follows:
2C3H6 — C2H4 + C4H3

Other examples include (i) the metathesis of methane, ethane and propane (Mango et al.,

2009), as follows:
2C,Hg — CH4+ C3Hg

(i1) the dehydrogenation of alkanes to the corresponding alkenes (Capaccioni et al., 1995), as

follows:
Cs;Hg < C3Hg + Hy

The prevailing of catalytic processes as source of organic compounds in gases originated at
temperature lower than 350 °C is confirmed by the achievement of thermodynamic
equilibrium among light hydrocarbons in natural gases, as argued by Mango et al. (2009).
Equilibrium requires the easy exchange of carbon atoms between organic compounds, i.e. C-
C and C-H o bonds broken and reformed with overall bond conservation. This is unlikely in
thermal reactions, which are generally under kinetic control and whose products are then far
from thermodynamic equilibrium; contrarily, catalytic reactions are often under
thermodynamic control and the products may approach a complete equilibrium (i.e.
metastable equilibrium; Mango et al., 2009 and references therein). The possibility for
organic compounds to approach equilibrium under hydrothermal conditions is a crucial point.
If the relative abundances of some compounds were controlled by thermodynamic equilibria

(and hence by physical and chemical variables such as temperature, redox, pressure),
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measurements of the concentrations of these compounds would be potentially powerful tools
for evaluating chemical conditions in subsurface environments (McCollom et al., 2001). The
attainment of metastable equilibrium among organic compounds under hydrothermal
conditions was demonstrated both theoretically (Shock, 1990b) and experimentally (Seewald,
1994). Empirically, studies on fumarolic gases (Taran and Giggenbach, 2003) have shown
that alkane/alkene pairs can approach equilibrium in natural environments and that their
relative concentrations in volcanic gases are controlled by reversible reactions, enhancing the
use of ethane/ethene and propane/propene pairs as geothermometers (e.g. Capaccioni and
Mangani, 2001; Taran and Giggenbach, 2003; Capaccioni et al., 2004; Tassi et al., 2005a,b;
Agusto et al., 2013). Hence, the achievement of metastable equilibrium among organic
compounds is possible because of the presence of specific catalysts. Organic reactions are
known to be catalyzed by a variety of transition metals. Nickel, palladium, copper, rhodium,
etc. are commonly used for organic synthesis in technological applications in chemical and
refining industry. However, these catalysts are rarely observed in natural environments.
Instead, catalytic activity on organic reactions is known to be exerted by both hot water and
minerals in hydrothermal systems. Organic hydrocarbons in waters are expected to be rather
unreactive. However, the physicochemical properties of water change as temperature
increases. In particular, the solvent properties of liquid water (density, dielectric constant) at
high temperature become similar to those of polar organic solvents at room temperature, thus
enhancing (more than expected for the effect of temperature) the solubility of organic
compounds and their reactions in an environmentally friendly medium (Katritzky et al., 1996;
Siskin and Katritzky, 2000). Laboratory experiments have demonstrated that water
participates to organic reactions not only as a solvent, but also as reactant and catalyst
(Katritzky et al., 1996; Siskin and Katritzky, 2000; Seewald, 2001; Shipp et al., 2013). In fact,
the increase in the dissociation constant allows water at high temperature to act as an acid,
base or acid-base biocatalyst (Katritzky et al., 1996; Siskin and Katritzky, 2000). Minerals
were demonstrated to catalyze organic reactions as well (e.g. Soma and Soma, 1989; Dale
Ortego et al., 1991; Seewald, 2001, 2003; Ferris 2005; Fu et al., 2008; Shipp et al., 2014; He
et al., 2015). Al-silicates, such as zeolites and clays (e.g. smectites), are known to act as
catalysts for organic reactions (Soma and Soma, 1989; Capaccioni et al., 1995; Williams et
al., 2005). Owing to its sorbent and catalytic properties, montmorillonite has extensively been
used in organic chemical applications for technological and environmental purposes (e.g.
selective removal of organic pollutants; Dale Ortego et al., 1991 and references therein). The

reducing capability of the FeS/FeS,-system was experimentally demonstrated by Kaschke et
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al. (1994). Recent experiments by Shipp et al. (2014) demonstrated that sphalerite
significantly favors the breaking and making of C-H bonds. Similarly, magnetite was found to
catalyze oxidation/reduction reactions (He et al., 2015). Moreover, since many organic
reactions involve changes in the oxidation state of carbon, the relative stability of organic
compounds may be strongly dependent on the redox state of the system which in turn is
buffered by mineral assemblages (e.g. Seewald, 2001). Evidences from experimental studies
suggest that the reaction pathways among organic compounds consist of stepwise reversible
and irreversible processes (e.g. oxidation/reduction, hydration/dehydration, carboxylation/
decarboxylation) resulting in functional group interconversions (e.g. Seewald, 2001; Shipp et
al., 2013). Seewald (2001, 2003) proposed a general reaction scheme (Figure 3) connecting
alkane to carboxylic acids through a series of reversible and irreversible functional group
interconversions: alkanes interconvert with alkenes, followed by hydration of alkenes to
alcohols, dehydrogenation to ketones, and conversion to carboxylic acids, which can undergo
decarboxylation and/or oxidation reactions to produce CO, and shorter-chain saturated
hydrocarbons. This model was based on hydrothermal experiments focusing on specific

functional group reactions.
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Figure 3: Reaction scheme of functional group interconversions, as proposed by Seewald (2001, 2003),
involving reversible hydration/dehydration, hydrogenation/dehydrogenation and C-C bond cleavage reactions
(after Shock et al., 2013).

The stepwise reactions in Figure 3 mainly consist of hydrogenation/dehydrogenation and
hydration/dehydration reactions, in which the reactants and products were experimentally
shown to approach metastable equilibrium states (Seewald, 1994, 2001; McCollom and
Seewald, 2003). Shipp et al. (2013) found that the reaction path connecting alkanes to ketones
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is completely reversible under hydrothermal conditions (300 °C, 100 MPa) and that the
various functional group interconversions exhibit quite different rates. The reactivity was
found to decrease in the following order: diene > alcohol > alkene > ketone > alkane.
Hydrogenation/dehydrogenation reactions are common among organic compounds during
geochemical processes (Shock et al., 2013 and references therein). In hydrogenation reactions,
a carbon atom in an organic compound gains a bond to hydrogen and loses a bond to a
heteroatom (or to another carbon atom), resulting in higher electron density on the carbon
atom (hydrogen is the least electronegative element). Thus, hydrogenation consists of a
reduction of the organic molecule. Conversely, during dehydrogenation reactions, a carbon
atom loses a bond to hydrogen and gains a bond to a heteroatom (or to another carbon atom),
resulting in an overall loss of electron density, 1i.e. oxidation. Common
hydrogenation/dehydrogenation reactions include the alkane-alkene (e.g. Seewald, 1994;
Shipp et al., 2013) and the alcohol-ketone (e.g. Leif and Simoneit, 1995; Seewald, 2001)
interconversions. The reversibility of these redox reactions was observed in hydrothermal
experiments, demonstrating that reactants and products can approach metastable equilibrium
states (Shock et al., 2013 and references therein). For instance, Seewald (1994)
experimentally proved the reversibility of the reaction between ethane and ethene in water at

325 °C and 350 bar:
C,Hg «» CoHy + Hy
Considering the equilibrium constant K for this reaction, it can be derived that:
log aH; =logK — log (aC,H4/aC,Hpg)

Setting the activities of the hydrocarbons equal, the corresponding equilibrium activity of
hydrogen can be computed from logK (Shock et al.,, 2013) (Figure 4). Alkanes show
relatively high stabilities at redox conditions common to many mineral assemblages, being
consistent with the higher abundance of saturated hydrocarbons relative to alkenes in natural
systems (Shock et al., 2013). Moreover, dehydrogenation (i.e. oxidation) of alkanes to alkenes
is thermodynamically enhanced at increasing temperatures (Shock et al., 2013) (Figure 4).

Based on hydrothermal experiments.
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Figure 4: Equilibrium values of aH, corresponding to (i) equal activities of alkanes and alkenes (dashed curves;
numbers refer to number of carbon atoms in the alkane and alkene), or (ii) mineral assemblages (solid curves;
MH = magnetite-hematite; PPM = pyrrhotite-pyrite-magnetite; FMQ = fayalite-magnetite-quartz) as a function
of temperature at PSAT (after Shock et al., 2013).

Hydration/dehydration reactions consist of the addition/removal of H,O in the organic
molecule. The reversible hydrothermal hydration reaction of alkenes to form alcohols is well
known (e.g. Leif and Simoneit, 1995; Seewald, 2001; Akiya and Savage, 2001). The
alkene/alcohol ratios increase at increasing temperatures (up to 5 orders of magnitude from 0
to 350 °C), highlighting the existence of a thermodynamic drive towards dehydration at high
T, whereas hydration is thermodynamically favored as temperature decreases. Hence, as
fluids cool, hydration of alkenes to alcohols may compete with hydrogenation of alkenes to
alkanes (Shock et al., 2013). Dehydration reactions may also lead to the production of larger
molecules through condensation of smaller organic compounds (Shock et al., 2013 and
references therein). Some of the transformations described above involve parallel processes.
For instance, for the cyclic structures, aromatization processes may compete with the other
functional group interconversions. Shipp et al. (2014) found that the formation of aromatic
structures may dominate the product distribution for alkylated cyclohexanes at hydrothermal
conditions (300 °C and 100 MPa), eventually prevailing over the reaction path connecting
alkanes to ketones. Aromatization of alkanes consists of a dehydrogenation reaction, highly
endothermic and favored at high temperatures, likely proceeding through the formation of

alkenes and dienes as by-products (Crittendon and Parsons, 1994; Shipp et al., 2013).
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Transition metals are known to be heterogeneous catalysts for aromatization at high

temperature conditions (Crittendon and Parsons, 1994 and references therein).

2.3.2 Abiotic hydrocarbon formation in crustal environments

The hypothesis that at least some components of petroleum have a deep abiotic origin in the
lower crust or mantle has a long history, with influential support and elaboration by Russian
chemist and mineralogist Dimitri Mendeleev (Mendeleev, 1877) and astronomer and
mathematician Fred Hoyle (Hoyle, 1955). The deep-Earth gas hypothesis proposes that
abiogenic methane reflects a cosmic organic inheritance that is subsequently released by the
mantle and migrates towards the surface utilizing weaknesses in the crust such as plate
boundaries, faults, and sites of meteorite impacts. The deep sourced methane polymerizes en
route to higher molecular weight hydrocarbons that ultimately form petroleum deposits.
Members of the so-called “Russian-Ukrainian School” pursued this model with theory,
experiments, and field observations (Kudyratsev, 1951; Glasby, 2006; Safronov, 2009).
Superficial support for this theory is provided by the increase in abundance of methane with
depth in petroleum-containing basins. However, it is known that the higher temperatures
associated with greater depths in Earth’s subsurface promotes the cracking of high molecular
weight hydrocarbons to produce lower molecular weight units, the ultimate product of which
is methane. Hence, enhanced methane concentrations with depth are most effectively
explained as an organic response to the geothermal gradient rather than closer proximity to a
mantle source of methane. Yet the position that petroleum is primarily abiotic in origin is still
held by some advocates (Gold, 1992; Kenney et al., 2001). The abiotic petroleum hypothesis
first gained significant exposure outside the Soviet Union during the 1977 gasoline crisis,
when Cornell astrophysicist Thomas (Tommy) Gold published an editorial in the Wall Street
Journal (Gold, 1977) in which he claimed that most deep hydrocarbons are generated
abiotically in the mantle and migrate to the crust, where they act as an energy source for
microbes producing a deep microbial ecosystem (“Deep Hot Biosphere™) that may rival the
surface biosphere in mass and volume. The organic remains of microbes in the deep hot
biosphere represent the source of biological molecules in petroleum as a biological overprint
onto an abiogenic organic mixture (Gold and Soter, 1980, 1982; Gold, 1992, 1999; Hazen,
2005). Gold presented several lines of evidence for abiotic petroleum, including (1) the

presence of clearly abiotic hydrocarbons and other organic molecules in meteorites and on
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other solar system bodies; (2) plausible synthetic pathways for mantle hydrocarbon
production; (3) the association of hydrocarbon deposits with helium and other trace gases,
presumably from mantle sources; (4) the existence of extensive deep microbial communities
that impart an overprint of biomarkers onto the abiotic petroleum; (5) the tendency of
hydrocarbon reservoirs to occur at many depths in a single locality, implying an underlying
deep source; (6) the distribution of hydrocarbon deposits related to underlying mantle
structures; (7) the distribution of metals and other trace elements in petroleum, which
correlate more strongly with chondrite compositions than presumed crustal sources; and (8)
the occurrence of hydrocarbons in non-sedimentary formations such as crystalline rocks.
While compelling evidence for the abiotic synthesis of petroleum is lacking, there is
experimental, theoretical, and field evidence for deep abiotic origins of some hydrocarbons
(McCollom, 2013). Remote observations indicate that the Universe is replete with organic
compounds produced without the influence of biology. Studies of the absorption spectra of
dense molecular clouds reveal more than 150 small molecules (Ehrenfreund and Charnley,
2000; Kwok, 2009). The greatest amounts of hydrocarbons in our solar system are associated
with the gas giant planets and their satellites, where significant amounts are present in
atmospheres and on icy surfaces. Carbonaceous meteorites contain percentage levels of
organic matter that were generated in the absence of biology (Sephton, 2002). The widespread
presence of organic matter in the Cosmos suggests that no exotic mechanism therefore need
be invoked to propose abiogenic hydrocarbons on Earth. In fact, the biogenic origin of some
hydrocarbons on Earth is, thus far, a unique observation in an abiotic hydrocarbon-rich
Universe. In contrast to our Cosmic environment, organic matter on Earth is associated
primarily with biological processes. Industrial processes achieved abiotic synthesis under
controlled conditions through the conversion of carbon monoxide or carbon dioxide to

hydrocarbons.
nCO+ (21’1 + 1)H2 — CnHj,40 + nH,O
nCoO, + (31’1 + 1)H2 — CnHj,40 + 2nH,0

These processes are broadly known as Fischer-Tropsch synthesis (Fischer and Tropsch,
1926). During FTT synthesis, CO or CO; is reduced to organic compounds through a series of

steps on the surface of a catalyst (Figure 5).
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Figure 5: Generalized reaction mechanism for Fischer-Tropsch synthesis of hydrocarbons. The reaction starts
with binding of CO to the catalyst surface to form a carbonyl unit (—CO), which then undergoes sequential
reduction to surface-bound carbide (—C), methylene (~CH,), and methyl (—CHj3) groups. Chain growth occurs as
methylene groups polymerize to one another and terminates when the growing chain combines with a methyl
group or surface-bound H rather than another methylene.

Typically, the primary products of the reaction are CH4 and a homologous series of linear
alkanes that show a regular decrease in abundance with increasing number of carbons
(Schulz-Flory distribution, Salvi and Williams-Jones, 1997). However, the process also
generates lesser amounts of other compounds, including alkenes, branched hydrocarbons, and
oxygen-bearing compounds including alkanols and alkanoic acids (e.g., Anderson and White,
1994; McCollom et al., 1999). If a source of nitrogen is present, the synthesis can also
generate amino acids, amines, and other N-bearing compounds. The Fischer-Tropsch reaction
was originally developed as a means of converting coal-bed gases to petroleum, and over the
years it has been the subject of hundreds of experimental studies directed at optimizing yields
of hydrocarbons and other industrial products. Unfortunately, most of this vast literature has
no clear relevance to the study of formation of carbon compounds within Earth because the
reaction conditions are not directly comparable to geologic environments. Although elegant
and efficient reactions exist that can produce substantial amounts of hydrocarbons from
simple precursors in the absence of biology, care must be taken when extrapolating data to
natural settings.

In recent years, methane and other light hydrocarbons with an apparently abiotic origin have
been identified in an increasing number of geologic fluids on Earth. These compounds have

been found in a variety of geologic settings, including seafloor hydrothermal systems, fracture
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networks in crystalline rocks from continental and oceanic crust, volcanic gases, and gas
seeps from serpentinized rocks (e.g., Abrajano et al., 1990; Kelley 1996; Sherwood Lollar et
al., 2002, 2008; Fiebig et al., 2007, 2009; Proskurowski et al., 2008; Taran et al., 2010b;
Etiope et al, 2011, 2018; Potter et al., 2013; Suda et al., 2014). Understanding the origin of
these compounds has significant implications for range of topics that includes the global
carbon cycle, the distribution of life in the deep subsurface (Gold, 1992), and the origin of life
(Martin et al., 2008). Conceptually, there are two potential major sources of abiotic
hydrocarbons to fluids in Earth’s crust. First, abiotic hydrocarbons could migrate to the crust
from deeper sources within Earth, through processes such as convective transport, grain
boundary diffusion, or release of magmatic volatiles. Second, abiotic hydrocarbons could
form in situ within the crust through reduction of inorganic carbon sources. Potential
substrates for carbon reduction include CO; and CO in circulating fluids, and carbon-bearing
solids such as carbonate minerals and graphite. In either case, the ultimate source of the
inorganic carbon may be primordial (i.e., from the mantle) or recycled from Earth’s surface.
This chapter summarizes some of the recent laboratory experimental studies conducted to
investigate potential pathways for the abiotic formation of methane and light hydrocarbons in

subsurface geologic environments under crustal conditions.

2.3.2.1 Chemical and physical conditions for hydrocarbon formation in the

crust

The prevailing oxidation state of source regions of magmas in the upper mantle dictates that
carbon speciation in pristine magmatic-derived fluids should be dominated by CO,, with very
little CH4 present (e.g., Mathez, 1984; Kelley, 1996). This observation appears to be
consistent, for example, with chemical analyses of magmatic volatiles trapped in vesicles
within seafloor basalts, which are characterized by very high CO,/CHy, ratios (e.g., Pineau and
Javoy, 1983). At the same time, oxidizing conditions at Earth’s surface ensure that CO, and
bicarbonate are the predominant forms of dissolved carbon in seawater, in fracture-filling
groundwater, and in shallow pore waters. Consequently, the predominant inputs of carbon to
Earth’s crust from both above and below are in highly oxidized forms. Accordingly, any
hydrocarbons found in fluids circulating in Earth’s crust that do not derive from deep within
in the mantle or from biologic sources must therefore be formed by non-biological reduction
of inorganic carbon within the crust itself. In general, two sets of conditions favor the

reduction of inorganic carbon to hydrocarbons within the crust (McCollom and Seewald,
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2007; McCollom, 2008). At the elevated temperatures and oxidation states that prevail in
environments deep within the crust, CO, is thermodynamically stable relative to CHa.
However, decreasing temperatures increasingly favor the stability of CHy relative to CO..

This trend is illustrated in Figure 6a, which shows that the log K for the reaction:
C02 + 4H2 g CH4 + 2H20

becomes increasingly positive with decreasing temperature, indicating that lower
temperatures favor the compounds on the right side of the reaction relative to those on the left
side. As shown in Figure 6b, this means that CO, predominates relative to CH4 at equilibrium
for high temperatures (>~200 to 350 °C, depending on oxidation state), but CHy4 is the more
thermodynamically stable compound at lower temperatures. Similar relationships can be
shown for other hydrocarbons relative to CO,. Therefore, cooling of high-temperature fluids
that contain dissolved CO; and H, will thermodynamically favor reduction of the CO, to CHy4
and other hydrocarbons (e.g., Shock, 1990, 1992).

CO, + 4H, = CH, + 2H,0

30 (a)
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H, =10 mmolal
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Figure 6: Thermodynamic relationships between dissolved CO, and CH, at elevated temperature and pressure.
(a) Log K for reduction of CO, to CH,. (b) Calculated equilibrium (CH4/CO,) ratios as a function of temperature
at two values of H, concentration that bracket those found in reducing environments within the crust. Data
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shown are for a pressure of 50 MPa. Values for log K calculated using thermodynamic data from SUPCRT92
and Shock et al. (1989).

A second set of circumstances that can promote reduction of inorganic carbon within Earth’s
crust is the generation of reducing environments through fluid-rock interactions. These
interactions are typically manifested by increasing abundances of H, as fluid-rock interactions
proceed, shifting the equilibrium of reactions like the one written above towards the
compounds on the right side. Hence, the predominant equilibrium carbon species can shift
from CO, to CHy as fluids interact with rocks, even without a change in temperature. Because
the interaction of aqueous fluids with ultramafic rocks is known to generate particularly large
amounts of Hy, fluids circulating through these rocks have become the focus of many studies
of abiotic hydrocarbon formation. For example, hydrothermal fluids circulating through
ultramafic rocks below the seafloor have measured H, concentrations up to 15 mmol/ kg, and
evidence suggests that light hydrocarbons in these fluids have an abiotic origin (Charlou et al.,
2002, 2010; Kelley et al., 2005; Proskurowski et al., 2008). Hydrous alteration of ultramafic
rocks, which are composed predominantly of olivine and pyroxene, is known as
serpentinization, owing to precipitation of the mineral serpentine as the primary alteration

product (Schrenk et al., 2013). Serpentinization can be summarized by the general reaction:
Mgl.gFeo.zsiO4 + aH,O — O.S(Mg,Fe)3Si205(OH)4 + x(Mg,Fe)(OH)z + yFegO4 + zH,
Olivine (Fo90) Serpentine Brucite =~ Magnetite

The exact stoichiometry of this reaction, and thus the amount of H, generated, is dependent
on a number of factors that affect partitioning of Fe among the reaction products, including
temperature, rock composition, and water/rock ratio (e.g., Seyfried et al., 2007; McCollom
and Bach, 2009; Marcaillou et al., 2012). While ultramafic rocks have become a focal point
for studies of abiotic hydrocarbon formation, serpentinization is by no means the only fluid-
rock reaction that can produce sufficiently reducing conditions to favor carbon reduction, and
many other rock types and reactions may be involved in H, production within Earth’s crust
(e.g., Charlou et al., 1996; Potter et al., 2004; Sherwood Lollar et al., 2006, 2007). Although
thermodynamic factors can favor reduction of inorganic carbon to hydrocarbons under
circumstances like those outlined above, kinetic inhibitions can still prevent the reactions
from occurring. In contrast to the experimental results obtained at mantle temperatures, which
show rapid equilibration among carbon species, reactions involved in the reduction of
inorganic carbon at temperatures and pressures relevant to environments in Earth’s crust are
susceptible to kinetic inhibitions (e.g., Seewald et al., 2006). Laboratory experiments provide

a means to evaluate which conditions within the crust can allow carbon reduction to proceed.
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2.3.2.2 Synthesis of hydrocarbons by Fischer-Tropsch-type reactions:

evidences from hydrothermal experiments

The most widely invoked pathway for the formation of hydrocarbons and other organic
compounds in geologic environments is the Fischer-Tropsch synthesis. Accordingly, this
process has also received the greatest attention in experimental studies. As originally
described, Fischer-Tropsch synthesis refers to the surface-catalyzed reduction of CO by H; in
gas mixtures. However, the term is often used in a broader context in the geological literature
to refer to reduction of an inorganic carbon source to form organic compounds, regardless of
the nature of the carbon source, the medium in which the reaction occurs, or the identity of
the reductant. In many cases, dissolved CO; is inferred to be the primary carbon source for
abiotic organic synthesis in geologic systems. In this section the geologic convention will be
adopted, and the term Fischer-Tropsch-type (FTT) synthesis use to refer in general to any
surface-catalyzed reduction of an inorganic carbon source to organic matter. The challenge for
experimental geochemists is to understand the extent to which FTT reactions can proceed at
conditions that more closely resemble subsurface geologic environments. One key question is
whether FTT type reactions can proceed in environments where reactants are dissolved in
sub- or supercritical aqueous fluids. Another critical question is which naturally occurring
minerals, if any, are effective in catalyzing the reaction, and under what circumstances. Some
catalysts used in industrial Fischer-Tropsch synthesis are found in natural systems, but for
industrial purposes their catalytic properties are typically enhanced in ways that may not
occur in natural settings. For example, magnetite has long been employed as a catalyst for
industrial Fischer-Tropsch studies, but it is usually pre-treated with a stream of H, and CO
prior to use in these applications. This process generates pockets of highly reactive native Fe
or Fe-carbides on the surface that appear to be active sites for catalysis (e.g., Dictor and Bell,
1986; Satterfield et al., 1986). These kinds of sites would likely be destroyed very rapidly in
natural systems, especially if H,O is present. To address these issues, recent experimental
studies concerning the potential contribution of FTT synthesis to hydrocarbon occurrences in
geologic systems have largely focused on exploring the capacity for naturally occurring
minerals to catalyze the reaction, and on evaluating the effectiveness of the reactions under
hydrothermal conditions. Several recent laboratory experiments indicate that FT'T synthesis
can indeed proceed readily under hydrothermal conditions in some circumstances (e.g.,
McCollom et al., 1999, 2010; McCollom and Seewald, 2006). In these studies, CO or formic

acid (HCOOH) and water were heated to temperatures of 175 or 250 °C and pressures ranging
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from steam-saturation to 25 MPa, with H, supplied by decomposition of formic acid
(HCOOH — CO; + H;) or of native Fe included in the reaction vessel (Fe + H,O — Fe;O4 +
H,). Over periods of hours to days, a significant portion of carbon is reduced to typical
Fischer-Tropsch reaction products. These products include CHy4 and other light hydrocarbons,
as well as long-chain n-alkanes, alkanols, and alkanoic acids (Figure 7). The products exhibit
a regular decrease in abundance with increasing carbon number that is characteristic of

Fischer-Tropsch products.
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Figure 7: Example of typical products of Fischer-Tropsch-type synthesis. (a) Gas chromatogram of nonvolatile
products, showing predominance of linear saturate hydrocarbons (n-alkanes; filled circles) and alcohols (n-1-
alkanols; open circles). (b) Relative abundance of saturated hydrocarbons (n-alkanes) as a function of carbon
number, showing typical log-linear decrease. The slope of the decrease (a) is a gauge of the relative probabilities
of continued growth of the carbon chain versus chain termination. The break in slope at carbon number around
10 is common for iron-based catalysts. Figure shows data from McCollom and Seewald (2006).
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While these experiments show that FTT synthesis is not necessarily inhibited by hydrothermal
conditions, a couple of considerations may limit their direct applicability to natural systems.
First, the synthesis in these experiments was probably catalyzed either by native Fe included
in the reaction vessel, or by the walls of the steel tube used in some of the experiments. Thus,
they may not represent catalysts present in natural environments. Second, it appears likely
that the synthesis reactions took place either in the vapor headspace for reactions performed in
fixed-volume tube reactors (McCollom et al., 1999) or in H2-rich vapor bubbles formed on
the surfaces of the solids in reactions performed at higher pressures (McCollom and Seewald,
2006; McCollom et al., 2010). Consequently, while these experiments show that the presence
of water-saturated vapors do not preclude efficient FTT synthesis, they do not indicate that
the reactions can proceed for compounds dissolved in aqueous liquid. In addition, H, was also
present in these experiments at very high levels (>200 mmol/kg) that are probably rarely
approached in natural environments within Earth’s crust. The prospect that abiotic
hydrocarbons might form during serpentinization of ultramafic rocks led to experimental
investigation of the capacity for minerals found in serpentinites to catalyze carbon reduction
reactions. The first study to focus on this possibility was that of Berndt et al. (1996), who
monitored the production of light hydrocarbons during reaction of Fe-bearing olivine with an
aqueous solution containing dissolved bicarbonate at elevated temperature and pressure (300
°C, 50 MPa). The experiment utilized a flexible-cell reaction apparatus, which allows
reactions to proceed without a vapor phase present and also provides a means to monitor
concentrations of compounds dissolved in the fluid as reactions proceed. Dissolved
concentrations of H, and several light hydrocarbons (CH4, C,He, and C3Hg) were observed to
increase steadily during the experiment as the serpentinization reaction progressed, while the
concentration of total dissolved CO, (CO,,aq + HCO; ) declined. The authors interpreted the
small amounts of hydrocarbons generated over the course of the experiment to represent
products of Fischer-Tropsch synthesis through reduction of dissolved CO,. Magnetite formed
in the experiments as a product of serpentinization was suggested to be the catalyst. The
groundbreaking results of Berndt et al. (1996) suggested that reduction of dissolved inorganic
carbon to hydrocarbons could proceed readily with minerals common in hydrothermal
systems serving as catalysts. Further investigation, however, showed that hydrocarbon
formation at the conditions of their experiments was much more limited than initially thought.
McCollom and Seewald (2001) performed an experiment under essentially identical

conditions to those of Berndt et al. (1996), except that 13C-labeled bicarbonate (99%
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H"CO5") was substituted as the inorganic carbon source to trace the origin of carbon in the
hydrocarbon products. While the experiment yielded similar amounts of H, and C;-Cs
hydrocarbons to those reported by Berndt et al. (1996), isotopic analysis of the hydrocarbon
products indicated that only a small fraction of the CH4 contained the 1B3C label (2-15%),
while none of the C,Hg or C3Hg was labeled. This result indicated that, except for a small
fraction of the CHi, the C;-C; hydrocarbons generated in the experiments were not the
product of reduction of dissolved CO,, but were instead generated from thermal
decomposition of other sources of reduced carbon already present among the reactants at the
start of the experiment. It is worth emphasizing that, at the H, concentrations attained in both
experiments (up to 158 mmol/kg), reduction of inorganic carbon to CHs and other
hydrocarbons was strongly favored by thermodynamics, and essentially all the dissolved CO,
present should have been converted to CHy4 to attain equilibrium. Yet, only a very small
fraction (<<1%) of the available carbon was reduced to CHy, even after nearly three months
of heating at 300 °C. Thus, the results clearly demonstrated that reduction of dissolved
inorganic carbon to light hydrocarbons is kinetically sluggish even at 300 °C. Furthermore,
although magnetite was formed in abundance in both experiments as a product of
serpentinization, the lack of significant hydrocarbon formation suggests that it is not a very
effective catalyst for reduction of dissolved inorganic carbon in natural systems. Otherwise, a
much larger fraction of the inorganic carbon present in the experiments would have been
converted to CHy or other organic compounds. In a series of follow-up experiments also using
3C-labeled carbon sources, it was found that dissolved CO, (or HCO3 ) was rapidly reduced
by H, to HCOOH and CO under hydrothermal conditions (Seewald et al., 2006). In contrast
to CHy4, these compounds attained thermodynamic equilibrium within a few days, even at
temperatures as low as 175 °C and in the absence of mineral catalysts. Methanol was also
found to accumulate but did not reach equilibrium proportions. As in the serpentinization
experiments, “C-labeled CH4 was produced in small amounts (mmolar concentrations) during
these experiments, along with larger amounts of unlabeled CH4 and other light hydrocarbons.
Overall, the experimental results demonstrated that partial reduction of dissolved inorganic
carbon proceeds rapidly and spontaneously to HCOOH and CO under hydrothermal
conditions, but complete reduction to CH4 proceeds only very slowly without catalysis.
Several other experimental studies have focused on evaluating the catalytic potential of
individual minerals found in serpentinites, including NiFe-alloys, magnetite, chromite, and
Nisulfide (pentlandite). Awaruite, a Ni-Fe alloy with compositions between Ni,Fe and Ni3Fe,

occurs in many serpentinites as a by-product of the highly reducing conditions that can
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develop as a result of H, production during serpentinization (Frost, 1985; Klein and Bach,
2009). Horita and Berndt (1999) examined the reduction of dissolved CO; in the presence of
NiFe-alloy, magnetite, water, and highly elevated H, concentrations (170-300 mmol/kg).
Experiments were conducted at temperatures of 200-400 °C and 50 MPa. In contrast to the
small amounts of CH,4 produced in the earlier experiments of Berndt et al. (1996), nearly
complete conversion of CO, to CH4 was observed in the 300 °C experiments in two weeks or
less, and >40% conversion was observed after 3 months of reaction at 200 °C. Moreover,
rates of conversion were found to increase when greater amounts of NiFe-alloy were
included, and no CH4 was generated in a control experiment in the absence of the alloy,
demonstrating that the NiFe-alloy had catalyzed the production of CHs. No C,Hg or CsHg
were found in the experiment, indicating that the catalysis exclusively promoted CHg4
synthesis. Lesser amounts of conversion of CO, to CH4 were observed at 400 °C, which was
attributed to passivation of the catalyst at higher temperature. The experiments of Horita and
Berndt (1999) provided the first documentation that the kinetic inhibitions to reduction of
dissolved CO; to CH4 could be effectively overcome by naturally occurring minerals, and that
NiFe-alloy was a very effective catalyst in promoting the reaction. The experiments also
showed that pure CH4 could be produced by an abiotic process in hydrothermal environments,
which was contrary to the widely held notion that only methanogenic microorganisms can
produce nearly pure CH4 in geologic systems (e.g., Whiticar 1990). Although the alloy
present in the experiments of Horita and Berndt (1999) was significantly enriched in Ni
relative to awaruite found in natural serpentinites, there is no obvious reason to doubt that
natural awaruite would have similar catalytic properties. The catalytic potential of chromite
and magnetite has been investigated in experiments by Foustoukos and Seyfried (2004). Two
experiments were performed under hydrothermal conditions at 390 °C and 40 MPa, one
containing chromite plus magnetite and the other including only magnetite, with both
minerals synthesized from Fe and Cr oxides. A *C-labeled inorganic carbon source was used
(99% H"’CO;") to assess the origin of carbon in reaction products, and high levels of H,
(>100 mmol/kg) provided conditions favorable for carbon reduction. During heating for 44 to
120 days, BCH, was observed to accumulate at concentrations up to 192 mmol/kg. Much
smaller, but detectable, levels of BC-labeled C,Hg and C3Hg were also observed. In each case,
the labeled compounds represented only a small fraction of the total concentrations of C;-Cs
hydrocarbons observed in the experiments. A key finding of this study was that Co,
hydrocarbons could be produced from reduction of dissolved reactants, demonstrating that

higher hydrocarbons as well as CHy could be generated without a vapor phase present in

32



subsurface and hydrothermal environments. Although yields were low (<0.1% of added
inorganic carbon), the concentrations attained were comparable to those of hydrocarbons in
deep-sea hydrothermal systems thought to have an abiotic origin (e.g., Proskurowski et al.,
2008; Charlou et al., 2010). The results show that it is possible for light hydrocarbons to be
generated from reduction of inorganic carbon in subsurface environments even when there is
no vapor phase present. Owing to the high levels of unlabeled hydrocarbons in the
experiments, which apparently derived from traces of background reduced carbon included
among the reactants, the use of labeled carbon source was a critical factor in the authors
ability to demonstrate that the hydrocarbons were derived from reduction of inorganic carbon.
Foustoukos and Seyfried (2004) inferred that the minerals catalyzed formation of the
hydrocarbons and, based on the observation that yields of labeled hydrocarbons were higher
in the experiment that contained chromite than in the experiment that contained only
magnetite, the authors inferred that chromite was more effective than magnetite in promoting
the hydrocarbon formation. However, subsequent studies have not observed any catalytic
effect for the reduction of dissolved CO; by naturally occurring chromite (Lazar et al. 2012;
Oze et al. 2012), and alternative explanations for the differences observed by Foustoukos and
Seyfried (2004) are possible. In particular, the chromite-bearing experiment contained higher
H, than the magnetite-only experiment (~220 mmol/kg vs. ~120 mmol/kg) and was also
performed at a substantially lower pH (4.8 vs. 8.8, which changes the predominant carbon
species from CO,(ag) to HCO; —), either of which may have affected the rate of reduction of
inorganic carbon to hydrocarbons independent of any mineral catalysis. As a consequence, the
capacity for chromite to catalyze the reduction of inorganic carbon to CH4 and other light
hydrocarbons under natural hydrothermal conditions remains uncertain. Because the physical
properties of water undergo substantial changes near the critical point (404 °C, 29 MPa for
seawater salinity; Bischoff and Rosenbauer, 1985), the near-critical conditions of the
Foustoukos and Seyfried (2004) experiments might have had a role in allowing the reduction
of carbon to occur. However, a more recent study by Ji et al. (2008) reported the reduction of
dissolved 13C02 to C;-Cs hydrocarbons in experiments at 300 °C and 30 MPa with a cobalt-
enriched magnetite catalyst. The authors reported isotopic analyses only for the Cs3-Cs
hydrocarbons, but the results showed that at least 50% of carbon in linear alkanes was 13C,
while branched C4 and Cs alkanes contained none of the added BC. Yields of hydrocarbons in
these experiments were an order of magnitude greater than those of Foustoukos and Seyfried
(2004), although uncertainties in the abundance and isotopic composition of CO, and CHy

preclude direct comparisons. In any case, the results of Ji et al. (2008) provide further
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evidence that synthesis of at least short-chain hydrocarbons is possible in the absence of a
vapor phase. The potential of magnetite to promote abiotic production of hydrocarbons under
hydrothermal conditions was further investigated by Fu et al. (2007), who heated solutions of
CO; and H; in the presence of magnetite at 400 °C and 50 kPa. In order to avoid background
contributions of hydrocarbons from magnetite, the minerals were scrupulously treated prior to
the experiments to reduce carbon contents, and control experiments without an added carbon
source did not generate detectable levels of CHy4 or other light hydrocarbons. In contrast,
when a carbon source was injected into the experiments (as CO, or HCOOH) together with
H,, concentrations of CH4, C,Hg, or CsHg were found to increase over time. On the order of
0.2- 0.3% of the inorganic carbon added to experiments was converted to hydrocarbons,
comparable to the conversion amounts observed by Foustoukos and Seyfried (2004) at similar
pressure and temperature. Based on a carbon imbalance in their experiments, Fu et al. (2007)
also suggested that a large fraction of the inorganic carbon reactant was converted to
additional unidentified organic products, although no supporting evidence was provided.
While the experiments of McCollom and Seewald (2001), Fu et al. (2007), and Foustoukos
and Seyfried (2004) resulted in the synthesis of CH4 and, in some case, other light
hydrocarbons in the presence of magnetite, it must be pointed out that none of these studies
provide definitive evidence that magnetite efficiently catalyzed the reactions. Using similar
methods, experiments conducted by Seewald et al. (2006) with no minerals present generated
small amounts of CH4 comparable to those observed in magnetite-bearing experiments, and it
seems possible that other hydrocarbons might be produced as well. Definitive studies showing
that the presence of magnetite increases the production of hydrocarbons over that observed for
the same conditions without magnetite have not yet been published. Additionally, in the
experiments of Horita and Berndt (1999), the catalytic properties of NiFe-alloy was
demonstrated by showing that CH4 production increased with the amount of alloy present, but
no similar set of experiments with variable amounts of magnetite have yet been published.
Consequently, whether magnetite can catalyze carbon reduction in hydrothermal
environments should be considered an unresolved question. The potential for hydrocarbon
synthesis in the presence of pentlandite (an Fe-Ni sulfide mineral) has also been explored by
Fu et al. (2008), using similar conditions (400 °C, 50 MPa) and experimental methods to
those of previous experiments with chromite and magnetite. The source of inorganic carbon in
the experiment, and also of H,, was 13C-labeled HCOOH. During several weeks of reaction,
umolar concentrations of labeled 13CH4, 13C2H6, and 13C3H8 accumulated in the fluid, along

with much higher levels of unlabeled compounds. Overall conversion of inorganic carbon was
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<0.01%, and “CH,4 yields were an order of magnitude lower than observed in the previous
magnetite and chromite experiments (Foustoukos and Seyfried, 2004). More recently, Lazar
et al. (2012) reported that '*CH, generation was faster during experiments using natural
komatiite and H?COOH as reactants at 300 °C than in parallel experiments with synthetic
komatiite. The authors inferred that the increased rates were attributable to the presence of
pentlandite in the natural sample. These studies suggest that Ni-bearing sulfides are another
potential catalyst for reduction of inorganic carbon to hydrocarbons in subsurface
hydrothermal environments. While most of studies described above were performed at
temperatures of 300 °C or above, several recent studies have explored the production of CH4
during reaction of olivine with water at lower temperatures (Jones et al. 2010; Neubeck et al.
2011; Oze et al. 2012). In a series of experiments using methods similar to those of Berndt et
al. (1996) and McCollom and Seewald (2001), Jones, Oze, and colleagues (Jones et al., 2010;
Oze et al., 2012) reacted olivine and chromite with fluids containing variable amounts of
HCO; at 200 °C and 30 MPa. Steadily increasing levels of H, were observed during the
experiments, resulting from serpentinization of olivine. Methane concentrations increased in
parallel with the H,, which was inferred by the authors to be an indication that the CH4 was
generated by FTT synthesis reactions catalyzed by magnetite. After reaction for up to 1321
hours, dissolved concentrations of 5-12 mmol/kg H, and 56-120 umol/kg CH4 were attained.
Although these authors inferred that the CH4 observed in their experiments was the product of
magnetite-catalyzed reduction of dissolved inorganic carbon, results from previous
experiments suggest that this inference must be viewed with caution. As described above,
numerous experimental studies have demonstrated that minerals and other sources can
produce background CH4 during hydrothermal experiments in comparable amounts to the
CH4 concentration reported by Jones et al. (2010) and Oze et al. (2012). Furthermore, most of
their experiments generated CHs even though no inorganic carbon source was included
among the reactants, and dissolved inorganic carbon was below detection limits throughout
the experiments. Methane generation decreased when an inorganic carbon source was added,
opposite to expectations for carbon reduction. Since Jones et al. (2010) and Oze et al. (2012)
did not assess background levels of CHy in their experiments, it is not possible to evaluate the
actual source of the CHs. However, based on results of other studies, it is likely that only a
very small fraction of the CH4 observed, if any, was derived from reduction of inorganic
carbon during the experiments. Neubeck et al. (2011) employed a totally different
experimental approach to examine CHjs generation from olivine at 30-70 °C. These

investigators reacted olivine with a bicarbonate solution in partially filled glass vials, sealed
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with rubber stoppers and flushed with N,. The headspace of the vials was monitored for
production of H, and CHy4, and over nine months of reaction these compounds were found to
accumulate at low nanomolar amounts, with higher yields observed with increasing
temperature. Based on lower CH4 production in mineral-free experiments and apparent
absence of alternative carbon sources, Neubeck et al. (2011) inferred that the CH,4 observed in
their experiments was derived from reduction of the dissolved HCOj , with trace amounts of
magnetite or chromite serving as catalysts. If the results of Neubeck et al. (2011) are taken at
face value, it would suggest a possible widespread source of CH4 within the crust from low-
temperature serpentinization of ultramafic rocks. However, as suggested by Jones et al.
(2010) and Oze et al. (2012), the claim of abiotic CH4 formation in these experiments must be
viewed with some caution. Neubeck et al. (2011) did not report any effort to assess
background levels of CH4 in their experiments, and the amounts of CH4 produced in
experiments that included no inorganic carbon source among the reactants were nearly
identical to the levels generated in experiments performed with bicarbonate solutions. As a
result, this study provides no evidence directly linking the CH4 observed to reduction of
bicarbonate, and previous results suggest that most, if not all, of the CH4 observed may have
been derived from reduced carbon sources among the reactants. Furthermore, based on
experimental evidences, McCollom and Donaldson (2016) highlighted that reactor material
(glass bottles and rubber stoppers) commonly used in low-temperatures experiments, releases
H, and CH4 upon heating at 90 °C. Consequently, the potential for abiotic CH4 production
during low-temperature alteration of ultramafic rocks remains uncertain. Consistent with
previous high-temperature studies, McCollom (2016) provided evidence that abiotic
formation of CH4 from reduction of dissolved inorganic carbon during the experiments is
extremely limited, with nearly all the observed CH4 derived from background sources.
However, McCollom (2016) observed more extensive production of CH, in one experiment
performed under conditions that allowed an Hj-rich vapor phase to form, suggesting that
shallow serpentinization environments where a separate gas phase is present may be more

favorable for abiotic synthesis of CHy.

2.3.2.3 Isotopic fractionation during FTT synthesis.

The carbon and hydrogen isotopic compositions of CH4 and other light hydrocarbons have
increasingly become key elements of efforts to identify hydrocarbons with an abiotic origin in
natural systems (e.g., Sherwood Lollar et al. 2002, 2008; Fiebig et al. 2007; Proskurowski et

al. 2008; Taran et al. 2010a). The potential for isotopes to be used as criteria for identification
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of abiotic hydrocarbons has led to renewed interest in recent years in experimental study of
isotopic fractionation during FTT synthesis. The isotopic compositions of FTT reaction
products have been reported for a number of laboratory experiments performed under a
variety of reaction conditions, including CO/H; gas mixtures in flow-through reactors (Taran
et al. 2007, 2010a; Shi and Jin 2011), gas mixtures in closed reaction vessels (Lancet and
Anders 1970; Hu et al. 1998), and hydrothermal reactions (McCollom and Seewald 2006; Fu
et al. 2007; McCollom et al. 2010). A variety of Fe-, Co-, and Ru-bearing catalysts have been
used in these experiments. The isotopic compositions of the light hydrocarbons generated in
the various experiments exhibit both some similarities and some substantial differences.
Nearly all the hydrocarbons generated in the experiments are depleted in "°C relative to the
initial carbon source. However, the magnitude of the depletion varies considerably among the
different experiments, and varies substantially within individual experiments as a function of
reaction times and for compounds with different number of carbon atoms. These trends are
illustrated in Figure 8, which shows the carbon isotopic composition of a few selected
examples of experimental reaction products. It should be noted that these examples represent
only a portion of the full range of isotopic compositions that have been reported for
experimental products. Within this selected set of results, however, °C depletions of the
products relative to the carbon source range up to 33%o, while other results show no
fractionation or even a slight enrichment in B, Among the experiments, the isotopic
compositions of hydrocarbons exhibit a wide variety of different trends as a function of

carbon number.
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Figure 8: Carbon isotopic composition of CH, and C,-Cs alkanes for selected experimental FTT reaction
products. Values are shown both as measured values (leff) and relative to the composition of the initial carbon
source (right) (AC = 813Cpr0duct — 8" Csource).

At present, however, no obvious explanation for the variation in trends among experiments
has emerged, and there does not appear to be any consistent variations in trends with factors
such as catalyst composition, reaction temperature, or closed- versus open-system reactions.
Although not strictly a FTT reaction because no carbon-carbon bonds are formed, the
reduction of dissolved CO;, to CH4 catalyzed by NiFe-alloy also results in a substantial
depletion in "°C, with depletions of 42-49%o at 200 °C and 15-29%o at 300 °C reported for the
experiments of Horita and Berndt (1999). Much less data is available on the hydrogen isotope
composition of experimental FTT reaction products (Fu et al. 2007; Taran et al 2010a;
McCollom et al. 2010). However, the limited data that are available for hydrogen isotopes
show somewhat more consistent trends among experiments than the data for carbon isotopes.
For the most part, these data show that CHy is depleted in *H by —35 to —80% relative to the
initial H, and exhibit a regular trend of increasing “H abundance with increasing number of
carbon atoms. The data of Fu et al. (2007) deviate somewhat from this trend, but the CHy in
this experiment may include some contribution from background sources. In addition to the
lack of consistency among isotopic trends observed among experimental products, the
presently available experimental data do not show close agreement with isotopic trends
observed for natural samples of light hydrocarbons that are thought to have an abiotic origin.
Although this might be construed to be an indication that the hydrocarbons in the natural
samples do not really have an abiotic origin, a more likely explanation would appear to be
that the experimental conditions employed to date do not accurately simulate the conditions of
hydrocarbon formation in natural systems. At this point, however, it is not immediately
apparent which aspects of the natural system are not adequately represented in the laboratory
experiments. While there are clear discrepancies among the broader datasets for experimental
and natural systems, a consistent explanation may be emerging for at least a subset of those
data. Sherwood Lollar et al. (2008) proposed a model to explain the isotopic composition of
light hydrocarbons in deep fracture fluids from ancient Precambrian Shield settings that
involves isotopic fractionation during formation of the first C—C bond that initiates chain
growth, but subsequent additions of carbon atoms to the hydrocarbon backbone are non-
fractionating. The outcome is an isotopic trend that shows a sharp fractionation between CHy
and C,Hg, while higher hydrocarbons converge towards the isotopic value of CH4. McCollom

et al. (2010) inferred a similar scenario to explain the carbon isotopic trend observed for C;-
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Cs hydrocarbons generated in their laboratory FTT synthesis experiments performed under
hydrothermal conditions. These two trends exhibit a difference in direction of isotopic
fractionation between CH; and C,Hs, but a similar convergence towards the isotopic
composition of methane with increasing carbon number for C,, compounds. The opposing
directions of the initial step may be caused by different reaction mechanisms or conditions

effecting the fractionation during the chain initiation.

2.3.2.4 Implications for abiotic hydrocarbon formation by FTT synthesis

within the crust.

Several indications can be drawn from the experiments described in the previous sections that
are particularly relevant to evaluation of the production of abiotic hydrocarbons within
Earth’s crust. A number of experiments demonstrate that pathways exist for the reduction of
dissolved CO, (or HCOj3; ) to CH4 and other hydrocarbons. However, except when a NiFe-
alloy was present, the amount of carbon converted to hydrocarbons was only a very small
fraction (<<1%) of the inorganic carbon present in the experiments, even with very high
temperatures and dissolved H, concentrations that in many cases are an order of magnitude
higher than those observed in natural systems. In each of the experiments, thermodynamic
constraints indicate that most or all of the carbon should have been converted to hydrocarbons
to approach equilibrium, yet the reaction only proceeded to a very limited extent. While it is
possible that the minerals present in these experiments (magnetite, chromite, pentlandite)
promoted the reactions to some degree, none of these minerals could have been very effective
in catalyzing the conversion of inorganic carbon to hydrocarbons, or much greater yields
would have been attained. Thus, while industrial Fischer-Tropsch processes may conceptually
invoke rapid synthesis of organic compounds, FTT reactions in natural systems may require
significantly longer reaction times and produce a more limited range of compounds. The same
gradual reduction reaction rates observed in the experiments may prevail in natural systems as
well. For instance, although CH,4 and other hydrocarbons with an apparent abiotic origin have
been observed in high-temperature (>350 °C) ultramafic-hosted deep-sea hydrothermal
systems (e.g., Charlou et al., 2002, 2010), the concentrations of CHy in these fluids are much
lower than expected for thermodynamic equilibrium with the measured levels of dissolved
CO; and H; in the fluids (McCollom and Seewald, 2007; McCollom, 2008). Consequently,

while some reduction of inorganic carbon has apparently occurred as the fluids circulated
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through the hydrothermal system, the reactions remain far from equilibrium. Nevertheless,
concentrations of CH4 and other light hydrocarbons produced in the experiments are similar
to those observed in fluids from the natural system. The slow rates of reduction of dissolved
inorganic carbon are in strong contrast to the rapid reaction rates and high hydrocarbon yields
(typically >50%; e.g., Taran et al., 2010a) obtained in conventional gas-phase Fischer-
Tropsch studies using transition metal catalysts. Rapid reaction rates and relatively high
conversions (1-10%) have also been observed for FTT reactions in the presence of a water-
saturated vapor phase (McCollom and Seewald, 2006; McCollom et al., 2010; McCollom,
2016), although these reactions were probably catalyzed by native Fe. This comparison
suggests the possibility that the presence of a vapor phase may facilitate rapid reduction of
inorganic carbon to hydrocarbons at crust temperatures, although it remains to be determined
whether naturally occurring minerals can promote the reaction to the same degree as native
transition metals. Vapor phase reactions might occur, for instance, during ascent of magmatic
fluids to the surface. Alternatively, an H,-rich vapor phase could develop in fluids circulating
through the crust as a result of fluid-rock interactions that consume H,O and produce H,, such
as serpentinization. With respect to the latter, it may be noteworthy the mineral assemblage
magnetite + pentlandite + awaruite that is found in many serpentinites requires H,
concentrations that are at, or very close to, the solubility limit of H, in water (Klein and Bach
2009), suggesting that an H,-rich vapor may have exsolved locally during formation of this
assemblage. An exception to the above discussion, of course, is NiFe-alloy, which has been
shown to effectively catalyze reduction of dissolved CO, to CH4 (Horita and Berndt 1999).
Where this mineral is present, rapid reduction of CO, and equilibration with CH4 can be
expected at temperatures at least as low as 200 °C. The formation of NiFe-alloys requires
conditions that are more strongly reducing than are commonly found in Earth’s crust, but such
conditions are sometimes attained during serpentinization of ultramafic rocks (Frost, 1985;
Klein and Bach, 2009). Consequently, fluids circulating through serpentinites could become
enriched in abiotic CHy as a result of interaction with NiFe-alloy. However, since this process
appears to exclusively catalyze formation of CHy, additional processes would be required for
formation of other light hydrocarbons in these environments. The high CH4/C,, ratios and
BC-depleted isotopic signatures for CH, formed by NiFe-alloy catalysis are very similar to
the characteristics of CH,4 produced during methanogenesis by autotrophic microorganisms
(Whiticar, 1990), indicating that it may be difficult to confidently distinguish between abitoic
and biotic sources of CH4 in many subsurface settings (Horita and Berndt, 1999; Sherwood

Lollar, and McCollom, 2006; Bradley and Summons, 2010).
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2.3.3 Alternative pathways for hydrocarbon formation in the crust

While most experimental studies have focused on FTT synthesis as a possible contributor of
abiotic hydrocarbons to geologic systems, it is by no means the only pathway that could
generate these compounds. A few of these alternative pathways are discussed briefly in the
following sections. For most alternative pathways, however, there has been little or no
experimental study of the reactions at conditions relevant to Earth’s crust, and certainly none

have been investigated to nearly the same extent as FTT synthesis.

Methane polymerization

The process of methane polymerization discussed above with respect to the mantle (Chen et
al., 2008; Kolesnikov et al., 2009) could also contribute to formation of C,; hydrocarbons in
the crust, provided a source of CHy is available. However, pure CH4 might arise, for instance,
through NiFe-alloy catalyzed reduction of CO, in serpentinites (Horita and Berndt, 1999) or
reaction of Hp-rich fluids with graphite in metamorphic rocks (Holloway, 1984). To date, the
potential for methane polymerization has apparently not been investigated experimentally at
conditions relevant to the crust, although methane polymerization has been invoked as a
possible explanation for isotopic trends in some deep-crustal fluids (Sherwood Lollar et al.,
2008). Polymerization of CH4 to higher hydrocarbons can be represented by the general

reaction:
l’lCH4 — Can+2 + (l’l—l)Hz

As pointed out earlier, thermodynamic considerations demand that some finite amount of
hydrocarbons must be present at equilibrium with CHy4 to satisfy the type of reactions
represented by this equation, albeit the amount of hydrocarbons required at equilibrium may
be vanishingly small under some conditions. According to the reaction, formation of

hydrocarbons will be favored by lower levels of H,, all other factors being equal.

Carbonate decomposition

Another process that could generate hydrocarbons in the crust is thermal decomposition of
carbonate minerals. Carbonate minerals precipitate in a variety of geologic settings at

relatively low temperatures, and these minerals will decompose when exposed to higher
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temperatures in metamorphic or hydrothermal environments. This decomposition can lead to
the formation of reduced carbon compounds, particularly when the carbonates contain ferrous
Fe that can serve as a reductant for the carbon (French, 1971). For example, reduced carbon
coexisting with magnetite in ancient metamorphosed rocks in the Isua Greenstone Belt in
Greenland has been attributed to thermal decomposition of siderite (i.e., FeCO3; — Fe3;04 + C;
Van Zuilen et al., 2002), and decomposition of Fe-bearing carbonates has also been suggested
as source of reduced carbon in Martian meteorites (Zolotov and Shock, 2000; McCollom,
2003; Steele et al., 2012). It is possible that light hydrocarbons could be produced as a by-
product of such reactions. In contrast to the experiments with calcite conducted at the elevated
temperatures relevant to the mantle where thermodynamic equilibrium appears to have
exerted a large influence on carbon speciation, thermal decomposition of carbonates at
temperatures in the crust may allow the formation of metastable organic compounds.
Experimental investigations of the formation of hydrocarbons during thermal decomposition
of carbonates at temperatures and pressures relevant to the crust have been limited. However,
in one set of experiments, thermal degradation of siderite in the presence of water vapor at
300 °C was found to produce small amounts of organic products, predominantly alkylated and
hydroxylated aromatic compounds (McCollom, 2003). Only trace amounts of CH4 and other
light hydrocarbons were observed. The products of this experiment differed considerably
from the typical products of Fischer-Tropsch synthesis, suggesting that an alternative reaction
mechanism was responsible for the organic compounds generated. However, the actual
process involved remains undetermined. The relatively small amounts of CH, generated
during siderite decomposition at 300 °C compared with the larger amounts formed in
carbonate decomposition experiments performed at higher temperatures and pressures (Scott
et al., 2004; Chen et al., 2008; Kutcherov et al., 2010) appears to be related to the lower H/C
and H/O ratios of the experimental charge rather than to the differences in reaction conditions.
Whether thermal composition of siderite might produce greater amounts of hydrocarbons
under other reaction conditions, and whether other carbonates might also generate organic
compounds during decomposition at crust temperatures in reducing environments, are

questions that remain to be explored with further experiments.

Organosulfur pathways

Abiotic synthesis reactions that proceed through organosulfur intermediates are another

possible source of hydrocarbons in the crust. Scientific interest in the possibility that
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organosulfur compounds might contribute to abiotic organic synthesis was initially stimulated
by the origin of life theories of Gunther Wichtershiduser and others. According to these
theories, reaction of carbon-bearing fluids with sulfide minerals in hydrothermal
environments induced organic synthesis reactions that later evolved into primordial metabolic
pathways (Wichtershiuser, 1990, 1993). The first experimental study to test this theory was
that of Heinen and Lauwers (1996), who heated solid FeS with H,S, CO,, and water in glass
vials at temperatures of 25 to 90 °C, and observed formation of a homologous series of C;-Cs
alkylthiols as major products. Reduction of carbon in this system presumably involved
reaction of CO, with H, produced by the reaction: FeS + H,S — FeS, (pyrite) + H; (referred
to by Wachtershiuser as “pyrite-pulled” reactions). The alkylthiols decrease in abundance
with increasing number of carbons, and linear butane- and pentanethiol were more abundant
than branched forms. This initial set of experiments was followed up recently by Loison et al.
(2010). Using similar reaction conditions to Heinen and Lauwers (1996), but replacing the
water in the reactions with D,0, these investigators showed that the alkylthiols incorporated
D into their structures, thus proving they were formed during the reactions. Other reaction
products identified by Loison et al. (2010) were polydeuterated C;-C,4 carboxylic acids. In a
related study, Huber and Wichtershiduser (1997) reported formation of acetic acid during
reaction of aqueous solutions of methanethiol (CH3SH) with CO gas at 100 °C in the presence

of metal sulfide minerals. The overall reaction can be expressed as:
CH;SH + CO + H,O — CH3;COOH + H,S

The key step in this reaction is the formation of a C—C bond, which the authors inferred took
place by insertion of CO into the C—S bond on the surface of the sulfide mineral. The reaction
was further investigated by Cody et al. (2000), who reacted nonanethiol (CoH;oSH) with
formic acid in the presence of iron sulfide at 250 °C and 50-200 MPa. Decomposition of
formic acid resulted in a mixture of CO, CO,, H,, and H,O in the reaction vessel at
experimental conditions. In a follow-up study testing the capacity of other sulfide minerals
and native Ni to catalyze the reaction, C;;-C;3 carboxylic acids were identified as reaction
products in addition to decanoic acid (Cody et al., 2004). Although several metal sulfide
minerals catalyzed the reaction, it was most strongly promoted by Ni- and Co-bearing
sulfides. Results of these experiments suggest the possibility that organic compounds might
be generated in subsurface environments through the sequential formation of C—C bonds
involving thiols or other organosulfur as reaction intermediates, with sulfide minerals serving

as a catalyst. The products of these reactions have many similarities to the products of FTT
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synthesis, such as a preference for straight alkyl chains relative to branched forms, a regular
decrease in abundance with increasing carbon number, and involvement of surface catalysis in
the synthesis reaction. However, the apparent lack of alkane and alkene products similar to
those that predominate during FTT synthesis suggests that a distinctly different reaction
mechanism may be involved. Based on a series of experiments with potential reaction
intermediates, Loison et al. (2010) have proposed a scenario whereby a homologous series of
alkylthiols and carboxylic acids with increasing carbon number would be generated through
an iterative process involving formation and reduction of thioesters. In this scenario, CO is
inserted into the C—S bond of an alkylthiol to form a thiocarboxylic acid with one additional
carbon, which is then either converted to a carboxylic acid or reduced to an akylthiol, which
can then undergo the same reaction cycle. McCollom and Seewald (2007) proposed a
somewhat different iterative process, whereby CO is incorporated into a growing alkyl carbon
chain through insertion into the C—S bond of the alkylthiol to form carboxylic acid, followed
by reduction of the acid to an alcohol, which then is converted back to an alkylthiol that starts
the sequence of steps over again. Whatever the actual mechanism, the outcome would be
formation of series of alkylthiols and carboxylic acids that could subsequently undergo
reduction to form hydrocarbons or other organic matter. If this were to occur, the process
could contribute to the light hydrocarbons observed in geologic fluids. Since the canonical
wisdom is that most industrial catalysts for Fischer-Tropsch synthesis are “poisoned” by
sulfur (though this remains to be rigorously tested for natural geologic materials), sulfide-
catalyzed reactions could provide an alternative pathway for hydrocarbon formation in sulfur-

rich subsurface environments.

Clay-catalyzed hydrocarbon synthesis

Clay minerals have catalytic properties for many types of chemical reactions, which have
been exploited for many years by industry. Since clay minerals are widespread in geologic
environments, including altered igneous rocks and sediments, it is possible that they could
play a role in the abiotic formation of hydrocarbons. This possibility was investigated in
experiments by Williams et al. (2005), who reacted aqueous methanol solutions with clay
minerals at 300 °C and 100 MPa. The reactions produced dimethylether (a condensation
product of two methanol molecules) as the principal product, but a number of other organic
products were observed including CHy, C,-Cg alkanes and alkenes, along with an assortment

of alkylated cyclic aromatic compounds, such as alkylbenzenes, alkylphenols,
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alkylnaphthalenes, and alkylnaphthols. The predominance of alkylated aromatic compounds
among the higher molecular weight reaction products distinguishes them from the linear
saturated alkanes that are characteristic of FTT synthesis, suggesting either a different
mechanism is involved or that alkanes were generated and then underwent secondary
reactions to form aromatic compounds. The mechanism of the reaction remains to be
determined, but the authors hypothesized that that the organic compounds may have formed
within the interlayers of the clay structure, suggesting that clay minerals may provide unique

microenvironments for organic synthesis.

2.4 Biogenic processes

Carbon is the second most abundant element in living organisms. Carbon is present in all
organic molecules, and its role in the structure of macromolecules is of primary importance to
living organisms. Living organisms are connected in many ways, even between ecosystems.
A good example of this connection is the exchange of carbon between autotrophs and
heterotrophs within and between ecosystems by way of atmospheric carbon dioxide. Carbon
dioxide is the basic building block that most autotrophs use to build multi-carbon, high energy
compounds, such as glucose. The energy harnessed from the sun is used by these organisms
to form the covalent bonds that link carbon atoms together. These chemical bonds thereby
store this energy for later use in the process of respiration. Most terrestrial autotrophs obtain
their carbon dioxide directly from the atmosphere, while marine autotrophs acquire it in the
dissolved form (carbonic acid, H,COs ). However, carbon dioxide is acquired, a by-product
of the process is oxygen. The photosynthetic organisms are responsible for depositing
approximately 21 percent oxygen content of the atmosphere that we observe today.
Heterotrophs and autotrophs are partners in biological carbon exchange. Heterotrophs acquire
the high-energy carbon compounds from the autotrophs by consuming and breaking them
down by respiration to obtain cellular energy, such as ATP. The most efficient type of
respiration, aerobic respiration, requires oxygen obtained from the atmosphere or dissolved in
water. Thus, there is a constant exchange of oxygen and carbon dioxide between the
autotrophs (which need the carbon) and the heterotrophs (which need the oxygen). Gas
exchange through the atmosphere and water is one way that the carbon cycle connects all
living organisms on Earth. Microorganisms are the most widespread form of life on Earth.
"Microbe" is a general term that encompasses almost any microscopic organism, including

bacteria and archaea, which lack a cell nucleus or other membrane-bound cellular structures,
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and protists (mostly unicellular organisms that lack specialized tissues, and hence, are neither
plant nor animal nor fungus). Single-celled microorganisms were the first form of life to
develop on Earth and microbes can be found in almost every habitat present in nature where
they are crucial for sustaining larger ecosystem life. The diversity and number of microbes in
the ocean far exceed that of macroscopic life, and many employ unique life strategies not seen
anywhere else on Earth. Without them, life on Earth almost certainly would not be possible.
Some microbes are photosynthetic, deriving their energy from the sun. Below the photic zone,
and especially at deep-ocean sites and around hydrothermal vents and seeps, microbes are
chemosynthetic, meaning they derive energy from chemical reactions to drive their metabolic
processes. Some microbes prey on others, some obtain carbon from inorganic sources, and
some are scavengers that feed on dead organisms, fecal pellets, or other waste organic matter.
Some can even consume hydrocarbons. A few, such as diatoms and foraminifera, make hard,
calcite “shells” that last for thousands of years in seafloor sediments and provide clues to past
climate and ocean conditions. Volatile organic compounds are strictly related to microbial
activity, being consumed and/or produced by the metabolism of archaea and bacteria. For
example, terrestrial soils and aqueous environments may act as a sink of VOCs due to
microbe capability of degrading organic compounds under both aerobic and anaerobic
conditions (Insam and Seewald, 2010; Pefiuelas et al., 2014; Gennadiev et al., 2015). On the
other hand, wetlands and marine sediments may be a source of VOCs (Pefuelas et al., 2014
and references therein), as these compounds may be produced by primary metabolism, as cell
growth-associated by-products, and secondary metabolism, as (i) products not required for the
survival of the organisms but that may serve for specific functions, (ii) competitive weapons
used against other microbes, (iii) agents of symbiosis between organisms, (iv) sexual

hormones, and so on.
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Figure 9: Distribution of microbial volatile organic compound (VOC) emission. Volatiles emitted by bacteria
(red columns) and by fungi (blue columns). Chemical classes are ordered due to the number of different
compounds within a class. Bacterial VOC profiles are rich in alkenes, alcohols, ketones and terpenes; fungal
VOCs are dominated by alcohols, benzenoids, aldehydes, ketones and arsenics (descending order) (after
Peiiuelas et al., 2014)

Through metabolic pathways, living organisms convert a carbon source into the building
blocks needed for the synthesis of new cellular materials. As stated above, heterotrophs are
capable to break down complex organic compounds, such as carbohydrates, proteins, lipids,
into simpler end-products through catabolism, i.e. the degradative phase of metabolism. The
catabolic pathways consist of oxidative stepwise reactions that result in the transfer of
electrons from electron donors to an electron acceptor. Energy may be obtained by (i)
respiration, involving transfer of electrons to inorganic acceptors, i.e. either molecular oxygen
(aerobic respiration) or other species such as SO4, NOj3, NO,, COs;, CO, (anaerobic
respiration), or (ii) fermentation, involving transfer of electrons to an organic substrate.
Whilst part of the energy released during these electron transfers is lost as heat, the rest is
used to form electron carriers or high-energy compounds (such as ATP, NADH, NADPH and
FADH?2), which are the central goal of catabolism. These compounds, in particular ATP,
provide energy for anabolic pathways and cell growth. Differently from heterotrophs,
autotrophic organisms are capable to fix carbon atoms from inorganic species (CO;) into
organic compounds. They may obtain energy, in the form of ATP and NADPH, from sunlight
or oxidation of chemicals. Methanogenesis is the formation of methane by microbes known as
methanogens, microorganisms belonging to the domain of archea. Methanogens play a vital
ecological role in anaerobic environments, removing excess hydrogen and fermentation

products. Methanogens have been found in several extreme environments on Earth, making
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them the most widespread VOCs-producing form of microbial life on Earth. The
microbiology, ecology and biochemistry of the various bacterial CH4 formation pathways
have been reviewed extensively in several monographs (e.g. Garcia, 1990; Konig, 1992;
Marty, 1992). Methanogens, fermentative archaebacteria, are obligate anaerobes that
metabolize only in anoxic conditions at redox levels E, <200 mV. Methanogens form
methane by pathways that are commonly classified with respect to the type of carbon
precursor utilized by them. The primary methanogenic pathways are referred to as:
hydrogenotrophic; acetotrophic and methylotrophic. As stated above, VOCs participate to
microbial metabolism as energy and carbon sources, or products of primary or secondary
metabolism. Accordingly, microbes are used, for instance, to produce biofuels and chemicals
(e.g. Mukhopadhyay, 2015), and in bioremediation techniques to biodegrade VOCs in
contaminated soils and waters (e.g. Megharaj et al., 2011; Lien et al., 2016). Biodegradation
is defined as the biologically catalyzed reduction in molecular complexity of chemical
compounds (Alexander1994). It may occur in the presence of oxygen (aerobic conditions) or
without oxygen (anaerobic conditions) through the metabolic activity of microorganisms.
Chemoorganotrophic species can use a huge number of organic compounds as carbon and
energy sources, some microbial species utilizing more than 100 different organic compounds
(Fritsche and Hofrichter, 2008). In general, an organic compound may be (i) used by
microbes as the primary carbon and energy source for cell growth and ATP production, (i1)
used as an electron acceptor to aid cellular respiration (anaerobic respiration), or (iii)
transformed by a microbe without nutritional benefit in the presence of a growth substrate that
is used as the primary carbon and energy source (co-metabolism). For example,
methanotrophs are capable to co-metabolize a variety of aromatic, aliphatic and halogenated
compounds (e.g. oxidizing alkanes to organic acids, or thrichloroethylene to TCE epoxide;
Little et al., 1988; Fritsche and Hofrichter, 2008 and references therein) and have been applied
for bioremediation of chlorinated solvents in polluted sites. The cell growth-associated
degradation of VOCs may occur through cellular respiration (aerobic or anaerobic) and/or

fermentative processes.

48



w N

0 00 N O U b

10
11
12
13
14
15
16

17

18

19
20
21
22
23
24
25
26
27
28
29
30
31
32

Abiotic hydrocarbons in Earth's crust: a phantom

Jens Fiebig', Andri Stefansson?, Andrea Ricci’, Franco Tassi, Fatima V. Viveiros®, Catarina
Silva>¢, Taryn M. Lopez’, Christoph Schreiber!, Sven Hofmann' & Bruce W. Mountain®

! Institute of Geosciences, Goethe University, Altenhoferallee 1, 60438 Frankfurt/Main,
Germany (Jens.Fiebig@em.uni-frankfurt.de)

2 Institute of Earth Sciences, University of Iceland, Sturlugata 7, 101 Reykjavik, Iceland

3 Department of Biological, Geological and Environmental Sciences, University of Bologna,
Piazza di Porta San Donato 1, 40126 Bologna, Italy

4 Department of Earth Sciences, University of Florence, Via La Pira 4, 50121 Florence, Italy

3 Institute of Volcanology and Risks Assessment (IVAR), Universidade dos Agores, Rua da
Mae de Deus, 9501-801 Ponta Delgada, Portugal

6 Centre for Information and Seismovolcanic Surveillance of the Azores, Rua da Mae de Deus,
9501-801 Ponta Delgada, Portugal

7 Geophysical Institute, Alaska Volcano Observatory, University of Alaska Fairbanks, 903
Koyukuk Drive, Fairbanks, AK 99775, USA

8 GNS Science, Wairakei Research Centre, 114 Karetoto Road, Taupo 3384, New Zealand

Abstract

Abiotic formation of n-alkane hydrocarbons has been postulated to occur within Earth's crust!-
6. Apparent evidence was mainly based on carbon and hydrogen isotope distribution patterns
that sets methane and its higher chain homologues apart from common biotic isotopic
compositions associated with microbial production and closed system thermal degradation of
organic matter!S. Here, we present the first global investigation of the carbon and hydrogen
isotopic compositions of n-alkanes in volcanic-hydrothermal fluids hosted by basaltic, andesitic
and rhyolitic rocks. We show that these hydrocarbons derive from biotic sources, i.e.,
predominantly from the thermal decomposition of organic matter. Meteoric waters and
seawater circulating through the crust shuttle organic matter from Earth’s surface into the
reservoir rocks. There, high temperature pyrolysis of organic matter and open system degassing
generates n-alkanes with isotopic compositions previously classified as being indicative for
abiogenesis. These results challenge the dogma of crustal production of abiotic hydrocarbons
and highlight the potential of n-alkanes to become sensitive indicators of life on habitable

(exo)planets.
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The ability to distinguish between biotic and abiotic hydrocarbon sources on Earth is essential
to fully understand the formation of crustal hydrocarbon reservoirs, identify the origin of
hydrocarbons such as methane on other planets and resolve the potential role of abiotic methane
in the emergence of life!. It is well known that crustal hydrocarbons largely derive from biotic
sources, i.e. from microbial production and thermal decomposition of organic matter'. Abiotic
hydrocarbon formation (i.e., generation from pure inorganic substances, without any
involvement of organic carbon) has been postulated to take place in a variety of natural systems
where inorganically derived CO or COz, water, reducing reagents and catalysts and/or heat are
available. To these belong hydrothermal and low-temperature (T < 100°C) mafic and ultramafic

systems, subduction-related volcanic-hydrothermal systems and igneous intrusions'-.

Most prominently, the following criteria were used to identify abiotic hydrocarbon occurrences:
i) methane with 8'3C > -20%o’, ii) the occurrence of a carbon isotope reversal between ethane
and methane*? (i.e., methane more enriched in '3C than ethane, contrary to what is observed
for n-alkanes from confined sedimentary hydrocarbon reservoirs) and iii) methane in apparent
chemical and isotopic equilibrium with inorganically derived CO-°. However, laboratory
experiments did not provide supporting evidence for the robustness of the carbon isotope
reversal criterion’. In addition, '*C-labelling of reagents revealed sluggish reaction rates®, and
experimental setups were shown to be prone to contaminant hydrocarbons'’. These results
called the relevance of abiotic n-alkane production in Earth’s crust into question’, especially in

low temperature environments!'?.

For this study, we investigated for the first time the global-scale systematics of carbon and
hydrogen isotope variations in hydrothermal fluids. We sampled two-phase well fluids (n = 29)
and steam vent fumaroles (n = 61) from 28 volcanic-hydrothermal fields in New Zealand,
Iceland, Argentina, USA (Alaska), Italy, Greece, Portugal (Azores) and Spain (Tenerife)
(Extended Data Table 1). We analyzed the carbon isotopic compositions of methane, ethane,
propane and n-butane as well as the hydrogen isotopic compositions of methane and water in
these fluids (Extended Data Tables 2, 3). Sampled locations cover all types of volcanism and a
wide range of reservoir temperatures (200-450°C), with the origin of external water being
dominantly meteoric and/or seawater (Extended Data Table 1). Terrestrial vegetation at the

sampled sites is largely dominated by Cs plants''.

For several locations, carbon isotopes are homogeneously distributed among ethane, propane

and n-butane (Cz+ hydrocarbons), i.e. variations in §'*C+ are < 1.0%o (Fig. 1a). At Reykjanes,
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813C-Ca+ of -16%o (well 11) and -17 to -18%o (well 12) overlap with the carbon isotopic
composition of particulate organic matter (-17.5 > §"*C-POC > -22.2%o) and modern
sedimentary organic matter (-16.5 > §'3C-SOM > -19.4%o) that are characteristic for the water
masses surrounding the Reykjanes peninsula'?. For Esguicho (Furnas village) §'*C-Cz+ of -28
to -29%o perfectly agree with the average carbon isotopic composition of terrestrial plants
growing in the Furnas caldera (-28.4%0)'>. The hydrothermal reservoir at Reykjanes is
predominantly fed by seawater, whereas the hydrothermal system beneath Furnas village is
exclusively sourced by meteoric water (Extended Data Table 1). The same patterns - invariant
813C-Ca+, but absolute values changing with the source of water - is observed at Nisyros
(seawater-fed hydrothermal system, 8'3C-C+ around -18%o), Ischia and Rotokawa well 14
(both meteoric water-fed systems, 8§'3C-Ca+ around -27%o) (Fig. 1a; Extended Data Table 1).
These observations strongly imply that local organic matter is transported by external waters
into the corresponding hydrothermal reservoirs, where it is finally subjected to high temperature
pyrolysis. At these temperatures, the carbon isotope fractionation between the Ca+ hydrocarbons
and the source organic matter becomes insignificantly small and, hence, the 5'3C-C,+ becomes

indicative of the bulk organic matter decomposing at depth.

The majority of sampled discharges exhibits significant differences among 8'3C-Ca+ values
(Extended Data Tables 2, 3). However, the carbon isotopic composition of n-butane, the longest
n-alkane analyzed in this study, always occurs within the range reported for modern marine
dissolved organic matter (-18%o > 8'3C-DOC > -23%o)'4, modern marine particulate organic
matter (-17%o > 8'3C-POC > -25%o0)'>!4 and modern terrestrial C3 plants (-20%o > §'3C > -37%o,
with most data clustering between -23%o > 8'3C > -31.5%o and averaging to 5'*C = -28.5%o)"*
(Fig. 1b). Moreover, relative variations in 8'*C decrease in the order ethane — propane — n-
butane (Fig. 1b). These patterns are expected for thermal degradation of organic matter in which
the carbon isotope fractionation between source organic matter and the evolving gaseous n-
alkane decreases with the number of carbon atoms constituting the n-alkane'¢. These
observations highlight the importance of predominant thermogenic production of Ca+
hydrocarbons in all investigated systems. In addition to the modern organic matter supplied by
external waters, older organic matter contained in sediments can also contribute to overall
hydrocarbon production, as becomes evident from Rotokawa §'3C-C»+ data (Extended Data
Table 2). Although the Rotokawa hydrothermal reservoir is exclusively sourced by meteoric
waters, its 8'3C-Cy4 values range from -27%o to -17%o, pointing to the occurrence of a marine

next to a terrestrial organic source. The marine organic endmember is likely hosted in Mesozoic
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greywacke occurring at relatively shallow depth of 1-3km depth underneath Rotokawa
(Extended Data Tables 1).

Several lines of evidence also imply that methane predominantly derives from the thermal
decomposition of organic matter that is shuttled by external waters from the surface to reservoir
depth: i) Even if methane samples with an obvious microbial origin (Furnas B and Furnas Lake
2, Azores (Extended Data Table 3), as indicated by relatively strong depletions in '*C and D)’
are excluded, methane still exhibits the largest variations in §'3C of all analyzed n-alkanes (Fig.
1b). ii) In 8'3C vs 8D space, methane from meteoric water- and seawater-fed hydrothermal
systems plots along trends that are characteristic of open system, high temperature cracking of
terrestrial and marine organic matter'8, respectively (Fig. 2a). iii) In the same space, methane
from volcanic-hydrothermal systems plots into a field that has a shape similar to that
characteristic of thermogenic methane from confined sedimentary systems, but is, relative to
the latter, shifted to higher 8'3C values (Fig. 2b). '*C-enrichment of thermogenic methane in
volcanic-hydrothermal fluids results from relatively high reservoir temperatures of 200° -
450°C (Extended Data Table 1), clearly exceeding those of confined sedimentary reservoirs
where methane generation mostly takes place between ~150° - 220°C'". Carbon isotope
fractionations associated with organic matter degradation are, therefore, expected to be smaller
in volcanic-hydrothermal systems. In addition, modern marine organic matter is enriched in '*C
by 5 to 10%o relative to the marine organic matter of pre-Cenozoic age?” that provides the source
of kerogen in confined sedimentary reservoirs. iv) In Icelandic systems, which are characterized
by the absence of organic sediments, DOC and POC concentrations of meteoric water and/or
seawater alone are sufficiently high to balance n-alkane concentrations in the discharged fluids
(Extended Data Fig. 1). v) Under steady state conditions, water recharge rates at depth should
be higher in well reservoirs than in naturally degassing systems, as in well systems the reservoir
fluid is continuously exploited at the surface in addition to the steam. The flux of fresh,
immature organics (depleted in '3C) through the reservoir should, therefore, be higher in well
systems. This is consistent with the observation that well discharges display on average lower

813C-CHy4 values than fumaroles (Fig. 2b).

Two reasons may account for 8D departing from the predicted cracking and degassing trends
at high organic matter maturities characterized by 8'3C-CHys > -20%o (Fig. 2a). First, hydrogen
isotope exchange between CHs and water might occur at the elevated temperatures
characteristic of hydrothermal systems, driving CHs towards isotopic equilibrium with water at

T >300°C. (Extended Data Fig. 2a). Alternatively, the decomposing organic matter at depth
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might be able to exchange hydrogen with the reservoir water at depth such that the hydrogen
isotopic composition of the organic matter and that of the methane becomes progressively

buffered by water with increasing temperature and/or increasing organic matter maturity.

The observation that thermogenic cracking of organic matter under open system conditions is
of natural relevance has important implications for the reliability of criteria previously applied
to identify abiotic hydrocarbon occurrences. i) §'3C-CH4 values exceeding those characteristic
for methane from confined sedimentary systems are not indicative of abiogenesis (Fig. 2a). ii)
The occurrence of a carbon isotope reversal cannot be used as evidence for abiotic n-alkane
generation either. Reversals can be obtained from thermogenic degradation and open system
degassing alone (Extended Data Figs. 3), or from mixing of thermogenic n-alkanes from two
or more sources of distinct organic maturity?'. iii) As 8'*C-CHs is controlled by the relative
fluxes of organic carbon into and methane carbon out of the system, carbon isotope equilibrium
between CH4 and CO: is not attained. The apparent fractionation only fortuitously corresponds

to equilibrium in some cases (Extended Data Figs. 2b, 4).

Although a wide variety of host rocks is involved (ultramafic, mafic, felsic), §'3C and 8D of
methane as well as 8'3C of the longest chain n-alkanes (propane and n-butane) from other
"abiotic" settings'? such as Chimaera, Zambales, Lost City, unsedimented mid-ocean ridges,
Socorro, Milos, Khibina and Lovozero occur within the ranges reported in this study (Figs. lc,
2¢). This may point to a thermogenic origin of methane and the Co+ hydrocarbons in these
locations as well. Seawater and meteoric waters are cycled in large amounts through continental
and oceanic crust, and large fractions of their organic matter could be sorbed to the minerals in
the host rocks before thermocatalysis starts, making mass balance calculations based on organic
matter content of feeding and discharged fluids difficult to interprete. Up to 70%o of DOC is
removed from deep seawater during its circulation through high temperature and ridge-flank
hydrothermal systems??. Oceanic gabbros and serpentinites contain significant amounts of bulk
organic carbon (up to 3000 ppm), whose carbon isotope composition (-32%o > §'3C > -8%0)>
spreads around that of marine DOC. Abiotic production has also been proposed to occur at
temperatures < 100°C for n-alkanes degassing from old cratonic rocks and continental
serpentinization sites associated with hypersaline spring water'?. However, considering
experimental constraints that there already is a kinetic barrier for abiotic hydrocarbon
production at temperatures as high as 300°C it would be remarkable if this kinetic barrier
becomes less important at lower temperatures'’. Experiments in which the use of rubber septa

was avoided failed to produce any CHas from reaction of carbon-bearing fluids with ultramafic
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rocks at such low temperatures!'®. On the contrary, it has recently been noticed that thermogenic

hydrocarbon production proceeds down to temperatures of at least 60°C?*. The potential

importance of thermogenic degradation of organic matter at low temperatures and microbial

methanogenesis at varying availabilities of CO> and Ha needs to be investigated in more detail

before an abiotic origin can be assessed to these hydrocarbons. The virtual absence of abiotic

hydrocarbons in Earth's crust would make methane and its higher chain homologues sensitive

indicators of ancient or modern life on habitable (exo)planets, such as possibly on Mars, where

locally elevated atmospheric methane concentrations of 7 ppbv cannot be explained by bolide

impacts and/or photochemical degradation of exogeneously derived organic matter?>.
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Figure captions

Figure 1. Plot of 8'3C of individual n-alkanes against carbon number. 8'°C ranges of
modern marine organic matter'>!4, terrestrial C3 vegetation'®> and Archean organic matter?® are
shown for comparison. a, Emissions that are characterized by invariant §'*C-Cz+. b,
Compilation of all n-alkane data analyzed in this study. ¢, Comparison between n-alkane data
from this study (area in grey) and data available from other "abiotic" sites (see Supplementary
information): hydrothermal sites (blue); ophiolite gases (black); old craton gases (red) and

inclusions in igneous rocks (green).

Figure 2. Plot of 8D-CHy vs 8'3C-CH4. Samples with an obvious microbial origin (§'3C-CHa
<-60%o, Fig. 1b) are not considered. a, Data classified after the origin of external water feeding
the hydrothermal system (Extended Data Table 1). Open system cracking and degassing trends
as a function of fraction of precursor sites remaining inside the cracked organic matter were
calculated for terrestrial (green) and marine organic matter (blue) using the average isotopic
composition of Cz plants and modern marine organic matter?’ (blue), respectively, the carbon
and hydrogen isotope fractionations characteristic for methane generation from xylite and
Kukersite!'®, respectively, and the formalism of open system cracking and degassing®®. The
trend for marine organic matter matches the variation of 8'*C and 8D observed for seawater-
fed hydrothermal systems. Trend for C; plants corresponds to the slope described by most low
8!3C data points from meteoric water-fed hydrothermal systems but occurs shifted to higher
8'3C and 8D. This implies that methane precursor sites in decomposing terrestrial organic
matter either occur depleted in *C and D with respect to the average C; plant isotopic
composition or that the corresponding carbon and hydrogen isotope fractionations (gc, €x) are
larger than those obtained from xylite'®, with & / & remaining unchanged. Both possibilities
are in agreement with carbon isotope constraints on pyrolysis of coal?. b, Data classified after
the style of degassing (wells vs fumaroles). ¢, Comparison between methane data from this
study and data available from other "abiotic" sites (see Supplementary information): Labelling
as in Fig. 1c, extended by (hyper)alkaline spring data (open symbols). Field characteristic for

methane from microbial (c) and confined sedimentary systems (b, ¢) redrawn after Schoell*°.
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Methods

Well fluids, well steam and natural gas discharges were sampled following standard protocols®'-
33, Carbon isotope analysis of n-alkanes and CO, were performed using analytical setups and
protocols described elsewhere®*. External precision for carbon isotope analysis is £0.5%o for n-
alkanes and +0.2%o for CO». For hydrogen isotope analysis of CH4, a sample preconcentration
system was connected to a GC/TC (Thermo), equipped with a Porapack Q column. CHs was
separated from Ha by keeping the column isothermal at -50°C. External precision for 6D-CH4
analysis was < +5%o. Internal n-alkane gas mixtures calibrated against methane#1, methane#3
and ALM methane#7 (all supplied by A. Schimmelmann, Indiana University) were measured
along with the samples to be able to report 3'*C and 8D values on the VPDB-LSVEC and
VSMOW-SLAP scales. The hydrogen isotopic composition of water was analyzed using a TC-
EA and internal water reference samples calibrated against VSMOW-SLAP. External precision
for 8D-H,O analysis was <+3%o. All isotopic data is presented in Extended Data Table 2 (wells)
and Extended Data Table 3 (fumaroles).
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Extended Data Figures

Extended Data Figure 1. The concentration of n-alkanes in volcanic-hydrothermal fluids
in Iceland. Systems sourced by a, meteoric water and b, a mixture of meteoric water and
seawater. Also shown are the ranges of concentrations of DOC in non-thermal meteoric surface
waters in Iceland®**¢ and DOC and POC for seawater in Iceland®”. Total concentrations of n-
alkanes (sum of methane, ethane, propane and butane) in the hydrothermal fluids are generally
below the concentrations of organic matter in the source fluids. The volcanic-hydrothermal
systems in Iceland are of recent geological age and characterized by the absence of organic
sediments. For more complex systems, with multiple phase relationships (vapor, liquid, brine
and halite) like sub-seafloor systems, and those associated with sedimentary deposits within the

reservoir, mass balances are, however, difficult to constrain.

Extended Data Figure 2. Apparent isotope fractionations vs well reservoir temperatures.
All well reservoir temperatures were determined from qtz-solute thermometry®®. a,
1000Ino(H20w)-CHy) vs reservoir T. Hydrogen isotope equilibrium is marked by red lines.
HCBW (red bold line) combines the theoretical Ho-H>O(v)*® with the experimental CHs-Ha
fractionation*’, whereas HCS is based on a combination of the experimental Ho-H2O)*' with
the experimental CHs-H, fractionation*’. Both the theoretical and experimental Hy-H2O)
fractionations were corrected for a density effect*? considering that gaseous water molecules
above 200°C do not behave ideal, but form polymers. The size of the markers roughly
corresponds to analytical precisions of isotope analyses. Data implies that hydrogen isotope
equilibrium between CHy and water is attained at highest reservoir temperatures of > 300°C.
Isotope fractionation associated with steam separation seems to be of minor importance only
since the hydrogen isotopic composition of the steam always corresponds to that of the
discharged liquid water (see Extended Data Table 2). b, 1000lna(CO2-CHa4) vs reservoir
temperature. Carbon isotope equilibrium® is marked by the red line. There is no indication that

apparent carbon isotope fractionations vary with reservoir temperature and attain equilibrium.

Extended Data Figure 3. 8'*C of instantaneous methane, ethane and propane as a function
of generated fraction of n-alkane. Methane, ethane and propane derive from different
precursor sites within the organic matter, and each generated n-alkane is characterized by its
own specific carbon isotope fractionation factor with respect to its precursor site'®. During
progressive cracking, instantaneous fractions of methane can become highly enriched in *C
and finally even exhibit a carbon isotope reversal with respect to ethane. a, $'3C of the initial

precursor sites corresponds with -20%o to the average carbon isotopic composition of marine
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DOC. Carbon isotope fractionation factors between precursor sites in the organic matter and
the respective n-alkanes correspond to those determined from pyrolysis of marine Kukersite!®.
According to these experiments methane from marine organic matter may have the potential to
become highly enriched in '*C during late stage cracking (fraction of generated methane = 1).
b, 813C of the initial precursor sites corresponds with -28%o to the average carbon isotopic
composition of terrestrial C; plants. Carbon isotope fractionation factors between precursor
sites in the organic matter and the respective n-alkanes correspond to those determined from
pyrolysis of terrestrial xylite'®. ¢, 8'3C of the initial precursor sites corresponds with -20%o to
the average carbon isotopic composition of marine DOC. Carbon isotope fractionation factors
between precursor sites in marine organic matter and the respective n-alkanes chosen to match
813C of Reykjanes n-alkanes (8'*C-CHj around -30%o; §'*C-Cs+ invariant and close to -20%o,
Extended Data Table 2) at the very early stage of degassing (fraction of generated n-alkane -
0).

Extended Data Figure 4. Plot of apparent carbon (CO:-CH4) against apparent hydrogen
(H20()-CH4) isotope fractionation. For calculation of displayed equilibrium isotope
fractionations see Extended Data Figs. 2. Isotopic data for calculation of apparent isotopic
temperatures is taken from Extended Data Tables 2, 3. The grey shaded field indicates
hydrothermal temperatures > 300°C, i.e. a range within which hydrogen isotope equilibrium
between H2O) and CH4 might be attained, as implied by Extended Data Fig. 2a. Within this
range, the apparent hydrogen isotope fractionation between H2Ow) and CHs corresponds to
reasonable hydrothermal temperatures (up to 450°C, Extended Data Table 1). Within the same
range the apparent CH4-CO3 isotope fractionation is largely variable and extends to very small
values corresponding to temperatures exceeding 1000°C. This provides additional evidence that
the apparent carbon isotope fractionation between CO, and CH4 only fortuitously corresponds
to equilibrium in some systems. During the stage where either the hydrogen isotopic
composition of methane or that of the decomposing organic matter at depth becomes buffered
by the isotopic composition of water, methane is further distilled out of the system, leaving the
methane precursor sites in the organic matter and, hence, the instantaneous fractions of

generated methane progressively enriched in 1C.
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Extonded Data Table 1. The major characteristics of the various volcanic-hydrothermal systems

Country Geothermal system tectonic setting rocks Toes® (C) __Source of extemal waters® References
‘Alaska, USA subduction
Trident andesitic, dacitic 380 MW 4]
Mageik andesitic, dacitic 260 MW [44]
Argentina subduction
Domuyo andesitic, hyolitic 220240 MW 5]
Copahue basaltic-andesitic, dacitic 250 Mw 46
Azores, Portugal mid-ocean rifting/mantle plume
Fumas trachyte 200275 MW [47.48)
Grece subduction
Nisyros andesitic, dacitic, hyolitic 200340 SW 49,50]
Santorini andesitic, dacitic, yolitic unknown  unknown 51
lcoland mid-ocean riftingimantle plume
Reykjanes basalts 260345 SW 52
Svartsengi basalts 220260 SWaMW 152)
Krysuvik basalts 220320 MW 52)
Krafla basalts, ryolites 200440 MW 152)
Namafall basalts, ryolites 220320 MW 152)
Hengill basalts 200380 MW 152)
Hveragerdi basalts 170230 MW 52
Tortajkull hyolites 260310 MW 152
Kverkfjoll thyolites 260-300 MW (52
Kverkfjoll basalts, tyolites 200350 MW 152)
Askja basalts, yolites 180350 MW 152)
taly subduction
Vulcano beach leucite tephiites, trachytes, alkalihyolites 230 SWMW. 53,54]
Ischia shoshonites, alkalitrachytes 250300 MW 55.56]
C. Flegrei shoshonite, phonolites, trachytes 200360 MW 57,58)
Vesuvio leucite-basalts, trachytes, leucilic tephites, leucitic phonolites 360450 MW 159)
Pantelleda continental extensional trachytes, peralalkaline tyolites 250 MW (60
New Zealand subduction
Ohaaki yolites, greywacke 275310 MW 16162)
Rotokawa andesites, dacites, tyolites, greywacke 200340 MW 16163]
Ngatamariki basalt, andesite, myolite, greywacke, tonalite 260285 MW 16164]
Tenerife, Spain
Teide mantle plume basalt, trachytes. phonolites 285316 165]
* reservoir orinfemed from gas origin infemed from oxygen and hydrogen isotope data [see references]

Tablo 2. Woll data:

sampling temperatures, carbon isatope composition of methane, ethane, propane and n-butane, hydrogen isotope compasition of methane, steam and liquid water. Carbon isolope data is.
reported relative to VPDB, hydrogen isotope data relative to VSMOW.

Sample # Location Date T (C) T*(C) 8'3CCHy BD-CHy B'3CCH 8'3CCiHs 8"CnCaHso 8"CCOoiv) B0-H;0(v) BD+H;00)
Iceland
Krw32 Krafla 27.08.15 249 178 -394 314 339 284 249 38 82 4
Krwig Krafla 27.08.15 264 203 376 -239 364 323 35 83 -20
Krw34 Krafla 28.08.15 264 200 375 220 284 242 42 82 86
Krw3d Krafla 06.08.16 264 200 -36.3 -226 329 247 221 43 1 83
Krw37 Krafla 06.08.16 295 175 382 251 <353 213 271 42 83
Krwat Krafla 06.08.16 207 148 366 224 219 183 a4 k)
Krw36 Krafla 06.08.16 241 189 340 -233 328 253 48 83 86
Krw27 Krafla 06.08.16 243 183 39.0 -293 348 247 232 29 83 83
Rey w15 Reykjanes 0209.15 281 212 315 162 184 190 200 28 28 42
Rey wi2 Reykjanes 0209.15 209 20 296 150 474 73 183 28 2 2
Rey wi2 Reykjanes 120816 209 207 293 152 176 170 169 30 21 20
Rey wig Reykjanes 120816 21 27 20 a2 197 220 23 26 21 22
Rey wit Reykjanes 120816 305 26 246 138 162 159 159 30 24 20
Nam w13 Namafjall 27.08.15 290 173 12 250 21 250 ar 5 9
Nam w13 Namafall 05.08.16 285 126 364 263 22 250 39 98 %0
Nam wd Namafjall 27.08.15 236 184 54 288 51 239 22 30 ) 95
Nam wg Namafjall 05.08.16 234 175 48 283 48 29 209 32 -9 04
Svwd Svarsengi 11.08.16 240 192 304 -188 187 -189 -194 23 29 20
Svwit Svartsengl 11.08.16 240 204 06 -183 479 7.3 77 28 28 19
New Zealand
BR67 Ohaaki 01.03.17 304 192 260 -140 205 202 18 45 39
BRS6 Ohaaki 01.03.47 268 174 264 -142 225 237 259 £9 45 39
BRAY Ohaaki 01.03.17 289 1 253 142 22 214 12 45 39
RK 26 Rotokawa 020317 203 248 251 144 250 -281 278 65 43 44
R34 Rotokawa 0203.17 289 25 253 140 156 78 7.4 73 4 4
RK 14 Rotokawa 020317 318 26 258 141 265 269 269 %6 44 4
RK17 Rotokawa 0203.17 300 25 254 142 198 212 27 58 45 4
NM 5 Ngatamarigi 03.03.17 287 216 255 -147 225 215 213 64 42 -40
M7 Natamarigi 03.03.17 287 224 250 40 46 42
NM 12 Natamarigi 03.03.17 284 224 248 146 220 -183 78 58 43 43
b adi boiling and using quartz geothermometry; ® T, = Sampling temperature;
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Extended Data Table 3. Fumarole data: Vent temperatures, carbon isotope composition of methane, ethane, propane and n-butane, hydrogen isotope composition of methane and water vapor. Carbon isotope data is reported relative to
VPDB, hydrogen isotope data relative to VSMOW.

Sample Location Date T.°(C) 5'3CCH, 8D-CHy 813C-CoHg 813CCiHy 5'9CnCaHio 513CLCOyv) BD-H,0(v)
Italy
Vasca lppo Vulcano Jun 16 52 82 223 261 263 29 9
Vasca Ippo Centr. Vuleano 0410.16 102 54 84 244 246 253 32 9
Vasca Ippo Est. Vulcano 04.10.16 100 52 84 201 233 36 7
Vasca Vecchia Vulcano 04.10.16 100 48 85 7.0 36 1
G Pantelleria 0210.13 % 477 125 218 41 36
Pisciarelli C. Flegrei 02.09.13 % 205 157 192 42 47
B8G C. Flegrei 02,09.13 163 472 143 78 42 21
BN C. Flegrei 02.09.13 157 485 142 7.8 08 2
FC2 Vesuvio 03.09.13 97 477 -106 473 04 26
DR2 Ischia 0409.13 100 324 213 274 273 271 38 47
Greece
s4 Nisyros 04.06.13 100 233 118 -18.0 8.0 7.9 4.0 4
s15 Nisyros 04.06.13 100 225 118 182 480 410 6
PPOS Nisyros 05.06.13 100 219 118 1856 196 03 7
K7 Nisyros. 06.06.13 99 225 119 184 184 43 43
A13 Nisyros 05.06.13 9 233 131 213 196 -18.9 04 5
Nea Kameni Santorini 06.04.16 315 26,0 208
Tenerife data from [65]
FC Teide 16.06.13 87 11 82 36 47
Azores data from [47]
Fumas B Fumas village 06.01.15 65 647 309 307 299 25
Fumas B Fumas village 2407.15 7 631 304 313 307 41 25
Fumas B2 Fumas village 2407.15 74 202 27 298 297 41 25
Fumas B3 Fumas village 24.07.15 % 9.4 425 290 294 41 25
Fumas D Fumas village 24.07.15 % 4199 -130 298 298 42 25
Esguicho Fumas village 281113 % 479 284 289 282 43 25
Esguicho Fumas village 2307.15 % 485 17 284 292 25
Caldeira Seca Fumas village 281113 99 487 288 271 275 42 25
Caldeira Seca Fumas village 06.01.15 478 119 284 270 25
Caldeira Seca Fumas village 2207.15 97 195 126 288 275 41 25
Dos Vimes Fumas village 2407.15 % 193 435 294 308 25
Fumas Lake Fumas lake 281113 97 359 233 262 48 23
Fumas Lake Fumas lake 06.01.15 97 348 -168 221 23
Fumas Lake Fumas lake 25.07.15 % 269 135 221 236 45 23
Fumas Lake 4 Fumas lake 25.07.15 % 274 438 221 238 45 23
Fumas Lake 2 Fumas lake 281113 89 647 248 268 69 23
Fumas Lake 2 Fumas lake 06.01.15 97 645 241 243 23
Fumas Lake 2 Fumas lake 25.07.15 9 633 -238 240 265 44 23
Iceland Iceland
15-AS-01 Knysuvik 24.08.15 352 203 290 206 32
15-AS-02 Kjsuvik 24.08.15 36.1 -200 316
15-AS-03 Ketingafjoll 25.08.15 243 -196 310 32
15-AS 04 Kerfingafjll 25.08.15 243 195 307 33
15-AS-05 Kerfingafjoll 26.08.15 261 -200 322 31
15-AS-06 Kerfingafjoil 26.08.15 256 196 325 30
15AS-11 Némafjall 28.08.15 343 297 320 255
16-AS-08 Namafall 07.08.16 335 265 242 218 30 109
16-AS09 Namafall 07.08.16 343 267 249 214 32 -108
16-AS-10 Hengill 09.08.16 286 236 36.9 346 36 65
16-AS-11 Hveragerdi 09.08.16 328 -252 418 299 35 67
16-AS-12 Hveragerdi 09.08.16 255 -185 374 29.1 27.2 34 64
17-TORF-1 Torfajkull 07.08.17 325 -230 351 282 282 55
17-TORF-2 Torfajokull 07.08.17 306 210 329 255 306
17KVE- Kverkfjsll 06.09.17 336 226 441 299 242
ATKVE2 Kverkfioll 06.09.17 339 219 435 305 248
17-ASK-1 Askja 07.09.17 433 -320 -38.7 272
17-ASK3 Askja 07.00.17 392 293 375
Alaska
MGK1 Mageik 12.07.13 92 305 215 263 258 88
TRI1 Trident 16.07.13 94 202 -238 226 -11.0
Argentina
Bramadora Domuyo 01.03.14 107 296 194 497
Anfiteatro Copahue 11.03.14 9 360 234 183 65
Las Maquintas Copahue 04.03.14 131 279 217 -18.3 -18.2 76
Las Maquinas Copahue 04.03.14 % 264 209 41858 76
Pedra de Copahue Copahue 06.03.14 9 27.0 212 495 75
Chancho-Co Copahue 07.03.14 95 296 194 88

2T, = Vent temperature
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Supplementary Information

“Abiotic" n-alkanes displayed in Figures lc and 2c¢ comprise data from (ultra)mafic

s% and Socorro®7),

hydrothermal systems (Lost City®, unsedimented mid-ocean ridge
continental volcanic-hydrothermal systems (Milos®®), ophiolites (Zambales®®, Chimaera’),
inclusions in igneous rocks (Khibina’'-72, Lovozero’!), old cratons (Kidd Creek”?, Driefontein’,
Kloof”?, Copper Cliff”}, Mponeng”?, Sudbury’, Elliott Lake’*, Red Lake’*, Juuka’®, Pori’#) and
from cold (hyper)alkaline springs (Al Khoud Nizwa’”, Genova’¢, Othrys’’, Cabeco de Vide’®,
Happo”, Al Farfar®, Ronda®!). Craton gases and (hyper)alkaline spring gases with a
predominant microbial contribution were excluded, as was previously done in the correlation

plots of 8D-CH4 vs §'3C-CH4 compiled by Etiope & Sherwood Lollar! and Etiope®?.
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Abstract

We have analyzed the carbon isotopic composition of CO,, CH4 and C,—C4 hydrocarbons, the
hydrogen isotopic composition of CH4, H, and H,O as well as the chemical composition of
gases from low-temperature (< 100°C) hydrothermal discharges (Levante beach) and high-
temperature (up to 400°C) fumaroles (La Fossa crater) located at Vulcano Island (Southern
Italy). The main aim was to provide insights into (i) the source(s) of the organic volatiles and
(i1) the role played by post-genetic supergene processes on determining the isotopic and
chemical composition of light hydrocarbons. Investigations of fumarolic discharges at
Vulcano Island revealed CH4 with remarkable H-isotopic signatures ranging from uniquely
low (< =657 %o vs. V-SMOW) to relatively D-enriched values (up to =78 %o vs. V-SMOW).
This spread in the H-isotopic composition is accompanied by a similar noteworthy spread in
the C-isotopic composition of methane, with ' C—CH, ranging from —30 to —4.7 %o vs. V-
PDB. At Baia di Levante beach, methane and light hydrocarbons are produced by high
temperature pyrolysis of marine organic matter at late stage cracking. This interpretation may
explain the 13C-enriched isotopic composition of methane, the reverse carbon isotopic pattern

of C;-Cs n-alkanes, the average carbon isotopic composition of C,; n-alkanes and the high
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C,/C; ratios. The hydrogen isotopic composition of methane may be instead fixed by isotopic
equilibrium with water at 300-400 °C within the deepest and hottest part of the hydrothermal
system. However, in the southern sector of the Levante beach, where hydrothermal alteration
of the volcanic rocks produces sediments saturated with acidic waters and mainly constituted
by smectites, sulfides, sulfate, metal oxides and alumina-rich silicates, light hydrocarbons are
highly affected by post-genetic processes. Alteration minerals and acidic conditions promote
the dehydrogenation of normal-alkanes to alkenes and the aromatization of alkenes t benzene.
The overall process, known as cyclomerization, strongly affects the molecular and isotopic
signature of light hydrocarbons, completely masking the deep signature. At La Fossa crater,
spatial and temporal changes of the chemical composition and stable isotopes of light
hydrocarbons may be caused by contributions of different hydrothermal-type fluids supplied
to the fumarolic conduits by the heterogeneous hydrothermal envelope surrounding the
uprising magmatic gas. Uneven rock permeability regulates the fluid-rock interaction within
the magmatic-hydrothermal system, developing highly variable contents of acidic species
(SO,, H,S, HCI and HF) in the gases. Methane and higher hydrocarbons in contact with large
amounts of acidic species, are involved in irreversible transformation such as halogenation or
sulfonation. These reactions are likely responsible for the observed '*C- and 'H-depleted
carbon and hydrogen isotopic composition and for the variations of C;-C, relative
abundances. Where the hydrothermal fluids entering the volcanic conduit are relatively low in
acidic species, the pristine chemical and isotopic composition of methane is mostly preserved.
We suggest that extremely D-depleted methane may have formed by FT-type reaction under
open-system conditions or by ‘“bit-metamorphism”-like thermogenic process within the

hydrothermal envelope and then added to the uprising magmatic gases.

1. Introduction

Methane and light hydrocarbons are ubiquitous in the Earth’s crust. These gas species have
been recognized in continental and submarine hydrothermal fluids (Tassi et al., 2005; 2007;
2010; 2012a; 2012b; Cruse and Seewald, 2006; Fiebig et al., 2009; 2013; 2015; Taran et al.,
2010a; Suda et al., 2014), deep fluids circulating in sedimentary basins and crystalline rocks
(Sherwood-Lollar et al. 2002, 2006, 2008), fluids associated with inland and submarine
serpentinized systems (Abrajano et al., 1988; Charlou et al., 2002; Proskurowski et al., 2008;

Etiope et al., 2011, 2018) and fluid inclusions in minerals from ore deposits and igneous
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intrusions (Potter et al., 2004, 2013; Ikorsky and Avedisyan, 2007; Nivin, 2011, 2016; McLin
et al., 2012).

Fluids from low temperature (T < 100 °C) subaerial hydrothermal emissions typically show
CH,4 at concentrations <1 mol% on a H,O-free basis, associated with trace amounts of C,,
volatile organic compounds (VOCs) mainly belonging to the alkane, alkene and aromatic
groups (Darling, 1998; Capaccioni and Mangani, 2001; Capaccioni et al., 2004; Tassi et al.,
2007; 2012a; 2012b). By contrast, these organic compounds in high temperature (> 200 °C)
gases discharged by fumaroles from active volcanoes, were found at very low concentrations
(ppb to sub-ppb by vol.) (Taran and Giggenbach 2003 and reference therein).

Despite VOCs are a minor component of volcanic-hydrothermal fluids, their occurrence
stirred the interest of the scientific community especially in the framework of prebiotic
chemistry of early Earth’s atmosphere, emergence of life on Earth and other planets (Tobie et
al., 2006; Atreya et al., 2007; Mousis et al., 2009; Mumma et al., 2009; Eigenbrode et al.,
2018). In fact, several models for the origin and evolution of life invoked reactions,
substrates, catalysts and conditions commonly encountered in subaerial volcanic-
hydrothermal environments (e.g. Wichtershéduser, 1993; Zolotov and Shock, 2000; Miyakawa
et al., 2002; Ferris, 2005; Mulkidjanian, 2009; Parker et al., 2011a; 2011b; de Aldecoa et al.,
2013; Damer and Deamer, 2015; Shock and Boyd, 2015). Moreover, these compounds are
also considered useful geochemical monitoring tools for volcanic surveillance (Capaccioni
and Mangani, 2001; Capaccioni et al., 2004; Tassi et al., 2005; 2007).

Based on empirical and experimental observations, thermal decomposition of organic matter,
dispersed in sedimentary rocks and/or supplied by the infiltrating recharging meteoric or
marine waters, has been proposed as the dominant source of methane and light hydrocarbons
in volcanic-hydrothermal systems (Des Marais et al., 1981). Likewise, Capaccioni et al.
(1995; 2001) ascribed the formation of saturated, unsaturated and aromatic organic
compounds mainly to cracking and reforming processes. Taran and Giggenbach (2003)
reported a large and comprehensive compositional dataset of light hydrocarbons and
suggested that thermal degradation of organic matter through stepwise hydrolytic
disproportionation can play as primary source of VOCs in volcanic-hydrothermal fluids.
Notwithstanding the hydrocarbons in volcanic-hydrothermal fluids are widely considered as
exclusively produced by high temperature pyrolysis of organic matter (Fiebig et al., 2018), the
availability of reactive surfaces of inorganic solid phases, extreme temperature gradients and
extensive fluid-rock interaction make active volcanoes and geothermal systems suitable

contexts for the efficient proceeding of abiogenic organic synthesis.
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In the last three decades, laboratory experiments have shown that organic molecules can be
successfully synthetized from inorganic substrates under hydrothermal conditions using metal
and mineral catalysts (Foustoukos and Seyfried, 2004; Fu et al., 2007; McCollom and
Seewald, 2006, 2007; Taran et al., 2007; 2010b; McCollom et al., 2010; McCollom, 2013;
2016; Zhang et al., 2013). The most commonly invoked abiotic genetic mechanism is the
Fischer-Tropsch type (FTT) synthesis, i.e. the formation of CH4 and higher hydrocarbons via
catalytic hydrogenation of CO (or CO,; Sabatier reaction) at high temperatures (Fischer and
Tropsch, 1926; Anderson, 1984). Other abiotic reactions include: thermal decomposition of
carbonate minerals, methane polymerization, clay-catalyzed synthesis and organosulfur
pathways (McCollom, 2013). However, despite many experimental evidences supported
abiotic hydrocarbons formation in volcanic and geothermal contexts, the effective catalytic
potential of most natural minerals and the influence of the steam/liquid ratio on the initiation
and progression of chemical reactions involving organic molecules remain unclear
(McCollom, 2016). It is also evident that there is strikingly little resemblance between the
compositional make-up of hydrocarbons observed in experimental systems and those of
organic compounds found in natural volcanic-hydrothermal fluids. Carbon and hydrogen
isotope composition of CHg4, carbon isotopic patterns of n-alkanes, isotopic composition of
co-occurring species (e.g. CO,, H,, H,O), CH.4/(C,He+C3Hg) ratios and Shultz-Flory
molecular weight probability distribution were extensively used as interpretive tools to
recognize the origin of hydrocarbons in order to discriminate between abiotic and biotic
sources (Bernard et al., 1976; Schoell, 1980; 1988; Whiticar, 1999; Sherwood Lollar et al.,
2008; Etiope and Sherwood Lollar, 2013). However, none of these parameters proved to be
essential and reliable in unraveling the source(s) of hydrocarbons in natural fluids. On one
hand, this is because the compositional features of a product gas (abiotic or biotic) strongly
depend on the composition of the substrates/reactants and the conditions (e.g. temperature,
pressure, time scale) under which the formation occurs. On the other hand, post-genetic
processes (e.g. fluid mixing, diffusion/advection, hydration/dehydration, oxidation/reduction,
heteroatomic substitution, biodegradation) may affect the chemical and isotopic composition
of light hydrocarbons after their formation (Shock et al., 1998; Etiope et al., 2009; Shock et
al., 2013; Gagliano et al., 2014; Tassi et al., 2015). In order to (i) clarify the controversial
indications provided by the observations of natural systems, thermodynamic models and
hydrothermal experiments and (ii) constrain the processes controlling the origin and behavior
of light hydrocarbons at volcanic-hydrothermal conditions, the geochemistry of VOCs in

fluids from two fumarolic fields (i.e. Levante beach and La Fossa crater) on Vulcano Island
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(southern Italy) was investigated. At Vulcano Island, one of the most extensively studied
active volcanoes of the world (e.g. Capasso et al., 1992; 1997; 1999; 2000; Chiodini et al.,
1992; 1993; 1995; 1996, Paonita et al., 2002; 2013), gas discharges show the occurrence,
although at relatively low concentration, of different VOCs, whose origin was tentatively
ascribed to pyrolysis of organic matter buried in sediments or transported by circulating
groundwater (Capaccioni et al., 2001; Tassi et al., 2012b) or, alternatively, abiogenic gas-
phase reactions at high temperatures (Schwandner et al., 2004; 2013). The debate on the
origin of methane and light hydrocarbons in the fluid discharges of the Island is still open
likely because information from molecular abundances showed inconclusive diagnostic
property and no carbon and hydrogen isotopes data on organic volatiles are available in the
literature.

The study focuses on the isotopic composition of carbon in CHy, ethane, propane, ethylene,
propylene, C4 hydrocarbons (n-butane, iso-butane and butylene) and CO,, and hydrogen
isotopic composition of CH4, H, and water vapor (H,O) of fluids from low-temperature (<
100 °C) and hot (< 450 °C) fluid discharges from Levante beach and La Fossa crater,
respectively, at Vulcano Island. These data, coupled with the chemical composition of the
main inorganic gases and light hydrocarbons, were investigated to provide insights into (i)
source(s) of organic volatiles and (ii) the role played by primary formation mechanisms and
post-genetic processes on determining the ultimate compositional features of these
compounds. To the best of our knowledge, the C/™C and D/H ratios on light hydrocarbons
from La Fossa crater presented in this work are the first ones ever reported for high-
temperature magmatic gases from subaerial active volcanoes. Eventually, the broad range of
temperatures, redox states, gas chemistry and flow rate of fumarolic emissions at Vulcano
offered the opportunity to investigate the behavior of VOCs at conditions resembling those

suggested by several scenarios of prebiotic Earth.

2. Volcanic-Hydrothermal Setting of Vulcano Island
2.1 Geological background

Volcano island is the southernmost island of the Aeolian Archipelago (Sicily, southern Italy)
in the Tyrrhenian Sea. The Aeolian islands are the exposed summits of volcanic edifices
which, together with the surrounding seamounts, constitute a volcanic arc related to the
subduction of the Ionian slab underneath the Calabro-Peloritani terrain (Zanon et al., 2003).

The current geomorphology of Vulcano Island was interpreted as the result of eruptive
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periods of at least three volcanic complexes separated by volcano-tectonic events and major
quiescence stages (De Astis et al., 2013). The volcanic activity started in the late Pleistocene
and moved progressively from south to north. The last eruption occurred in 1888-1890
(Clocchiatti et al., 1994), characterized by the emission of pyroclastic material from La Fossa,
a 391 m high stratocone (Arrighi et al., 2006). After that volcanic event, Vulcano Island was
affected by ground deformation, shallow seismicity and intense and persistent fumarolic
emission. The present fumarolic discharges mostly occur in a 0.045 km?” wide area (Aiuppa et
al., 2005) located in the northern sector and the inner slope of La Fossa summit crater where
high temperature vents (up to 450 °C) emit steam and gases rich in CO, and acidic species
(SO,, H,S, HCI and HF). Hydrothermal-type gases, rich in CO, and H,S with no detectable
SO,, HCI and HF gases, are discharged from subaerial and submarine fumaroles, with outlet
temperature < 100 °C, mostly located close to the Faraglione tuff cone and along the Baia di
Levante beach, the eastern side of a flat isthmus connecting Vulcano to Vulcanello at the
foothill of La Fossa Cone. Strong diffuse degassing of CO, from the soil around the central
volcanic edifice was also reported (Inguaggiato et al., 2012), whereas hot (up to 85 °C) water
was discharged by wells drilled in the Vulcano Porto area (Capasso et al., 2001, 2014).

After the 1888-1890 eruptive phase, La Fossa crater experienced numerous episodes of
increasing fumarolic activity characterized by rising outlet temperatures (Sicardi, 1941;
Cannata et al., 2012; Harris et al., 2012) and volatile fluxes (Italiano et al., 1998, Granieri et
al., 2006), expansion of the fumarolic field and strong and relatively quick changes in the
chemical and isotopic composition of the discharged fluids (Chiodini et al., 1996; Capasso et
al.,, 1997; Paonita et al., 2013). Despite geochemical and geophysical signals of renewed
activity were recorded during these unrest periods, none of the volcanic crises culminated

with paroxysmal events.

2.2 The volcanic-hydrothermal system of Vulcano: geochemical features and conceptual

models

During the last four decades, Vulcano Island has been the subject of several investigations
focused on elaborating a reliable geochemical model of the fumarolic system, crucial factor in
correctly interpreting geochemical signals as eruption precursors (e.g. Chiodini et al., 1995;
Leeman et al., 2005 and Paonita et al., 2013). Among the different models proposed (Martini
and Tonani, 1970; Martini et al., 1980; Carapezza et al., 1981; Cioni and D’Amore, 1984;

Nuccio et al., 1999), there is a general consensus in considering the composition of crater
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fumaroles as the result of a mixing between magmatic and hydrothermal fluids, generally
based on the strong correlations between H,O, CO,, N,, Ar, He and 6D. The magmatic
component shows high CO,, N,, Ar and He, low H,O and —24%0< 8D <—14%0 vs. V-SMOW
(Chiodini et al., 2000) resembling the typical chemical features of a subduction-related
andesitic water (Giggenbach, 1992). Tedesco and Scarsi (1999), Taran (2011) and Paonita et
al. (2002, 2013) showed that this CO,-rich endmember also has high *He/*He ratios (R/R, up
to 6.0-6.2), slightly positive 8°C—CO, (+0.5%0 V-PDB) and low “’Ar/*°Ar values (=300)
close to that measured in fluid inclusions and in phenocrysts (augite and plagioclase) from
recent eruptions (Magra and Pennisi, 1991, Magra and Ferrara, 1994). The hydrothermal
component is characterized by high H,O (0.95 < X0 < 0.97 mol/mol), low CO; (3 mol%),
lower *C/'*C ratios of CO; (—6.5%0 < 813C < —2%o vs. V-PDB), lower amounts of N, and
noble gases, high N,/Ar values (=1000) and an excess of radiogenic isotopes (4He, 40AI’, 2INe
and **Ne) suggesting a marked crustal signature (Chiodini et al., 1995; Tedesco and Scarsi
1999; Paonita et al., 2002; 2013; Taran, 2011). Several authors Chiodini et al., 2000; Paonita
et al. 2002; Leeman et al., 2005) pointed out that the hydrothermal component shows 6D-H,0O
close to that of local seawater (+10%o0 vs. V-SMOW), corroborating the hypothesis that
Mediterranean marine water infiltrates below La Fossa cone through fractures in volcanic
rocks and undergoes several processes (e.g. boiling, water-rock interaction and isotopic
equilibrium at high temperatures) that modify its O- and B-isotope signatures. Along with the
magmatic and hydrothermal components, minor contributions from meteoric water have been
recognized to occasionally contaminate the fumarolic gases (Chiodini et al., 1995; Capasso et
al., 1997; Tedesco and Scarsi, 1999; Paonita et al., 2002; Taran, 2011).

Many studies highlighted that composition of crater’s gases is highly variable over time.
Fluctuation of magmatic activity and the structural response of the volcanic edifice, drove the
evolution of the hydrothermal envelope from dry to wet conditions and vice versa over time,
highly affecting the absolute and relative contents of soluble acidic species (SO, H,S, HCIl
and HF) via bubble-liquid fractionation and gas-brine-rock interaction (Di Liberto et al.,
2002). Accordingly, the envelope surrounding the central volcanic conduit has to be
considered as an hydrothermal system characterized by temporally and spatially uneven pH,
salinity, chemical composition and redox conditions (Chiodini et al., 1993; 1995; Di Liberto
et al., 2002). Tassi et al. (2012b) suggested that volatile organic compounds are supplied to La
Fossa crater fumarolic field by this hydrothermal envelope within which thermogenesis
occurs. The fluid discharges at Baia di Levante have been interpreted as gas emissions fed by

a seawater-dominated multilayerd boiling aquifer, having temperatures comprise from =100
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°C at the surface and =200 °C at 185-236 m depth (Sommaruga, 1984), where steam
condensation, vapor separation and gas-water-rock interaction chemically and thermally

buffer the hydrothermal system.

3. Sample Collection and Analytical Methods
3.1 Gas sampling

Samples were collected from fumarolic gas discharges located at two different areas: (1) the
northern sector of La Fossa crater and (2) along the Levante beach at the foothill of La Fossa
cone (Figure 1). Gas sampling was carried out in May 2015, June 2016, October 2016 and
May 2017. Pre-evacuated 60 mL glass flasks, equipped with a Teflon stopcock and filled with
20 mL of 4 N NaOH and 0.15 Cd(OH), suspension (Giggenbach, 1975; Montegrossi et al.,
2001) were used in line with 1) a titanium tube and double-wall glass dewars and 2)
silicone/tygon tubes connected to a plastic funnel, to sample gases from fumarolic vents and
bubbling pools, respectively (Vaselli et al., 2006). During sampling, water vapor and acidic
gas species (CO,, SO,, HCI and HF) dissolved in the soda solution, whereas H,S precipitates
as insoluble CdS. Low-solubility gas compounds (N, O,, CO, H,, He, Ar, CH,4 and light
hydrocarbons) were concentrated in the sampling flask headspace. Steam condensates (for the
analysis of the 8D values of water) and dry gases (for the analysis of *C/"*C ratio in CO, and
D/H ratio in Hy) were sampled from the fumarolic vents using a water-cooled condenser
connected to the sampling line adopted for the soda flasks. At each sampling site, an
additional gas sample was collected in 100-150 mL glass flasks filled with 40-50 mL of 4 N
NaOH solution for the analysis of the 8"3C value in CH4 and C,, hydrocarbons and 8D in
CH..

3.2 Chemical and isotopic analysis of gases

The concentration of major and trace gases was determined at the Department of Earth
Sciences of the University of Florence (Italy). The inorganic compounds stored in the
sampling flask head-space, i.e., N,, Ar + O,, H,, CH4, He and CO, were analyzed by a
Shimadzu 15A gas-chromatograph equipped with a thermal conductivity detector (TCD),
using a 10 m long stainless-steel packed molecular sieve column and helium or argon (the
latter being used for He analysis) as carrier gas. Argon and O, were analyzed using a Thermo
Focus gas chromatograph Equipped with a 30 m long capillary molecular sieve column and a

TCD. The caustic solution was separated from solid CdS by centrifugation, oxidized with
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H,0,, and used for the analysis of: 1) CO, as CO3 z by automatic titration with 0.1 N HCI and
2) HF, HCI and SO, as F, CI' and SOq4 2', respectively, by ion chromatography (Metrohm
761). Solid CdS was dissolved with H,O,, to analyze H,S as SOq = by IC. The analytical
errors for GC analyses were better than 5%.

The carbon isotopic composition of CO, was analyzed using a Flash-EA 1112 (Thermo)
according to the protocol provided by Fiebig et al. (2004, 2007). Reproducibility was better
than +0.2%o. Carbon isotope analysis of CH4 and light hydrocarbons were performed using
analytical setups and protocols described by Fiebig et al., 2015. External precision was
+0.5%0. The adopted column was unable to chromatographically resolve the iso-butane and
butene peaks, providing a single peak given by the superimposition of the two. Capaccioni et
al. (2001) measured relatively high contents of iso-butene in the gas emissions at Baia di
Levante, with concentrations often equal or higher than those of co-discharged iso-butane. For
this reason, we have reported the carbon isotopic composition and relative abundance of the
sum of iso-C4H;p and C4Hg [X(i-C4H;0+C4Hg)]. Concentrations of C,-C; hydrocarbons
relative to methane were determined from mass spectrometric chromatograms. Analytical
precision for hydrocarbon distribution ratios was < £10%. For the analysis of hydrogen
isotopic composition of CH4, a sample preconcentration line was connected to a GC-C-II
(Thermo) equipped with a Poropack Q column. Methane was separated from H, by cooling
the GC column down to -30 °C and keeping it isothermal during measurements. External
precision for 6D-CH4 analysis was < £5%o. Determination of D/H ratio in H, was carried out
by expanding a variable amount of dry gas sample into a sample loop having a fixed volume
(100 pl) through a pre-evacuated injection line. The sample was then transferred towards the
GC column (Molecular sieve 5SA) by means of an He carrier gas flow. H, was separated from
the other gas compounds by holding the column at -50 °C. Hydrogen isotope ratios were then
determined from the 3/2 intensity ratios (HD/H») of sample H, compared to that of a working
standard with known isotopic composition, calibrated against the primary reference standard
VSMOW. In order to be able to correct for small fractionations, different H,-standards with
known isotopic composition were analyzed along with the samples [133.7 %o (OzTech), =366
%0 (OzTech) and —710 %o]. A further correction was applied to remove the mass 3
contribution from Hs*-ion produced in the source (Sharp, 2007; Sessions et al., 2001). The
reproducibility was better than £ 5 %o (15). Analyses of the H-isotopic composition of H,O
were performed using a high temperature conversion/element analyzer (Thermo), coupled

with a MAT 253 (TC/EA-MS). The external precision was below + 3 %o (1c). Carbon and
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hydrogen stable isotope analysis were carried out at the Laboratory of Stable Isotopes of the

Goethe University of Frankfurt.

4. Results
4.1 Gas temperature and chemical composition

The outlet temperatures, the steam concentrations (expressed in % by vol.) and the chemical
composition of the dry gas fraction of the fumarolic gas discharges analyzed in the present
study is reported in Table 1. The gas discharges from La Fossa cone of Vulcano Island consist
of fumarolic-like vents whose outlet temperature varies from 99 up to 387 °C. At Levante
beach, the outlet temperature of the gases emerging along the shoreline and from the sea
ranges from the boiling point of water at the sea level (= 100 °C) to the temperature of the
surrounding seawater (= 20 °C). The crater fumaroles show dominant water vapor (up to
91.2% by vol.), followed by CO; (up to 948 mmol/mol), acidic gases (SO,, H,S, HCI and HF:
up to 98, 58.8, 3.6 and 0.087 mmol/mol, respectively), N, (up to 36 mmol/mol) and H, (up to
1.1 mmol/mol). Atmospheric gases (O, and Ar) and CO are <0.1 mmol/mol. CHy4 contents are
relatively low, ranging from 0.0007 to 0.0055 mmol/mol. Concentrations of C,He and C,H4
are 8.3-20.9 and 1.8-143.3 nmol/mol, respectively. Ethylene dominates over ethane
(C,H4/C;Hg molar ratios up to 8.8) in all investigated gases with the exception of F27
(C,H4/CyHg = 0.2) and F202 (C,H4/CyHg = 0.7). Trace amounts of propane (0.7 nmol/mol)
and propylene (1.4 nmol/mol) were determined for fumaroles F27 (May 2015). The beach gas
exhalations are mainly composed of CO; (up to 983 mmol/mol), N, (up to 33 mmol/mol),
H,S (up to 22 mmol/mol), H, (up to 9.5 mmol/mol) and CH4 (up to 2.6 mmol/mol), whereas
SO,, HCI and HF are lower than the instrumental detection limit. Oxygen, Ar and He
concentrations are slightly higher than those of the crater fumaroles, whereas CO is up to
three orders of magnitude lower. The values of the N,/Ar ratio, with the exception of sample
FOM (June 2016), are generally higher (up to 463, VV—-May 2017) than that of air (No/Ar,; =
83.6), suggesting that N, contents are partly related to an input from a non-atmospheric
source, as commonly observed in volcanic gases along convergent plate boundaries
(Giggenbach, 1996). Light hydrocarbons (C,-Cs alkene-alkane pairs, C4 compounds) are all
present at trace levels, with £(C,-C4) not exceeding 2.5 umol/mol. The volatile organic
compounds (VOCs) composition is mainly dominated by normal-alkanes (in decreasing order
of concentration: ethane, propane and n-butane) but relatively high contents of alkenes (up to

46% of the C,-C,4 fraction at VI-June 2016) and iso-butane + butene (up to 49% of the C,-C4
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fraction at VIE-May 2017) were also detected. The chemical composition of inorganic and
organic constituents of the gas discharges from both La Fossa crater and Levante beach are
consistent with those reported by previous work (Chiodini et al., 1995; Capasso et al., 1997;
Capaccioni et al, 2001; Giggenbach et al., 2001; Paonita et al., 2002; Tassi et al., 2012b).

4.2 Carbon isotopic composition of CO, and C;-Cy4 hydrocarbons

The 83C values of CO,, C;-C4 hydrocarbons and benzene in the Vulcano gas samples are
reported in Table 2. The crater fumaroles and the Baia di Levante gas emissions show &'°C—
CO; values (%o vs. V-PDB) ranging from —1.2%o to —0.3%0 and from —4.4%o0 to —2.5%eo,
respectively. Low-temperature gases discharged at the beach show a C-isotopic composition
of CHy significantly enriched in B¢ with §"°C values spanning in a narrow range between
—10.4 and —4.7%o vs. V-PDB. On the contrary, the 613C—CH4 values of the crater fumaroles
vary considerably, both spatially and temporally, by = 20%o (from —29.7 to —9.4 %o vs. V-
PDB). At Levante beach, the carbon isotopic composition of C,-C4 n-alkanes ranges between
—26.6 and —14.3 %0 vs. V-PDB, with ethane exhibiting the largest variation in 8°C (24 to —
14.3%o) followed by propane (—26.4 to —17.4%o0) and n-butane (-26.6 to —18%o). Within the
abovementioned isotopic range, the carbon isotopes of the C,-nC4 gas fraction show both
direct (FIM, FOM and FUM) and inverse (VI, VIC, VIE, VV and FM) distribution patterns.
The "*C/"C isotope ratio of Z(i-C4H,o+C4Hg) shows values ranging from —28.2 to —21%o. The
8'"°C of ethylene and propylene ranges from —33 to —25.2%o and from —30.4 to —20.6%o,
respectively. The crater gases have 8"°C of C,Hg and C,Hy, ranging from —28.5 to —13%o vs.
V-PDB and from —31.4 to —16.6%o vs. V-PDB, respectively. The only measured §"°C values
of CsHg and C3Hg are broadly equal (=31.4 + 0.3%0 vs. V-PDB) and slightly more negative

than those of co-discharged methane.

4.3 Hydrogen isotopic composition of H,O, H, and CH4

The 8D values of water vapor, H, and CHy in the Vulcano gas samples are reported in Table
2. The hydrogen isotopic compositions of most condensates of La Fossa crater are between —1
and 12%o vs. V-SMOW whereas those of gases (VIE and VV) exhalating at Baia di Levante
are slightly lower, with values around —12.5 + 5.5%0 vs. V-SMOW. FZIO, the only low—
temperature (99 °C) crater fumarole sampled, shows significantly more negative 6D-H,0O
values of around —32.5 £ 5.5%0 vs. V-SMOW. The hydrogen isotopic composition of H;

discharged from the crater fumaroles exhibits values ranging from —638 to —525%o vs. V-
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SMOW, whereas beach gases show dD—values of H; spanning in a small range between —610
and —540%o vs. V-SMOW. The hydrogen stable isotopes ratios of CH4 emitted at the crater
vary considerably between —658 and —116%o vs. V-SMOW. On the contrary, 8D values of
CH, at Baia di Levante are unusually heavy, clustering between —102 and —78%o vs. V-
SMOW. 8D—CH,4 values more negative than —450%o0 have never been reported before for

methane associated to natural sources (Etiope and Sherwood Lollar, 2013).

5. Discussion
5.1 Baia di Levante beach: light hydrocarbons under hydrothermal conditions

Geothermal exploration carried out during the 1950’s in an area close to the Baia di Levante
beach reveled the existence of a layered hydrothermal system comprising of (i) a shallow (at
7-14 m depth) water body at =100 °C, (ii) an intermediate (at 90-95 m depth) level at =136
°C, and (iii) and a slightly acidic (4.3 < pH < 5.4) seawater-like (salinity =38 g/L) deep (at
185-236 m depth) water body at 194-200 °C (Sommaruga, 1984). On the basis of
geochemical measurements, Chiodini and Marini (1998) suggested that subaerial and
submerged fumaroles, occurring at Baia di Levante beach, are fed by vapors separated from
the deepest hydrothermal aquifer at 180-230 °C and partially affected by steam condensation.
Possible redox conditions in this hydrothermal environment, are satisfactorily approximated
by either the Giggenbach “rock buffer” [(FeO)—(FeO, 5)] (Giggenbach, 1987) or the empirical
relationship of D’ Amore and Panichi (1980). While kinetically fast reactive species (H, and
CO) re-equilibrate at these T-P-redox conditions, CH4, one of the kinetically slowest gas
species to equilibrate (Giggenbach, 1991) can be used to investigate the deepest hydrothermal
parental liquid (Fiebig et al., 2013). Assuming that CH4 is entirely produced within the

hydrothermal system by reduction of CO,, in line with the Sabatier reaction:
CO, +4H, & CH, + 2H,0 @Y

log(Xcna/Xco2) in the liquid phase, considering that log(fH,O) = 5.4620 — 2046.69/T (3 m
NaCl solution; Chiodini et al., 2001), is a function of temperature and redox conditions

according to:

X
log <Xi> = 4Ry + 1.259 + 4727.62/T —10g(Bcy,/Bco,)  (2)
co,/,

where T is in K, Xcps and Xcop are the molar fractions of CHs and CO,, respectively, Ry is

log(Xu2/Xm0) (Giggenbach, 1980) whereas Beps and Beop are the vapor/liquid distribution
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coefficients of CHy and CO,, respectively (Chiodini and Marini, 1998). Assuming that the
fayalite-hematite-quartz (FHQ, Giggenbach “rock buffer”) correctly describes redox
conditions underneath Baia di Levante, measured data implies that CH4/CO, equilibrates
within a liquid phase with 3 m NaCl salinity at temperatures of 350 + 25 °C. These
temperatures closely agree with the maximum temperatures (350-419 °C) directly measured
at 1-2 km depth in two geothermal boreholes, VU-IS.V.1 and VU-1DIR (Faraone et al.,
1986), drilled in the 1980’s by AGIP-EMS-ENEL, southwest of La Fossa crater.

Comparison of observed and equilibrium isotopic fractionations among CHs-H,-H,O and
CH4-CO; can provide useful information on the origin of methane in hydrothermal systems
(Fiebig et al., 2004; 2007; 2013; Proskurowski et al., 2006; Bradley and Summons, 2010;
Suda et al., 2014). Figure 2 shows the correlation between &(H,-H,0) and ¢(CH4-H,0) values.
In the H»-H,O subsystem, the equilibrium temperatures for Baia di Levante gases are between
130 and 150 °C. These temperatures are all higher than the measured vent temperatures,
which were found to be <102 °C, and in good agreement with the temperatures of the
intermediate hydrothermal aquifer. The temperature discrepancy can be explained by rapid
cooling of the fluid compared to the rate of isotopic exchange reactions (Proskurowki et al.,
2006). The 8D—H, values decrease with the increase of the distance of the vents from the
Faraglione tuff cone. Steam condensation and re-equilibration of H, with cold surficial
seawater could be responsible for the observed trend, indicating that gas emissions located in
the northern sector of Levante beach are more affected by secondary processes. The ¢(CHy-
H,0), by applying the Horibe and Craig (1995) fractionation factors corrected for the vapor-
density isotope effect (Driesner, 1997) values indicate equilibrium temperature between H,O
and CHj4 higher than those estimated for the H,-H,O subsystem. Isotopic exchange between
CH4 and H,O is known to be slower than that between H, and H,O. Thus, two possible
explanations could be invoked: (i) CH4 and H,O are in isotopic disequilibrium or (ii)) CH4 and
H,0O attained hydrogen isotopic equilibrium at temperature of ~400 °C and the &(CH4-H,0)
quenched during the upflow and cooling of the deep hydrothermal fluids. It is worth to
highlight that the inferred CH4-H,O equilibration temperatures are a maximum estimation
since the isotopic composition of the steam at Baia di Levante is affected by vapor-liquid re-
equilibration at lower temperatures, fractionation by condensation and meteoric water
addiction (Chiodini et al., 1995; 2000; Capasso et al., 1997). All these processes move the
0D-H,0 towards more negative values, which in turn causes an increase of the (CH4-H,0).
Assuming a dD of the parental deep water close to that of local seawater (+10%o vs-VSMOW;
Chiodini et al., 1995), this would increase the &(CH4-H,O) of =20, leading to lower
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equilibration temperatures of around 300 °C, in general agreement with the apparent chemical
equilibration temperature indicated by log(Xcna/Xco2).

In contrast, the C-isotopic fractionation between CO,, and CHy is clearly at disequilibrium. In
fact, by using fractionation factors of Horita (2001), the available carbon isotope data (1<
€(CO,-CHy) <6.74) indicate equilibration temperatures >>900 °C, values unrealistically too
high for a volcanic-hydrothermal system.

These evidences suggest that CHy, despite in apparent chemical equilibrium with CO,, did not
approach the "*C-isotopic equilibrium in the hydrothermal environments. Giggenbach (1997)
stated that the rate of attainment of isotopic equilibrium between CH,4 and CO; is 400 times
slower than that of chemical equilibration. Therefore, kinetic barriers could have prevent the
attainment of CO,-CHy isotopic equilibrium. Another possible explanation is that methane is
not primarily produced by CO; reduction but it is instead formed by thermal decomposition of
organic matter buried with sediments or transported in the meteoric or marine waters
circulating throughout the rocks. After its formation, methane could have eventually
approached chemical equilibrium with CO, and isotopic equilibrium with H,O, with sluggish
reaction rate instead preventing carbon isotopic re-equilibration. A third scenario is that,
regardless of the source of methane, its isotopic composition and concentration in the
discharged gases are totally controlled by post-genetic processes such as methane
production/consumption by microbial activity (i.e. methanotrophy and methanogenesis) at
shallow depth within waters and soils (Etiope et al., 2009).

The shallow seeps, wells and vents in and around the Baia di Levante have yielded more
genera of hyperthermophiles than any other hydrothermal environment. In fact of the more
than two dozen known hyperthermophilic genera from continental and marine systems
worldwide, at least 10 are represented at Vulcano. (Stetter, 1982; 1988; 1996; Zillig et al.,
1983; Fiala & Stetter, 1986; Fiala et al., 1986; Huber et al., 1986; Stetter et al., 1990;
Hafenbradl et al., 1996; Deckert et al., 1998; Amend et al., 2003a). Amend et al. (2003b) by
computing the overall Gibbs free energy of 90 redox reactions in ten sites (seeps, wells and
vents) at Levante beach, showed that microbial metabolisms based on CO, or CO reduction to
CH, or disproportionation of CO to CO, and CHs, are slightly thermodynamically favorable,
suggesting that methanogenesis exerts a negligible effect on chemical and isotopic
composition of investigated gas emissions. Moreover, Gagliano (2013) observed that
microbial methane oxidation rates within the hydrothermalized soils of Vulcano Island are

very low, possibly due to high temperatures and low pH of interstitial water. So, microbial
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processes affecting methane at near-surface depth seem to be weakly active or completely
absent at punctual gas emissions of Levante beach.

CH, in samples from Baia di Levante, exhibits relative consistent C- and H-isotopic values
with —10.4 to —4.7 %o vs. V-PDB and —102 to —78 %o vs. V-SMOW, respectively.
Accordingly, in the 8'°C vs 8D diagram (Figure 3), data plot right to the upper thermogenic
field, within the compositional field traditionally referred to abiotic methane.

In almost all laboratory experiments designed to investigate the occurrence of abiotic methane
production via FTT-reactions under hydrothermal conditions and to characterize the chemical
and isotopic signatures of reaction’s products, >C depletions (up to 49%o) of methane relative
to the carbon source occurred (Hu et al., 1998; Fu et al., 2007; Taran et al., 2007; 2010b;
McCollom et al., 2010; Zhang et al., 2013). Given that the (CO,-CHy,) for all gases from Baia
di Levante is greater than or equal to 1, catalytic hydrogenation of CO, as the sole source of
methane seems unlikely. Observed enriched carbon and hydrogen isotope signatures
compared to the thermogenic trend may be explained with thermal degradation of a highly
matured organic substrate. Recently, Fiebig et al. (2018) pointed out that in hydrothermal
systems methane from marine organic matter may have the potential to become highly
enriched in "°C during the late stage of thermal cracking, when the fraction of generated CHy
approached 1. The layered hydrothermal system existing underneath the Levante beach, is
mostly recharged by local seawater, which can provide considerable amounts of labile organic
matter for thermogenesis. Accordingly, previous studies (Capaccioni et al., 2001; Tassi et al.
2012b) ascribed the occurrence of light hydrocarbons in low-temperature gas discharges from
Levante beach to thermogenic processes. High (>100) CH4/(2C,—C4 n-alkanes) values such as
those measured in all the analyzed gas samples (Figure 4) are consistent with those measured
in late mature gases from sedimentary basins (Bernard et al., 1976; Whiticar, 1994),
corroborating the thermogenic hypothesis.

On the basis of the relative contents of alkanes, alkenes and aromatics, Capaccioni et al.
(2001), observed that gas discharges from the northern sector of Baia di Levante were
enriched in alkanes, while those from the southern sector were relatively enriched in alkenes
and benzene. Accordingly, inspection of Figure 3 and Figure 4, shows that gases from these
two sectors are characterized by different CH4/(2C,—C4 n-alkanes) ratios, 53 C—CHy4 and oD—
CH, values. Gas emissions from the southern sector (FM, VIE, VI, VIC and VV) have
CH4/(2C,—C4) >5000, 8"*C-CH, of around —5.3% and 8D-CH, of —83%., while gases
discharged at the northern sector (FOM and FUM) exhibit CH4/(2C,—C,) ratios, 53 C-CH,4
and 6D—-CH4 of =1100, —10%o and —100%o, respectively. Finally, FIM, a low flux submerged
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fumarole, shows compositional features intermediate between those of southern and northern
sector gases. Mixing process between two distinct sources could be invoked to explain the
observed data distribution in Figure 4. However, methane concentration in all the investigated
gases is fairly constant (Table 1) and no correlation between its concentration and the total
amount of heavier hydrocarbons is observed. Therefore, a mixing model would imply the
existence of two sources of organic compounds having extremely different concentration of
C».+ hydrocarbons but the same methane concentration. However, previous works (Chiodini et
al., 1995; Capasso et al., 1997; Capaccioni et al., 2001; Tassi et al., 2012b) and our chemical
gas composition of inorganic species did not highlight any spatial distribution ascribable to
two-components mixing process, pointing instead to a common hydrothermal source for all
gases exhaled at Levante beach.

As observed by Capaccioni et al. (2001), gases from the southern sector of Baia di Levante
are enriched in alkene compounds. As highlighted by Seewald (1994; 2001) in a series of
laboratory experiments at 300° to 350°C and 350 bars pressure, alkane-alkene pair with the
same carbon number attained metastable thermodynamic equilibrium states. Hence, relative
amounts of the two hydrocarbons are regulated by a redox-controlled reversible equilibrium

reaction, as follows:
CnHonyo = Hy + CHyy (3)

The equilibrium constants of reaction (Eq 3) for ethene-ethane and propene-propane pairs can

be approximated as follows:

7809
logKeq(n = 2)=773——— (4)
T
6600
lOg Keq (1’1 = 3) = 7.15 - T (5)

For the dehydrogenation (oxidation) of alkanes and the formation of alkenes more oxidized
conditions, higher temperatures and lower pressures are preferable. Owing to their redox and
temperature dependence, dehydrogenation reactions have been extensively utilized for
evaluating deep temperatures in geothermal and volcanic systems (e.g. Capaccioni and
Mangani, 2001; Capaccioni et al., 2004; Tassi et al., 2005; 2007; 2009; 2010; 2011; 2016).
Assuming that FHQ correctly describes the redox buffer system of hydrothermal fluids from
Levante beach, measured log(C,H4/C,Hg) and log(C3H¢/C3Hg) give equilibration temperatures
comprise between 500 and 950 °C, values too high to actually reflect the thermal conditions at

depth in the hydrothermal system. In the log(C,H4/C;Hg) vs. log(CsHe/C3Hg) diagram (Figure
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Sa) gases from the southern sector exhibit the highest values of alkene/alkane ratios [—0.7<
log(C,H4/C,Hg) <0; 0 < log(C3He/C3Hg) <1] which are, to the best of our knowledge, the
highest ever recorded in gases associated to hydrothermal systems and geothermal areas.
Measured high log(CsHe/C3Hg) values are associated with 13C—depleted isotopic composition

of 613C—2C3 (Figure 5b), which were defined as follows:
§13C-2Cn = XcuHonys * 8 Coptipny, T (1= Xephpy) * 8 Copn,, (6

X _ anH2n+2 (7)
CnHan4z —
T XepHang, T XCaHan

where x is the molar concentration. The same correlation was also observed for 8'"°Cyco—
log(C,H4/C,Hg) and 613C2C4—10g((i—C4H10+C4Hg)/n—C4H10) couples. In fact, gases from
southern sector are characterized by values of 613CEC2, 513 Csc3 and 813CEC4 as negative as —
26.3%0, —29%0 and —27.8%, respectively (Figure 6). Simple dehydrogenation or
hydrogenation (alkane reforming) reactions alter the alkene/alkane ratios without causing any
changes of 613CZCH; an horizontal displacement in the log(alkene/alkane) vs. E‘)BCXCn space.
However, 8'°Cgc, for the investigated gases is inversely correlated with log(alkene/alkane)
(Figure 5b), suggesting that chemical and isotopic composition of alkenes and alkanes is
controlled by other processes rather than redox reactions or by several mechanisms
simultaneously affecting these compounds.

As mentioned above, benzene is one of the main constituents of the organic fraction of gases
discharged at Baia di Levante, eventually being the most abundant non-methane hydrocarbon
in gas emissions from the southern sector (Capaccioni et al., 2001). On average, taking into
account the concentration data for benzene in fumaroles from Levante beach available in the
literature (Capaccioni et al., 1995; 2001; Tassi et al., 2012b), emissions from southern and
northern sectors display an ethane/benzene ratio of 0.1 and 35, respectively. Accordingly,
applying these ratios to the average ethane measured concentrations, we estimated that
benzene content in gases from southern and northern sectors is 1057 and 57 nmol/mol,
respectively. Likewise total estimated C,—Cg contents are 1490 (southern sector) and 1280
(northern sector) nmol/mol. Hence, despite showing different relative abundances of alkane-
alkene-aromatic compounds, gases discharged at Baia di Levante have a basically constant
total amount of C,; hydrocarbons (Figure 7). The occurrence of benzene in volcanic-
hydrothermal fluids is likely related to the high stability of the aromatic ring under a large
range of temperature and redox conditions (Katritzky et al., 1990). Therefore, assuming that

differences of alkane-alkene-aromatic relative abundance are related to the effect of post-
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genetic processes rather than different primary sources of hydrocarbons or T-P-redox
conditions, alkanes-rich gases from the northern sector seems to have retained the deep
chemical and isotopic signature. On the contrary, organic compounds at southern sector
underwent significant supergene alteration, able to strongly modify the deep compositional
signal. In this view, benzene is the final product of a multi-step reaction constituted by (i)
dehydrogenation of normal alkanes followed by (ii) reforming processes, i.e. ring closure and
aromatization. This mechanism, known in organic chemistry as dehydrocyclization (Bragin et
al., 1974; 1983), is commonly used in petroleum refining processes to transform paraffins into
aromatics. Zeolites, clay minerals (e.g. montmorillonite, saponite, illite), alumina, metal
oxides and metal sulfides are extensively deployed as catalysts in order to speed up the
alkanes-aromatics conversion and control the product distribution sensitivity (Solymosi and
Széchenyi, 2004; Wang et al., 2014). Indeed, Fulignati et al. (1997) observed that interaction
of original volcanic rocks with acidic (2< pH <4) hydrothermal fluids produced clay minerals
sulfates, sulfides and iron oxides (mainly hematite) in the surroundings of the Faraglione
cone. Clays- S-rich sediments saturated with acid waters may promote dehydrocyclization of
normal-alkanes to produce benzene and intermediate products such as C,, C3 and C4 alkenes
and iso-butane. The proposed scenario perfectly matches with that suggested by Capaccioni et
al. (2001).

In this respect, the observed '*C-enrichment of 8'°Cscy,, may be ascribed to the preferential
incorporation of C into benzene possibly because heavier isotopes are favored with respect
to the lighter ones into the rigid and chemically stable structure of the aromatic ring in virtue

of their lower vibrational frequency.

5.2 La Fossa crater: light hydrocarbons under magmatic-hydrothermal conditions

La Fossa crater fumarolic field is the surficial expression of a classic magmatic-hydrothermal
system where magmatic volatiles, degassed from a magma body, mix with hydrothermal
fluids seeping towards the central open-system depressurized volcanic conduit and getting
vaporized at high-temperature and low-pressure conditions. Minor reactive species (H, and
CO) re-equilibrate under the redox conditions governed by the H>S/SO, magmatic gas buffer
(Giggenbach, 1987), at temperatures and pressures close to those of the surface vent. On the
contrary, the CH4—CO, pair was far from the equilibrium conditions suggested by the CO—
COx-H,-H,O system. In fact, at the high temperatures and oxidizing redox conditions
indicated by the H,/H,O and CO/CO, molar ratios, equilibrated CH, should be present in

concentrations lower than 4-5 orders of magnitude with respect to those measured in the fluid
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discharges. The occurrence of a CHy-excess would imply CH4 addition from an “‘external”
source. Taran and Giggenbach (2003) stated that concentration of methane in subduction-
related volcanic fumaroles depends on the mixing proportions from CHy-free magmatic
volatiles and CHgs-bearing fluids which are generated within the hydrothermal envelope
surrounding the central conduit most likely through thermal decomposition of organic matter.
At La Fossa crater fumaroles, mixing proportions between hydrothermal and magmatic
components can be successfully investigated by using the H,O-CO,-S; system, as suggested
by Chiodini et al. (1993; 1995) which proposed the existence of a deep magmatic component
(DMC), a shallow H;O-rich hydrothermal component (SHC1) and a shallow hydrothermal
component (SHC2) rich in acidic species, notably SO,, H,S, HCI and HF. On the basis of
COy/Siot vs. HyO relation, all investigated samples, with the exception of fumaroles affected
by elemental sulfur precipitation, suggest a percentage of DMC ranging from 40 to 60%,
values consistent with those reported by Leeman et al. (2005) for the “hybrid mixed fluid”
(EM2). Methane concentration in the hydrothermal endmember can be calculated by applying
the estimated DMC/SHC mixing ratios to our measured log(CH4/CO,) ratios. Assuming a
CHs-free DMC, we obtained a log(CH4/CO;)syc of —4.5. Estimated log(CH4/CO;)suc ratio
may be attributed to an hydrothermal CH4 in chemical equilibrium with CO; in a vapor-
liquid-halite system at high temperatures (>400 °C) under redox conditions controlled by
FHQ or PPM mineral buffer. Alternatively, methane content in the SHC may be governed by
the rate of degradation of organic matter within the surrounding hydrothermal envelope, not
reflecting equilibrium conditions. Further indications on the origin of methane can be
obtained by looking at its isotopic composition. In 8'°C—CH, vs. 8D—CH, diagram (Figure 3),
investigated fumaroles show isotopic composition ranging from extremely depleted to
extremely enriched in deuterium and BC. As far as known, 0D—CHy values below —450%o
have not been related to natural sources yet. However, they were mentioned in connection
with artificial or “bit metamorphic” CH4 (Whiticar, 1989) and with experimental laboratories
of FTT-synthesis under hydrothermal conditions (Taran et al., 2010b; McCollom et al., 2010).
The former may be related to cracking of oil-based drilling mud under high temperatures and
pressures (Jeffrey and Kaplan, 1988; Faber et al., 1999; Wenger et al., 2009). Accordingly, it
may be possible that similar deuterium depleted CH4 is formed owing to hydrothermal
alteration of organic matter at elevated temperature and pressure. However, several pyrolysis
experiments do not agree with this scenario, albeit experimental conditions including used
organic substrates probably differ to magmatic-hydrothermal conditions (e.g. Berner et al.,

1995; Lewan et al., 2008; Gao et al., 2018). Moreover, Vulcano is so far the only known
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volcanic-hydrothermal area discharging such D-depleted CH,4. In Figure 2 La Fossa crater
samples plot similar to several FTT-experiments, with &(CH4-H;) values around O.
Additionally, also A13CCH4_c02 (about —30%o) and A13CCH4_C2H6 (about 0%o) are consistent with
FTT experiments (Taran et al., 2010b; McCollom et al., 2010). In Figure 3, distribution of
investigated gases from La Fossa crater, except for FNB, depicts a trend having an angular
coefficient, expressed as AH/AC, of 29. According to Etiope et al. (2009), values greater than
20 are commonly associated with “abiogenic” CHy4 oxidation. Accordingly, samples showing
heavier isotopic composition, have lower CH4 contents (Figure 8a) and lower C,/C; ratios
(Figure 8b), possibly indicating methane degradation processes. Furthermore, these gases
display higher content of acidic species (SO,, H,S and HCI) with respect to those having D-
depleted hydrogen isotopic composition of methane. Tassi et al. (2012b) and Schwandner et
al. (2013) found ppb concentrations of CS,, CH,Cl, and CHCIl; in gases discharged by high-
temperature fumaroles at La Fossa crater and ascribed their formation to reaction of methane
with SO,, H,S and Cl; in the gas phase. Accordingly, methane in gases rich in acidic species
may undergo sulfonation and halogenation causing a D- BC- enrichment of the residual
unreacted fraction. Positive correlation of 813C—CH4, 513 C-C,H¢ and 513 C—C,H4, suggest that
ethane and ethylene are affected as well by similar heteroatomic reactions producing a
comparable '*C-enrichment of residual reactants (Figure 9). Peripheral fumaroles (FNB and
FZI0O) partially depart from the observed trends, possibly suggesting that the effect of other
secondary processes, such as subsurface interaction of uprising gases with acidic steam
condensates flowing downwards from the top of the crater rim, may have changed the deep

chemical and isotopic signature.

6. Conclusions

Investigating the organic geochemistry of gases discharged by vents at Vulcano Island,
offered the unique opportunity of studying the primary origin and fate of methane and light
hydrocarbons under a wide spectrum of temperatures, redox states and chemistry of the gas
phase. At Levante Beach, two distinct sectors were distinguished on the basis of molecular
and isotopic composition of hydrocarbons. At the northern sector, the carbon isotopic
composition of the discharged methane, the negative carbon isotope fractionation between
ethane and methane, as well as the lack of carbon isotope fractionation between ethane,
propane and n-butane is compatible with the n-alkanes deriving from marine organic source

where primary cracking proceeds under open system conditions at a late stage cracking. At
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southern sector, clay minerals, sulfides and oxides possibly catalyze organic reactions, in
particular the reaction of cyclomerization of alkanes, resulting in high contents of alkenes and
benzene. These findings imply that post-genetic processes can effectively regulate the
molecular and isotopic composition of light hydrocarbons under hydrothermal conditions,
completely masking the deep signature and leading to erroneous interpretations. Sites like the
southern sector of Levante beach are perfect candidate to investigate mineral-assisted organic
reaction pathways which can have the potential to abiotically form the building blocks of life.
Hydrocarbons from high-temperature magmatic-hydrothermal gases discharged at La Fossa
crater, show unique molecular and isotopic composition. In SO,-, H,S- and HCl-rich gas
phases methane and C,-compunds are irreversibly transformed into CS, and organohalogens
through halogenation and sulfonation processes. Gases having lower concentrations of acidic
species show higher methane contents, higher C,/C, ratios and an extremely BC- and D-
depleted carbon and hydrogen composition of methane. Accordingly, those gases have
retained the original composition being less affected by heteroatomic reactions. In this
respect, we propose that methane is formed by (i) open-system catalytic hydrogenation of C-
bearing inorganic gaseous species (e.g. CO,, CO) or (ii)) high temperature “bit-
metamorphism”-like thermal decomposition of organic matter. The former hypothesis would
imply that active volcanoes may be suitable environments for abiotic methane formation on

Earth.
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Table captions

Table 1. Outlet temperatures (°C) steam fraction (expressed in % by vol.) and chemical
composition of the dry gas fraction of the investigated gases from La Fossa crater and
Levante beach of Vulcano Island. Gas concentration data for common gas constituents in
mmol/mol, for hydrocarbons higher than methane in nmol/mol. XC4 expresses the sum of iso-

butane and buthylene. Abbreviations: not available (na), below detection limit (bdl).

Table 2. Carbon isotopic composition (expressed as 8'°C %o vs. V-PDB) of CO,, methane,
ethane, propane, n-butane, £C4 (sum of iso-butano and butylene), ethylene and propylene and
hydrogen isotopic composition (8D %o vs. V-SMOW) of methane, molecular hydrogen and
water vapor from Vulcano Island vents. Abbreviations: not analyzed (na), below detection

limit (bdl).

Figure captions
Figure 1. Location of Vulcano Island and sampling sites; A = La Fossa crater; B = Levante

Beach

Figure 2. H,-H,0-CH,4 H-isotope systematics (after Suda et al., 2014). In contrast Suda et al.
(2014), ¢ represents the enrichment factor instead of 1000 In « . The green line is the curve
recommended by Horibe and Craig (1995). The dashed part indicates the fractionation after
correction for vapor-density isotope effects (Driesner, 1997). Grey dashed lines exhibit CHy4-
H, equilibrium fractionation at the given temperature. Besides field data, also experimental

studies in bacterial cultures and FTT syntheses are considered.

Figure 3. 6 °C vs § D diagram of methane

Figure 4. Isotopic composition of methane vs. concentration ratios of n-alkanes. Colors as in

Figure 3

Figure 5. C3 alkene/alkane ratios vs. C2 alkene/alkane ratios (a) and carbon isotopic

composition of £C3
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Figure 6. Carbon isotopic composition of XC4 vs carbon isotopic composition of ZC2 and

2C3

Figure 7. Average concentration ratios for Southern and Northern sectors

Figure 8. Carbon isotopic composition of methane vs. concentration of methane in the total

gas (expressed in ppm) (a) and vs. C1/C2 ratios (b).

Figure 9. Carbon isotopic composition of methane vs. carbon isotopic composition of ethane

and ethylene.
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§!13C %o V-PDB 8D %o V-SMOW

Sample  Date

CO, CH, GH¢ GHs n-GH;y XC4 GH, GHg CH,4 H, H,O

Levante beach

VI may-15  na -5.5 -20.8 264 260 270 -328 282 -78 na na
VI jun-16  -2.90 -5.2 219 262 266 282  -33.0 -304 -82 na na
VIC oct-16  -3.10 -54 240 247 255 259 321 256 -84 -584 na
VIE oct-16  -3.60 -5.2 -197 235 -188 -239 252 270 -84 -565 -7
VIE may -17 -3.70 -4.7 -202 213 247 218 -286 225 -82 -558 -11
A% oct-16  -3.60 -4.8 -17.1 254 245 247 301 295 -85 -578 -11
A% may -17  -4.40 -54 -200 209 232 227  -300 217 -83 -574 -18
FM may -17 -3.60 -6.2 -143 219 239 223 284 251 -83 -540 na

FIM jun-16  -3.30 -6.0 -235 210 205 241 325 257 91 na na
FIM may -17 -3.50 -8.0 211 -183  -184 234  -302 240 -90 bdl na
FOM  may-15 na -104  -21.0 201 -204 242 282  -254 -98 na na
FOM  jun-16 -250 -9.0 -200  -181  -186  -234  -267  -235 -99 na na
FOM oct-16  -3.20 -9.4 -203  -181  -184 -225 262  -240 -99 bdl na
FOM may-17 -350 -101 -203 -174 -181 -21.7 -281 229 -102 -610 na
FUM oct-16  -3.10 -9.8 -205  -180  -180 219 269 -20.6 -97 bdl na

La Fossa crater

F202  may-17 -0.5 272 283 bdl bdl bdl bdl bdl -646 -627 8

F27 may-15  na 277 285 -3l bdl bdl 314 317 na na na
F27 may -17  -0.5 94 bdl bdl bdl bdl bdl bdl -116 bdl 1

FNA  may-15 -09 -28 274 bdl bdl bdl -28.6 bdl na na na
FNA jun-16  -0.8 -19.6 208 bdl bdl bdl -26.1 bdl -394 na na
FNA may-17 -04 -26.1 211 bdl bdl bdl bdl bdl -586 na 4

FNB oct-16  -0.8 -11.5  -13.6 bdl bdl bdl -24.4 bdl -214 -553

FNB  may-17 -03 217 bdl bdl bdl bdl bdl bdl -257 -592 12
F5 oct-16  -1.1 -29 -27.3 bdl bdl bdl -26.7 bdl -657 -525 -1

F5 may -17  -0.7 -29.7 bdl bdl bdl bdl bdl bdl na na 6

F11 jun-16  -1.1 -11.2 -13 bdl bdl bdl -16.6 bdl -143 na na
F11 may -17  -0.9 -232 bdl bdl bdl bdl bdl bdl na -638 2

FZIO  jun-16 -1.2 -23.6 225 bdl bdl bdl -26 bdl na na na
FZIO  oct-16  -1.1 -129  -151 bdl bdl bdl -242 bdl -147 bdl 27
FZIO may-17 -09 214 bdl bdl bdl bdl bdl bdl -185 bdl -38

Table 2.

113



Samplingsifes: *

-

Fig.1.

€H,-H,0 (%o)

-900 -700 -500 -300 -100 g
- 1 =100
- 1 =200
E g ¥ % R e m
! el 1-300 £
i T |40 %
k. if S S { -500
I Ve ag i
i F A 1 -600
S o ° ° -
e — e ~700

Experimental studies Natural environments

A Bacterial cultures @ Volcanic geothermal areas

A FTT-syntheses ® Submarine hydrothermal fields

Land-based serpentinized peridotites
Precambrian Shields

® La Fossa crater

@ Levante beach

Fig.2.

114



8D-CH, (%o vs V-SMOW)

@® LafFossa crater

@ Levante beach - Southern sector

0 T T @® Levante beach - Northern sector T T
] o @» 1
-150 O
@
g -70 , ;
-300 —
1 -80 4
O (@]
v @ ‘.
-450 o
-90 - ®
*%%e
-600 4 -100 .
o ©®
T -110 ; :
-12 9 3
-750 T T T T T T T T T T T
-35 -30 -25 -20 -15 -10 -5 0

§'"°C~CH, (%o vs V-PDB)

Fig.3.

115




= °g° @
L @
Llf @ @
c
1 ot s e e @ . s e . o
© ]
I i
(3] -
(®) ® ] @
+, ]
T @ | @
UN
< @ @
Iv
O ©
] 03 il o .~ ............................................. g .' .............................................. ]
T T T

-12 I -10 l -8 I -6 l -4 -110 l —1IOO' —‘;0 I -8|O I -70
5'°C-CH, (%o vs V-PDB) 8D-CH, (%o vs V-SMOW)

Fig.4.

116



Iog(CzHA/CZHb)

8'°C-3C, (%o vs V-PDB)

0.5

T T T T T T
(a)]
0,0 A
.. o
-0,5 Lo o0 B
-1,04 B
21,54 o
@
2,04 O .
-2,54 o -
-30 T . T y T T
-2,0 -1.5 -1,0 -0,5 0,0 0,5 1,0 1.5
log(C H,/C.H,)
-15 T T T T . T T T
(b)
([ ]
@
220 4 ]
[} o ®
@
254 ® ]
o
@
@
-30 T T T T T
-20 -1.5 1,0 1.5

-1.0 »OI,5 : 0,0 ' 05
log(C H,/C H,)

Fig.5.

117



8'°C (%o vs V-PDB)

I L]
184 2C, @
o o9 : o0
@
24 ®e0
@
=30 4
I L
I |
184 ZC o o®
@
@
o0 o
24 -
O s °
-30 ®
I |
-30 -25 20

§'°C-2C, (%o vs V-PDB)

Fig.6.

118




I CH /C H,
[ CH,/(C.- C, alkanes & alkenes)

| I CH,/(CH,* CH+n-CH )
| CICH/(C,- C, alkanes & alkenes + C,H |
4

s 109 - e - E

0 ] ]

O | & ]

{

C 1 J

O 1 1

—-—

O S

= 1084 | I NEm |

C ] ]

0] . ]

] ] ]

C i ]

o ! ]

Q

10° e | | (e | [ e .
T T
Southern Sector Northern Sector
Fig.7.

07 : : - ; . 700 . . = -

0.6 LY (a) i 600 - ® (b)_

054 ® - 500 4 ® A
T 0.4 ° i = 400 4 i
[-% o~
E': 03 ® 4 5: 3004 - J
5 °, ® (] ®

0.2+ P ® - 200 4 4

e o ° o - .
0.1 . 4 100 4 o ® e0® 4
00 T T T T T 0 T T T T v
-35 -30 -25 -20 -15 -10 -5 -35 -30 -25 -20 -15 -10

5" °C-CH, (%o vs V-PDB) 5"°C—CH, (%o vs V-PDB)

Fig.8.

119



| ® ch,

-10 ‘ C2H4 .
= -154 @ -
o
g 4
>

-20 4 -

$ o . ®
° -
o
% -25 ° \ & |
:200 J 'b
230 4 .
| 2
-35 T T T T T T T T T T
-35 -30 -25 -20 -15 -10

§'"°C~CH, (%o Vs V-PDB)

Fig.9.

120



Journal of Volcanology and Geothermal Research 345 (2017) 46-57

Contents lists available at ScienceDirect

Journal of Volcanology and Geothermal Research

journal homepage: www.elsevier.com/locate/jvolgeores

Fractionation processes affecting the stable carbon isotope signature of
thermal waters from hydrothermal/volcanic systems: The examples of
Campi Flegrei and Vulcano Island (southern Italy)

@ CrossMark

Stefania Venturi **, Franco Tassi *”, Gabriele Bicocchi ?, Jacopo Cabassi *°, Francesco Capecchiacci *°,
Giorgio Capasso ¢, Orlando Vaselli *°, Andrea Ricci ¢, Fausto Grassa ©

? Dipartimento di Scienze della Terra, Universita di Firenze, Via G. La Pira 4, 50121 Firenze, Italy

b Jstituto di Geoscienze e Georisorse (IGG), Consiglio Nazionale delle Ricerche (CNR), Via G. La Pira 4, 50121 Firenze, Italy

© Istituto Nazionale di Geofisica e Vulcanologia (INGV), Sezione Palermo, Via Ugo La Malfa 153, 90146 Palermo, Italy

9 Dipartimento di Scienze Biologiche, Geologiche ed Ambientali, Universita di Bologna, Porta S. Donato 1, 40127 Bologna, Italy

ARTICLE INFO ABSTRACT

Article history:

Received 10 April 2017

Received in revised form 2 August 2017
Accepted 2 August 2017

Available online 4 August 2017

The carbon isotopic composition of dissolved C-bearing species is a powerful tool to discriminate the origin of car-
bon in thermal waters from volcanic and hydrothermal systems. However, the 6'C values of dissolved CO, and
TDIC (Total Dissolved Inorganic Carbon) are often different with respect to the isotopic signature that character-
izes the potential carbon primary sources, i.e. deep hydrothermal reservoirs, magmatic gases and organic activity.
The most commonly invoked explanation for such isotopic values is related to mixing processes between deep
and shallow end-members. Nevertheless, experimental and empirical investigations demonstrated that isotopic
fractionation due to secondary processes acting on the uprising fluids from the hydrothermal reservoirs is able to
Carbon isotopes reproduce the measured isotopic values. In this paper, we investigated the chemistry of thermal waters, collected
Dissolved CO, at Campi Flegrei and Vulcano Island (southern Italy), whose origin is related to interaction processes among mag-
TDIC matic gases, meteoric water, seawater and hosting rocks. A special focus was dedicated to the &'>C values of dis-
Volcanic-hydrothermal systems solved CO; (6" Ccoa(aqy) and total dissolved inorganic carbon (8'Crpic). The "> Ceoa(aq) and 6'*Cpic values in the
Secondary fractionation processes water samples from both these systems ranged from (i) those measured in fumarolic gases, likely directly related
to the deep hydrothermal-magmatic reservoir, and (ii) those typically characterizing biogenic CO,, i.e. produced
by microbially-driven degradation of organic matter. A simple mixing model of the two end-members, apparent-
ly explaining these intermediate carbon isotopic values, contrasts with the chemical composition of the dissolved
gases. On the contrary, isotopic fractionation due to secondary processes, such as calcite precipitation, affecting
hydrothermal fluids during their underground circulation, seems to exhaustively justify both the chemical and
isotopic data. If not recognized, these processes, which frequently occur in volcanic and hydrothermal systems,
may lead to an erroneous interpretation of the carbon source, causing an underestimation of the contribution
of the hydrothermal/magmatic fluids to the dissolved carbon species. These results pose extreme caution in
the interpretation of intermediate 6'>Ccoa(aq) and 6'*Crpic values for the assessment of the carbon budget of hy-
drothermal-volcanic systems.

Keywords:
Thermal waters

© 2017 Elsevier B.V. All rights reserved.

1. Introduction of CO, to the atmosphere through active vents (open conduit craters

and fumaroles) and diffuse soil degassing (e.g. Chiodini et al., 1998;

Fluids from volcanic and hydrothermal systems significantly con-
tribute to the global carbon cycle, since they discharge huge amounts
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Aiuppa et al., 2013; Burton et al., 2013; Conde et al., 2014). A significant
portion of volcanic/hydrothermal CO, dissolves into subsurface waters
as HCO3 and €03, as a function of pH, and is discharged from springs
and/or shallow wells (e.g. D'Alessandro et al., 1997; Inguaggiato et al.,
2005; Chiodini et al.,, 2015a). The isotopic signature (5'C) of dissolved
CO, and total dissolved inorganic carbon (TDIC) are useful tools to dis-
criminate the different sources of carbon in thermal waters, when a
gas-free phase does not occur (e.g. Chiodini et al., 2000, 2004). Distinct
8"*Ccoz(aq) and &'*Crpic values can indeed be recognized in C-bearing
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dissolved species that derive from CO, generated by different processes,
such as: 1) mantle/magmatic degassing, producing CO, typically show-
ing 6'3C values around — 6% vs. V-PDB (Rollinson, 1993; Sano and
Marty, 1995; Hoefs, 2009), i.e. similar to the isotopic value of atmo-
spheric CO, (ca. — 8%, vs. V-PDB; Scripps CO, Program); 2) degradation
of organic matter, characterized by CO, with §'>C < —20%. vs. V-PDB
(Degens, 1969; Rollinson, 1993; Sano and Marty, 1995); 3)
thermometamorphic reactions on carbonate rocks, producing isotopi-
cally heavy CO, (6"3C = 0 + 5% vs. V-PDB; Sano and Marty, 1995;
Clark, 2015). Despite the isotopic fractionation of CO; to form COz(aq)
and (bi)carbonates species (e.g. Bottinga, 1968; Deines et al., 1974;
Mook et al., 1974), this widely accepted classification is not consistent
with the isotopic signature of a number of thermal waters from volcanic
and hydrothermal areas, which show §'*Ccog(aq) values ranging from
— 18%o to —9%. vs. V-PDB (e.g. D'Alessandro et al., 1997; Caliro et al.,
1999; Federico et al., 2002; Taran et al., 2002; Inguaggiato et al., 2005;
Grassa et al, 2006; Yamada et al, 2011; Ruzié et al, 2013;
Marrero-Diaz et al., 2015; Morikawa et al., 2016). In most cases, these
isotopic values, which are intermediate with respect to those related
to mantle/magmatic and biogenic CO,, were interpreted as due to
mixing processes between deep and shallow/marginal end-members
(e.g. Italiano et al., 2009; Fourré et al., 2011; Ruzié et al., 2013). Howev-
er, other studies demonstrated the strong influence of isotopic fraction-
ation on the §'*Ccoz(aq) and 6'*Crpic values, which were related to
multi-step CO, dissolution (e.g. Weinlich, 2005; Gilfillan et al., 2009;
Giile¢ and Hilton, 2016) and carbonate precipitation/dissolution (e.g.
Ohwada et al., 2007; Gilfillan et al., 2009; Barry et al., 2014; Giile¢ and
Hilton, 2016). These secondary chemical processes are considered to
commonly affect thermal fluids from volcanic and hydrothermal areas
(Simmons and Christenson, 1994 and references therein). Hence, they
may represent a valuable alternative explanation for 6’3Ccoz(aq) and
6"3Crpic values not consistent with the primary CO, sources.

In the present study, we report a complete dataset, consisting of
major ion chemistry, chemical composition of dissolved gases and car-
bon isotopes (8'*Ccoa(aq) and 8'>Crpic), measured in thermal waters
from two volcanic systems in Italy: Campi Flegrei (Naples, southern
Italy) and Vulcano Island (Aeolian Archipelago, southern Italy) (e.g.
Boschetti et al., 2003 and references therein; Valentino and Stanzione,
2003 and references therein). The main aim is to investigate the mech-
anisms controlling the 5'3Ccoz[aq] and &'>Cypyc values in these fluids, in
order to provide insights into the role played by the secondary chemical
processes that may affect the estimation of hydrothermal/magmatic
CO, contribution to the global carbon budget.

2. Geological features and hydrothermal/magmatic systems of the
study areas

2.1. Campi Flegrei

The Campi Flegrei caldera (Fig. 1a) is an active volcanic complex oc-
cupying ~100 km? of the Campanian Plain, NW of Naples (southern
Italy). The caldera structure formed during two large eruptions, which
produced (i) the Campanian Ignimbrite (39 ka; De Vivo et al., 2001)
and (ii) the Neapolitan Yellow Tuff (14.9 ka; Deino et al.,, 2004). The vol-
canic system developed within the Campanian graben, where volcanic
deposits (K-basalts, trachybasalts, latites, trachytes, alkali-trachytes
and phonolites), marine and continental sediments overlie the Mesozo-
ic carbonate basement located at 4 km depth. The last historical eruptive
event occurred in 1538 CE (Di Vito et al., 1987), which originated the
monogenic tuff cone of Monte Nuovo (Fig. 1a), after about 3000 years
of quiescence.

The hydrothermal system of the Campi Flegrei caldera, which is re-
lated to fluids released from a magma chamber located at about 5 km
below the town of Pozzuoli (e.g. Gottsmann et al., 2006), is responsible
for frequent episodes of ground uplift and subsidence (bradyseism)
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Fig. 1. Satellite photos of (a) Campi Flegrei caldera and (b) Vulcano Island. The sampling
sites of thermal waters are reported. Symbols are according to the three groups of
waters distinguished on the basis of the dissolved CO, isotopic composition, as follows:
group A = white squares; group B = dark grey diamonds; group C = light grey circles
(see the text for details). The Tindari-Letojanni (LT) Fault is shown in Fig. 1b (white
dashed line).

accompanied by seismic activity (e.g. Bonafede and Mazzanti, 1998;
Chiodini et al., 2003, 2012, 2015b; Gottsmann et al., 2006).

Two distinct hydrothermal reservoirs, located within the volcanic
cover, were recognized in the area: (i) a seawater-contaminated shal-
low reservoir (depth < 2 km) diluted by meteoric waters, and (ii) a
deep hydrothermal reservoir (>2 km) of hypersaline waters
(Caprarelli et al., 1997; Valentino and Stanzione, 2003). The surficial ex-
pression of the hydrothermal activity within the caldera mostly consists
of submarine and inland fumarolic vents, anomalous diffuse soil
degassing (e.g. Chiodini et al., 2001; Todesco et al., 2003; Caliro et al.,
2007; Vaselli et al.,, 2011; Passaro et al., 2016), and thermal water dis-
charges and wells (e.g. Valentino and Stanzione, 2003, 2004).

2.2. Vulcano Island

Vulcano Island is the southernmost island of the Aeolian Archipelago
(southern Italy), a subduction-related volcanic arc in the Southern
Tyrrhenian Sea (Fig. 1b). It consists of a main edifice, mostly developed
during the Pleistocene and Holocene through several stages of
stratocone building and caldera collapse (Keller, 1980; De Astis et al.,
1997), and a smaller island (Vulcanello), made of lavas and pyroclastic
cones formed by nearly continuous activity between 1000 and
1250 CE (Arrighi et al., 2006). The last eruptive event occurred in
1888-1890 (Clocchiatti et al., 1994) from La Fossa, a 391 m high cone
(Fig. 1b) having a base diameter of 1 km. La Fossa summit crater is
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currently characterized by intense fumarolic activity, mostly occurring
in its NW sector. The fumaroles are characterized by outlet tempera-
tures up to 450 °C and a typical magmatic composition, with a dry gas
fraction dominated by CO, and relatively high concentrations of HCI,
SO, H,S and HF (e.g. Capasso et al.,, 1997, 1999; Inguaggiato et al.,
2012). Subaereal and submerged fumaroles, with outlet temperatures
<100 °C, occur at Baia di Levante, the bay delimiting the eastern side
of a flat isthmus that connects Vulcano to Vulcanello (Fig. 1b). These
fluid discharges, which show relatively high CH4 and H,S contents and
the virtual absence of high-temperature magmatic gases (SO,, HCl and
HF), are fed by a shallow hydrothermal source heated by the uprising
hot magmatic fluids (Capaccioni et al., 2001). According to the geo-
chemical measurements carried out on fluids from a geothermal well
drilled in the 1950s near the Baia di Levante beach (Sommaruga,
1984), the hydrothermal system consists of multilevel water bodies,
as follows: (i) a shallow aquifer (at 7-14 m depth) at ~100 °C, (ii) an in-
termediate aquifer (at 90-95 m depth) having a temperature of ~136
°C, and (iii) a deep aquifer (at 185-236 m depth) at ~200 °C, the latter
showing a seawater-like chemical composition. Strong soil degassing
affects both the surroundings of the volcanic edifice and some portions
of the Vulcano Porto plain located NW of La Fossa cone (Carapezza et al.,
2011; Inguaggiato et al.,, 2012), where several domestic thermal wells
were drilled.

3. Materials and methods
3.1. Water and dissolved gas sampling

Water and dissolved gas samples were collected during three field
campaigns in 2013 and 2015 from (i) 17 wells and the bottom of Lake
Averno (33 m depth) in the Campi Flegrei caldera (Fig. 1a), and (ii) 20
wells located within the area of Vulcano Porto village at Vulcano Island
(Fig. 1b).

Three water aliquots were collected at each sampling site, as follows:
(1) one aliquot in a 125 mL polyethylene bottle, for the determination of
main anions, (2) one filtered (0.45 um) aliquot in a 50 mL polyethylene
bottle containing 0.5 mL of 30% Suprapur HCl, for the analysis of main
cations, and (3) a third aliquot, sampled in evacuated glass vials con-
taining 2 mL of anhydrous phosphoric acid, for isotope analyses of
total dissolved inorganic carbon (6'*Crpc; Salata et al., 2000). Tempera-
ture (°C) and pH were measured in the field.

The sample from the bottom of Lake Averno, a volcanic crater lake
located a few hundred meters NW of the Monte Nuovo cone (Fig. 1a),
was collected using a sampling equipment consisting of a Rilsan®
tube (6 mm in diameter), lowered to the sampling depth, and an
150 mL syringe equipped with a three-way valve to pump the water
up to the surface. The water sample was collected after the displace-
ment of a water volume double that of the inner volume of the tube
(Cabassi et al., 2013 and references therein).

The dissolved gas samples were collected into pre-evacuated 250 mL
glass flasks, equipped with a Teflon stopcock, that were submerged into
the water or connected to the Rilsan® tubes. The stopcock was opened
to fill the vial of water up to about three quarters of its inner volume
(Tassi et al., 2008, 2009).

3.2. Chemical and isotopic (6'">Crpic) analysis of waters

The main ionic species were analyzed by ion chromatography (IC),
using an 861 Advanced Compact IC-Metrohm for cations (Na, NHy, K,
Mg, Ca) and a 761 Compact IC-Metrohm for anions (F, Cl, Br, NOs,
S0O4). The HCO; concentrations were determined by acidimetric titra-
tion (AT) with 0.01 N HCl using a Basic Titrino 794-Metrohm
autotitrator. The analytical errors for IC and AT were <5%.

The analysis of 6'>Cypc (expressed in %. vs. V-PDB) was carried out
with a Finningan Delta Plus XL mass spectrometer on the CO, recovered
after the reaction of 3 mL of water sample with 2 mL of anhydrous

phosphoric acid in vacuo (Salata et al., 2000). The recovered CO, was
analyzed after a two-step extraction and purification procedure on the
gas mixture by using a N, and trichloroethylene solid-liquid mixture
(e.g. Vaselli et al., 2006). The analytical error and the reproducibility
for 6'3Crpc analysis were + 0.05%. and = 0.1%, respectively.

3.3. Chemical and isotopic (&' 3Ccoz(aq)) analysis of dissolved gases

Inorganic gases (CO5, Ny, O,, Ar and H,) stored in the headspace of
the sampling flasks were analyzed using a Shimadzu 15A and a Thermo
Focus gas chromatographs equipped with Thermal Conductivity Detec-
tors (TCD). Methane was analyzed using a Shimadzu 14A gas chromato-
graph equipped with a Flame lonization Detector (FID). The chemical
composition of the dissolved gas compounds was computed by consid-
ering the measured concentrations of gases stored in the headspace on
the basis of: (i) headspace gas pressure and volume, (ii) volume of
water in the flask and (iii) solubility coefficients of each gas compound
(Whitfield, 1978).

The isotopic composition of dissolved CO, (&' 3Cc02(aq), expressed in
% vs. V-PDB) was determined on the basis of the '*C/*2C ratio measured
in CO, from the sampling flask headspace (8'*Ccoastrip)- The 8"*Ceonstrip
was analyzed by using a Finnigan Delta Plus XL mass spectrometer after
a two-step extraction and purification procedure, as described for the
determination of the '3Cypc values. Both internal (Carrara and San
Vincenzo marbles) and international (NBS18 and NBS19) standards
were used in order to estimate the external precision. The analytical
error and the reproducibility were +0.05%. and +0.1%., respectively.
The 6"Ccoz(aq) values were calculated from the measured &'*Ccopstrip
on the basis of the enrichment factor (&) for gas-water isotope equilib-
rium proposed by Zhang et al. (1995):

&1 = 6"Cppiag =" Cepsirp = (0.0049 x £)—1.31 1)
where t (°C) is the temperature.

4. Results

4.1. Campi Flegrei

4.1.1. Water geochemistry

The waters collected from the Campi Flegrei caldera showed hetero-
geneous physicochemical features (Table 1), with temperatures from 10
(#1) to 77 °C (#18), pH values from 6.20 (#10) to 8.27 (#13), TDS
values from 722 (#8) to 19,066 mg/L (#18), and distinct geochemical
facies, including Ca-HCO3, Na-HCOs, Na-Cl and Ca-Cl compositions
(Fig. 2a).

The Ca-HCOs3 (#3 and #6) and Ca-Cl waters (#2) were characterized
by low temperature (<23 °C) and TDS values (<1000 mg/L), whereas
the Na-HCO; waters (#1, #4, #5, #7, #8, #9, and #12; Fig. 2a) displayed
wide range of temperatures (from 10 to 63 °C) and TDS (from 795 to
4330 mg/L).

The Na-Cl waters (#10, #11, #13, #14, #15, #16, #17, and #18; Fig.
2a) had relatively high temperatures (>25 °C), with the exception of
#13 (12 °C), and TDS values (>1000 mg/L) (Table 1).

4.1.2. Chemical composition of dissolved gases

Atmospheric gases (PN;: from 215 to 1231 mbar; PO,: from b.d.l. to
139 mbar; PAr: from 2.6 to 14 mbar), and carbon dioxide (PCO, varying
from 0.8 to 54 mbar) dominate the chemical composition of the dis-
solved gases (Table 2; Fig. 3a). Methane and H, were relatively low
(up to 0.12 and 0.14 mbar, respectively) with the exception of #13
(i.e. the sample from the bottom of Lake Averno) that was CHs-rich
(936 mbar) and characterized by the highest PH; value (9.8 mbar)
among the whole Campi Flegrei water suite. Setting aside #4, all the wa-
ters with relatively high TDS values (>2000 mg/L) were enriched in
PCO, (from 4.7 to 54 mbar) (Table 2).
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Table 1

49

Chemical composition of the main solutes (anions and cations, in mg/L), temperature (°C), pH and salinity (expressed as TDS, in mg/L) of water samples collected from Campi Flegrei and

Vulcano Island.

Study area E N ID Name Group T pH TDS HCO,~ F~ a Br~ NO,~ SO~ Ca** Mg?* Na® K* NH,” Li*
(UTM)  (UTM)

Campi 422236 4522378 1  Vivai e Piante A 10 7.99 795 253 11.52 104 022 59 107 20 1.8 210 27 027 041

Flegrei 421823 4518191 2 Agriturismo di A 11 712 997 195 097 180 053 120 191 19 22 122 45 031 015
Baia

426565 4522770 3  Catone A 19 730 851 337 440 63 1.14 60 141 97 9.2 840 54 061 0.19
422131 4518162 4  Castello di Baia A 21 7.07 3027 862 4.04 435 153 383 408 150 72 623 88 0.16 034
422368 4520460 5 Costagliola A 22 720 1163 366 572 194 052 66 169 48 8.7 245 60 011 036
426651 4522845 6  Rist. Edera A 23 732 802 385 375 66 097 560 109 91 75 800 52 13 027
423664 4522351 7  Parco Delta A 30 7.58 1056 226 295 131 031 211 177 104 15 160 28 024 021
421045 4523852 8  Parco Enea A 37 677 722 344 121 97 0.86 0.01 44 12 14 182 28 0.63 026
430331 4520074 9  Agnano Marte B 21 646 2317 1064 465 314 085 1.6 212 121 30 450 116 29 0.46
430259 4520013 10 Agnano De Pisis B 55 620 7866 1488 274 3009 11 092 448 279 75 2209 330 95 26
427172 4519315 11 Terme Puteolane B 58 690 7904 2196 496 1944 5.12 31 984 46 67 2434 186 45 12
426602 4519946 12 Tortorelli B 63 7.16 4330 1699 1473 253 042 7.0 972 11 2.0 1187 182 015 19
422375 4521003 13 Averno Lake c 12 827 1753 405 9.07 510 117 094 193 25 13 536 60 044 064
422151 4520287 14 Samuele C 25 746 2104 636 719 543 1.00 213 193 82 17 520 103 0.12 043
423382 4521520 15 Esposito C 36 755 2158 601 5.62 457 135 108 236 70 13 541 124 025 0.50
423323 4521164 16 Ippico € 36 778 1979 533 740 413 0.63 120 247 34 14 484 125 029 029
423436 4521232 17 Damiani C 46 745 2216 552 836 565 202 94 212 36 8.6 611 127 023 031
422057 4519983 18 Stufe diNerone C 77 655 19,066 373 17.02 10,227 36 89 683 301 45 7094 193 15 6.7

Vulcano 495989 4251957 19 Casa con Pesci A 215 732 1020 272 736 220 032 39 173 74 28 167 38 097

Island 495858 4251946 20 Casa Rosa A 217 731 1139 305 13.6 266 044 86 185 85 27 195 53 042
496281 4251585 21 Piscio' A 37.8 646 3274 234 501 356 058 23 1651 404 48 395 157 061
495582 4251164 22 Lentia A 47.1 749 3987 889 16 579 1.82 10 1157 .35 24 926 347 2.2 037
496316 4251873 23 Bambara B 246 561 1260 247 6.77 181 048 135 296 189 21 130 51 24
496193 4251663 24 Casamento B 263 587 970 454 428 733 0.02 36 98 73 26 126 79 075
496347 4251557 25 Rifici B 30 7.14 3454 128 494 236 036 120 1942 730 80 111 101 08 0.17
496520 4251604 26 Rimessa B 38.7 5.89 3863 344 4.85 360 058 024 2018 679 91 206 158 14 0.35
495922 4251252 27 Camping Sicilia B 51.8 81 6245 510 113 1760 427 189 1790 95 95 1487 488 2.2 0.77
495826 4250287 28 Discarica B 472 686 4589 2503 115 116 0.19 028 748 104 326 404 375 093
496088 4251418 29 Genovese (& 46 7.2 2319 398 11 261 046 35 869 110 25 417 192 0.22
495547 4250587 30 Eas (e} 46,5 6.66 17634 1604 123 8463 28 14 1425 500 921 4327 332 15 52
496132 4251385 31 Chantal € 485 698 5130 350 6.06 1062 224 34 1936 216 87 1099 366 1.6 0.82
495661 4251985 32 Eden Park C 239 7.01 1296 167 22 411 078 32 219 69 29 243 102 0.68 0.16
496305 4252264 33 Eros c 24 694 6024 703 142 2316 74 075 974 295 182 1311 211 9 0.44
496037 4251674 34 Le Palme (e 252 713 1520 503 146 189 036 148 215 107 32 195 93 23 0.07
495615 4251769 35 Orsa Maggiore (4 271 729 3142 297 153 967 165 105 671 159 76 663 184 23 0.56
495896 4251556 36 Davanti Casa (o] 274 827 2896 407 121 591 1:15; 32 860 60 24 653 254 14
Schmidt

495940 4251396 37 Le Calette C 389 698 2135 269 8.4 431 1.1 52 688 170 50 314 150 13 03
495748 4251530 38 Bonanno C 403 7.69 2686 380 13.7 669 146 366 707 82 44 596 187 23 0.37

4.1.3. 6"*Cpyc and 6"Ceoz(aq) values

The isotopic composition of dissolved CO, (8'*Ccop(aq)) varied from
—23.7 (#6) to —5.0 (#10) %o vs. V-PDB (Table 3). Such a relatively
large isotopic interval allowed to distinguish three groups of waters
(Table 4), as follows: A waters (from #1 to #8), i.e. those characterized
by strongly negative &'*Ccoa(aq) Values (s—19.7%o vs. V-PDB) and low
PCO; values (2.3 mbar; Fig. 3a); the isotopically heavy (8'*Ccoa(aq) 2
— 7.6%0 vs. V-PDB) B waters (from #9 to #12), characterized by high
TDS and PCO, values (up to 7904 mg/L and 21 mbar, respectively) and
Na-HCOs and Na-Cl compositions, and C waters (from #13 to #18), clus-
tering in the Monte Nuovo area (Fig. 1a), with intermediate ﬁ”Ccoz(aq)
values (from —15.9 to — 11.8%. vs. V-PDB) with respect to those mea-
sured in the A and B waters.

The &"3Cpic values (Table 3) were consistent with those of
6’3Ccoz(aq): strongly negative values (from —16.2 to —12.8%. vs. V-
PDB) were measured in the A waters, whereas the highest 6'>Cyp;c
values (from —1.6 to 4+ 0.4%. vs. V-PDB) were related to the B waters
(Table 4). The waters from the Monte Nuovo area (C waters) showed in-
termediate &'*Crpc values (from — 8.6 to —7.1%. vs. V-PDB).

4.2. Vulcano Island
4.2.1. Water geochemistry

Similarly to the Campi Flegrei waters, those from Vulcano Island
showed a relatively large range in temperature, pH and TDS varying

from 21.5 (#19) to 51.8 °C (#27), from 5.61 (#23) to 8.27 (#36), and
from 970 (#24) to 17,634 mg/L (#30), respectively (Table 1).

The two samples (#24 and #34) showing a Na-HCO3; composition
had relatively low temperatures and TDS values (<26.3 °C and
<1520 mg/L, respectively), whereas the Mg-HCO; water (#28; Fig. 2b)
was at 47.2 °C and had a TDS of 4589 mg/L. Those waters showing a
Na-SO4 composition (#22, #29, #31, #36, and #37; Fig. 2b) were char-
acterized by temperatures and TDS values ranging from 27.4 to 48.5 °C
and from 2135 to 5130 mg/L, respectively (Table 1). Temperature and
TDS values of the Ca-SO, waters (#21, #23, #25, and #26; Fig. 2b) varied
from 24 to 38.7 °C and from 1260 to 3863 mg/L, respectively (Table 1),
whereas the Na-Cl waters (#19, #20, #27, #30, #32, #33, #35, and #38;
Fig. 2b) showed wide ranges of temperature (from 21.5 to 51.8 °C) and
TDS values (from 1020 to 17,634 mg/L).

4.2.2. Chemical composition of dissolved gases

Dissolved gases in the Vulcano waters (Table 2) mostly consisted of
N (from 215 to 1017 mbar), O, (from 0.73 to 79 mbar), CO,, (from 1.6 to
20 mbar) and Ar (from 1.3 to 12 mbar) (Fig. 3b). Most dissolved gases
showed the presence of H,, which reached 4.9 mbar at #23. PCH, was
<0.14 mbar. The dissolved gas composition showed no clear relation
with the water physicochemical features.

4.2.3. 6" Crpic and 6"*Ccoa(aq) values
The &' 3Cc02(aq) values of dissolved gases from Vulcano Island ranged
from —21.8 (#22) to —4.0 (#23) %o vs. V-PDB (Table 3). As observed for
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Fig. 2. Ternary diagrams for the main anions (HCO3, Cl, SO4) and cations (Ca, Mg, Na -+ K) from (a) Campi Flegrei caldera and (b) Vulcano Island. In Fig. 2a, the composition of local seawater
(black asterisk) and geothermal fluids from Mofete drillings (black triangles) at Campi Flegrei (Fig. 1a), as reported by Guglielminetti (1986), is also shown.

the Campi Flegrei samples, three different groups of waters were also
distinguished at Vulcano (Table 4), as follows: isotopically light A waters
(from #19 to #22), having the lowest PCO, values (2.3 mbar; Fig. 3b)
and §"Ccoa(aq) values ranging from —21.8 to — 20.9%o vs. V-PDB; B wa-
ters (from #23 to #28), mainly located at the base of La Fossa cone, char-
acterized by PCO, values > 13 mbar and 6'*Ccop aq) from — 6.0 to —4.0%
vs. V-PDB; C waters (from #29 to #38), with 6> Ccoa(aq) values, ranging
from — 16.5 to — 9.1%. vs. V-PDB, and PCO, values similar to those of the
B waters (Table 2; Fig. 3b). The latter group of samples was collected
both at the base of the volcanic edifice and in the northern and western
portions of the Vulcano Porto Plain (Fig. 1a).

Similar to what observed at Campi Flegrei, the &'Cypc (Table 3) and
the §'>Ccoz(aq) values were strongly related, the former ranging from
—17.5 to —14.5%o vs. V-PDB, from —1.8 to + 1.9%. vs. V-PDB, and
from —11.3 to —4.8%. vs. V-PDB in the A, B, and C waters, respectively
(Table 4).

5. Discussion
5.1. Campi Flegrei
5.1.1. Origin of waters and dissolved gases

The wide variation of chemical features characterizing the waters
collected from the Campi Flegrei study area was interpreted as

produced by mixing of fluids from different sources: (i) shallow aqui-
fer(s) fed by meteoric water, (ii) seawater and (iii) deep geothermal
brine (e.g. Baldi et al., 1975; Cortecci et al., 1978; Duchi et al., 1995;
Valentino et al., 1999; Valentino and Stanzione, 2003, 2004). The chem-
ical composition of meteoric water permeating through the carbonates
cropping out on the Apennine Chain (Duchi et al., 1995 and references
therein; Valentino and Stanzione, 2003) varied from Ca-HCO3 to Na-
HCOj5 due to interaction with volcanic deposits. Close to the coastline
(Fig. 1a), seawater contamination produced the Ca-Cl (#2) and Na-Cl
(#4) waters characterized by low PCO, values (Table 2; Fig. 3a) and
strongly negative '>C values of both CO4(aq) and TDIC, approaching
those related to microbial activity (Degens, 1969). Seawater inflow
also affected the chemistry of #11, although for this water addition of
deep Na-Cl fluids was also recognized (Valentino and Stanzione,
2003). A significant contribution of heat and fluids from the magmatic
system was also characterizing the waters from the areas close to the
Solfatara Crater (#12), Agnano (#9 and #10) and Monte Nuovo (from
#13 to #18), as shown by their high PCO, values and the less negative
carbon isotopic signatures (Tables 2 and 3). The relatively high HCO;
concentrations measured in these waters were likely originated by dis-
solution of deep-sourced CO,, whereas their enrichment in NH,4 and Li
(Table 1) indicate relatively high temperatures and prolonged water-
rock interactions, respectively (Nicholson, 1993). Accordingly, their Li/
Cl ratios points to those of the geothermal fluids exploited from wells
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Table 2
Chemical composition of the main gases dissolved in waters (partial pressures in mbar)
from Campi Flegrei and Vulcano Island.

Table 3
8"3c (in %o vs. V-PDB) of dissolved CO, and TDIC in waters from Campi Flegrei and Vulcano
Island.

Study area ID group PCO, PN, PO, PAr PCHy PH,  Ptotal Study area D Group 8"%Ccoz(aq) 8" Crpic

Campi Flegrei 1 A 15 931 139 11 0.039 1082 Campi Flegrei 1 A -19.7 —-128
2 A 23 988 117 11 0026 1118 2 A =213 =157
3 A 16 945 124 11 0.039 1081 3 A —229 —14.0
4 A 1.0 945 117 11 0.032 1073 4 A —234 —16.2
5 A 12 1031 60 12 012 1104 5 A -230 —16.1
6 A 12 888 102 93 0.026 1000 6 A —23.7 —148
7 A 20 959 124 10 0019 1095 7 A —23.0 —15.1
8 A 080 974 109 11 0.032 1094 8 A =215 =133
9 B 21 243 16 27 0.045 283 9 B —58 —-16
10 B 21 458 10 52 0006 0050 495 10 B —5.0 —038
1 B 47 745 38 86 0032 0.100 796 1 B —6.8 03
12 B 15 544 88 62 0019 0038 653 12 B -76 0.4
13 C 40 1231 14 936 9.8 2231 13 C —125 —8.6
14 C 34 272 95 33 0058 0.100 319 14 C —154 —8.0
15 T 54 98 29 11 0032 1034 15 C —152 -76
16 C 20 215 80 26 0078 0063 246 16 C —15.9 —82
17 C 16 702 18 73 0071 0075 742 17 C -118 =74
18 C 54 315 12 37 0026 014 385 18 C —14.2 —-76

Vulcano Island 19 A 18 945 63 1 014 1022 Vulcano Island 19 A —21.0 —145
20 A 23 1017 59 12 0.084 1090 20 A =21 —146
21 A 2:1 988 65 11 0078 1066 21 A —209 —156
22 A 16 1017 52 11 0.097 1081 22 A -218 =175
23 B 18 372 1.5 33 0019 49 400 23 B —4.0 19
24 B 13 702 80 80 0032 096 732 24 B —6.0 03
25 B 18 458 80 53 0006 12 491 25 B —44 0.0
26 B 17 215 073 13 0013 24 236 26 B —57 04
27 B 18 344 44 40 0058 34 374 27 B —47 -18
28 B 16 558 58 46 0039 074 585 28 B —54 —-18
29 C 18 458 14 46 0006 1.1 496 29 C —93 =52
30 C 17 487 95 46 0032 085 519 30 C —-9.1 —54
31 € 15 587 57 46 0013 061 664 31 C -92 —55
32 C 20 501 12 46 0013 12 539 32 C —114 =52
33 C 17 472 13 46 0013 096 508 33 (o —147 —80
34 C 16 587 19 6.6 0.026 074 630 34 C —11.1 —49
35 C 20 401 12 40 0006 036 437 35 C —11.1 =53
36 C 17 644 79 53 0013 051 746 36 C —10.8 —48
37 C 11 802 47 86 0019 044 869 37 c =165 =113
38 C 20 415 18 40 0032 064 458 38 C -128 —88

drilled in the Mofete area (Guglielminetti, 1986) (Fig. 4). The relevant
influence of the deep fluid source on the chemistry of #12 water was
also supported by geophysical measurements showing that the Solfata-
ra Crater corresponds to the major gas upflow zone of the Campi Flegrei
hydrothermal system (Afanasyev et al., 2015). These data showed that
the uprising of hot geothermal fluids is also affecting the Agnano Plain
(De Siena et al., 2010), as confirmed by the chemical features of the
hot and brackish #10 water (Table 1). Eventually, a highly permeable
zone was recognized at the Monte Nuovo area (De Siena et al., 2010;
Petrillo et al., 2013), where the last eruptive event of the Campi Flegrei
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system occurred and the hottest and most saline water (#18) was
found.

5.1.2. Processes regulating the 6">Ccop(aq) and 6'>Crpic values

The wide-ranging carbon isotopic compositions observed at Campi
Flegrei likely result from varying source contributions to the analyzed
waters.

Both the 6"*Ccoz(aq) and 8'">Crpic values and the low PCO, values in
the A waters were consistent with those of interstitial soil water in
areas not affected by degassing of deep-originated fluids (Degens,

(b)
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Fig. 3. PCO,-PN,-PO; ternary diagrams for dissolved gases in waters from (a) Campi Flegrei caldera and (b) Vulcano Island. The straight line corresponds to the N,/O, ratio in Air Saturated

Water (ASW).
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Table 4
Ranges of isotopic and chemical signatures of the three water groups (A, B and C) distin-
guished among samples from Campi Flegrei and Vulcano Island.

Study area  Group PCO, 8'"%Ccoz(aq) (%o TDIC 8"3Crpic (% vs.
(mbar) vs. V-PDB) (mmol/L) V-PDB)
Min Max Min Max  Min Max Min Max
Campi A 08 23 =237 —197 329 1417 —162 -—128
Flegrei B 47 21 —76 —50 1826 36.18 —1.6 04
Cc 54 54 —159 -—-118 819 1176 —-86 ~—7.1
Vulcano A 16 23 —218 —209 392 1463 —175 —145
Island B 13 18 —60 —40 281 4164 —18 19
c 1 20 -—165 —91 353 2695 —113 —48

1969; Faure, 1986; Clark, 2015). Consistently, the chemical composition
of these waters, which are randomly distributed within the study area,
pointed to a shallow (or marginal to the volcanic-hydrothermal system)
source for the dissolved carbon species. Accordingly, they plotted close
to the biogenic field in Fig. 5a, with 6‘3Ccoz(aq) values approaching
those expected for water interaction with biogenic CO, (Fig. 5b).

On the other hand, the chemical composition and the relatively high
temperature, TDS and PCO, values shown by the B and C waters from
the Solfatara, Agnano Plain, and Monte Nuovo areas clearly indicated a
dominant contribution from hydrothermal fluids.

The 6"*Crpic vs. TDIC binary diagram (Fig. 5a) reports the theoretical
field of the geothermal fluids that was drawn considering (i) the TDIC
values of deep reservoir fluids collected from the Mofete geothermal
wells (from 431 to 1209 mmol/L; Allard et al., 1991 and references
therein) and (ii) the 6'>C values of the fumarolic emissions in the Solfa-
tara, Agnano Plain, and Monte Nuovo areas (from — 1.9 to — 0.6% vs. V-
PDB; Vaselli et al.,, 2011; Tassi et al., 2015), assuming the isotopic com-
position of TDIC to be equal to that of CO,g). The latter assumption is
supported by the fact that in the deep geothermal fluids feeding the fu-
marolic emissions the amount of dissolved CO, largely exceeds that of
HCO; (Allard et al., 1991). Consequently, considering the HCO; in solu-
tion as being negligible with respect to CO,aq), a significant isotopic dif-
ference should not be expected between dissolved carbon and gaseous
CO, in the hydrothermal system. Moreover, hydrothermal calcite, char-
acterized by 6'C values ranging from — 3.1 to — 2.4%, vs. V-PDB, was
found in the Mofete drilling cores (Carella and Guglielminetti, 1983;

O Awaters
@ Bwaters A
O Cwaters

104 ¥ local seawater
A geothermal fluids

Odls

‘”2 .NO

1 ’lﬂl

#13
494 QA5
o - €9
O #4
oo 800:17
g O #16
o#2 X

Li (mg/L)

0.1

T T T
100 1000 10000

Cl(mg/L)

Fig. 4. Livs. Cl (in mg/L) binary diagram for waters from Campi Flegrei caldera. Symbols as
in Fig. 2a.

Rosi and Sbrana, 1987; De Vivo et al., 1989; Caprarelli et al., 1997;
Mormone et al., 2015). Considering an isotopic enrichment factor of
about 2%. between CO;(g) and calcite at the temperature measured in
the geothermal wells (Bottinga, 1968), the precipitation of calcite
under closed-system conditions in the deep hydrothermal reservoir
would be related to gaseous CO, with ﬁ”Ccoz[g) values from — 1.1 to
—0.4%. vs. V-PDB, which were consistent with those measured in the
fumarolic gases (e.g. Vaselli et al., 2011; Tassi et al., 2015).

Noteworthy, the B waters displayed 6'>Crp;c values similar to those
of the geothermal end-member (Fig. 5a), supporting the hypothesis
that the chemistry of these waters was mainly controlled by the deep
fluid source. Accordingly, these waters were collected from the central
part of the caldera, where upwardly convecting fluid from the deep
magmatic-hydrothermal system is particularly efficient.

The effects on 8'*Ceoa(aq) and &' *Cypic values of a simple gaseous CO,
dissolution in a two-phase system can be checked by computing theo-
retical isotopic values of the C-bearing compounds in the liquid and
gas phases. Initially, as gaseous CO, uprising from the deep reservoir
dissolves into the shallow aquifers feeding the sampled wells, the pro-
duced CO,(,q) is expected to be enriched in 'C relative to CO,(g), accord-
ing to the equilibrium isotopic enrichment factor £coa(aq)-coa(g) defined
by Deines et al. (1974), as follows:

6300

€02(aq)—C02(g) = = —=0.91 @)

where T is in K. Subsequently, CO,(,q) is converted to HCO3, causing a
further isotope fractionation, according to the isotopic enrichment fac-
tor €nco3-coz(aq) Whose dependence on temperature was described by
Mook et al. (1974), as follows:

9866
EHC03—C02(ag) = T —24.12 3)

Assuming (i) TDIC and HCOs to be entirely derived from COy (g dis-
solution and CO5(,q) conversion, respectively, and (ii) the attainment
of isotopic equilibrium between gaseous and dissolved carbon species,
the isotope mass balance can be used to define the &'C values of TDIC
and COy(,q) resulting from CO,g) dissolution (8"*Crpic qis and &-
3Ccon(aq)_dis: Tespectively), as follows:

13 13
6" Cic_ais = €co(aq)—coz(g) + 6 Ceoa(g) (4)

£€HC03—C02(aq) X HCO3

TDIC ®)

5]3CC02(ﬂq],dis = 813C1DICJHS_
where HCO; and TDIC are in mmol/L.

Using the 'Coy(g) values of the fumarolic emissions in Eq. (4), the
theoretical 6'*Crpic qis values expected for hydrothermal CO, dissolu-
tion range from — 2.8 to — 1.5%. vs. V-PDB, whereas the theoretical 6-
3Coa(aq)_ais Values derived from Eq. (5) at increasing HCO3/COx(aq)
ratios (i.e. proceeding of the CO,(aq) to HCO; conversion; expressed in
log values for graphical convenience) are depicted in Fig. 5b. These
values were consistent with those measured in the B waters. In particu-
lar, the 6‘3Cc02(aq) value measured in the #12 sample, from the sur-
roundings of the Solfatara Crater where the most intense
hydrothermal gas upflow occurs, is to be considered the most intensely
affected by carbon isotope fractionation caused by water-gas interaction
processes. A shift towards values slightly higher than those expected for
theoretical ﬁ”Ccm(aq)_dis was displayed by the #10 water, likely due to
the occurrence of dissolved carbon species from both the uprising hy-
drothermal gases and the hot brine, an hypothesis supported by the rel-
atively high contents of Cl, Li and NH4 measured in this water.

Differently, the 8'*Ccoa(aq) and 8'*Crpic values in the C waters from
the Monte Nuovo area were not consistent with a simple gas dissolution
into shallow aquifers and were markedly lower than those measured in
waters from both Solfatara and Agnano Plain areas. A mixing between
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Fig.5.(a) 8"Cypjc vs. TDIC (in mmol/L) and (b) ﬁ”Ccm(aq) vs. log(HCO3/C0y(aq)) binary diagrams for waters from Campi Flegrei caldera. The mixing line between a biogenic end-member
and deep geothermal fluids is shown (black dash dot line) in both (a) and (b). The fraction (in percentage) of the geothermal fluids involved in the mixture is reported. Note that the
mixing between biogenic and geothermal end-members, although apparently compatible with waters distribution in (a), is not a viable explanation for the chemical composition of C
waters (see text for details). In (b), the mixing line between the #12 sample and geothermal fluids (black dot line) is also shown. The 8'*Ccoa(aq) ais values at increasing conversion of
CO3(aq) to HCO; for waters with 6'*Crpjc derived from dissolution of hydrothermal CO,, i.e. 8"*Cpic qis from —2.8 to —1.5%. vs. V-PDB (straight and dash lines, respectively), are
depicted in (b) for different temperatures (60 °C = black lines; 70 °C = blue lines; 80 °C = green lines; 90 °C = red lines).

geothermal fluids and the A waters, as suggested by Caliro (2004) and
apparently representing the most reliable explanation for the distribu-
tion of the C waters in Fig. 5a and b, is not consistent with the physico-
chemical features of #18. In fact, assuming (i) a shallow (or marginal)
end-member having TDIC and CO;,(,q) of 6 and 0.05 mmol/L, respective-
ly, and &"*Crpic and &"*Ccop(aq) of — 16 and — 25.8%. vs. V-PDB, respec-
tively, and (ii) deep fluids with TDIC and CO,(,q) of 431 and 430 mmol/L,
respectively, and 8'*Crpic and 6'*Ccoa(aq) Of — 1.25% vs. V-PDB, the
5'%Ccoz(aq) and &' *Crpic values of the #18 water would imply a low geo-
thermal fluid contribution (<2%) that is not consistent with the chemi-
cal features of this water (Fig. 4), being the hottest and most saline
among the analyzed samples. More likely, the negative shift observed
in the C waters suggests that the uprising hydrothermal fluids were af-
fected by secondary processes able to cause a '>C-'2C fractionation. Such
processes, although widely occurring at different degrees throughout
the caldera, were particularly efficient in the Monte Nuovo area, i.e. at
the margin of the main hydrothermal fluids uplift area, where enhanced
water-rock interaction, e.g. alteration of Ca-Al-silicates (Giggenbach,
1984), able to induce widespread calcite precipitation (Simmons and
Christenson, 1994) occurs, as follows:

Ca—Al—silicates + CO, + H,0<CaC05 + 2(H—Al—silicates) (6)

Chiodini et al. (2015a) suggested that the conversion of Ca-Al sili-
cates into hydrothermal calcites (Eq. (6)) is actually responsible for a
significant CO, sequestration in the Campi Flegrei caldera, as also sup-
ported by the already mentioned occurrence of hydrothermal calcite
in the Mofete drillings.

The isotopic fractionation caused by calcite precipitation occurring
during hydrothermal fluid circulation under open-system conditions
can be described as a Rayleigh-type fractionation process, as follows:
8"Croic_es = (6 Cicin +1000) x f-m=1] ~1000 (7)
where 6" Crpic i is the initial isotopic composition of TDIC in the hydro-
thermal fluid, 6" Crpic res is the isotopic composition of the residual TDIC
after calcite precipitation, fis the fraction of residual TDIC and Otcaicite-Tpic

is the isotopic fractionation factor between calcite and TDIC computed, as
follows:

Ecalcite—TDIC __ Ecalcite—C02(g) — ETDIC—C02(g)
1000 1000

*calcite—1Dic — 1 =
2(aq)
= [€cacite—co2(3) — “oic* Ecozmq.-comg))

HCO: _
+(FIS X CHcoa—mZKg))] x 1072

The €coa(aq)-coz(g) Value was calculated as in Eq. (2), whereas €qico3-
co2(g) AN Ecacite-coz(g) Were calculated using the equations proposed by
Deines et al. (1974), as follows:

. X 1099000

EHCO3—C02(g) = h”CHm;—h”sz(g, = —4.54 9)
R o 1194000

Etula're—fOZ(g» = hlzccalrire“’laccozfg) = T —3.63 (10)

The theoretical 6'>Crpic res values were computed according to the
following assumptions: (i) the &'*Crpic in; value was equal to that of
the §"3Ccoz(g) reported for the Monte Nuovo fumarole (—1.4%. vs. V-
PDB; Vaselli et al., 2011), (ii) fixed near-neutral pH conditions, consis-
tent with those reported for geothermal brines at depth (Carella and
Guglielminetti, 1983), and (iii) temperatures ranging from 80 to 100
°C. As shown in Fig. 6, progressive calcite precipitation efficiently de-
creases the 6'>Crpic res Values. Hence, a Rayleigh-type fractionation pro-
cess induced by calcite precipitation from hydrothermal fluids under
open-system conditions can explain the 6'*Ccoz(aq) and §'*Crpic values
of the C waters. Accordingly, although affected by secondary processes,
the dissolved carbon species of the #18 sample likely had a hydrother-
mal origin, in contrast with the low hydrothermal contribution (<2%)
estimated on the basis of the mixing model (Fig. 5a) between geother-
mal fluids and shallow waters.
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f

Fig. 6. Theoretical 6'*Cypc values produced by calcite precipitation (f = fraction of residual
TDIC after precipitation) computed for different temperatures (80 °C = solid line; 90 °C =
dashed line; 100 °C = dot line) and fixed pH values.

5.2. Evidences from Vulcano Island

The hydrogeological setting in Vulcano Island is characterized by
discontinuous shallow aquifers, complex vertical and horizontal flow
paths and different fluid sources (meteoric water, seawater, uprising
geothermal waters and volcanic steam) (e.g. Capasso et al., 1999,
2001; Cortecci and Boschetti, 2001; Cortecci et al., 2001; Boschetti et
al., 2003; Federico et al., 2010; Madonia et al.,, 2015), producing strongly
differing geochemical features in the well waters (Table 1).

Similar to what was observed at Campi Flegrei, the A waters
displayed both chemical (relatively low TDS, dissolved gases dominated
by N,, PCO, values in the range of soil CO,) and isotopic (6'>C-COj(aq)
and 6'>Cypyc values consistent with those of organic-derived carbon)
features compatible with aquifers fed by meteoric waters with a negligi-
ble influence of volcanic gases (Fig. 7a and b).

Conversely, the chemistry of the B waters, including most wells from
the base of La Fossa cone, were interpreted as produced by interaction of
uprising hot steam and mature geothermal fluids (Capasso et al., 1999,
2000, 2001; Boschetti et al., 2003). A relevant contribution from
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volcanic condensates was recognized in #27 well, where temporal var-
iations in PCO, values were found to be strikingly related to changes in
La Fossa crater fumarolic activity (Capasso et al., 1999, 2000). Accord-
ingly, the supply of volcanic fluids was highlighted by the presence of
a piezometric high (Madonia et al.,, 2015) and anomalous CO, soil
degassing (Capasso et al., 2000) in this area. Similarly, the relatively
high temperature, the TDS values of Cl- and SO,4-rich waters from Baia
di Levante (#23, #25, #26) and the peculiarly high HCO; contents mea-
sured in the #28 water (Table 1; Capasso et al., 2000, 2001; Boschetti et
al., 2003) were likely originated by interaction processes with volcanic
condensates or CO,-rich steam phase. Accordingly, both the measured
(i) 6"*Crpic values (Fig. 7a), which approached those of the 8'*Ccos in fu-
marolic and bubbling gases at La Fossa crater and Baia di Levante (from
—3.4 to +0.7% vs. V-PDB; Capasso et al., 1997), and (ii) 8'*Ccoa(aq)
values, which were consistent with the theoretical 513Cc02(aq),dis values
derived from Egs. (4) and (5) assuming dissolution of gaseous CO, with
6'2C values in the fumarolic range (Fig. 7b), confirmed a strong interac-
tion of the B waters with high temperature fluids from the deep volcanic
system. Indeed, the foot of the volcanic cone and Baia di Levante repre-
sent zones of structural weakness where volcanic and hydrothermal
fluids are mainly drained by fracture/faulting systems, resulting in
both fumarolic discharges and intense CO, soil degassing at the surface.

Noteworthy, most C waters were similarly located along a NE-ori-
ented alignment corresponding to the Tindari-Letojanni fault (Fig. 1b;
Billi et al., 2006), i.e. the main tectonic discontinuity in this region,
where an upflow of volcanogenic fluids was inferred on the basis of an
anomalous elevation of the water table recognized in this area
(Inguaggiato et al., 2012; Madonia et al., 2015). The remaining C waters
(#30 and #33), characterized by high Cl, Br, NH, and Li contents (Table
1) and Na/Cl and CI/Br mass ratios (0.51 and 302 in #30 and 0.57 and
313 in #33, respectively) similar to those of seawater (Na/Cl = 0.56,
Cl/Br = 292), likely intercepted a seawater-contaminated water body
affected by hydrothermal contribution (Federico et al., 2010).

Despite the well-assessed contribution from hydrothermal fluids,
the values of TDIC and CO,(,q) measured in the C waters were ascribable
to neither pure dissolution of deep-derived CO, into shallow aquifers, as
shown in Fig. 7b, nor simple mixing model between hydrothermal
fluids and biogenic carbon sources. This would not indeed be consistent
with the relatively high PCO, and TDIC values and the high Cl, Br, NH4
and Li contents (up to 8463, 28, 15 and 5.2 mg/L, respectively; Table
1) of these waters, which are unequivocal hints of a relevant contribu-
tion from hydrothermal fluids. As previously demonstrated for the
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Fig. 7. () 6"°Crpic vs. TDIC (in mmol/L) and (b) &'*Coz(aq) Vs. log(HCO3/CO,(aqy) binary diagrams for waters from Vulcano Island. The hHCcuz(aq) dis Values at increasing conversion of
C0;(aq) to HCO; for waters with 6'3Crpic derived from dissolution of hydrothermal CO,, i.e. 8"*Cypic ais from —4.26 to —0.15%. vs. V-PDB (straight and dash lines, respectively), are
depicted in (b) for different temperatures (50 °C = purple lines; 60 °C = black lines; 70 °C = blue lines; 80 °C = green lines; 90 °C = red lines).
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case study of Campi Flegrei, a strong isotopic fractionation can be easily
produced by a Rayleigh-type calcite precipitation affecting the uprising
deep fluids (Fig. 6). The occurrence of calcite precipitation, coupled with
steam condensation and multi-step boiling processes, was already sug-
gested by Federico et al. (2010) to explain the wide variations in major
ions, dissolved gases and stable isotopes in thermal waters from the is-
land. Although such process is not expected to occur only along the
Tindari-Letojanni fault, local conditions may play a key role in determin-
ing the isotopic composition of dissolved carbon species in thermal wa-
ters. In particular, (i) decreasing temperature and salinity (Madonia et
al., 2015) at increasing distance from the volcanic edifice and (ii) ab-
sence of CO, soil degassing anomalies in this area (Inguaggiato et al.,
2012) revealed a less intense supply of volcanic/hydrothermal fluids
into shallow ground waters, which, consistently with what observed
at the Campi Flegrei, likely allowed secondary isotopic fractionation
processes to overwhelm the typical signature of the deep-derived
carbon.

6. Conclusions

The chemical and isotopic compositions of the main solutes and dis-
solved gases in thermal and cold waters collected from wells located at
Campi Flegrei and Vulcano Island were investigated to elucidate the
processes controlling the 5'*Ccoz(aq) and 8" *Crpic values. The occurrence
of hydrothermal-magmatic CO,, possibly affected by a relatively low
isotopic fractionation due to dissolution in shallow water, exhaustively
explains the chemical features of the wells located in the proximity of
the areas interested by the highest deep fluid upflow, corresponding
to the Solfatara crater and La Fossa cone at Campi Flegrei and Vulcano
Island, respectively. In some cases (e.g. the well waters from Agnano
Plain), the involvement of both hydrothermal gases and geothermal
brine should be invoked to reconcile the measured and theoretical data.

Waters dominantly fed by shallow meteoric aquifers were occurring
in the two volcanic systems and characterized by dissolved CO, and
TDIC showing the typical chemical and isotopic features of interstitial
soil waters. Water samples with intermediate 5‘3Cc02(aq) and 6"3Cypc
values from both areas are the main point of interest of this study,
since their chemistry is not consistent with a simple mixing between
deep and shallow end-members. Instead, assuming a dominant deep
source for the C-bearing species of these waters, we demonstrated
that the strong isotope fractionation (>5%.) necessary to explain the
measured isotopic values can be obtained through Rayleigh-type calcite
precipitation. This excludes a significant contribution from the shallow
source, as dictated by the classical mixing model that would lead to a
strong underestimation of the deep CO, fraction. At Campi Flegrei,
these waters were only found at Monte Nuovo. The cause of this pecu-
liar relationship between the spatial distribution and the chemical fea-
tures of these waters, although intriguing, is not clear and deserves
further investigation. Notwithstanding, it is worth noting that calcite
precipitation is commonly observed in volcanic and hydrothermal sys-
tems, hence the hypothesized secondary '*C-'?C fractionation process
can be considered to play a fundamental role in controlling the isotopic
signature of carbon in dissolved CO, and TDIC at a global scale. These
findings imply that intermediate 6'*Ccoa(aq) and 6'*Crpjc values are to
be interpreted with extreme caution for the assessment of the carbon
budget of hydrothermal-volcanic systems. As assessed for the Campi
Flegrei waters, the attribution of such carbon isotopic values to mixing
between shallow ground waters and deep-originated fluids could be
misleading, determining a substantial underestimation of the hydro-
thermal contribution to dissolved carbon species in thermal waters.
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Volcanic and hydrothermal areas largely contribute to the natural emission of greenhouse gases to the atmo-
sphere, although large uncertainties in estimating their global output still remain. Nevertheless, CO, and CH,4
discharged from hydrothermal fluid reservoirs may support active soil microbial communities. Such secondary
processes can control and reduce the flux of these gases to the atmosphere. In order to evaluate the effects deriv-
ing from the presence of microbial activity, chemical and carbon (in CO, and CH,) isotopic composition of inter-
stitial soil gases, as well as diffuse CO, fluxes, of three hydrothermal systems from Italy were investigated, i.e.
(i) Solfatara crater (Campi Flegrei), (ii) Monterotondo Marittimo (Larderello geothermal field) and (iii) Baia di
Levante in Vulcano Island (Aeolian Archipelago), where soil CO, fluxes up to 2400, 1920 and 346 g m 2 day '
were measured, respectively. Despite the large supply of hydrothermal fluids, '>CO, enrichments were observed
in interstitial soil gases with respect to the fumarolic gas discharges, pointing to the occurrence of autotrophic
CO, fixation processes during the migration of deep-sourced fluids towards the soil-air interface. On the other
hand, (i) the &'>C-CH, values (up to ~48%. vs. V-PDB higher than those measured at the fumarolic emissions)
of the interstitial soil gases and (ii) the comparison of the CO,/CH, ratios between soil gases and fumarolic
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emissions suggested that the deep-sourced CH, was partly consumed by methanotrophic activity, as supported
by isotope fractionation modeling. These findings confirmed the key role that methanotrophs play in mitigating
the release of geogenic greenhouse gases from volcanic and hydrothermal environments.

© 2018 Elsevier B.V. All rights reserved.

1. Introduction

Carbon dioxide and methane are considered among the main green-
house gases responsible for the current global warming (e.g. IPCC,
2007a). Concentrations of these gases in the atmosphere have roughly
doubled since the late 18th century (Ciais et al., 2013), reaching
404 ppmv and 1859 ppbv in October 2018, respectively (data from
the NOAA/ESRL Global Monitoring Division; www.esrl.noaa.gov/gmd).
Whilst the main reason for the rapid increment in the low atmosphere
of CO, and CH4 must be sought in anthropogenic activities related to
the massive exploitation (and burning) of fossil fuels since the begin-
ning of the industrial era, their quantification from natural sources at a
global scale still suffers from large degrees of uncertainty (e.g. Burton
et al,, 2013; Mdrner and Etiope, 2002). Among geogenic sources,
degassing from volcanic and associated hydrothermal areas is responsi-
ble for a large fraction of the natural CO, emissions (e.g. Holloway et al.,
2007), with a global subaerial volcanic CO, flux estimated at 540
x 10'2 g/yr (Burton et al,, 2013). Carbon dioxide discharged from fuma-
rolic vents and diffuse soil degassing was recognized as an important
mechanism for gas release from volcanoes (Morner and Etiope, 2002),
which at a local scale may exceed that emitted from volcanic plumes
(e.g. Baubron et al., 1991; Chiodini et al., 1998; Italiano et al., 1998).
Areas characterized by intense diffuse degassing significantly (and per-
sistently) contribute to the total gas emissions from volcanic/hydrother-
mal systems (Cardellini et al,, 2003; Chiodini et al., 2004; Granieri et al.,
2010; Tassi et al., 2013; Viveiros et al., 2010), with associated CO, fluxes
that are often larger than those related to the fumarolic vents occurring
in the same areas (e.g. D'Alessandro et al., 2006; Pecoraino et al., 2005;
Chiodini et al., 2010; Aiuppa et al., 2013).

Despite the fact that the Global Warming Potential (GWP) of CH, is
25 times higher than that of CO, (IPCC, 2007b), the global CH, output
from volcanic and hydrothermal areas is still largely unknown
(Morner and Etiope, 2002). In general, whilst contributions from the
biosphere to atmospheric CHy4 are relatively well characterized, ac-
counting for 345 x 10'2 g CH,/yr (Etiope and Klusman, 2002), few
data are available for those released from geogenic sources, which, ac-
cording to Etiope and Klusman (2002), should account for 30-70
x 10'? g CH,/yr. Geogenic CH, contributions are expected to be relevant
within peculiar geological settings (e.g. Cardellini et al., 2003; Castaldi and
Tedesco, 2005; D'Alessandro et al., 2009, 2011; Tassi et al., 2013, 2015a),
such as those that characterize the Italian peninsula, where the numerous
volcanic and hydrothermal areas discharge up to 0.043 x 10" g CHy/yr
(Etiope et al., 2007), i.e. an amount comparable to that emitted from the
European geothermal areas (about 10'" g CH,/yr). Nevertheless, the
CO,/CH, ratio from diffuse degassing is generally higher than that
measured in the fumarolic discharges from the same areas, suggesting
that CH, is partially lost as the deep-seated gas flows through the soil
(D'Alessandro et al., 2009).

Soil is considered the largest biological sink for atmospheric CH, re-
sponsible for a global uptake of about 22 x 10'? g CH4/yr (Dutaur and
Verchot, 2007). More than 50% of CH4 permeating the soil is consumed
by methanotrophs before being emitted to the atmosphere (Reeburgh,
2003). These bacteria use CHy4 as energy source producing CO, (e.g.
Conrad, 1996; Hanson and Hanson, 1996; Op den Camp et al., 2009).
Until ten years ago, all the known species of methanotrophs were affil-
iated to the bacterial phylum Proteobacteria, in the classes Gamma- and
Alpha-proteobacteria, which, being characterized by an optimum
growth temperature below 60 °C and pH >4 (Op den Camp et al., 2009
and references therein), were not expected to thrive in hot and acidic

conditions occurring in soils from volcanic and hydrothermal areas.
Nevertheless, CH, oxidation in laboratory tests on soils from Solfatara
crater (southern Italy) with pH down to 1.8 suggested the occurrence
of methanotrophic activity even under hotter (up to 70 °C) and more
acidic conditions (Castaldi and Tedesco, 2005). Finally, in 2007-2008,
non-proteobacterial thermoacidophilic methanotrophs, belonging to
the phylum Verrucomicrobia, were identified in soils and acidic hot
springs from hydrothermal areas (Dunfield et al., 2007; Islam et al.,
2008; Pol et al., 2007). Recent studies highlighted the presence of
methanotrophic microbial communities in volcanic and hydrothermal
soils based on microbiological analyses (e.g. Gagliano et al., 2014,
2016; Sharp et al., 2014) and novel species were identified able to thrive
under a variety of harsh conditions, suggesting that methanotrophs
likely have a wider distribution in hydrothermal environments than
that previously supposed (e.g. Carere et al., 2017; van Teeseling et al.,
2014). Accordingly, methanotrophic activity in hydrothermal soils was
inferred on the basis of geochemical tracers, such as soil CO, and CH,4
flux measurements and chemical and isotopic analysis of interstitial
soil gases (e.g. Castaldi and Tedesco, 2005; D'Alessandro et al., 2009,
2011; Tassi et al., 2015b).

On the other hand, both field and experimental studies (e.g. Beulig
et al.,, 2015; Khadem et al., 2011; Nowak et al., 2015; Oppermann
et al., 2010) suggested that high CO, concentrations, such as those
characterizing soil gases in diffuse degassing areas, may favor microbial
carbon fixation via autotrophic pathways, leading to a significant incor-
poration of geogenic CO; into the microbial carbon pool. The capability
of microbes to incorporate CO, and oxidize CH, in the soil system before
these gases are released to the atmosphere renders these communities
particularly appealing in terms of bioremediation technologies and mit-
igation of greenhouse gas emissions (e.g. Farhan Ul Haque et al., 2018;
Oppermann et al., 2010; Semrau, 2011; Strong et al., 2015; Trotsenko
etal,, 2009). Since microbiological investigations are generally quite ex-
pensive, extensive sampling surveys are rarely carried out. Geochemical
tracers offer the opportunity to widen our knowledge on the distribution
and effectiveness of microbial consumption of greenhouse gases in soils
affected by geogenic CO, and CH, fluxes in natural environments.

In this paper, we reported (i) soil CO, flux measurements, (ii) chem-
ical analysis of interstitial soil gases, and (iii) carbon isotopic analysis of
interstitial soil CO, and CH,4 carried out in three hydrothermal systems
from southern and central Italy, i.e. Solfatara crater (Campi Flegrei, Na-
ples), Monterotondo Marittimo (within the Larderello geothermal
field, Tuscany), and Baia di Levante at Vulcano Island (Aeolian Archipel-
ago). The main aim was to investigate the contribution of these diffuse
degassing areas to the output of greenhouse gases and the potential
role that the soil ecosystems can play in mitigating CO, and CH,4 emis-
sions to the atmosphere.

2. Study areas
2.1. Solfatara crater

Solfatara crater is a tuff cone located NW of Naples along the
Tyrrhenian coast close to the town of Pozzuoli, in southern Italy
(Fig. 1a,b). It was formed about 4000 yr BP within the Campi Flegrei cal-
dera, an active volcanic complex of about 100 km? that was built during
two main eruptive events, i.e. (i) the Campanian Ignimbrite (39 ka; De
Vivo et al,, 2001) and (ii) the Neapolitan Yellow Tuff (14.9 ka; Deino
etal, 2004). The caldera shows strong hydrothermal activity, consisting
of thermal springs, steam-heated pools, and fumaroles (e.g. Caliro et al.,
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Fig. 1. (a) Location of Solfatara crater (S), Monterotondo M.mo (M) and Vulcano Island (V) in Italy. The location of the interstitial soil (white circles) and fumarolic (black circles) gas sam-

pling sites at (b) Solfatara crater, (¢) Monterotondo M.mo and (d) Vulcano Island is shown.

2007; Chiodini et al., 2001; Passaro et al., 2016; Todesco et al., 2003;
Valentino and Stanzione, 2003, 2004; Vaselli et al., 2011; Venturi et al,,
2017). The Solfatara crater hosts one of the largest fumarolic discharges
worldwide, mostly located in the NE and SE portions of the crater, with a
related thermal energy flux of ~100 MW (Chiodini et al., 2001) and is
characterized by a widespread soil diffuse degassing emitting about 79
x 10° g CO,/day and 1.04 x 10? g CH4/day from the hydrothermalized
bottom area (Tassi et al., 2013). The central part of the Solfatara crater
hosts three bubbling acidic mud pools (named Fangaia) fed by rainwa-
ter, steam condensation, and continuous inputs of hydrothermal gases.
Eventually, Mediterranean maquis shrubland covers the Solfatara crater
to NW where diffuse degassing is mainly dominated by soil respiration
(Tassi et al., 2013).

The fluid source of the CO,-rich gas emissions at Solfatara crater
consists of a 1.5-2 km deep column of ascending magmatic (about
26%) and hydrothermal (about 74%) fluids (e.g. Caliro et al., 2007;

Cardellini et al., 2017; Chiodini et al., 2001, 2015;) originated by
(i) a degassing magma chamber at ~5 km depth (Gottsmann et al.,
2006) and (ii) boiling of the overlying aquifer(s). The magmatic
fluids mix with meteoric-originated hydrothermal liquids in the
lowest part of the hydrothermal system (2-2.5 km depth), generat-
ing vapors at temperatures 2360 °C and pressures of 200-250 bar
(Caliro et al., 2007). Below this mixing zone, magmatic conditions,
i.e. high temperatures and presence of magmatic acidic species (i.e.
SO,, HCl, HF), prevail. Hydrothermal conditions dominate in the
upper zone where the reduced gas species (e.g. CHs and H,S) are
formed and the most acidic and oxidizing magmatic compounds
are scrubbed (Caliro et al., 2007). According to Caliro et al. (2007),
the central column of the ascending fluids is characterized by the
presence of a separated vapor phase that moves from the high tem-
perature injection zone to a shallow single phase gas zone at temper-
atures ranging from 190 to 230 °C and at 100-300 m depths.
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2.2. Monterotondo Marittimo

Monterotondo Marittimo (hereafter, Monterotondo M.mo; Fig. 1a,
c) belongs to the Larderello-Travale geothermal area that spans be-
tween the districts of Pisa and Grosseto (Tuscany, Central Italy), in the
inner portion of the Apennine orogenic belt. Larderello is the largest
and most important geothermal system in Italy and one of a few super-
heated geothermal systems in the world, together with “The Geysers” in
California (Romagnoli et al., 2010). The area is characterized by (i) an
anomalous heat flow (1000 mW/m?) (Baldi et al., 1995), (ii) a thermal
gradient up to 300 °C/km, and (iii) the occurrence of thermal springs,
acidic and boiling steam-heated pools, mud pools (here called “lagoni”),
and steam vents (Duchi et al., 1986, 1992), related to the emplacement,
during the Mio-Pliocene post-orogenic magmatism, of granitic intru-
sives (3.8-2.25 Ma; Dini et al., 2005; Gianelli and Laurenzi, 2001; Villa
and Puxeddu, 1994) at depths comprised between 3 and 8 km (K-hori-
zon bright spot; Batini et al., 2003, and references therein). The strati-
graphic sequence of the Larderello-Travale area is made up of (Batini
et al,, 2003, and references therein): (i) Neogene (Late Miocene) and
Quaternary continental to marine deposits; (ii) allochthonous Ligurian
Complex Ls., consisting of Jurassic oceanic crust remnants (ophiolitic se-
quences, characterized by gabbros, pillow basalts and serpentinites),
and a Jurassic-Eocene sedimentary cover (flysch units); (iii) a Late
Triassic-Early Miocene sedimentary carbonate-evaporite sequence
(Tuscan Nappe); and (iv) the Tuscan Metamorphic Complex (Perm-
ian-Triassic) that includes the upper Monticiano-Roccastrada Unit and
the lower Gneiss Complex.

The Larderello geothermal field is mainly fed by meteoric waters, al-
though thermo-metamorphic and magmatic fluids were also recognized
(D'Amore and Bolognesi, 1994; Minissale, 1991). Two main geothermal
reservoirs occur, as follows: (i) a shallow aquifer (500-1500 m), hosted
in the Mesozoic carbonate-evaporite sequence pertaining to the Tuscan
Nappe and showing a temperature of 220-260 °C and a pressure of
30-60 bar and (ii) a deep aquifer (<3000 m) within the Paleozoic meta-
morphic rocks at 300-350 °C and 40-70 bar (Barelli et al., 1995; Bertani
et al., 2005).

2.3. Vulcano Island

Vulcano Island is located at the southernmost edge of the
subduction-related Aeolian volcanic arc (southern Italy), in the South-
ern Tyrrhenian Sea (Fig. 1a). The island consists of (i) a main edifice de-
veloped during the last 130 ky through several phases of stratocone
building and caldera collapses (De Astis et al., 1997; Keller, 1980) and
(ii) a smaller island (Vulcanello), consisting of lavas and pyroclastic de-
posits, formed between 1000 and 1250 CE (Arrighi et al., 2006). La Fossa
crater represents the presently active volcanic center where the last
eruptive event took place in 1888-1890 (e.g. Clocchiatti et al., 1994). Fu-
marolic activity occurs at both La Fossa crater and the bay delimiting the
eastern side of the isthmus that connects Vulcano to Vulcanello (Baia di
Levante; Fig. 1d). The gas emissions at La Fossa crater show outlet tem-
peratures up to 450 °C and a typical magmatic composition, with a dry
gas fraction dominated by CO, and relatively high concentrations of
S0, H,S, HCl and HF (e.g. Capasso et al., 1997, 1999; Inguaggiato et al.,
2012). The Baia di Levante subaerial and submerged fumaroles are char-
acterized by outlet temperatures <100 °C and a typical hydrothermal
composition, consisting of H,0, CO, and H,S with relatively high CH,4
contents (Capaccioni et al., 2001), the latter two gases likely produced
by interactions between deep originated fluids and a shallow aquifer
(Capasso et al.,, 1997, 2001a; Chiodini et al., 1995). Geothermal explor-
atory wells drilled near Baia di Levante (AGIP-Sommaruga, 1984;
Todesco, 1995) suggested the presence of the multi-layer hydrothermal
system, which consists of (i) a shallow aquifer (at 7-14 m depth) at
~100 °C, (ii) an intermediate aquifer (at ~100 m depth) with a temper-
ature of ~136 °C, and (iii) a deep aquifer at ~200 m depth and nearly
~200 °C with a seawater-like chemical composition.

3. Materials and methods
3.1. Soil CO, flux measurements

Soil CO, flux measurements were carried out following the accumu-
lation chamber (AC) method (Chiodini et al., 1998). A cylindrical cham-
ber (basal area 200 cm?; inner volume: 3060 cm?) was placed firmly on
the ground and the gas was continuously pumped from the chamber,
using a low-flux pump (20 mL/s), to an Infra-Red (IR) spectrophotome-
ter (Licor® Li-820; measurement range: 0-20,000 ppm; accuracy: 4%).
Once passed through the detector, the gas was injected back into the
chamber to minimize the disturbance of the gas flux. An analog-to-
digital (AD) converter allowed to visualize the increase in time of the
CO, concentration inside the chamber (dCco,/dt) on a palmtop com-
puter equipped with a dedicated software. The CO, flux from the soil
(4CO,) was then determined, as follows (Chiodini et al., 1998):

®CO, = f x dCcy/dt 1)

where cf is a constant factor, which depends on (i) the geometry of the
measuring equipment and (ii) the air temperature and pressure
(Chiodini et al., 1998). The proportionality (cf) between dCcq,/dt and
$CO, was determined by laboratory tests, during which the dCO,
values from soil were simulated by injecting CO, at different known
fluxes into the accumulation chamber. Several measurements were per-
formed in the range from 10 to 10,000 g m~2 day ' by checking the im-
posed flux by means of a precision flowmeter (accuracy 1.5%).

3.2. Sampling and analytical procedures for fumarolic fluids and interstitial
soil gases

Fumarolic gases were collected by inserting a Titanium tube into the
fumarolic vent and then, connected to a sampling line consisting of a se-
ries of dewared glass tubes (Vaselli et al., 2006), which conveyed the gas
into (i) a pre-evacuated 60 mL glass flask, equipped with a Thorion®
valve, containing a 4 M NaOH and 0.15 M Cd(OH), suspension
(Montegrossi et al., 2001), or (ii) a Graham type condenser connected,
through a PTFE three-way valve, to a 12 mL Labco Exetainer® glass
vial for the sampling of the dry gas fraction (Tassi et al., 2015a).

A stainless-steel tube (inner diameter 0.4 cm) was inserted at 5 to
20 cm depth to collect interstitial soil gases. The tube was then con-
nected, through a PTFE three-way valve, to a 60 mL plastic syringe
used for pumping the gas from the tube, and to (i) a 12 mL glass vial,
equipped with a pierceable rubber septum (Labco Exetainer®), for
chemical analyses, and (ii) a 1 L Supelco's Tedlar® gas sampling bag,
equipped with a push/pull lock valve, for isotopic analyses (Tassi et al.,
2015a,2015b). Soil temperature was determined by inserting a thermo-
couple in the soil down to the sampling depth.

Gas analyses were carried out by Gas-Chromatography (GC) using
(i) a Shimadzu 15A GC equipped with a Thermal Conductivity Detector
(TCD) and either a 10 m long 5A Molecular Sieve column (for N5, O,, Ar
and H, both in the headspace of the glass flasks and in the glass vials for
fumarolic and interstitial soil gases, respectively), or a 3 m long column
filled with 80/100 mesh Porapak Q (for CO, and H,S in the interstitial
soil gases), (ii) a Shimadzu 14A GC equipped with a Flame lonization
Detector (FID) and a 10 m long stainless steel column filled with 23%
SP 1700 on Chromosorb PAW (80/100 mesh) for the analysis of light hy-
drocarbons (C;-Cs), and (iii) Thermo Trace Ultra GC coupled with a
Thermo DSQ Quadrupole Mass Spectrometer (MS) for the analysis of
C4. VOCs in fumarolic and soil gases. Sample injection into the GC-
MS was carried out after exposing the gas samples collected in the
glass vials to a 2 cm long DiVinylBenzene — Carboxen- PolyDiMethyISi-
loxane fiber (Supelco; Bellefonte, PA, USA) for 30 min at 20 °C (Solid
Phase Micro Extraction, SPME; Arthur and Pawliszyn, 1990). The
analytes absorbed on the fiber were then desorbed into the GC column
headspace at 220 °C (Tassi et al., 2012a, 2015a, 2015b). Carbon dioxide
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and H,S, dissolved into the alkaline solution of the sampling flasks, were
analyzed as CO%~ by automatic titration (AT; Metrohm 794 Basic
Titrino) using a 0.5 M HCl solution, and SO3 ~ by ionic chromatography
(IC; Metrohm 761 Compact) after oxidation with H,0,, respectively
(Montegrossi et al., 2001; Vaselli et al., 2006). Analytical errors for AT,
IC and GC were <5%.

The carbon isotopic composition of CO, and CHy (6'*C-C0O, and 6'*C-
CH,4, expressed as %. vs. V-PDB) was analyzed by Cavity Ring-Down
Spectroscopy (CRDS) using a Picarro G2201-i Analyzer. In order to
avoid interferences, the instrument inlet line was equipped with (i) a
Drierite trap and (ii) a copper trap to remove water vapor and H,S, re-
spectively. According to the operative ranges of the Picarro G2201-i in-
strument, gas samples showing CO, and CH,4 concentrations higher than
2000 ppmv and 500 ppmv, respectively, were diluted with high purity
chromatographic air. Gas samples with CO,/CH,4 ratios higher than
those of the operative ranges were treated by using a bubblier partially
filled with a 4 M NaOH solution to remove carbon dioxide prior the
CRDS analysis. Internal standards consisting of CO, and CH4 (Air
Liquide), with $'C-CO, and '*C-CH, of —28 and —60%. vs. V-PDB
were used to calibrate and test the reproducibility of the Picarro mea-
surements. The analytical error for 6'>C-CO, and 6'C-CH4 was 0.16
and 1.15%., respectively, whilst the concentrations of CO, and CH,4
were differing of <5% and 10%, respectively, when compared to those
measured by GC.

4. Results
4.1. Solfatara crater

4.1.1. Chemical composition of fumarolic gases

Fumarolic gases were collected from Bocca Grande (SF1) and Bocca
Nuova (SF2) vents, located in the eastern portion of the crater
(Fig. 1b). The chemical composition of fumarolic dry gases (SF1 and
SF2; Table SI1; Fig. 1b) was largely dominated by CO, (up to 983
mmol/mol), followed by H>S (up to 15 mmol/mol), N, and H; (up to
3.1 and 2.3 mmol/mol, respectively). Minor amounts of CH, (up to 66
umol/mol) and C;Hg (up to 3.9 umol/mol, respectively) were also mea-
sured. Molecular oxygen (0,) and Ar were present at low concentra-
tions (<4.1 and 3.6 pmol/mol, respectively). Benzene (CsHg), C3Hg and
iC4Hg were up to 1.9, 0.81 and 0.75 pumol/mol, respectively.

The isotopic composition of CO, at SF1 and SF2 were from —1.3 to
—1.1%o, whilst those of CH,4 were from —18.7 and —18.5%., respectively
(Table SI1). These values are consistent with those reported from previ-
ous studies carried out for the Solfatara fumaroles, i.e. 5'*C-CO, from —2
to —0.95%. (Chiodini et al., 2008; Tassi et al., 2015a; Vaselli et al., 2011)
and 6'3C-CH, from —18.1 to —17.8%. (Tassi et al., 2012b).

4.1.2. Soil temperatures, diffuse CO. fluxes from the soil and chemical com-
position of interstitial soil gases

Soil temperature and (CO, measurements, and soil gas sampling
were carried out at 54 sites (Fig. 1b). Soil temperatures at 20 cm
depth ranged from 25.3 to 72.7 °C (Table SI1). The highest temperatures
were measured in the surroundings of the Fangaia mud pool, in agree-
ment with those reported by other investigations (e.g. Byrdina et al.,
2014; Chiodini et al., 2001; Montanaro et al., 2017; Tassi et al., 2013), al-
though relatively high temperatures (up to 53.4 °C) were also recorded
on the NW inner flank of the crater. Differently, temperatures in the
vegetated portion of the crater and outside the crater were <35 °C.

Diffuse CO, fluxes from the soil varied over a wide range, i.e. from 5.0
t0 2400 g m~2 day ' (Table SI1), the highest values (>200 g m~2 day ')
being generally detected in those areas showing relatively high soil tem-
peratures, whereas lower (>CO, values (<50 g m~2 day ') were mea-
sured where Mediterranean maquis shrubland occurred.

The chemical composition of interstitial soil gases collected at 20 cm
depth (Table SI1) varied from CO,-dominated to N,-dominated. The
former had CO,/N, ratios ranging from 1.1 to 28 whilst the latter had

CO,/N, ratios from 0.04 to 0.72. The CO,-dominated soil gases, collected
from sites with (>CO, values ranging from 213 to 2400 g m~2day ' and
temperatures from 31.0 to 72.7 °C, were characterized by CO, concen-
trations between 517 and 965 mmol/mol and relevant concentrations
of H,S and H, (up to 0.94 and 0.81 mmol/mol, respectively). In these
samples, the concentrations of CHy4 varied from 1.5 to 29 umol/mol,
whilst those of C;Hg and CgHg were up to 3.9 and 2.6 pmol/mol, respec-
tively. Minor amounts of C3Hg and iC4Hg (20.19 and 20.15 umol/mol, re-
spectively) were also measured. The concentrations of N,, O, and Ar
were relatively low (<480, <10, and <3.3 mmol/mol, respectively). The
N,-dominated soil gases, collected from sites with ¢>CO, values ranging
from 5 to 440 g m~2 day ' and temperatures from 25.3 to 57.6 °C,
showed concentrations of N,, O, and Ar up to 923, 99 and 12
mmol/mol, respectively, whilst those of CO, were from 33 to 418
mmol/mol. Relatively low contents of H,S, H, (<0.23 and <0.25
mmol/mol, respectively), C;Hg, CsHg, C3Hg and iC4Hg (<1.3, <0.76,
<0.26 and <0.25 umol/mol, respectively) were measured, whilst CH,
varied over a wide range, i.e. from 1.7 to 55 pmol/mol.

The isotopic composition of CO, ranged from —0.76 to 2.28%. in the
CO,-dominated gases, whereas a wider range of &'>C-CO, values were
measured in those interstitial gases dominated by N,, i.e. from —14.0
to 1.18%. (Table SI1). Differently, the 6'*C-CH, values showed large var-
iations in both CO,- and N,-dominated gases, since they were ranging
from —47.1 to 27.5% and from —43.6 to 10.9%., respectively
(Table SI1).

4.2. Monterotondo M.mo

4.2.1. Chemical composition of fumarolic gases

The field survey focused on a fumarolic and hydrothermally altered
area (~0.01 km?; Fig. 1c) located in close proximity to the Lagoni geo-
thermal power plant (“Nuova Monterotondo” ENEL Ltd.), inside “Le
Biancane” Natural Park, north of Monterotondo M.mo village. The
chemical composition of the dry gases from the fumarolic discharges
(Fig. 1c; Table SI2) was dominated by CO, (from 849 to 870 mmol/mol),
followed by N, (from 107 to 131 mmol/mol), H,S (from 7.6 to 8.5
mmol/mol), H, (from 7.3 to 8.1 mmol/mol), and CH, (from 4200 to
4650 pmol/mol). Concentrations of O, and Ar were <1.9 and <0.76
mmol/mol, respectively. Among VOCs, C;Hg and CgHg were the most
abundant species (ranging from 6.3 to 7.7 umol/mol and from 2.7 to
3.2 umol/mol, respectively), whereas CsHg and iC4Hg had lower con-
tents (<1.6 and <1.9 pmol/mol, respectively).

The isotopic composition of CO, and CH4 ranged from —3.5 to
—3.2%. and from —27.1 to —25.5%., respectively (Table SI2), in agree-
ment with the §'*C-CO, and &'3C-CH, values (from —7.1 to —1.4 and
from —31.7 to —20.9%.) reported for hydrothermal fluids from geo-
thermal wells (Gherardi et al., 2005) and fumarolic discharges (Tassi
et al., 2012b) in the Larderello geothermal field.

4.2.2. Soil temperatures, diffuse CO, fluxes from the soil and chemical com-
position of interstitial soil gases

Soil temperatures, 1°CO, measurements and soil gas sampling were
carried out in 35 sites (Fig. 1c). Soil temperatures varied from 28.8 to
94.9 °C (Table SI2). The highest temperatures were recorded in the
northernmost and southernmost edges of the study area. Soil CO, fluxes
showed a large variability: from 1.2 to 1920 g m 2 day ' (Table SI2),
and the highest ®CO, values were measured in the proximity of the fu-
marolic emissions (Fig. 1c).

Interstitial soil gases collected at depths ranging from 10 to 20 cm
were characterized by CO,- or No-dominated compositions (Table SI2).
The CO,-dominated gases were associated with #>CO, values ranging
from 271 to 1920 g m 2 day ' and temperatures from 47.7 to 94.5 °C,
with CO, concentrations from 555 to 912 mmol/mol, whilst those of
N, and Ar were <428 and <4.5 mmol/mol, respectively. Concentrations
of O, varied over 2 orders of magnitude: from 0.21 to 13 mmol/mol. Hy-
drogen sulfide and H, showed contents ranging from 0.07 to 0.56
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mmol/mol and from 0.05 to 0.24 mmol/mol, respectively, whilst those of
CH,4 ranged from 2.3 to 355 pmol/mol. Light alkanes, i.e. C;Hg and CsHg,
were characterized by concentrations varying from 1.1 to 5.5 umol/mol
and from 0.21 to 0.95 pmol/mol, respectively, whilst those of CsHg and
iC4Hg ranged from 0.74 to 3.1 umol/mol and from 0.22 to 1.3 umol/mol,
respectively. The N,-dominated gases, collected from sites with >CO,
values ranging from 1.2 to 94 g m 2 day ' and temperatures from
28.8 to 94.9 °C, were characterized by N, and CO, concentrations 2773
and <215 mmol/mol, respectively. Argon and O, contents varied from
8.2 to 14 mmol/mol and from 2.1 to 123 mmol/mol, respectively. Hydro-
gen sulfide and H, were sporadically detected at concentrations <0.16
and <0.11 mmol/mol, respectively, whilst those of CH4 varied from
1.50 to 58 pmol/mol. Other VOCs, including C,Hg, C¢Hg, C3Hg and
iC4Hg, were occasionally detected in few samples at concentrations
<0.88, <0.56, <0.21 and <0.25 pmol/mol, respectively.

The 6'°C-CO, and 6'>C-CH,4 values in the CO,- and N,-dominated
gases spanned quite largely, i.e. from —16.1 to 3.52%. and from —43.9
to 21.9%., respectively (Table SI2).

4.3. Vulcano Island

4.3.1. Chemical composition of fumarolic gases

Carbon dioxide dominated the chemical composition of the dry
gases from fumarolic discharges (978 mmol/mol; Table SI3) collected
from two vents at Baia di Levante (Fig. 1d), followed by N, and H,S
(from 12 to 13 and from 3.2 to 4.8 mmol/mol, respectively). The fourth
most abundant compound was CHy, with concentrations ranging from
3.1 to 3.3 mmol/mol, followed by those of H, (up to 2.2 mmol/mol),
whilst those of Ar and O, were up to 0.25 and 0.019 mmol/mol.
Among VOCs, C;Hg was the most abundant species, with concentrations
up to 6.80 pmol/mol, whilst those of C3Hg, CgHg and iC4Hg were up to
0.71, 043 and 0.11 pmol/mol, respectively.

The 6'3C-CO, and 6'>C-CH, values were from —2.3 to —2.1%. and
from —8.1 to —7.5%. (Table SI3). Similar values were reported for
$'3C-C0, (from —3.1 to —1.7%o) by Capasso et al. (1997) and for &'°C-
CH4 (from —7.3 to —5.0%.) by Panichi and Noto (1992) and Nerozzi
(2016).

4.3.2. Soil temperatures, diffuse CO, fluxes from the soil and chemical com-
position of interstitial soil gases

Eleven sites were selected at Baia di Levante (Fig. 1d) for tempera-
ture and ¢>CO, measurements and soil gas sampling at 10 cm depth (ex-
cept for site VI1 where a thick and hard carapace did not allow to reach
depths >5 cm) and 30 cm depth (except for sites where the soil gas sam-
pling was impeded by the shallowness of the marine water table). Soil
temperatures measured at 5 and 10 cm depths ranged from 21.5 to
37.5 °C, whereas they varied from 27 to 30.9 °C at 30 cm depth
(Table SI3). Diffuse CO, fluxes ranged from 2.6 to 346 g m 2 day '
(Table SI3). Nitrogen was the most abundant gaseous species of the in-
terstitial soil gases, ranging from 537 to 981 mmol/mol and decreasing
with increasing sampling depth (Table SI3). Ar and O, concentrations
varied from 6.2 to 15 mmol/mol and from 2.9 to 51 mmol/mol, respec-
tively, at shallow depths and from 7.5 to 15 mmol/mol and 3.1 to 29
mmol/mol, respectively, at 30 cm depth. The CO, concentrations, in-
versely correlated to those of N, varied from 3.2 to 411 mmol/mol at
shallow depths and showed a direct correlation with the sampling
depth, with concentrations at 30 cm depth (from 15 to 216 mmol/mol)
from 3.1 to 5.8 times higher than those measured at 10 cm depth at the
same sites (Table SI3). Similar trends were shown by the CH, concentra-
tions that ranged from 1.7 to 3.9 umol/mol at 5 and 10 cm depths and
from 4.2 to 7.5 pmol/mol at 30 cm depth. Hydrogen sulfide (<0.58
mmol/mol), H, (£0.44 mmol/mol), C;Hs (<0.84 pmol/mol), CgHg
(<0.23 umol/mol) and C3;Hg (<0.22 pmol/mol) were sporadically
detected.

The 6'>C-CO, and 6'>C-CH, values ranged from —15.5 to 1.44%. and
from —47.7 to 6.47%,, respectively, with no clear trend with respect to
sampling depth (Table SI3).

5. Discussion

Carbon dioxide was the dominant gas species in the investigated hy-
drothermal fluids. Accordingly, the uprising of CO,-rich fluids from the
deep hydrothermal systems produced anomalous ¢>CO, values in the
investigated areas, i.e. up to 2400 g m~2 day ', 1920 g m 2 day '
and 346 g m—2 day ' at Solfatara crater, Monterotondo M.mo and
Vulcano Island, respectively. High dCO, values were generally associ-
ated with (i) high soil temperatures (Fig. 2a), produced by steam con-
densation at relatively shallow depths, and (ii) high concentrations of
CO, in interstitial soil gases (Fig. 2b), coupled with relevant concentra-
tions of other hydrothermal-derived gases (H,S, H, and VOCs) and in-
versely correlated to air-related species (N5, O, and Ar; Fig. 2¢).
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The isotopic composition of CO, from the interstitial soil gases
approached the 6'3C-CO, values of the fumarolic discharges at increas-
ing CO, concentrations (Fig. 3) and ¢>CO, values. On the other hand, soil
gases with relatively low CO, contents, collected from sites character-
ized by ¢CO,, values approaching typical background soil CO, effluxes
fed by biogenic sources in the soil (<50 g m~2 day'; e.g. Chiodini
et al., 2008 and references therein), displayed significantly negative
§'3C-C0, values, pointing to an end-member characterized by isotopi-
cally light CO,. The latter can be identified with a biogenic component,
related to soil respiration, characterized by 6'>C-CO, values <—20%.
(Cheng, 1996; Chiodini et al., 2008; Degens, 1969; Viveiros et al.,
2010). As evidenced in Fig. 3, the distribution of the measured data is
approximately consistent with the theoretical mixing trend between
hydrothermal and biogenic CO,, coherently with the compositional fea-
tures of interstitial soil gases.

Nevertheless, the mixing process between hydrothermal and bio-
genic components does not exhaustively explain the distribution of the
measured data, since 6'>C-CO, values higher than those reported for
the deep end-member were recorded in all the study areas (Fig. 3).
This was clearly evidenced at Solfatara crater (Fig. 3a), where soil gases,
characterized by intermediate dCO, values (up to 972 g m 2 day ')
and CO, contents up to 845 mmol/mol, displayed &'>C-CO, values up to
2.28%s, i.e. significantly heavier than the carbon isotopic values measured
at the fumarolic gas discharges.

Different hypotheses can be invoked to explain the observed anom-
alously high 6'3C-CO, values, as follows: (i) isotope fractionation related
to gas diffusion, (ii) partial dissolution of CO, in steam condensate, (iii)
microbial consumption at shallow depths.

Whilst the upward motion of hydrothermally-derived CO, is mainly
driven by pressure and temperature gradients (advection) within the
CO,-enriched soil layer, the gas migration in the shallowest CO,-
depleted portions of the soil is mainly controlled by diffusion, i.e. a
transport mechanism controlled by concentration gradients. Advection
is expected to produce negligible isotopic fractionation (e.g. Etiope et al.,
2009 and references therein; Kayler et al., 2010), and accordingly, CO,-
rich soil gases from sites with d>CO, values 21275 g m 2 day ' at Solfa-
tara crater displayed 6'3C-CO, values similar to those recorded in the fu-
marolic gas discharges (Fig. 3a). Conversely, diffusion through the soil is
able to induce a fractionation effect due to the faster kinetics of '>CO, es-
caping towards the atmosphere, producing an increase of 5'>C-CO,
values within the shallow CO,-depleted soil layers (e.g. Cerling and

(a)

(b)
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Quade, 1993; Capasso et al., 1997, 2001b; Di Martino et al., 2016;
Etiope et al., 2009 and references therein; Federico et al., 2010; Kayler
et al., 2010). Nevertheless, even though it was not possible to develop
a diffusion-enrichment model to be compared with field data due to
the lack of 6'C-CO, measurements systematically performed along ver-
tical profiles within the soil, the hypothesis of a '>C enrichment induced
by gas diffusion does not agree with the high ®CO, values (up to
972 g m~2day ') and CO, contents (>800 mmol/mol) characterizing
soil gases, whose 6'>C-CO, values were up to 3%. higher than those
measured in fumarolic discharges.

Steam condensation related to hydrothermal fluids upward motion
largely occurs at Solfatara crater, producing a water-saturated layer
that emerges from the Fangaia mud pool (Chiodini et al., 2001; Bruno
etal,, 2007; De Landro et al., 2017; Gresse et al., 2017). The isotope frac-
tionation effect related to the dissolution of gaseous CO, into the aque-
ous solution is expected to produce a relative enrichment in '*C in the
residual gas, according to the isotopic enrichment factor &coa(aq)-coz(g)
defined by Deines et al. (1974), as follows:

= @ —0.91

2 (2)

€c02(aq)—C02(g)

where T is the temperature in K. Isotope fractionation related to partial
dissolution of CO, into steam condensate was indeed previously in-
voked to explain §'>C values recorded in soil gas CO, from Iwojima vol-
cano (Japan), which were up to ~6%. higher than those in fumarolic
fluids (Notsu et al., 2005). The partial dissolution of deep-sourced CO,
into the steam condensate at relatively shallow depths can be modeled
as a Rayleigh-type fractionation process under open-system conditions,
as follows:

9"%C—C0y e = [(a”c—cou,.i +1000) f('m—""f‘wm—z“)] 1000 (3)

where 6'>C-CO, i is the isotopic composition of CO, in the uprising hy-
drothermal fluids (assumed as equal to the average value measured in
fumarolic gases), whilst fand 6'*C-CO, ., are the fraction and isotopic
composition of the residual CO, after the interaction with condensates,
respectively. Accordingly, an enrichment of 3%. of &'C-CO, values in
soil gases would require a dissolution of ~95% of the deep-sourced
CO,. However, such an intense CO, scrubbing is compatible neither
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with the acidic conditions of the steam condensate (pH values at
Fangaia mud pool were <1.8; Crognale et al., 2018; Rouwet et al.,
2018) nor with the high dCO, values measured at sites displaying '*C
enriched soil gases.

Accordingly, biological CO, uptake and fixation processes, which are
expected to produce a '>C-rich residual CO, in interstitial soil gases (e.g.
Freude and Blaser, 2016 and references therein; Tassi et al., 2015b and
references therein), are the most likely responsible for the heavier
§'3C-C0, values. Accordingly, autotrophic bacteria were isolated from
terrestrial solfataric fields (e.g. Huber et al., 2000; Stetter, 1999), includ-
ing Solfatara crater (Crognale et al., 2018), where the occurrence of au-
totrophic CO, fixation in hydrothermal deposits was also confirmed
based on the 6'3C value of organic carbon (Glamoclija et al., 2004).

In fact, most extremophiles adapted to live in solfataric fields exhibit
a chemolithoautotrophic metabolism (Stetter, 2006). Chemosynthetic
microbes gain energy for the conversion of CO, or other carbon-
containing molecules into organic matter from the oxidation of inor-
ganic compounds, such as Hy, H,S and CHy4 (e.g. Carere et al., 2017,
Mohammadi et al., 2017), which are largely supplied by the uprising hy-
drothermal fluids. Accordingly, soil gases from the investigated areas
were generally characterized by CO,/H,, CO,/H,S and CO,/CH, ratios
largely higher than those measured in fumarolic fluids, suggesting the
involvement of the deep-sourced reduced gaseous compounds in shal-
low oxidation processes.

Differently from CO,, the CH, concentrations in fumarolic gases
showed large differences among the study areas (~65 pmol/mol at Sol-
fatara crater; ~4450 pmol/mol at Monterotondo M.mo; ~3200 pmol/mol
at Vulcano Island), likely related to the different temperature and redox
conditions characterizing the three hydrothermal systems. The CH,
concentrations from soil gases were up to 55, 355 and 7.5 umol/mol at
Solfatara crater, Monterotondo M.mo and Vulcano Island, respectively,
and inversely correlated to O, (Fig. 4), suggesting that aerobic condi-
tions may limit the CH,4 levels within the soil pores. On the other
hand, differently from other VOCs, especially CgHg, iC4Hg and even
short-chain C,_5 alkanes, which were strictly correlated to the hydro-
thermal fluid supply, no evident correlation between CH4 and CO, was
observed, suggesting that these gas species undergo different processes
during fluids uprising towards the surface. In particular, interstitial soil
gases were mostly characterized by CO,/CH,4 ratios higher than those re-
corded in fumarolic fluids, evidencing that methanotrophy is able to sig-
nificantly affect CH, in the soil.

Wide variations in the isotopic composition of CH,4 in interstitial soil
gases were observed, since 6'>C-CH, values ranging from —47.1 to
27.5%. at Solfatara crater, from —43.9 to 21.9%. at Monterotondo M.
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white symbols) from (a) Solfatara crater, (b) Monterotondo M.mo and (c) Vulcano Island.
The composition of air (black star) is also reported.

mo, from —47.7 to 6.47%. at Vulcano Island were registered. These
values significantly differ with respect to those of the fumarolic gases
for which a narrower range was observed: from —18.7 to —18.5%. at
Solfatara crater; from —27.1 to —25.5%. at Monterotondo M.mo; from
—8.1 to —7.5%. at Vulcano Island.

In Fig. 5, the 5'>C-CH, values from the interstitial soil gases are plot-
ted vs. the CH,4 contents for Solfatara (Fig. 5a), Monterotondo M.mo
(Fig. 5b) and Vulcano Island (Fig. 5¢), together with the curves of mixing
of the deep hydrothermal end-member (i.e. average fumarolic CH4 and
6'3C-CH, values) with (i) air (“mixing 1"), characterized by CH, and
§'3C-CHy4 values of ~1.8 pmol/mol and ~—47%., respectively (Nisbet
et al,, 2016 and references therein), and (ii) a shallow biogenic end-
member (“mixing 2"). The latter was assumed to be represented by
the soil gas from each study area characterized by (i) 6'C-CH, values
approaching those of typical microbial CHy, ie. <—50 % (e.g.
McCollom and Seewald, 2007; Schoell, 1980; Whiticar, 1999) and (ii)
isotopically light CO,. As shown in Fig. 5, the distribution of most values
does not follow the depicted mixing trends. Accordingly, secondary pro-
cesses occurring during hydrothermal fluids upward motion in diffuse
degassing areas largely control the isotopic composition of CHy4. Despite
the clear contribution from hydrothermal fluids revealed by 6'*C-CO,
values within the fumarolic range and relatively high soil CO, fluxes,
CHy-rich soil gases with low 6'>C-CH, values (~—40%.) were observed
at both Solfatara crater and Monterotondo M.mo (Fig. 5a, b). These
soil gases were characterized by a difference between §'*C-CO, and
6'3C-CH,4 values of ~35%. (Tables SI1, SI2), similar to the carbon isotopic
fractionation values obtained by Valentine et al. (2004) during experi-
mental studies on H,/CO, methanogenesis. Accordingly, methanogenic
activity may partially contribute to the production of CH4 under the re-
ducing conditions characterizing the deeper soil layers. On the other
hand, the markedly high 6'>C-CH, values characterizing soil gases
with relatively low CH, contents could be related to the occurrence of
CH,4 consumption driven by microbial activity at shallow depths
(methanotrophy). In fact, '>CH, tends to be oxidized faster than '>CH,
by methanotrophs, favoring the formation of '*C-rich residual methane
(e.g. Whiticar, 1999).

The isotope fractionation effect related to methanotrophy was
depicted on Fig. 5 considering a Rayleigh-type fractionation process, as
follows:

[
9" C—CHy_res = [(a”C—CHuni +1000) x f("“"' )] 1000 (4)

where 6'>C-CH, i is the isotopic composition of CH, in the uprising hy-
drothermal fluids (assumed as equal to the average value measured in
fumarolic gases or, alternatively, to the &'>C-CH, value of CH,-rich soil
gases likely related to methanogenesis), 6'>C-CHy s is the isotopic
composition of the residual CH, after the microbial uptake, fis the frac-
tion of residual CH4 and Qcpa-cison is the carbon isotope fractionation
factor for aerobic bacterial first oxidation of CH4 ranging from 1.005 to
1.035 (Templeton et al., 2006). The resulting curves agreed relatively
well with the measured data (Fig. 5), suggesting that methanotrophic
activity in the soil can partially reduce the emissions of deep-sourced
(either thermogenic or biogenic) CH,4 from solfataric fields. The widest
shifts in 6'3C-CH,4 values of soil gases relative to fumarolic discharges
(~46%.) were observed at Solfatara crater and Monterotondo M.mo
(Fig. 5a, b), in sites (S49 and M33) characterized by temperatures and
0, contents of 72 °C and 6.9 mmol/mol and 49 °C and 89 mmol/mol, re-
spectively. During methanotrophy, the oxidation of CH, results in a de-
crease of CH4 concentrations, an increase of CO, contents and a shift of
6"3C of residual CH, towards heavier values. Accordingly, a progressive
increase in the measured 6'*C-CH, values was associated with increas-
ing CO,/CH4 ratios in the interstitial soil gases (Fig. 6a), further
supporting the hypothesis of CH4 consumption in the soil. As evidenced
in Fig. 6b, the isotopic shift of 5'>C-CH, towards positive values was also
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recorded in interstitial soil gases from sites characterized by relatively
high ®CO, values, particularly at Solfatara crater (Fig. 6b), where the
most positive &'*C-CH,4 value (27.5%.), associated with a CO,/CH, ratio
~15 times higher than that measured in fumarolic emissions, was re-
corded in one soil gas collected from a site characterized by a CO, flux
0f 2400 g m~2 day . This evidence suggests that, differently to what
observed by Tassi et al. (2013 ) on the basis of >CO, and <(>CH,4 measure-
ments at Solfatara crater, methanotrophy is potentially able to mitigate
CH,4 emissions from hydrothermalized areas also under high diffuse soil
flux conditions. If confirmed by further analysis, this scenario would
open interesting perspectives in terms of quantification of the impact
of natural greenhouse gas sources and development of effective strate-
gies for the abatement of anthropogenic emissions.

6. Conclusions
Diffuse degassing from volcanic-hydrothermal areas largely contrib-

utes to the emission of greenhouse gases released to the atmosphere, as
shown by the soil fluxes of CO, measured in this study at Solfatara crater

(up to 2400 g m~2 day '), Monterotondo M.mo (1920 g m 2 day ')
and Baia di Levante at Vulcano Island (up to 346 g m~2 day!). The
chemical and isotopic compositions of interstitial soil gases from these
areas also suggested that secondary processes occurring during fluids
uprising towards the surface largely affected CO, and CHa. In particular,
interstitial soil gases showed a large variability in terms of &'>C-CH, due
to the presence of significant microbial CH4 consumption, even in pres-
ence of high soil CO, fluxes and relatively low O,. Methanotrophic activ-
ity is apparently characterizing all the investigated areas, though at
different extent, as a function of CH4 availability in deep sourced
gases. This implies that methanotrophy has to be considered a common
process in diffuse degassing areas. The comparison between CO,/CH,4
ratios from soil gases and fumarolic discharges suggests that microbial
activity in the soil likely contributes to regulate the emission of CH4
and, though to a lesser extent, that of CO, from natural environments.
Therefore, microbial communities inhabiting soil in hydrothermal dif-
fuse degassing areas play a key role in mitigating climate change by re-
ducing geogenic greenhouse gas emissions (e.g. Gupta et al., 2014;
Singh et al,, 2010).
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Abstract

The occurrence of methane in the deep subsurface of Po Plain is a widespread phenomenon.
Origin and evolution of deep hydrocarbons reservoirs in this region are relatively well
constrained, thanks to data of numerous wells drilled in the last century for oil and natural gas
exploration. In shallow geological domains, methane-rich fluids were frequently found.
However, their origin and the link between deep and shallow reservoirs are poorly known.
This paper presents new chemical and isotopic data on gases from deep oil and gas field,
bubbling gases, dissolved gases in groundwaters and dry seeps in order to (i) identify the
source(s) of methane in the shallow environment, (ii) describe the biogeochemical sinks of
methane and (iii) clarify the relation between deep and shallow reservoirs. Results of our
investigation highlighted that three main deep sources of methane (and higher hydrocabrons)
occur in the Po Plain: (i) biogenic/diagenetic gases from marine Pliocene-Pleistocene
sediments; (i1) Miocene thermogenic gases and (iii) early mature thermogenic gases from
Triassic carbonates. Methane in shallow domains originates mainly within the Plio-

Quaternary marine sediments by CO,-reduction, then migrates toward the surface. On the
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contrary, thermogenic hydrocarbons are stored in deep structural and stratigraphic traps and
do not migrate towards the surface. In aerobic soils, oxic water and anoxic waters, microbial
consumption regulates the output of fossil Plio-Quaternary methane. Furthermore, our
investigation suggested that heat release through the exothermic oxidation of methane
mediated by methanotrophic bacteria under aerobic conditions, is the processes responsible
for the episodes of water temperature increase in phreatic water wells (Warm Water Wells,
WWW) in the Po Plain. Where structural geometry of the sedimentary prism allows further
migration, methane can be ultimately discharged into the atmosphere from surficial gas
emissions (bubbling gases and dry seeps).

1. Introduction

Methane is the most abundant hydrocarbon in the atmosphere, where it plays a fundamental
role in the tropospheric chemistry. The globally-averaged surface dry air mole fraction of CHy4
in June 2018 was =1851 ppb (https://www.esrl.noaa.gov/gmd/ccgg/trends ch4/), about 2.7
times the CHy4 concentration in the atmosphere during the early 18" century prior to the
Industrial Revolution. Nowadays, about 60 % of the methane global emissions are
anthropogenic, making CH4 the second most important human-induced greenhouse gas after
CO,. Human industrial activities, such as agriculture, landfills and fossil fuels usage, have a
strong impact on the global methane cycle. Although the global CH4 emission, estimated at
~558 Tg/y for the 2003-2012 decade (Saunois et al., 2016), are only 5 % of the global CO,
emissions, methane has contributed 20% of the additional radiative forcing accumulated in
the lower atmosphere since 1750 (Ciais et al., 2013). In fact, despite having a short lifetime in
the atmosphere (=9 years, Prather et al., 2012), the global warming potential of methane is
~28 times greater than that of CO, (Myhre et al., 2013). Beyond having a direct heating
effect, methane breaks down into carbon dioxide and water vapor by radical hydroxylation
reactions in the troposphere and stratosphere, increasing the greenhouse effect and depleting
the ozone layer.

Natural methane sources include wetlands, wild animals, wildfires, termites, terrestrial
permafrost geological sources (seeps, microseepage, mud volcanoes, geothermal areas, active
volcanoes and marine seepages), oceans as well as other water bodies (lakes, ponds and
rivers). Many sources were recognized but their magnitude and variability remain uncertain
(USEPA, 2010; Kirschke et al., 2013). Geological sources have long been considered to play
a minor role in the global CH4 cycle but recent studies, providing more accurate estimation,

highlighted their importance for the methane budget. Sedimentary basins account for 90%
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(Etiope and Klusman, 2002) of the total geogenic CH4 emission. In rapidly subsiding basins,
deposition and accumulation of sediments, eroded from high-relief areas, form km-thickness
sedimentary sequences. Organic matter buried with sediments is biodegraded by metabolic
activity of microbial consortia (biogenesis) and thermochemically transformed by heat and
pressure through cracking and reforming reactions (thermogenesis). Methane is produced by
either mechanisms with biogenic gases exhibiting significantly higher CH4/(C,Hg + CsHsg)
ratios and lighter (’C-depleted) 8'°C—CH, than thermogenic gases (Whiticar, 1999).
Microbial activity and maturation of organic matter lead to the formation of methane (and
higher hydrocarbons) accumulations in the subsurface. After gas formation and accumulation
in a reservoir, and during its migration to the surface, a series of post-genetic processes such
as biodegradation and diffusion/advection-related fractionation may affect its molecular and
isotopic composition (Etiope et al., 2009a) and regulates the total carbon input into the
atmosphere. Microbial oxidation of methane occurs in both oxic (e.g. soils and water column)
and anoxic (e.g. marine sediments) environments, and represents the most important process
in which methane is removed from the environment before reaching the atmosphere (e.g.,
Valentine and Reeburgh, 2000; Hinrichs and Boetius, 2002; Valentine, 2002; Lieberman and
Rosenzweig, 2004; Reeburgh, 2007; McDonald et al., 2008; Conrad, 2009; Knittel and
Boetius, 2009). In tectonically active environments, systems of fractures and faults highly
enhance channeling and vertical migration of CHy-rich fluids from the source zone to
reservoirs (Mucciarelli et al., 2015). High fluxes prevent the complete microbial consumption
of uprising methane, ultimately allowing its extrusion from terrestrial and submarine vents
(Etiope, 2009b; Capaccioni et al., 2015). Surface seepage of methane, light hydrocarbons and
oil is a widespread phenomenon along the Alpine-Himalayan Orogen where mud volcanoes,
dry gas vents and brackish/salt water seeps, mostly occurring in correspondence of suture
zones between the converging plates (e.g. Gulf of Cadiz, Mediterranean Ridge, Makran,
Northern Apennines, Carpathians, Caucasus, Black Sea and Caspian Sea) discharge large
volumes of CHy4 and C,, volatile organic compounds (VOCs) into the atmosphere (Baciu et
al., 2007; Bonini et al., 2013; Delisle et al., 2002; Kopf et al., 2001; 2003; Somoza et al.,
2003). These surficial seeps are intimately linked to subsurface hydrocarbon accumulations
and the tectonic regime (Bonini, 2007; 2013; Capozzi and Picotti, 2002). Inland and offshore
natural seeps of biogenic and thermogenic gases have been documented in Italy where they
punctuate the Apennine orogenic front from the Po Plain to Sicily. Surface seepages in the
southern Po River Basin (Emilia-Romagna Region, Italy), a syntectonic sedimentary wedge

forming the infill of the Pliocene-Pleistocene foredeep of the Northern Apennine, are
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characterized by diffuse emission of CHy-rich gases, CHs-saturated shallow aquifers and gas
bubbling in water wells (Martinelli et al 2012a and reference therein; Capaccioni et al., 2015).
The core of the main buried thrust groups, i.e.: i) Pedeappenninic folds (Reggio, Modena,
Bologna, etc.); ii) intermediate folds (Minerbio, Budrio, Cotignola, etc.); iii) Dorsale
Ferrarese inner arc (Correggio, Mirandola, Cento, Argenta, Ravenna); iv) Dorsale Ferrarese
outer arc (Poggio Rusco, Bondeno, Ferrara, Comacchio) still preserve major hydrocarbons
reservoirs (Casero, 2004; Martinelli et al., 2012a), presently exploited by oil and gas
companies (e.g. ENI S. p. A., Gas Plus S. p. a.). According to Mattavelli et al. (1983), 80% of
the deep hydrocarbon reservoirs in the Po Plain subsurface has a biogenic origin, whereas
thermogenic (10%) and mixed (10%) gases account for the remaining percentage. The
outermost buried front of the Northern Apennine orogenic thrust belt (Ferrara arc) is likely
still active in response to the general compressive stress field dating from the middle
Pleistocene. The most recent seismic sequence struck the eastern Po Plain in May 2012,
causing 27 fatalities and widespread damages to infrastructure, economy and cultural heritage.
After the two main seismic occurred on May 20th and 29th 2012, unusual geological
phenomena (UGP), such as sudden temperature increases of water from wells (up to 53°C), as
well as extrusions of mud-sand-fluid mix and shallow fracturing of soils, have been reported
to occur mostly within the epicentral region, located between the municipalities of Ferrara and
Mirandola (Bonzi et al., 2017). Presently, six years after the May-June 2012 Emilia
earthquake, heating events of groundwaters in domestic wells are still registered with an
unchanged frequency, raising concern in the population. Recently, Capaccioni et al. (2015),
investigating a farming area (“Warm Earths of Medolla”) located in proximity of the town of
Medolla (Mirandola, Modena, Emilia-Romagna Region, Italy) and characterized by warm
soils (51.8 °C, Sciarra et al., 2017), linked the increases in ground temperature to the heat
release through the exothermic oxidation of methane, diffusively uprising from deeper layers,
by methanotrophic bacteria under aerobic conditions (Cappelletti et al., 2016). However, it
has not been yet clarified in the literature whether the same phenomenon is responsible for the
increase of the water temperature in wells. Co-seismic and post-seismic occurrence of gas-
related UGP, renewed the interest for the origin and fate of methane and light hydrocarbons in
the Po Plain. In this study we have investigated the chemical and isotopic composition of
dissolved gases and waters by coupling direct sampling and continuous monitoring of phreatic
water wells for which a heating episodes was documented in the past. The main aim is to
provide insights into the mechanism timing of temperature increases. Furthermore, gases and

waters from deep exploitation wells of natural gas fields, CH4-rich waters from artesian wells
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and bubbling gases from deep abandoned borehole and phreatic wells were geochemically
characterized to investigate the possible link between heating episodes, surficial CHy-rich gas
seepage, shallow and deep hydrocarbon reservoirs and structural context of the Emilia Plain
(Emilia-Romagna Region, Italy). A comprehensive conceptual model of the CHy-rich fluids

pathways in the Po Plain subsurface was also produced.

2. Geological settings

Po River sedimentary basin (Figure 1) is a complex physiographic and sedimentary system
representing the foreland basin of both the Alps and Apennine mountain chains (Fantoni and
Franciosi, 2010). The Apennine chain is the domain of the Alpine orogen generated during
the last (Neo-Alpine) phase of the orogenesis (Vai, 2001), linked to the collisional
overthrusting of the Sardinia and Corsica continental block onto the African Apulia
(Castellarin et al., 1992). After the Burdigalian and Messinian tectonic phases (Castellarin,
2001; Ghielmi et al., 2010) a fast NEward migration of the northern Apennine chain front
toward the present location, occurred in the Lower Pliocene (Cerrina Ferroni et al., 2002). The
continuation of the orogen tectonic evolution, during the Late Pliocene and Pleistocene (post-
collisional phase) was due to a slab-retreat mechanism (e.g. Scrocca et al., 2007; Picotti and
Pazzaglia, 2008; Martelli et al., 2017a, therein references; Martelli et al., 2017b) that induced
a frontal area shortening and a back-arc area extension (Doglioni et al., 1999). These tectonic
actions shaped a still evolving thrust-and-fold chain whose last, youngest foredeep basin is the
Po valley sedimentary prism. The chain shows two fronts 50 km distant one another. The
inner front raises above the regional alluvial plain whereas the outermost one is still buried
beneath the Po plain. The former defines the geomorphologic features of the foothill
(Boccaletti and Martelli, 2004; Boccaletti et al., 2011) and coincides with the Pedeapenninic
Thrust Front (PTF) (Boccaletti et al., 1985) resting, in turn, upon a first group of buried folds
and thrusts very close to the PTF (Pedeapenninic folds). The latter, buried front is composed
of three groups of main faulted folds, each coupled with a huge back syncline, from
Northwest to Southeast: 1) Emilia Folds, ii) Ferrara (and Romagna) Folds, 1ii) Adriatic Folds
(Pieri and Groppi, 1981; Bigi et al., 1990; Turrini et al., 2014). The second fold group, named
Dorsale Ferrarese, is located in the central part of Emilia Romagna Region and its front is the
most protracted in the foreland area. The compressive field stress causing the thrusting
maintained the entire Apennine orogen below the coeval sea bottom up to the end of the

Lower Pliocene. During the Middle-Late Pliocene (ca. 3.9-3.3 My: Intrazanclean) and the
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Lower Pleistocene (ca.2.4-2.2 My: Gelasian) tectonic phases (Di Dio, 1998) the chain begun
to uplift and generated an embryonal emerged topography. Concomitantly with these tectonic
phases the three buried structural arches of the Emilia-Ferrara-Adriatic Folds were activated
(Ghielmi et al., 2013), highlighting a tectonic jump of the chain front (Martelli et al., 2017b).
At the end of the Lower Pleistocene the generalized uplifting of the chain begun to trigger a
quick forced marine regression all over the Po Valley moving from western toward eastern
areas (Muttoni et al., 2003; Gunderson et al., 2014). In such a way, an important stratigraphic
body (Po valley Prograding Complex) was generated that with its upper coastal sands (0.8-
0.65 My BP) marked also in Emilia Region (Di Dio, 1998) the definitive physiographic
change of the Po valley area from a marine to a prevailing continental environment. At the
same time also the emerged chain front established itself at the present location (Bartolini,
2003). Finally, from the Middle Pleistocene up to the Holocene, the mainly continental
sedimentation, conventionally comprised in the Emiliano-Romagnolo Supersyntheme (e.g. Di
Dio, 1998; R.ER., 2003; Boccaletti et al., 2011), recorded both alluvial environment and
transitional-shallow marine facies (Martelli et al., 2017b) laterally and vertically organized
according to the transgressive-regressive glacio-eustatic cyclicity (Amorosi et al., 2008; 2016;
Campo et al., 2017). Their fine-grained sequences are attributed to both interglacial and
glacial ages. A transversal tectonic faulting of the buried thrusts (Nardon et al., 1991; ISPRA,
2015) and a one order of magnitude decrease of the compressional deformation during the
Pleistocene are known (Boccaletti et al., 2011) coupled with a prevailing vertical motion of
buried structural highs during the Middle-Upper Pleistocene (Ghielmi et al., 2013), in
particular around 250-230 ky BP (Martelli et al., 2017b). In the last 1.4 My BP the uplifting
rate of the external buried front decreased from 0.53 to 0.16 mm/y (Scrocca et al., 2007)
whereas the emerged morphologic front of the chain is now uplifting at a rate of 1 mm/y
(D’ Anastasio, et al. 2006; Carminati and Valditacca, 2010a) and the geologic subsidence rates
of the Po alluvial basin in the same period is in the range of 0.5-2 mm/y (Carminati and
Martinelli, 2002). Due to these movements the thrusts’ top of the Dorsale Ferrarese at places
now are lying buried at around 100 m of depth beneath the today topographic surface (RER
and ENI-AGIP, 1998; Capaccioni et al., 2015). GPS data show that the crustal shortening still
occurs along the buried chain front (Devoti et al., 2010; Carminati et al., 2010a) as well as the
thrusting activity (Di Bucci and Angeloni, 2013; Vannoli et al. 2014) that was stressed by the
May 2012 Emilia seismic sequence (Galli et al., 2012; Cesca et al., 2013; Ventura and Di
Giovambattista, 2013; Martelli et al., 2017b; Nespoli et al., 2018) responsible for positive

vertical displacements ranging between 73 and 150 mm (Devoti, 2012; Borgatti et al., 2012)
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and related crustal shortening between 30 and 40 mm (Galli et al., 2012) recorded in the

epicentral area

2.1 Hydrogeological and hydrochemical setting

The Po River sedimentary basin is a system where buried marine sediments with fossil
saltwater and overlying freshwaters-bearing continental sediments are still mutually
interplaying (Castellarin et al., 2006; Martinelli et al., 2016). The hydrostratigraphyc frame of
the Emilia foreland basin was derived by the interpretation of industrial seismic sections,
hydrocarbon and water wells throughout the recognition of a repeated alternance of fine-
grained aquiclude/aquitard bodies and relatively coarse-grained aquifers (RER and ENI-
AGIP, 1998; Teatini et al., 2006). In the SER the aquifers are the sum of the continental river
channel bodies with related subfacies (hydrostratigraphyc unit A and B in RER and ENI-
AGIP, 1998) and of the Pleistocene costal sands (hydrostratigraphyc unit C in RER and ENI-
AGIP, 1998), whereas in the paleo-marine domain lying beneath the SER aquifers are mainly
represented by the coarse grained term of the turbidite sequences. In principle, the former
have got a more irregular geometry and contain freshwater whereas the latter are more regular
and contain brackish or salt waters. As a matter of fact, the hydrostratigraphic boundaries
between freshwaters and saltwaters cuts diagraphically the boundaries of the three main
aquifer Groups A, B, and C schematically drawn in Figure 2 in a very simple way. In fact, the
deepest aquifer C, corresponding to the last marine deposits and to the transitional complex,
now is often bearing freshwater rather than the original marine connate saltwater, thus
suggesting water displacement phenomena. The elevation of the buried freshwater/saltwater
boundary changes from place to place mainly according to the local tectonic features, being
deepest in synclines and highest in anticline-top areas (IRSA and CNR, 1982; RER and ENI-
AGIP, 1998; Molinari et al., 2007). Anyway, the elevation of this boundary is higher along
the today back-coastal Adriatic areas, due to the presence of the recent connate marine water.
Somewhere the occurrence of other brackish water uprisings in areas lying in the inner
alluvial plain, far from the sea, coinciding with buried structural highs as well as sinclines is
recorded (Castellarin et al., 2006) leaving open questions concerning the water uprising
mechanisms and pathways. According to RER and ENI-AGIP (1998) the aquifer Group A is
characterized by Ca-HCO3 (Ca-bicarbonate) waters with the exception of two areas: i) the
easternmost part of the Region together with the Dorsale Ferrarese top where Na-HCO3

groundwaters are recorded; and ii) the highest culminations of the Dorsale Ferrarese thrust
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hosting Na-Cl waters. The underlying aquifer Group B is not completely known and this
explains the uncertainties in the sketch of Figure 2. In the central-eastern part of the Region it
shows Na-HCOj3 groundwaters whereas in the western part the existence of predominantly
Ca-HCOj3 groundwaters is poorly known. In the C Group the existence of Na-HCOj; and/or
Ca-HCOj3 groundwaters is likely due to a displacement of a possible original Na-Cl
hydrochemical facies. In Na-HCOj3 groundwaters the Na excess is due to ionic exchanges
between meteoric waters and Na-rich clay minerals together with the mediation of CO,
mainly deriving from the organic matter degradation (RER and ENI-AGIP 1998) and/or the
Na-Ca exchange with clays (Martinelli et al., 2014). Na-Cl groundwaters result from the
mixing of Quaternary transgressive saltmarsh and lagoonal or Pliocene marine waters and
meteoric waters (Martinelli et al., 2014). In Figure 2 simplified, ideal sketch of the
groundwater chemical facies distribution is proposed according to the evidences from recent
surveys (e.g. Moggia, 2016). Isotopical analyses show that the maximum age of the anciest A
Group and B Group groundwaters is in the order of 30 ky BP (Martinelli et al., 2014) but the
ages can result renewed by the severe artificial water withdrawal (ENI-AGIP, 1998).
Notwithstanding this, it is accepted that the Po basin deeply buried Pliocene sediments are
still experiencing an active dewatering process highlighted by the expulsion of brackish
waters (salt plumes) from the buried thrusts front (Martinelli et al., 2016). Furthermore it was
also recognized that in the central-eastern part of the Emilia plain the deep confined aquifers
not recharged by modern infiltration circuits are characterized by a high hydraulic head
possibly linked to the active tectonic compression (Martinelli et al., 2016) as suggested for the

Hungarian Plain (Toth and Almasi, 2001).

2.2 Unusual geological phenomena in the Emilia-Romagna Region

In May-June 2012, the Emilia-Romagna Region has been struck by an intense seismic
sequence, affecting a 50-km wide area located at the southern edge of the Po river alluvial
plain. The sequence started on May 20, with a My, 5.9 earthquake followed by thousands of
earthquakes, six of them with M, >5.0. Immediately after the start of the seismic sequence,
several anomalous events, presently known as unusual geological phenomena (UGP) have
been observed and reported by the local population (Bonzi et al., 2014; 2017). In the period
from June 2012 to September 2018, 88 UGP have been documented, the majority of whom
occurred in correspondence of the epicentral area of the seismic swarm, while only a small

percentage is located in peripheral areas such as the municipality of Bologna and the eastern
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sector of the Po Plain (Figure 3). These UGP have been grouped into six categories: (1)
occurrence of warm water in phreatic wells (41); (ii) gas bubbling in water wells (24); (iii)
surficial fractures and ground deformations (9); (iv) fast water-wells level changes (2); (v)
death of fishes in small lakes and canals (4) and (vi) sand and mud volcanoes (8). Most of the
UGP listed above concern the increase of water temperature, up to 55 °C, in phreatic wells
less than 10 meters deep and mainly located in the northern part of the Modena province.
These events have been called “Warm Water Wells” and the acronym WWW will be used
from now on to refer to these phenomena. Some of this WWW are surely due to an
anthropogenic reason such as the malfunctioning of the water well pump (Bonzi et al., 2017).
An online database (http://ambiente.regione.emilia-romagna.it/geologia/temi/geologia/
fenomeni-geologici-particolari) have been created by the Geological, Seismic and Soil Survey
of the Emilia-Romagna Region in order to collect all the information regarding the UGP and
to make them available to the scientific community and public. Less than one UGP per year
has been reported before the seismic sequence of May-June 2012, hence these phenomena can
be classified as co-seismic or post-seismic events. Accordingly, historical documentation
reported the occurrence of luminous phenomena, changes of water’s characteristics in wells
and soil liquefaction after great seismic shocks that struck Italy before 1990 (Boschi et al.,
1995; 1997). However, Martinelli et al. (2016) suggest that no influence on the UGP can be
assigned to seismicity, in particular, to that experienced in May 2012 with the only exception
of the progressive water table rising of the deepest aquifers. Notwithstanding, two evidences
cannot be denied: i) the most of these phenomena is located in the core of the 2012 seismic
swarm epicentral area; ii) the clear increase in the number of UGP occurred after the
earthquakes in Emilia-Romagna Region seems to point to the existence of a relationship,

although still not clarified, between seismotectonic and UGP.

3. Materials and methods
3.1 Study sites and methodology

The study sites are located in the Southern Po River basin, most of whom within the Modena
province. Waters and gases from domestic phreatic and artesian wells (15), abandoned natural
gas wells (3), gas seepages (3) and wells from five oil and gas field have been investigated. At
W4, W6, W7, W8, W10, W11, W16, W17 and W18 at least one episode of water temperature
increase has been documented after the seismic sequence of May-June 2012. The basic

information concerning the surveyed sites are summarized in Table 1. Their location with
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respect to the buried tectonic setting is also reported. As for the G-wells also the studied W-
wells gas seepages are mostly located on structural high (Figure 1) but a small group is
located in syncline areas. The Cavone field (G1) (Pieri and Groppi, 1981; Nardon et al., 1991;
ENI, 1994) produces oil from a structural trap lying in the Dorsale Ferrarese inner arc. The
reservoir is hosted in Mesozoic carbonate formations (Brecce di Cavone and Calcari Grigi di
Noriglio) at around 3000 m depth. Its economic importance and the key location in the 2012
earthquake epicentral area triggered a wide debate concerning the possible relationships
between the field exploitation and seismicity (Lavecchia et al. 2015; Mucciarelli et al. 2015).
Spilamberto (G2) (ANL, 1959) and S. Martino gas fields (G3) (ENI, 1994) lie upon the
Pedeapenninic folds group. At Spilamberto the gas pool was intercepted at 1242 m depth,
lying at the bottom of Pliocene clayey seal (ANL 1959), and another productive level was at
1460 m depth (Scicli, 1972). The Sillaro field (G4) found gas at 2100 m depth in several
horizons hosted in the Pliocene suite (Energy-pedia, 2010). The reservoir of Dosso Angeli
(G5) (ENI, 1972) is hosted in an anticline structural trap in Pliocene sandy deposits. It
consists of 8 pools with the gas-water contact lying between 2885 and 3839 m depth (Simeoni
et al., 2017) but the three most important levels lie between 3033 to 3232 m depth (Bertoni et
al., 1995). Well W1 (Vallalta) was originally created as a natural gas well but today it is out
of service and delivers gases (mostly methane) coming from Miocene geological formations
together with water mainly supplied by the uppermost 250 m of Quaternary sedimentary
cover (Martinelli et al., 2016). W2 (Diamantina) is one of 24 abandoned gas wells drilled up
to an average thickness of 200 m between 1948 and 1963 m depth (Scicli, 1972). This well
erupted gas and brackish water in 2014 after the degraded sealing disruption. In the Coccanile
geographic area, to which Ambrogio village pertains, between years 1944 and 1969 24 gas
wells were drilled up to 350 m average depth (Scicli, 1972). In 2013 one of these wells (W3)
erupted warm, brackish water and gases as the result of sealing wear. Water wells (W4-W18)
have depth not exceeding 350 m and are located in the Holocenic sedimentary suite (<20 m)
and within sediments dating back to middle-upper Pleistocene (20-350 m). They intercept the

A and, to a lesser extent, the B regional aquifers.

3.2 Water and gas sampling

Water and dissolved gas samples from phreatic wells were collected using sampling
equipment consisting of a Rilsan® tube (6 mm in diameter), lowered to half of the water

column, and a 150 mL syringe equipped with a three-way valve to pump the water up to the
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surface. Waters and gases from artesian wells were sampled using a submerged electric pump.
Water samples were collected after the displacement of a water volume double than the inner
volume of the tube (Cabassi et al., 2013 and references therein). To minimize the dissolved
gas loss, the water discharging from the Rilsan® tube was flushed into a bucket where the pre-
evacuated 250 mL glass flasks equipped with a Teflon stopcock used for the sampling were
submerged and opened, allowing the water entering up to about three quarters of the flask
inner volume (Tassi et al., 2009). Gases naturally bubbling in water wells were collected
using a funnel up-side-down positioned and connected to the sampling flasks. At W4, W5,
W38, W9, W10, W11 and W12, water and gas sampling were performed every two months in
the period 2015-2016, in order to detect temporal compositional variations and trends. Waters
from deep exploitation wells were collected at the water-gas separator, while gases were
sampled by connecting the sampling line to the pressure-control valve of the production wells.
At each exploitation wells, two gas aliquots were collected, as follows: (1) one 60 mL glass
flask for the determination of major compounds concentrations and isotopic composition of
C;-C4 n-alkanes and (2) one 12 mL glass vials equipped with a silicone rubber porous septum
for the analysis of Cs-Cjp VOCs. At eight selected wells, a third gas aliquot for the
measurement of isotopic composition of noble gases (He and Ar) was also collected in a
stainless-steel flask to prevent helium losses by diffusion after sampling. Water temperature
(°C), electrical conductivity, pH and Eh were measured in the field. Three water aliquots were
collected at each sampling site, as follows: (1) one aliquot in a 125 mL polyethylene bottle,
for the determination of main anions, (2) one filtered (0.45 pm) aliquot in a 50 mL
polyethylene bottle containing 0.5 mL of 30 % Suprapur HCI, for the analysis of main
cations, and (3) a third aliquot in glass bottles with the addition of HgCl, for the isotope
analysis of water (6D and 6180) and total dissolved inorganic carbon (513C—TDIC).

3.3 Continuous monitoring techniques

Temporal changes of water temperature (T), electrical conductivity (EC) and level (WL) were
monitored in four phreatic wells (W4, W8, W10 and W11) by placing a multi-parameter
probe close to the bottom of the water column. Data stored in the data loggers were
downloaded every two-three months. At W4, W8 and W11, all three parameters (T, EC and
WL) were monitored by means of a Seba Hydrometrie Dipper PTEC high-performance 32 bit
measurement data collector (T, EC, WL sensor accuracy of £ 0.1 °C, = 1 mS/cm and + 0.1 %,

respectively) while at W10, temperature and water-level were monitored using an integrated
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pressure sensor OTT Orpheus Mini (accuracy for temperature and water-level measurements

were £ (.5 °C and £ 0.05 %, respectively).

3.4 Chemical and isotopic analysis of waters

The main ionic species were analyzed by ion chromatography (IC), using an 861 Advanced
Compact IC-Metrohm for cations (Na, NH4, K, Mg, Ca) and a 761 Compact IC-Metrohm for
anions (F, Cl, Br, NOs3, SO4). The HCO;3 concentrations were determined by acidimetric
titration (AT) with 0.01 N HCI using a Basic Titrino 794-Metrohm. The analytical errors for
IC and AT were < 5%.

The'*0/'°0 and *H/'H isotopic ratios (expressed as 5'°0 and 8°H %o vs V-SMOW) in water
samples were determined by using a Finnigan Delta PlusXL mass spectrometer according to
standard protocols. Oxygen isotopes were analyzed using the CO,—H,0 equilibration method
proposed by Epstein and Mayeda (1953). Hydrogen isotopic ratios were measured on H, after
the reaction of 10 mL of water with metallic zinc at 500 °C (Coleman et al., 1982). The
experimental error was +0.1%o and +1%o for 8'°0 and 8°H values, respectively, using EEZ-3
and EEZ-4 as internal standards that were previously calibrated versus V-SMOW and SLAP
reference standards. The values of § ?C-TDIC were analyzed with a Finningan Delta Plus XL
mass spectrometer after the reaction of 3 mL of water with 2 mL of anhydrous phosphoric
acid in vacuo (Salata et al., 2000). The recovered CO, was analyzed after a two-step
extraction and purification procedures of the gas mixtures by using liquid N, and a solid-
liquid mixture of liquid N, and trichloroethylene (Evans et al., 1998; Vaselli et al., 2006). The
analytical error for 8'°C-TDIC was +0.05 %o.

3.5 Chemical and isotopic analysis of gases

Inorganic gases (CO», N», Oo, and Ar) stored in the sampling glass flasks were analyzed using
a Shimadzu 15A and a Thermo Focus gas chromatographs equipped with Thermal
Conductivity Detectors (TCD). Methane and light alkanes (C,Hs, CsHs. iso-C4H;o, n-C4Hj0)
were analyzed using a Shimadzu 14A gas chromatograph equipped with a Flame Ionization
Detector (FID). The composition of dissolved gas compounds was calculated on the basis of
the Henry’s law constants, regulating the liquid-gas equilibrium for each volatile compound
(Vaselli et al., 2006; Tassi et al., 2008). The Cy4; hydrocarbons were analyzed by GC-MS
(Gas Chromatography coupled with Mass Spectrometry) using the Solid Phase Micro-
Extraction (SPME) technique (Arthur and Pawliszyn, 1990) to extract volatile organic
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compounds (VOCs) from the gas mixture and inject them in the GC-MS (Davoli et al., 2003;
Mangani et al., 2003; Florez Menendez et al., 2004). Quantitative analyses were performed
using an external standard calibration procedure on the basis of calibration curves constructed
measuring the instrumental signal of Accustandard® standard mixtures of compounds
pertaining to the following functional groups, cyclic compounds, aromatic compounds (Tassi
et al., 2011). The values of the Relative Standard Deviation (RSD), calculated from five
replicate analyses of the gas mixture in which the compounds of interest are present at a
concentration of 50 ppbv, were <5%. The limit of quantification (LOQ) was determined by
linear extrapolation from the lowest standard in the calibration curve using the area of a peak
having a signal/noise ratio of 5 (Mangani et al., 2003). The "*C/"*C ratios of dissolved CO,
(813C—C02(aq)) were determined on the basis of those measured in the separated gas phase
stored in the headspace of the dissolved gas flasks. The *C/">C values (expressed as &'°C-
CO; Vienna Peedee Belemnite (VPDB)%o0) were analyzed by mass spectrometry (Finningan
Delta S), after a two-step extraction and purification procedures of the gas mixtures by using
liquid N, and a solid-liquid mixture of liquid N, and trichloroethylene. Internal (Carrara and
San Vincenzo marbles) and international (National Bureau of Standards (NBS) 18 and NBS
19) standards were used to estimate external precision. The analytical uncertainty and the
reproducibility were +0.05%o and +0.1%o, respectively. The analyses of the *C/"*C and *H/'H
ratios of CHy (expressed as 8°C-CH; %o vs V-PDB and 8D-CH; % vs V-SMOW,
respectively) were performed by mass spectrometry (Varian MAT 250) according to the
procedure described by Schoell (1980). Analytical error was +0.15%o. The analysis of the
8'3C and 8D of CH., C;Hg, CsHs, n-C4H)o and i-C4Hjp in the gas samples from deep natural
gas wells were carried out at the Goethe University in Frankfurt following the methods
outlined by Fiebig et al. (2015). External analytical precision was +0.5%o.

The He-isotope composition and the *He/*Ne ratio were determined by separately
introducing He and Ne into a split-flight-tube mass spectrometer (GVI Helix SFT) after
performing standard purification procedures (e.g., Correale et al., 2012). The values of the
*He/*He ratio are expressed as R/Ra (where Ra is the *He/*He ratio of air, which is equal to
1.39 x 10°°); the analytical error was generally less than 1%. The R/Ra values were corrected
for atmospheric contamination based on the “He/*’Ne ratio. The Ar-isotope composition was
measured in a multi-collector mass spectrometer (GVI Argus), for which the analytical
uncertainty was generally less than 0.5%. The uncertainty in the determinations of He, Ne,

and Ar elemental contents was less than 5%.
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4. Results
4.1 Water geochemistry

Temperatures, EC, TDS (Total Dissolved Solids), pH, Eh, concentrations of the main solutes
(in mg/L) and isotopic composition of water and TDIC (Total Dissolved Inorganic Carbon)
are reported in Table 2. Waters from Cavone (G1), Spilamberto (G2), Sillaro (G4), Dosso
Angeli (GS5) gas fields and abandoned gas wells (W1, W2 and W3) have a Na-Cl composition
(Figure 4a), high TDS (4.5-71 g/L) and circumneutral pH (from 6.7 to 7.7), while waters of S.
Martino (G3) have a Ca-HCO;3 composition and low TDS (594 mg/L). In the CI vs. Na
diagram (Figure 4b), these waters show a Na/Cl ratio close to the seawater value (Na/Cl =
0.85, atomic ratio), whereas brackish and saline waters (W1, W2, W3, G1, G2, G4 and G5)
exhibit lower Cl/Br ratio lower (427 to 520). thus excluding the dissolution of Triassic or
Messinian evaporitic minerals as the main source of Na, Cl and Br. The high concentrations
of bromine may be instead ascribed to the decomposition of organic matter (Conti et al.,
2000; Toscani et al. 2007; Boschetti et al., 2011; Sciarra et al., 2013). The 6D and 5180
values, measured in seven water samples from gas fields (G1-GS5) and abandoned gas wells
(W2 and W3), range from —69.2%0 to +3.7%0 and from —10%o to +7.7%o0 vs. V-SMOW,
respectively. As shown in Figure 5, W-waters plot close to the GMW (Craig, 1961) and LMW
(Longinelli and Selmo, 2003) lines, while G-waters deviate from the meteoric lines, plotting
on a meteoric-seawater mixing trend. Waters of G1 show a moderate shift to highly positive
880 values (+7.7%o)., suggesting that the early isotopic composition of the water was
modified by high temperature (>100°C) interaction with carbonate rocks (Morad et al., 2003).
Waters from the upper unconfined A-aquifer (W4-W18) have temperatures and TDS ranging
from 10.1 °C to 53.6 °C and from 0.7 g/L to 3 g/L, respectively and are neutral to weakly
basic (pH = 6.9-8.1). Eh values are highly variable, ranging from —378 mV to +271 mV.
These waters mostly have a Ca-HCO3; composition (Figure 4a), which is typical of meteoric
waters circulating at shallow depth within sedimentary rocks (Martinelli et al., 1998; Duchi et
al., 2005). Waters from Mirabello area (W16-W18) show high contents of sulfate (294-783
mg/L)., which may be attributed to H>Sqq oxidation or anthropogenic sources (e.g.
agricultural fungicides). As shown in Figure 4b, W-waters plot close to the dilution line
between shallow meteoric waters and seawater, suggesting that the relatively high
concentrations of Na and Cl observed in some samples may be ascribed to contributions from

fluids trapped in marine sediments (RER and ENI-AGIP, 1998; Martinelli et al., 1998;
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Boschetti et al., 2011; Sciarra et al., 2013). Carbon isotopic composition of TDIC of the
analyzed waters ranges from —26.9%o to —5%o vs. V-PDB.

4.2 Chemical gas composition

The concentration of the main constituents (CO,, N,, Ar, O,, CHy; and C,—C4 alkanes) of
dissolved and free gases is shown in Table 3 (W and S sites) and Table 4 (G-sites). The
chemical gas composition of the W and S samples is highly variable. On the basis of CHy
content (% v/v), two groups can be distinguished: i) CHy-rich gases (W1, W2, W5, W9, W13,
W14, W15, S2 and S3); and ii) CHs-poor gases (W4, W6, W7, W8, W10, W11, W12, W16,
W17 and W18). Gases of the former group are dominated by CH4 (>50% v/v) followed by N,
(up to 32.5% v/v), CO, (up to 12.4% v/v), O, (not exceeding 4.5% v/v) and Ar (0.06-0.8%
v/v). The CH4-poor gases are instead characterized by low (<50% v/v) or absent contents of
CH., high concentrations of atmospheric gases and highly variable CO, concentrations (from
<1.7% to 87% v/v). C,—C4 alkanes (ethane, propane, n-butane and iso-butane) were detected
in all CHy-rich gases and in the W11 dissolved gases, at total concentrations ranging from
0.59 to 1.76 mmol/L. Gases from G-sites are dominated by CH,4 that ranges from 64.5 to
99.98% v/v. At G1, propane is the most abundant alkane of the C,—C4 fraction, while at the
other sites ethane dominates. Up to 70 different C4—C;o hydrocarbons, pertaining to the alkane
(33 compounds), cyclic (29 compounds), aromatic (6 compounds) and organosulfur (2
compounds) groups were recognized and quantified in the G-gases (Table 5). The Ca.
hydrocarbons mainly consist of alkanes and cyclics, while relatively high contents of
aromatics were detected only at G1. Cyclics having Cs, Cg, C7 and Cg rings are mostly tri-, di-
and mono-methylated, although cyclopentane and cyclohexane represents a significant
fraction (12% and 22%, respectively at G1) of the total cyclic abundance in some gases. Few
cyclics showing ethyl, propyl branches and polycyclic compounds were detected and their
concentrations are lower than those of not-branched and methylated compounds. Benzene and
toluene are the most abundant aromatic compounds. Organosulfur group includes

dimethylsulfide and carbondisulfide, both present at trace levels in all investigated gases.

4.3 Isotopic composition of CO,, CHy, Co—Cy4 alkanes and noble gases (He and Ar)

The 8]3C£02, 83 C—CH,4 and 8D-CH, values in the W and S gases (Table 3) vary within
wide ranges, comprised between —73.2 and —15.5 %o vs. V-PDB, —79 and -20.7 %o vs. V-PDB
and —225 and —58 %o vs. V-SMOW, respectively. Both the 8'*C—CH, and 8D—CH, values for
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the G-gases are clustered in a narrow range, from —71.7 to —54.5 %o vs. V-PDB and from —
210 to —171 %o vs. V-SMOW, respectively. Relative variations in 8'°C values decrase in the
order ethane, propane, n-butane and iso-butane, the latter having a carbon isotopic
composition ranging from —21.6 to -30 %o vs. V-PDB. The isotopic composition of helium
and argon were measured in 9 G-samples. Rc/Rp ratio varies within a narrow range, from
0.014 to 0.04. The “’Ar/*°Ar and **Ar/*°Ar ratios range from 292 to 317 and from 0.1871 to
0.1897, respectively. The *He/*’Ne ratios vary from 5 to 727, i.e. largely higher than the the
atmospheric background (‘He/**Ne = 0.318).

4.4 Temperature, electrical conductivity and water level temporal series

Temperature (T), electrical conductivity (EC) and water level (WL) time series were obtained
for four warm water wells (WWW), i.e. W4, W8, W10 and W11. At W10, EC was not
recorded. During the continuous measurement period, ranging from September 2016 to
November 2017, no significant changes in the monitored parameters were observed at W4.
The evolution over time of the water temperature (Figure 6) shows minimum values in
correspondence of the winter months and maximum values during summer, indicating that the
water temperature is affected by the seasonal variation of the external air’s temperature. EC
values remained mostly constant throughout the monitoring period. Water level changed over
time, with abrupt decreases punctuating the whole period caused by the pumping for
agricultural purposes. T, EC and WL data of W8 well were recorded from October 2015 to
August 2018. At W8 well the water temperature reached 55 °C few days after the installation
of the multi-parametric probe and then exponentially declined to normal values. After the
temperature peak registered in 2015, the temperature remained stable, varying following an
asymmetric sinusoidal pattern typical of shallow aquifers. The evolution over time of the EC
and WL was marked by four episodes of concomitant increase of the two parameters. This
phenomenon may be ascribed to the arrival of saltier waters from underlying levels.
Accordingly, during the first EC peak (2016) an increase in the contents of chloride and
sodium were observed at W8 and W9 (Table 2). However, EC-WL peaks were not associated
to temperature increase, suggesting the existence of different triggering processes. As for W4,
abrupt decreases of WL marked pumping episodes. At W10 well, monitored from May 2016
to May 2017, water temperature followed the same trend observed at W8, but the maximum
recorded value was 33 °C. W11 well has the most peculiar temperature’s time sequence. In
fact, the evolution of the well, monitored from September 2012 to August 2018, was

punctuated by several episodes of temperature increase, with the highest temperature recorded

160



of 36 °C. The minimum water temperature of W11 well for the 2012-2015 period has never
dropped below 15 °C, almost 2 °C higher than the average value of the minimum temperature
of a typical phreatic well (Sciarra et al., 2013). Notwithstanding, frequency and magnitude of

heating episodes at W8 well are decreasing over time.

5. Discussion
5.1 CHy-rich fluids physical pathways in the sedimentary prism of Emilia plain

Processes involved in methane seeping and related migration pathways are mutually tightly
related. For this reason dealing with them as separated realms or entities can be a very
difficult task but it is anyhow a convenient way. Furthermore, a tight link between gaseous
phase and circulating groundwater solutions exists (Burst, 1969; Cahill et al., 2017;
Capaccioni et al., 2017).

The gas generation is a process developing through time at any depth level (see below)
according to varying rates depending on the original synsedimentary amount of available
organic matter, its conservation or consumption resting on the biogeochemistry of the buried
environment at various depth. The primary migration of gas, that is its first progressive
upward removal from the original genetic locus/site (Burst, 1969), can mainly use the primary
permeability of the hosting sediment, i.e. that depending on the grain size related effective
porosity. Furthermore, gas can move itself as a free (dry gas) or groundwater-dissolved phase
thus possessing different flow speed (Cabhill et al.,2017). If a physical permeability threshold
(e.g. a clayey aquiclude) exists then gas accumulation generates a pressure increase up to the
overcoming of the local lithostatic/hydrostatic pressure threshold.

The secondary migration, moving gas from first location to final reservoir/trap (Wood and
Saney 2016), depends on the free volume exhaustion of the former location and on its 3D
geometrical characteristics. In both lateral and vertical gas migration the main role is played
by grain size anisotropies, packing of coarse sedimentary bodies, up-dip diffusion and
secondary permeability due to various fracture kinds afflicting the volume of gas-bearing
sediment. According to the geological setting characteristics (see above),

gas sources can be deep marine turbiditic environment, prodeltaic and lagoonal materials as
well as alluvial basin sediments with or without peaty layers. The role of primary gas-hosting
sediment in marine realm is played by each sandy term of the Bouma turbiditic sequence
whereas in the continental environment its equivalent is the riverbed and crevasse channels

network. For these reasons, referring in particular to Emilia plain foreland basin (Figure 7),
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the structural traps collected the gas in a suite of superimposed pools hosted in marine
Pliocene suite (e.g. Dosso Angeli Field) whose huge total volume available for feeding the
reservoirs largely exceeds that of the overlying continental Pleistocene suite nourishing the
buried paleo-riverbeds network.

If the up-dip secondary migration of natural gas in buried syncline contexts (Oppo et al.,
2015) is continuous through time then also around the crestal area of the eroded, buried
thrusts’ folds this advection must be assumed as an effective mechanism of gas seep from the
structural high top. This could have been the origin the carbonatic cemented horizons often
recorded at the base of the sediments directly overlying the eroded tops (eg. Capaccioni et al.,
2017), thus possibly being Methane-derived Autigenic Carbonates (Capozzi et al 2012; Oppo
et al. 2015). Furthermore, upon these eroded structural highs top the existence of brackish
groundwaters is recorded resulting from the mixing of Na-Cl connate water and surrounding
Ca/Na-HCOj3 groundwaters (Figure 2). In Pleistocene and Holocene buried riverbeds net gas
collects by means of a prominent sub-horizontal migration along sand body axis and finally
can vertically seep at every place where the effectiveness of the stratigraphic seals is missing
due to stratigraphic pinch-outs or secondary discontinuities (Capaccioni et al., 2015; Idem,
2017; Cahill et al., 2017). The complex interconnection net of the permeable sedimentary
bodies scattered in uppermost part of the local syntheme (Amorosi et al., 2017) is due to the
channel size greater than present and to the character of monocursal or anabranching riverbed
of paleo-Po during the glacial periods as well as its freely wandering behaviour. In this sense,
if a direct outcropping of buried fault planes in the plain is excluded, the most recent
(Holocene) fluvial network sedimentation is the most important driving factor for establishing
the topographic location of surficial gas seep. The wide areal diffusion all over the plain, even
in the main syncline areas, of the typical subcircular features (Figure 8), such as the ones
found at Warm Grounds of Medolla (WGM), suggests that a considerable percent of the
diffuse gas seepage is possibly due to methane generated by very young sedimentary deposits.
Nonetheless, the role of secondary permeability in the whole buried sedimentary prism is of
primary importance for gas vertical migration, in particular at shallow depth, although the
literature dealing with this topic is much more abundant for submarine environmental setting
than for continental one. The fractures are of different origin (tectonic and not) and scale: 1)
tear/wrench faults orthogonally intersecting the first order thrust arc (e.g. Figure 1b) (Nardon
et al., 1991; ISPRA, 2015); ii) normal faults often located on the thrusts back-side (Bigi et al.,
1990) (Figure 1) and sometimes in the syncline depocentral area (e.g. Castellarin et al., 2006);

extradossal faults located on thrusts top above the fold neutral surface (Lisle et al., 2009;
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Carminati et al., 2010b); iii) faults originating by sediment differential compaction around the
thrusts’ top (Carminati et al. 2010b); iv) polygonal faults (Cartwright et al., 2003; Goulty,
2001; Allen et al., 2013; Morgan et al., 2015; Gay, 2017) or incipient sub-surficial dewatering
faults (Burst, 1969; Scherer, 1989) and conical faults/fluid pipes (Gay, 2017); v) seismically
induced surficial faults (Pratt, 1998; Obermeier et al., 2001). Furthermore, a secondary
porosity enhancement can be generated in the sedimentary cover lying above the blind fault
tip (Mandl, 1988; Abe et al., 2008). Finally, the aerated surficial zone characterizing the today
topographic surface as well as the large number of man-made water wells represents the end-
members of an extremely complex network able to deliver gas at seep location. In addition to
these disjunction elements other minor structures of seal-breaching (faults, intrusions and
pipes) exist allowing fluids vertical migration (Cartwright et al., 2007). Even if all of them
would be lacking a fluid could be carried through an impermeable seal in short (less than a
century) events of expulsion when the fluid pressure becomes higher than 85% of the local
lithostatic pressure (Roberts and Nunn, 1995).

The most of these features are ideally summarized in Figure 7 to suggest the possible
complexity of physical pathways available for gas and groundwater flow in Po Valley as well
as in other settings (Wood and Sanei, 2016). Furthermore, these pathways can be responsible
also for the mixing of old and young gas original convoys as sometimes recognized
(Cremonini et al., 2008). Part of those features, such as volumes of enhanced porosity above
the fault tip, extradossal fractures as well as polygonal fault systems (PFS), cannot yet be
recognizeable in the up to date available seismic sections (ISPRA, 2015) due to their low
resolution character. Nonetheless, in some cases fractures/faults buried at medium depth (50-
300 m or more) are recorded that do not appear directly linked to the local tectonic contexts
(e.g. Castellarin et al., 2006; Cremonini et al., 2010b; Borgatti et al., 2012) thus possibly
suggesting the existence of PFS or incipient dewatering fault systems. Other minor but
pervasive features such as pipes or small chimneys were recognized in the uppermost
thousands metres of the Po plain sedimentary prism (Cremonini et al., 2010b; Cremonini et
al., 2010a). In Figure 7 is also reported the suggestion that an aliquot of methane can be
produced by the bacterial activity in groundwaters slowly circulating through organic matter
rich aquifers (Martinelli et al., 2016). Finally, in the same figure surficial peats combustion
phenomena linked to methane seep are also indicated according to literature (Cremonini et al.,

2008; Martinelli et al., 2012b; Idem, 2015).

5.2 Deep hydrocarbon sources in the Po Plain
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The occurrence of methane in surficial dry seeps, bubbling gases and dissolved gases in
groundwater is a widespread phenomenon in the Po Plain, The compositional characteristics
of the sampled gases are investigated and compared to those of gases from oil and gas wells
(G1-G5) from Emilia-Romagna Region reported in literature (Mattavelli et al., 1983; Elliot et
al., 1993; Tassi et al., 2012; Oppo et al., 2013), in order to recognize the source(s) of methane
in the shallow geological domains of the study area

The high *He/*Ne ratios shows that helium mostly derives from an extra-atmospheric source,
likely related to the decay of radiogenic elements within the crust, as indicated by the
relatively low Rc/Ra measured at all G-sites. The high A1 O Ar ratios of G1 and G2 indicate
a significant *’Ar radiogenic contribution, while the other sampled gases show air-like values.
As suggested by Elliot et al. (1993) for Dosso Angeli (GS5), preferential production and
release of *He over *°Ar from the sites of their production to the reservoirs have to be invoked
in order to explain *He-enrichemennt without any shift from the atmospheric **Ar/® SAr ratios.
The “Schoell” §'°C —CH, vs. 8 D-CH, diagram (Schoell, 1980) (Figure 9a) suggest that CH,
in G3, G4 and G5 gases has a biogenic origin, likely through microbial CO, reduction, while
Gl and G2 gases are characterized by thermogenic and thermogenic-biogenic CHyu,
respectively.

These indications are supported by the “Bernard” CH,/C,H; vs. 8'°C—CH, diagram (Bernard
et al., 1978) (Figure 9b) the G4 and G5 gases, whose reservoir is likely hosted in Pliocene
sediments, plot within the field of microbial hydrocarbon production, whereas the G2 and G3
samples seem to be related to mixing between microbial and Tertiary thermogenic fluids.
fluids. The latter gas source is similar to that recognized for the Cortemaggiore gases that are
are produced by thermal decomposition of organic matter hosted in the Marnoso Arenacea
Formation, a Miocene flysch sequence (Riva et al., 1986; Mattavelli and Novelli, 1990).
Gases from Cavone oil field (G1) show remarkably high contents of C,, alkanes and C,/C,
ratio <10. These features indicate that Cavone hydrocarbon accumulation is a thermogenic
gas produced by cracking of kerogen hosted in Triassic carbonates (Mattavelli et al., 1983;
Riva et al., 1986). These data are in agreement with those reported by Mattavelli et al. (1983)
which claimed that 80% of gases from the Po Plain subsurface consists of biogenic/diagenetic
gases while the remaining percentage is equally distributed between thermogenic (10%) and
mixed origin (10%) gases.

Carbon isotopic distribution pattern of light hydrocarbons is a useful indicator of gas origin
and maturity (Chung et al., 1988; Clayton, 1991; Rooney et al., 1995; Prinzhofer et al., 2000;
Berner and Faber, 1996; Lorant et al., 1998). Thermogenic gases produced by primary
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cracking of organic matter are typically characterized by the positive order of 8¢, <8¢, <
§"°C; < 8"°Cy (Dai, 1992; Boreham and Edwards, 2008; Dai et al., 2016).

As shown in Figure 10, all gases show a direct isotopic pattern, indicating a thermogenic
origin of light hydrocarbons. However, 8'°*C—C,Hg <—40%o for the G4 and G5 gases suggest a
biogenic/diagenetic input of C,; hydrocarbons. Oil-associated gas originating in sapropelic
source rock is characterized by 8"°C, values less than —28%o (Dai, 1992), and coal-derived gas
originating in humic source rock is characterized by 8'°C, values greater than —28%o. In this
respect, the G1 gases seems to originate by cracking of type I kerogen, while the G2 gases
show 8'°C—C,Hg values ascribable to both sapropelic and humic source rocks. This feature is
most likely related to the heterogeneity of the organic matter in the turbiditic clastic rock unit
forming the Marnoso Arenacea Formation (Riva et al., 1986). The G3 gases share several
features with the G2 gases, possibly indicating a common origin of the thermogenic
endmember. However, the G3 gases are more affected by mixing with biogenic gases and
biodegradation of C,, with respect to the G2 gases.

The compositional features of C; hydrocarbons are strongly related to: biological sources and
diagenetic processes (Duan, 2000; Duan and Ma, 2001; Duan et al., 2004). Among C;
hydrocarbons, enrichments of methylcyclohexane are found to occur in oils from terrigenous
source material (e.g. lignin, fiber and saccharide of higher plants), whereas
dimethylcyclopentane with different structures, deriving mainly from lipids of aquatic
organisms, is a typical feature of light hydrocarbons of marine-derived oils (Leythaeuser et
al,, 1979; Dai, 1993; Wang and Zhang, 2008). Source of normal heptane (nC;) is
comparatively complex and mainly comes from bacteria and algae, or chain lipoid of higher
plant. The cyclic and chain lipoid of different structures are the main components of
sapropelic organic matter (type I and type II kerogen) with hydrogen-rich structure, with the
relative content influenced by maturity. According to these considerations, in the ternary
diagram of C; light hydrocarbon compounds can identify the sources of natural gases. In the
ternary diagram of components of MCH, XDMCP and nC; (Figure 11), the G1, G4 and G5
gases show a MCH-poor composition suggesting that type I kerogen is the main source of
light hydrocarbons. Conversely, the G2 and G3 gases are enriched in methylcyclohexane,
strengthening the idea of thermal decomposition of terrigenous organic matter as the main gas
source. In Figure 12, where the concentrations of cyclic compounds with respect to the total
cyclic abundances is shown for the G1-G5 gases are reported, three main patterns can be
distinguished: (i) enrichment in Cg cyclic compounds (cyclohexane and methycyclopentane)

observed for the GI1 gases; (ii) enrichment in not-branched, mono- and di-methylated
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cyclohexane and minor enrichment in branched cyclopentane in the G2 and G3 gases and (iii)
enrichment in dimethylcyclopentane and trimethylcyclohexane in the G4 and G5 gases.
Paucity of methylated species at G1 gases could be caused by the progressive expulsion of
methyl groups from the cyclic rings at increasing maturity of the source rock or be inherited
by the primary composition of organic matter. Degradation of carotenoids during the early
stage of organic matter transformation into kerogen could be responsible for the high
concentrations of trimethylcyclohexane in the G4 and G5 gases. Carotenoids are abundant in
marine organic matter and their early diagenetic products mainly consists of tri-methylated
cyclohexenyl moieties that undergo subsequent hydrogenation to form cycloalkanes having
three methyl groups attached (Sinninghe and Koopmaans, 1997). The disposition of the
methyl groups around the C¢ ring may be used to infer the type of the pre-existing carotenoid
structure. The G4 and G5 gases are dominated by 1,1,3 trimethylcyclohexane, a common
product of degradation of B-carotene (Jiang and Fowler, 1986), a carotenoid typically
associated to halotolerant marine algae (e.g. Dunaliella salina and Dunaliella bardawil)
(Soto, 2015). This is consistent with the Na-Cl composition of the saline (TDS >60 g/L)
waters at G4 and G5 sites and the geological information available on the source rock
consisting of sandy sediments deposited in marine-lagoonal environment during the Pliocene.
Summarizing, three main types of gases can be found in the “deep” subsurface of the southern
Po Plain: (i) biogenic/diagentic gases (e.g. G4 and GS5) in marine Pliocene-Pleistocene
sediments; (i1)) Miocene thermogenic gases (Cortemaggiore-like gases; Mattavelli et al., 1983)
formed within the Marnoso Arenacea Formation at great depth (at least 3 km; Tassi et al.,
2012); and (ii1) thermogenic gases, showing G1-like composition, predominantly produced in
Triassic carbonate rocks and commonly associated with oil (Riva et al., 1986). This
subdivision is in accordance with the general conceptual model of the architecture of the
petroleum systems in the Po Plain proposed by previous papers (Mattavelli and Novelli, 1990;
Lindquist, 1999, Martinelli et al., 2012a). Gases of the second group are presently found
mainly in Messinian-Lower Pliocene reservoirs mixed with in situ produced biogenic gases
(Mattavelli et al., 1983), suggesting that these gases migrated from the source rocks and

formed gas accumulation in structural traps.

5.3 Shallow occurrences of methane in the Po plain: origin and biogeochemical processes

As shown in the O,-Ar-N; ternary plot (Figure 13a), the average value of No/Ar ratios of the

investigated gases does not significantly deviate from that of the air saturated water
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[(N2/Ar)asw = 38], suggesting that both N, and Ar have an atmospheric origin. Only two
gases (W2 and W5-11/2016) show Ny-excess (No/Ar ratios of 55 and 50, respectively) with
respect to the ASW composition, likely caused by nitrate denitrification or anaerobic
ammonium oxidation (Korom, 1992; Dalsgaard et al., 2005). Oxygen concentration is highly
variable within the data set. The CHy-rich gases (dissolved and free) show very low content of
oxygen, with the exception of W13, W14, S2 and S3 gases which have higher contents
presumably due to air contamination. The chemical composition of warm water wells
(WWW) ranges from that of W12, ASW-like reference gas to that of CHy-rich waters. To
investigate the reason of O,-depletion in the WWW samples, O, has been plotted in a ternary
diagram (Figure 13b) versus two extra-atmospheric gas species, CO, and CHs. WWW gases
does not plot along a mixing line between ASW and CHy-rich waters, indicating that O,
consumption is the cause of its depletion. Moreover, the distribution of the samples shows
that WWW waters are also characterized by the occasional appearance of CO, and CH,.
During quiescent periods, meteoric water seems to be the sole contribution that feeds the
studied warm water wells and the composition of the dissolved gas phase is dominated by
atmospheric species (N,, Ar, and O;). Similar to that of ASW. The results of our geochemical
survey highlighted that the water heating episodes affected the dissolved gas phase since
significant concentrations of CH4 and subordinate contents of CO, occured, which were also
accompanied by an abrupt O, decrease. On the contrary, the water chemistry did not show
any substantial change in time (Figure 6). Moreover, the dissolved CHs of WWW shows a
relatively heavy isotopic composition (8'°C and 8D up to -20.7 %o and -58.5 %o, respectively),
strongly different from that recorded within the deep reservoirs of natural gas and shallow
CHy-rich waters. Contribution of warm water from the underlying marine formations as the
cause of the temperature increase seems unlikely due to both the low local geothermal
gradient (< 25°C/km) and the absence of any major changes in the water chemistry. Presently,
the most reliable explanation is the exothermic oxidation of diffusively uprising methane by
methanotrophic bacteria under aerobic conditions at very shallow depths within the water
column. The same process was recently invoked for explaining the anomalous high
temperature in the soils from “Terre Calde di Medolla” (literally, “Warm Grounds of
Medolla”, WGM), a site located in a farming area close to some of the monitored water wells.
This hypothesis rises several questions concerning how and where methane, both in WWW
and shallow CHy-rich waters, is actually produced.

The 8"*C—CH, and 8D-CH, values measured in the bubbling gases and CHy-rich shallow
aquifers (Figure 14a) ranged from —79 to —65 %o vs. V-PDB and from —225 to —130 %o vs. V-
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SMOW, respectively, suggesting a prevailing microbial origin of CHy4. Carbonate reduction
and acetate fermentation are the two main metabolic pathways leading to the formation of
biogenic methane (Whiticar, 1999). The former process dominates in marine and saline
environments, while the latter is typical of freshwater environments where plant root exudates
and fresh OM provide a ready supply of labile OM to the bacteria (Whiticar, 1999). All the
O0D—CHy data lie around —180 %o vs. V-SMOW, indicating that CH4 was produced by
carbonate reduction. The 613C—CH4 VS. 813C—C02 diagram (Fig. 14b) shows that in low
temperature freshwater environments, in which acetate fermentation dominates over
carbonate reduction, the carbon isotope ratios of these gases are considered to be largely
determined by Kkinetics, rather than thermodynamic equilibrium (e.g., Rosenfeld and
Silverman, 1959; Nakai, 1960; Claypool and Kaplan, 1974). However, the CO,-CH4
fractionation of gas formed in marine sediments through CO,-reduction was found to closely
approach thermodynamic equilibrium (e.g., Whiticar et al., 1986). Moreover, lab-culture
experiments reported by Botz et al. (1996) showed that, during the stationary phase,
methanogen cultures fractionated carbon isotopes close to the thermodynamic equilibrium
between CH4 and CO; in the temperature range 35-85 °C. Most data from CHy-rich waters
show a carbon isotope fractionation factor between 8'°C—CH, and 8'°C—CO,, expressed as
dcoz-ca4, >1.06, 1.e. a value typically associated with methane produced by CO,-reduction
(Whiticar, 1999; Bogard et al., 2014). Assuming that CO,-CH4 are in thermodynamic
equilibrium, this would yield to formation temperatures of around 45 °C, 30-35 °C higher
than temperatures directly measured in the CHy-rich shallow waters (Table 2). Temperatures
not significantly exceeding 50 °C were found at depths ranging from 750 to 2000 m in
correspondence of the Dorsale Ferrarese tectonic fold where the occurrence of gas and salty
waters was also reported (Capaccioni et al., 2015).

These evidences suggest that methane in shallow domains originates within the Plio-
Quaternary marine sediments by CO;-reduction, then migrates toward the surface and gets
stored in shallow anoxic aquifers. Where structural architecture of the sedimentary prism
allows further migration (Figure 7), methane can be discharged from bubbling wells and dry
seeps and foster methanotrophic communities in aerated soils (WGM) and oxic waters
(WWW). Minor methane contributions from fermentation of methyl-compounds within near-
surface peaty layers cannot be totally excluded. For example, isotopic composition of gases
from the W16-18 sites (Figure 14a) could be the result of partial microbial oxidation of
methane produced by acetate fermentation coupled with CO,-reduction Where structural

architecture of the sedimentary prism allow further migration (Figure 7), methane can be
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discharged from bubbling wells and dry seeps and foster methanotrophic communities in
aerated soils (WGM) and oxic waters (WWW) In Figure 14a, the distribution of methane
isotopic data from shallow methane occurrences in the Po plain, depicts two major trends of
Bc. D-enrichment, characterized by distinct angular coefficients, expressed as AH/AC ratio.
Several authors (Coleman et al., 1981; Whiticar, 1999; Kinnaman et al., 2007) attributed
values of AH/AC ranging from 5.9 to 13 to microbial oxidation that leaves residual methane
enriched in both *C and D. Few sites, both anoxic aquifers (e.g. W9) and soils from WGM,
lie on a trend having a AH/AC (7.3) consistent with the range suggested by the literature. This
feature may be the result of anaerobic oxidation of methane (AOM) that occurred in O»-
depleted horizons of soil and within CHy-rich aquifers. The other trend has a AH/AC value
ranging from 1.5 to 2.7 and is outlined mostly by data from WGM and WWW. According to
Sciarra et al. (2017), CH4 and CO,, diffusively emitted from the soil at WGM, are supplied by
two sources: (i) deep (> 3000 m) Mesozoic thermogenic source and (ii) shallow (200-900 m
depth) Plio-Pleistocene microbial source. Those authors claimed that the two-components
mixing caused the observed trend in the 8'*C-38D space. The Cavone oil and gas field (G1) is
the exploitation area located in proximity of WGM and most WWW and sourced by a >3000
meters depth Mesozoic thermogenic reservoir. As shown in Figure 14a, isotopic composition
of methane from Cavone does not match the one of the thermogenic endmember inferred by
Sciarra et al. (2017), having a 8'*C—CH, and 8D—CH, of —56.2 %o and —210 %o, respectively.
Thus, our isotopic dataset does not support the hypothesis of mixing of deep fluids from
neither the Mesozoic nor the Miocene reservoirs with younger microbial gas as the cause of
data distribution on the “Schoell” plot. A more convincing explanation is that methane is
likely supplied to WGM and WWW by gases escaping from the CHy-rich groundwaters of the
Plio-Quaternary succession and then oxidized by methanotrophic bacteria.

Templeton et al. (2006) suggested that the ocos.cua fractionation factor caused by aerobic
CHjy-oxidizing bacteria strongly correlates to the cell density under constant flow conditions.
At low cell densities, low concentrations of methane monooxygenase (MMO) limit the
amount of CHy4 oxidized, while at higher cell densities, the overall rates of CH,4 oxidation
increase. Thus, the residual methane is more fractionated at low cell densities than at high cell
densities. At WGM, gases having low methane concentrations show a '>C- and D-enriched
isotopic signature, whereas at increasing methane concentrations weak carbon and hydrogen
isotopic fractionation is observed. Consequently, data previously interpreted as thermogenic
are instead the result of aerobic microbial methane consumption at low cell density.

Communities constituted by a small number of individuals could develop during the early
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stages of growth of a bacterial colony under a constant nutrient supply condition, within zones
where the nutrients are scarce but constantly provided or in environments characterized by
cycles of starvation periods and short-lasting pulses of nutrients. The second and third
scenarios most likely represent the situation present in some sites at WGM and during the
heating episodes of waters from phreatic wells.

Summarizing, microbial consumption of uprising methane by methanotrophic bacteria is a
widespread phenomenon in the Po Plain, able to bio-sequestering huge amounts of methane in
the form of CO, and biomass. Warm grounds occurred at Medolla (WGM) can be regarded as
biogeochemical system in steady state where microbes are almost constantly fed by biogenic
CH,. Heating episodes in water wells instead record the arrival of discrete amounts of
methane into oxic shallow aquifers. W11 warm well stands alone among the WWW since
methane and CO; are always present, indicating the CH4 consumption is constantly balanced
by CHy4 input. Where the gas flux is high enough to break the methanotrophic biofilter,
methane can be discharged into the atmosphere by gas emissions such as CHy-rich bubbling
gases in water wells (W1, W2, W13 and W14).

The heat release is probably the most peculiar feature of WGM and WWW. Capaccioni et al.
(2015) provided a solution for the longstanding debate concerning the high temperatures of
the grounds at WGM, but a high heat production is not a common feature of methanotrophs
found in natural environments worldwide. The more Gibbs’ free energy is dissipated, the less
will be available for biomass or product yield. Under nutrient-limited conditions bacteria can
consume higher amounts of energy without concomitant biomass production. In this growth-
independent reaction, energy sources were converted to heat (Russell, 1986), i.e., as
Westerhoff (1983) theorized: “thermodynamic efficiency may be sacrificed to make the
process run faster”. Therefore, for example, heat release would be expected to happen in
response of a pulse of nutrients after a starvation period. Another explanation can be that
wasting of energy source as heat is used for denying substrate to competing organisms or to
make environmental temperature unfavorable for the growth of other species (Russel, 1986).
The former hypothesis seems to be more consistent with the general view of the nutrients
supplying systems at WGM and especially at WWW, but evolutionary reasons cannot be

ruled out.

6. Conclusions
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The chemical and isotopic composition of light hydrocarbons of deep gas wells investigated
in the present study evidences three main types of gases in the “deep” subsurface of the
southern Po Plain: (i) biogenic/diagentic CHy-rich gases in marine Pliocene-Pleistocene
sediments; (ii) Miocene thermogenic gases (Cortemaggiore-like gases) formed within the
Marnoso Arenacea Formation at great depth (at least 3 km); and (iii) early mature
thermogenic gases, showing Cavone-like composition, predominantly produced in Triassic
carbonate rocks and commonly associated with oil. Methane in shallow domains originates
mainly within the Plio-Quaternary marine sediments by CO;-reduction, then migrates toward
the surface and gets stored in shallow anoxic aquifers. Where structural geometry of the
sedimentary prism allows further migration, methane can be ultimately discharged from
bubbling wells and dry seeps. Heating episodes in water wells (Warm Water Wells, WWW)
record the arrival of discrete amounts of methane into oxic shallow aquifers which readily
undergoes exothermic microbial oxidation mediated by methanotrophs under aerobic
conditions. Hence, methane is likely supplied to WGM (Warm Grounds of Medolla) and
WWW by gases escaping from the CHy-rich groundwaters of the Plio-Quaternary succession.
No evidence of migration of Miocene and Triassic gases from the reservoirs to the surface,
has been found. Geochemical data from WGM, previously interpreted as arrival of Mesozoic
thermogenic gases, are instead more consistent with aerobic microbial methane consumption
at low cell density conditions. Summarizing, the occurrence of methane-rich fluids and the
microbial consumption of uprising methane by methanotropic bacteria are widespread
phenomena in the Po Plain. The latter is able to bio-sequestering huge amounts of methane in
the form of CO, and biomass. Where gas flux is high enough to break the methanotropic
biofilter, methane can be discharged into the atmosphere by gas emissions such as CHy-rich
bubbling gases in water wells and dry seeps. In tectonically active foreland basin such as the
Po Plain, huge amounts of methane can migrate from the reservoirs/sources to shallower
geological domains, thanks to faults and fractures. At shallow levels, methane can be stored in
groundwaters or ultimately reach the atmosphere. Biogeochemical processes, such as
methanotrophy, are able indeed to sequestered large quantities of carbon as biomass both in

soils and waters.
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Table captions

Table 1. Location of study sites.The geographical coordinates of G-points refer to a generic
gas field baricentral point. Type, depth, details and location with respect to the tectonic setting
of the investigated sites are reported. Details: A.1 = gas bubbling in brackish/salt water; A.2 =
gas bubbling in freshwater; B = CHs-rich water; C = unaltered domestic phreatic well
(reference point); D = dry gas seepage from soil; E = gas seepage from an human-induced
sediments-fluid eruption; WWW = Warm Water Wells. Tectonic setting: PF = Pedeapenninic
folds; ITG = Intermidiate thrust group; DFI = Dorsale Ferrarese inner frontal thrust group;

DFO = Dorsale Ferrarese outer frontal thrust group; and IS = Interposed syncline.

Table 2. Chemical and isotopic (6D-H,O, 6180—H20 and 813C—TDIC) composition of waters
from G and W sites. Concentration of major compounds are expressed in mg/L. na = not

available; bdl = below detection limit

Table 3. Chemical and isotopic (613C—C02, 813C—CH4 and 0D—CH,) composition of dissolved

and free gases from W and S sites. Concentration of gas species is expressed in % v/v.

Table 4. Chemical (in % v/v) and isotopic composition of gases from oil and gas fields (G

sites)

Table 5. Chemical composition of C4—C;( hydrocarbons of gases from oil and gas fields (G
sites) of Southern Po River Basin (Northern Italy). Gas concentration are in pmol/mol. nd =

not detected.
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Figure captions

Figure 1. Main groups of buried tectonic structures of Emilia-Romagna Region. A, B, C)
Detail of buried tectonic structures (after Cerrina Ferrosi et al., 2002; simplified) and study-
points location. White areas are the major depocentral synclines and the padealpine
monocline. The grey-tones areas highlight the various buried thrusts envelope and only poses

a descriptive geometrical value.

Figure 2. Essential linedraw (not to scale) of hydrochemical facies and their hypothetic
mutual relationships at depth in Emilia-Romagna alluvial plain (redrawn and modified after
Moggia, 2016). The depth scale shows average values. Aquifer Complexes of Emilia Region
are after RER and ENI-AGIP (1998). The thick yellow bank is the Prograding Complex

Auctorum. The straight red segments suggest fractures or faults.

Figure 3. Unusual Geological Phenomena (UGP) location in Emilia-Romagna Region

occurred between May 2012 and September 2018.

Figured. a) Langelier-Ludwig diagram for the collected waters. b) CI" vs Na* correlation

plots for the collected waters. Na/Cl ratio of seawater is shown for comparison.

Figure 5. 3D-5'°0 scatter plot for the collected waters. The dotted line delineates the Global
Meteoric Water line (6D = 8*51%0 + 10; Craig, 1961); the dashed line is the Local Meteoric
Water Line for Northern Italy (8D = 7.7094*5'*0 + 9.4034, Longinelli and Selmo, 2003).

Figure 6.. Temperature (red line and y axis), electrical conductivity (black line and y axis)
and water level (blue line and y axis) time series of W4, W8, W10 and W11 wells. The
sudden drops in the EC observed in the time series of W8 and W11 are due to the emersion of

the probe from the water caused by severe pumping.

Figure. 7. Essential linedraw of the average ideal setting of tectonic structures buried beneath
the Emilia region alluvial plain. A) The age of each single sedimentary body (Paleocene to
Holocene) is shown: it also corresponds to the genesis age of related trapped gas. The section
results from the merging a multiplicity of various subsection (e.g. C-C’ section after Martelli

et al. 2017).
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B) Gather of physical discontinuities kinds possibly existing in the sedimentary prism of

Emilia alluvial plain.

Figure 8. Methane surficial seep in Mirabello area near studied points W16 and W18. Each
single seep point is highlighted by the vegetational cover reaction giving origin to the typical
ground features (Gas Patterned-ground Marks). Satellite scene by GOOGLE-Earth ©, fly
6/9/2104.

Figure 9. Chemical and isotopic composition of light hydrocarbons in analyzed gases from
oil and gas fields from Po Plain. Data from previous papers (gray points) are also shown for
cross-comparison. a) 8 °C—CH, vs. 8D-CH, “Schoell plot” for gas from Emilia-Romagna
Region. Compositional fields classically associated to microbial gases are reported. b) Natural
gas interpretative diagram combining the molecular (C;/C, ratio) and isotope (5'°C—CH,)
compositional information. Calculated mixing lines for possible gas bacterial/diagenetic and
thermogenic mixtures. Isotope and molecular compositions of Cortemaggiore gas (Mattavelli
et al., 1983) has been assumed as those of thermogenic endmember. Microbial gas
endmembers show different C,/C; ratios (10000 and 5000, respectively) and 8'*C—CHy values
(=78 and —60 %o vs. V-PDB). Mesozoic gases are associated to the Malossa oil field, located
close to Milan (Northern Italy) and related to the Southern Alps thrust belts.

Figure 10. Carbon isotopic composition of methane and higher chain homologues for the

collected gases from oil and gas fields.

Figure 11. Ternary plot of C; compounds in natural gas from the Po Plain. The division of
humic- and sapropelic-type gases is after Hu et al. (1990). The C; compounds refer to
heptanes and can be divided into n-heptane (n-C;), methylcyclohexane (MCH) and
dimethylcyclopentane (DMCP). The n-C; (%) value refers to the ratio of n-C7/(n-C; + MCH +
Y~DMCP). The same applies for the ratios of MCH and XDMCP.

Figure 12. Concentrations of cyclic compounds with respect to the total cyclic abundance in

the investigated gas samples from oil and gas fields of Po plain.

Figure 13. Ternary plots of chemical composition of dissolved and free gases from W wells

and S seeps: a) O—Ar—p. b) CH4—0,—CO,.
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Figure 14. Isotopic composition of shallow and surficial gases form the Po Plain: a) §°C—
CH,4 vs. dD—CH4 diagram showing the data distribution, BC. D-enrichment trends (black
arrow) with relative slope expressed ad AH/AC. Isotopic composition of Pliocene (light gray
box), Miocene (dark gray box) and Triassic (G11) gases are also shown for comparison (see

text for details).
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WGS84-N; Well/pool depth ., Tectonic
ID  PlaceN Well type Detail
ace Name € WGS84-E (mb.g.s.) etar’s setting
44°52°57.83"; 4155
Gl C Oil field ’ - DFI
avone ¢ 10°56°38.91” (main pool: 2900)
44°32°25.147; 2420
2 ilambert. s fiel ’ . PF
G2 Spilamberto Gas field 001227 g3 (main pool: 1242)
. 44°35°01.03”;
G S.Mart Gas field X . PF
artine s e 10°55°44.38" na
44°29°36.88;
4 sill Gas field ’ Main pool: 2100 - ITG
aro s fie 11°41°48.06” ain poo
44°35°39.167; 2885-3839
G5 DossoAngeli  Gas field X - DFO
0880 ANgER she 12°14°48.51”  (main pools: 3033-3232)
Wi Vallalta Abandoned  44°35°47.917; 1742 Al DH
gas well 11°00°01.42”
Abandoned  44°53°08.39”;
W2  Diamantina, ’ =200 A1l  DFO
ramanting gaswell  11°30'33.90”
Abandoned  44°54°32.27";
W3  Ambrogi ’ <350 Al DFO
Mbrogto caswell  11°53°44.60"
w4 Novi Phreatic well -+ >3 20:30°; 8.5 WWW  DFI
10°52°53.40”
. 4 44°53°19.93”;
w5 N Art 1 X 25 B DFI
ovi esian we 10°52°55.88”
. 44°44°40.04”;
W6 Sorbara Phreatic well 11°00°16.53” 12 Www IS
44°43°32.647;
w B Phreatic well ’ WWW I
7 omporto reatic we 11°02°31.02” 8 w S
W38 Camurana Phreatic well 445153107 10 WWW  DFI
11°04°18.65”
. 44°51°52.29”;
w9 Camurana Artesian well 11°04°19.37 22 B DFI
44°43°28.967;
W10  Creval Phreatic well ’ 57 WWW IS
revalcore reatic we 11°08°42.88”
W11  Camposanto  Phreatic well AT 14997, 10 WWW  DFI
11°09°12.06”
. . 44°41°15.09”;
W12 D Phreatic well ’ 7 C IS
ecima reatic we 11°13°08.90”
. 44°45°34.88”;
W13 Renazzo Phreatic well 11°17°30.57 6.5 A2 DFI
wig COPOReno o ticwen 4922387 45 A2  DH
(Casino del gas) 11°18°09.03”
. 44°45°47.577;
W15  Corpo R Phreatic well X 55 A2  DFI
orpo Reno reatic we 11°19°08.35”
. . 44°49°33.917;
W16 Mirabello (C7)  Phreatic well 1192775663 7 WWW  DFO
Mirabello 44°49°39.777;
w17 Phreatic well ’ 45 WWW  DFO
(C5bis) reatic Well - 11008°11.08”
W18 Mirabello (C5)  Phreatic well 4 3977 5 WWW  DFO
11°28°11.08”
Warm Grounds 44°51°13.417;
S1 Gas s ’ 0 D DFI
of Medolla S SCEPABE  1005°09.22”
S2  Bruino (CPT)  Gas seepage 4141050 223836; 24 E DFI
44°52°50.517;
Bond PT 5 s X 2 E DF
S3  Bondeno (CPT) Gas seepage 11924°31.96” 0 O
Table 1.
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Sampling

ID Date T pH Eh EC TDS HCO;~ F- CI- Br NO;~ SO, Na* NH,t K* Mg»* Ca* $D-H,0 $"0-H,0 3" *C-TDIC
G1 04/04/2016 Da 7.5 -324 49000 32692 542 39 18624 97 bdl 782 11943 bdl 161 153 323 3.7 7.7 -7
G2 04/04/2016 Na 6.9 -88 75500 50966 58 1.4 30988 151 bdl 47 17171  bdl 188 899 1505 -9.8 -0.01 -5
G3 04/04/2016 na 6.7 -129  nma 594 247 0.5 134 bdl bdl 6 ! bdl 27 7 101 -33.9 -3.3
G4 14/102016 ha 7 -120 88900 63328 232 8.9 37434 189 bdl 9.8 21616 bdl 246 1244 2348 -4.1 1
G5 03/022016 na 69 -118 mna 71015 156 2.7 43291 218 bdl 157 23343 bdl 140 1102 2605 0.3 0.06 -13.1
W1 28/06/2017 18 7.7 -180 na 4475 610 0.6 2146 106 143 34 1434 43 10 104 69
W2 11/072014 21 7.3 -192  na 6874 214 0.8 3765 20 bdl 7 2269  bdl 18 323 252 -69.2 -10
W3 21/022013 25 74 220 na 25590 381 2 15785 69 bdl 15 7768 50 36 901 582 -57.1 -8
W4 23/032016 10.1 7 15 1135 1062 598 0.1 87 006 54 117 58 bdl 5 55 137 -16.7
16/052016 15 7.2 -86 1000 1093 665 0.08 73 0.04 41 96 56 0.05 3 48 148
20/06/2016 149 7 127 1227 1007 552 0.11 91 0.03 83 100 59 0.15 6 52 138
02/092016 17.1 7 45 1160 1047 622 0.17 71 0.04 1.8 9 52 0.16 4 51 145
02112016 153 7.2 79 1108 1032 610 0.11 63 004 42 92 52 0.43 7 56 147
W5 16/052016 14.8 7.3 -191 1246 1445 961 0.29 74 0.1 1.5 69 30 1.07 3 73 232 -24.8
29/06/2016 163 7.2 -230 1358 1043 701 0.12 66 0.16 bdl 39 29 0.24 3 63 142
02/092016 15 7.3 -228 1304 1256 854 0.17 62 007 02 48 28 0.79 3 64 195
02112016 146 7.1 -225 1315 1279 866 0.25 59 0.08 0.1 39 33 0.91 4 69 208
W6 02/092016 303 7.2 31 1632 1434 729 0.2 9 0.1 7 216 98 bdl 65 68 152

w7 20092016 222 7.2 52 1638 1466 800 0.22 153 0.17 1.5 114 90 1.27 118 82 106
W8 22/102015 3.6 7.3 104 1429 1390 631 019 203 071 1.8 125 68 1.14 140 68 150
28/102015 327 7.3 100 1519 1436 658 0.3 206 0.67 1.7 132 69 1.33 145 71 151
23/032016 125 74 14 2060 1974 568 0.13 564 .82 31.7 165 314 335 92 60 173 -17.2
16/05/2016 14.6 7.1 80 2145 1934 756 0.15 383 1.44 184 168 279 bdl 69 60 198
29/06/2016 146 7.1 127 1963 1513 653 013 250 067 9.6 147 225 bdl 57 43 127
02/092016 15 7.2 66 1402 1221 644 0.85 109 023 1.1 120 67 0.24 95 58 126
02112016 159 7.2 155 1320 1201 653 0.15 89 0.18 1.9 104 80 bdl 100 52 120
W9 28/10/2015 147 7.3 -250 3031 2865 1165 0.61 753 335 0.5 76 540 1045 7 120 188
23/032016 127 8.1 -367 2560 2422 753 0.16 883  3.54 2 7 488  9.16 7 116 153 -26.9
16/052016 14.8 7.6 -306 2410 2471 1354 039 411 1.89  0.05 2 384 978 9 111 188
29/06/2016 152 7.4 -366 4180 3082 1051 bdl 955 395 bdl 125 613 994 10 122 192
02/092016 152 7.5 -323 3500 2676 1092 139 773 32 2.3 14 493 9.72 11 107 170
W10  28/102015 314 7.6 54 1058 1000 574 03 48 0.18 299 69 50 1.34 62 47 119

23/032016 197 7.9 -14 811 702 359 0.17 39 0.09  60.7 61 46 0.04 41 29 66 -16.1
03/052016 32.8 7.8 -24 899 805 382 0.2 69 012 66.2 62 45 bdl 43 36 102 -14.6
11/052016 338 7.9 -88 910 854 454 1.22 39 012 56.2 68 46 0.23 49 37 103 -17.3

20/06/2016 204 7.4 83 915 777 428 0.19 39 0.15  40.2 56 40 bdl 44 35 95
02/112016 187 7.1 84 1088 1030 647 0.15 54 0.21 6.6 48 47 0.3 63 52 113
W11 23/032016 159 7 35 1948 1830 837 0.08 233 012 807 145 141 1.33 178 89 125 -19.2
16/052016 17.6 7.2 29 1948 1978 930 097 203 021 852 171 146 0.82 197 83 160
29/06/2016 174 7.1 95 2130 1739 780 0.07 188 004 693 169 138 bdl 194 75 126
02/092016 21 69 27 2110 1898 992 1.63 171 0.2 259 151 129 1.01 180 85 162
02112016 18.8 6.9 67 2020 1833 952 014 154 019 6.1 153 130 0.67 193 86 158
W12 23/03/2016 11.3 7.3 -35 1280 1218 519 0.1 64 013 99.1 215 48 0.05 52 37 184 -16.4
16/052016 143 7.4 -40 1114 1267 738 0.88 63 0.15 19 113 60 2.7 55 37 176
20/062016 16.8 7 94 1354 1213 689 0.09 61 0.08 47 125 66 0.07 53 40 175
02/092016 18.8 7.1 -184 1378 1288 775 0.1 61 0.06 0.1 117 63 1.39 51 41 179
02112016 163 7 72 1350 1299 778 0.18 62 0.13 2.4 98 67 0.46 54 44 192
W13 28/06/2017 17 7.1 44 na 1175 700 0.25 68 0.3 23.8 91 76 10.8 3 45 157
W14  28/062017 16 7.6 24 na 960 610 0.4 85 0.28 8.8 17 97 35 15 44 79
W15 21/112012 145 69 -156 980 932 537 0.18 36 0.04 8 74 47 bdl 101 24 105
W16  29/06/2012 13 7.2 264 2690 2133 586 024 215 0.14 65 692 135 bdl 47 128 265
02/072012 207 7.2 100 2710 2300 598 025 254 015 65 783 134 bdl 43 129 294
W17  02/07/2012 165 7.4 -351 3450 2865 1007 027 362 028 0.03 599 268 4 258 126 241
24/07/2012 165 7.5 -378 2990 2961 995 0.31 438 026 016 643 262 2.6 254 126 240
WI8  29/06/2012 17.2 7.1 271 3160 2533 1062 0.15 435 029 1.4 294 298 0.02 128 133 181
02/07/2012 16 7.3 181 3820 3080 1209 0.16 385 028 3.7 642 282 013 174 147 237
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ID Date CO, N, O, Ar CH, CH; C;H; nCH, iC;H;, Gas tot. $*C-CO, $°C-CH, 8D-CH,

W1  28/06/2017 23 11.5 0.1 03 858 0016 0.0025 0.0087 0.0065 -75
w2 11/07/2014 0.71 3.38 0.01 0.06 9575 0.03 0.0019 0.00105 0.0013 -15.5 -78
W3 21/02/2013
W4 23/03/2016 855 124 21 0.85

16/05/2016 803 17.7 20 0.85

29/06/2016 865 113 22 0.87

02/09/2016 928 49 23 0.71

02/11/2016 87.6 103 2.1 0.72
W5 16/05/2016 12.4 283 09 0.7 577 0.040 0.007 0.002 0.002 0.88 -65.6

29/06/2016 10.1 332 1.3 08 545 0037 0.006 0.001 0002 0.84
02/09/2016 9.6 259 0.7 06 63.0 0.038 0.007 0001 0.002 0281
02/11/2016 11.9 187 05 04 684 0.040 0.007 0.003 0.003 0.80

W6  02/09/2016 1.7 835 39 20 8.8 0.64

W7 20/09/2016 934 44 22 0.59

W8  22/10/2015 7.5 76.6 139 1.8 0.16 0.96 -23.2 -23.2 -58
28/10/2015 4.2 785 151 2.0 021 0.91 -23.5 -20.7
23/03/2016 65.7 328 1.5 0.94
16/05/2016 68.6 29.7 1.7 0.83
29/06/2016 669 314 1.7 0.99
02/09/2016 604 380 1.6 1.03
02/11/2016 66.8 315 1.7 0.76

W9  28/10/2015 5.0 204 04 05 737 0.035 0.004 0.002 0.004 1.36 -32.8 -71.4 -130
23/03/2016 53 287 05 0.7 652 0.041 0.006 0.001 0.002 1.34 -75.3 -177

16/05/2016 5.8 272 05 06 658 0.039 0.006 0.001 0.002 1.14
29/06/2016 59 277 09 07 648 0.038 0.006 0.001 0.002 1.27
02/09/2016 1.8 325 07 0.8 635 0.032 0.004 0.001 0.002 1.28

W10  28/10/2015 684 298 1.8 0.89
23/03/2016 939 39 22 003 0.78
03/05/2016 915 64 22 0.75
11/05/2016 942 36 22 0.05 0.69
29/06/2016 9.3 13 24 0.08 0.63
02/11/2016 954 21 24 0.1 0.53
W11 23/03/2016 51.9 288 0.8 0.7 185 0.011 0.002 0.001 0.002 1.76 -55.8 -154

16/05/2016 62.4 109 04 03 261 0.011 0.003 0.002 0.002 1.38
29/06/2016 60.5 17.1 05 04 21.5 0.013 0.002 0.001 0.002 1.35
02/09/2016 53.5 349 13 09 9.4 0.007 0.002 0.001 0.002 1.17
02/11/2016 56.4 188 0.5 04 238 0.020 0003 0.003 0.003 1.38

W12 23/03/2016 668 31.6 16 0.75
16/05/2016 669 31.6 15 0.79
29/06/2016 655 327 1.8 0.73
02/09/2016 645 339 1.6 0.92
02/11/2016 659 324 1.7 0.83
W13 2806/2017 1.1 74 12 02 90.1 0021 00036 0.0015 0.0021 -65
W14 280062017 13 85 1.0 02 890 0021 0.0011
W15 21/11/2012 7.27 2.86 0.03 0.07 89.82 20.7 -78.6 -198
W16 29/06/2012 82 639 12 15 253 213 -50.8 237
02/07/2012 47.5 340 177 08 0014
W17  02/07/2012 9.13 45.11 1.63 1.09 43.04 229 51.6 225
24/07/2012 81.06 10.16 0.15 025 8.58
W18  29/06/2012 7.48 56.48 1.48 137 33.19 23.1 -56.4 231
02/07/2012 86.96 10.59 2.19 0.25  0.01
S1 08/2015 72 68.2 -116
08/2015 732 732 -156
S2 102014 1.99 17.43 4.54 040 75.69 0.041 0.0051 0.0021 0.0035 246 67.5 -188
11/2015 352 67.5 -188
S3 08/2014 239 2448 2.82 0.54 69.71 0.051 0.0056 0.0026 0.0041 -16.1 79
Table 3.
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Organic Compounds Gl G2-A G2-B G2-C G2-D G2-E G2F G2-G G3-A G3-B G4 G5-A G5-B G5-C
Iso-Butane 29267 1710 2062 1905 2759 1673 2253 2252 112 203 240 46 22 116
Normal-Butane 55606 1179 1531 1385 2417 1220 1847 1671 53 64 42 10 55 23
Butane 2-Methyl 55319 4447 4910 4657 6613 4428 6118 5462 468 530 464 114 56 259
Pentane 56905 902 1093 1062 1863 961 1536 1294 62 56 30 8.2 52 21
Butane 2,2-Dimethyl 301 544 599 540 908 521 784 641 46 46 11 7.0 3.7 6.9
Butane 2,3-Dimethyl nd nd nd nd nd nd nd nd nd nd nd 79 nd 146
Pentane 2-Methyl 32856 2375 2890 2725 4764 3117 4836 3426 427 308 331 nd 68 nd
Pentane 3-Methyl 16022 2249 2569 2519 3212 2632 3399 2620 435 302 84 19 53 32
Normal-Hexane 117706 1004 1500 1594 2471 1592 2753 1612 244 52 52 8.6 13 20
Pentane 2,2-Dimethyl 110 227 238 212 296 248 317 229 42 27 nd 5.3 6.8 6.1
Pentane 2,4-Dimethyl 948 252 294 247 328 352 357 243 81 50 23 17 11 14
Pentane 3,3-Dimethyl 131 199 272 233 320 256 329 232 56 28 nd 33 nd nd
Pentane 2,3-Dimethyl 4021 767 898 945 1085 1179 1343 939 362 159 113 36 14 52
Hexane 3-Methyl 9336 1964 3001 2886 3320 2913 3580 2270 960 399 127 28 nd 57
Normal-Heptane 16817 382 941 865 1199 666 977 529 149 24 90 5.4 nd 28
Hexane 2,2-Dimethyl 75 42 82 58 135 70 63 46 11 5.0 nd 1.0 nd nd
Hexane 2,5-Dimethyl 366 127 228 165 244 186 222 161 45 16 15 2.9 nd 5.6
Hexane 24-Dimethyl 454 105 183 134 225 161 192 122 34 15 19 5.4 nd 11
Hexane 3,3-Dimethyl nd 5.9 11 6.7 7.5 6.3 8.6 6.1 2.5 1.4 nd 0.6 nd 2.3
Hexane 2,3-Dimethyl 349 75 157 100 150 118 125 72 32 10 nd 32 nd 17
Hexane 34-Dimethyl 94 19 46 30 38 31 33 21 9.2 2.7 nd 54 nd 108
Heptane 2-Methyl 2457 435 1018 696 1046 653 810 431 200 39 70 2.9 nd 22
Heptane 4-methyl 795 287 635 472 702 510 521 294 139 36 nd 10 3.8 21
Heptane 3-Methyl 1449 491 1115 691 1031 782 887 477 230 52 nd 1.7 nd 5
Normal-Octane 3137 90 354 270 509 227 330 107 75 11 25 1.6 nd 17
Heptane 2,2-Dimethyl nd 67 123 71 113 82 77 60 37 nd nd nd nd nd
Heptane 2.4-Dimethyl nd 53 144 133 270 168 152 106 28 nd nd nd nd nd
Heptane 3,5-Dimethyl 241 232 604 335 476 386 389 165 140 27 nd 4.6 nd 13
Octane 2-Methyl 537 213 524 295 382 305 333 156 134 29 112 10 nd 34
Octane 3-Methyl 137 107 246 91 80 167 166 61 52 14 nd 8.2 nd 22
Octane 4-Methyl 184 98 232 107 80 168 163 73 5.2 6.4 nd nd nd 1.0
Hexane 2,24-Trimethyl 232 48 42 132 59 41 nd 89 13 2.5 nd nd 5.1 nd
Octane 3,6-Dimethyl nd nd 27 14 nd 32 25 nd 10 nd nd 22 nd 9.4
Cyclopentane 5405 388 441 255 637 542 766 644 80 44 21 nd nd nd
Cyclopentane Methyl 13153 1721 2573 2280 3471 2346 3262 1981 558 335 275 24 38 73
Cyclopentane 1,3-Dimethyl cis 2559 517 838 880 960 782 1015 542 273 116 170 38 5.8 71
Cyclopentane 1,3-Dimethyl trans 1239 385 612 579 717 549 736 404 222 106 210 47 8.0 103
Cyclopentane 1,2-Dimethyl cis 2487 808 1254 1193 1278 1226 1577 850 440 200 338 22 3.1 58
Cyclopentane Ethyl 605 91 202 162 203 162 198 98 80 20 22 2 nd 6
Cyclopentane 1,2.4-Trimethyl 300 220 367 290 317 344 363 211 165 53 128 18 2.6 33
Cyclopentane 1,2,3-Trimethyl 323 359 438 438 548 403 574 514 192 4 242 16 1.9 24
Cyclohexane 9857 2260 3742 3424 4384 3113 4714 2698 994 352 66 11 7.8 24
Cyclohexane Methyl 5670 3164 4980 4439 6349 4940 5872 4693 3161 538 177 14 nd 64
Cyclohexane 1,3-Dimethyl cis 1343 1115 1325 1352 1614 1263 1540 1605 357 52 216 44 4.4 75
Cyclohexane 1,1-Dimethyl nd 265 467 576 751 373 432 384 92 15 nd nd nd nd
Cyclohexane 1,2-Dimethyl 632 421 473 485 548 489 603 570 144 21 125 9.3 nd 22
Cyclohexane 1,4-Dimethyl cis 108 201 251 226 302 226 266 259 68 10 50 5.2 nd 20
Cyclohexane Ethyl 224 199 311 263 318 247 302 226 85 7.3 nd nd nd nd
Cyclohexane 1,1,3-Trimethyl 395 107 120 108 124 116 132 105 78 22 496 142 10.5 212
Cyclohexane 1,2,3-Trimethyl 69 9.4 13 8.9 12 11 12 9.4 83 2.1 50 1.7 nd 3.0
Cyclohexane 1,24-Trimethyl 148 38 48 38 38 43 54 38 25 34 25 22 nd 39
Cyclohexane 1,3,5-Trimethyl nd 8.3 9.1 5.7 20 11 12 6.4 5.6 0.7 nd 1.2 nd 2.7
Cyclohexane 1-Ethyl, 3-Methyl nd 17 30 36 53 22 24 14 11 1.8 nd 0.0 nd nd
Cyclohexane 1-Ethyl, 4-Methyl nd 14 15 8.8 4.4 17 19 10 7.7 1.7 nd 1.0 nd 2.5
Cyclohexane Propyl nd 11 9.2 4.4 2.5 14 12 5.7 5.1 1.1 nd 0.5 nd 1.1
Cyclohexane 1,1,3,5-Tetramethyl nd 54 4.1 4.8 nd 85 6.2 53 3.6 0.5 nd 1.3 nd 1.5
Cyclohexane 1,1,2,3-Tetramethyl nd nd nd 1.6 nd 2.7 2.8 nd 2.4 0.9 20 1.7 nd 4.1
Cycloheptane Methyl nd nd nd nd nd nd nd nd nd nd 45 53 nd 13
Cyclooctane Methyl nd 59 7.0 2.6 1.5 29 4.6 3.9 35 1.3 nd nd nd nd
OctaHydro Pentalene nd 2.2 74 6.5 5.1 6.3 8.2 2.7 4.0 nd nd nd nd nd
1-H Indene Octahydro nd 8.8 9.3 4.1 nd 12 10 4.5 5.1 1.4 nd 1.2 nd 1.9
3-Carene nd nd nd 4.6 nd nd nd 34 nd nd nd nd nd nd
Benzene 18721 nd 83 229 404 95 139 14 nd nd 17 7.3 nd 86
Toluene 10001 nd 421 381 1362 143 130 23 nd nd nd nd nd 30
EthylBenzene 302 nd 160 123 266 63 73 6 59 10 nd nd nd 26
p-Xylene 282 nd nd nd nd nd nd nd nd nd nd 1.3 nd 23
o-Xylene nd 0.4 90 48 85 57 37 nd 41 nd nd nd nd 39
Styrene nd 0.7 47 50 403 44 20 nd 23 nd nd nd nd nd
Dimethylsulfide nd nd 10 9.4 5.4 3.0 17 nd nd nd 14 84 11 13
Carbondisulfide nd 0.2 nd 7.2 nd 20 nd nd nd nd nd 0.5 nd nd
Table S.
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8 Conclusions

Once formed through geological or biological processes in the subsurface, C-bearing gas
compounds such as CO, and CH4 may be transported within the Earth’s crust as a free gas
phases or dissolved in water, forming secondary carbon reservoirs, fostering shallow
biosphere and ultimately being released into the atmosphere. Upon leaving the formation
zone, C species may experience post-genetic processes during their geologic pathways
throughout the crust, such as: dissolution of CO, into shallow aquifers and subsequent carbon
segregation in carbonate minerals (e.g. Inguaggiato et al., 2005; Chiodini et al., 2015),
microbial oxidation of methane in oxic and anoxic environments by methanotrophic activity
(e.g. Templeton et al., 2006; Sivan et al., 2007) and biodegradation of C,, volatile organic
compounds (e.g. Alexander, 1994). Accordingly, the chemical speciation of carbon in natural
gas samples is the result of source and supergene processes and information about the primary
source (genetic mechanism and physico-chemical conditions) can be totally or partially
preserved or completely altered by secondary phenomena. The comprehension of both (i) the
primary processes on C-bearing gas compounds occurring in deep reservoirs at crustal
conditions and (ii) the secondary processes occurring during the uprising of fluids toward the
surface, are crucial for a reliable estimation of the global carbon budget.

The latter processes have a limited effect on the pristine fluid composition when the uprising
of the deep-originated C species 1s relatively fast. Hence, gases from high-flux natural
emissions may be considered the best proxy of the deep reservoirs. However, CO,, CH4 and
light hydrocarbons are emitted not only through punctual degassing vents, but also diffusively
through the Earth surface. Soil diffuse degassing significantly contributes to the atmospheric
emissions of carbon (e.g. Cardellini et al., 2003; Chiodini et al., 2004; Granieri et al., 2010;
Viveiros et al., 2010; Tassi et al., 2013). The chemical features of C species in interstitial soil
gases from diffuse degassing areas are likely controlled by secondary processes as fluids are
uprising towards the surface. Gas fluxes from soil, depending on the pressure gradient, and on
the structure, porosity and permeability of the media encountered during the ascent towards
the surface (e.g. Cardellini et al., 2003; Chiodini et al., 2010), is orders of magnitude lower
than those characterizing punctual discharges (e.g. Aiuppa et al., 2013). Thus, it is reasonable
to suppose that the composition of the gases released as diffuse emissions significantly
depends on chemical and physical processes (e.g. oxidation reactions, water vapor

condensation, interactions with shallow aquifers), favored by the strong changes in physico-
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chemical conditions, which are particularly effective when fluids slowly approach the surface,
i.e. within the soil (Tassi et al.,, 2013). Similarly, secondary processes driven by
microorganisms (Bacteria and Archaea), inhabiting soils and aquifers at shallow depths, may
affect the C-bearing compounds of fluids (e.g. Huber et al., 2000; Norris et al., 2002;
D'Alessandro et al., 2011; Gagliano et al., 2014). The establishment of pathways of fluid
migration in natural environments is particularly effective in volcanic and tectonic areas
where structural configuration allows fluid channeling along faults and fracture enhancing the
transport speed of carbon from deep to shallow reservoirs.

Investigating the geochemistry of C-bearing gas compounds in natural fluids can shed light on
their origin and evolution and on the history of the transporting media but many aspects are
still pending a solution. Hence, the overriding purpose of this thesis was to increase the
scientific knowledge on the composition and behavior of C-bearing gas compounds in natural
crustal fluids. The first goal of this PhD research project was to investigate the primary
source(s) of CH4 and light hydrocarbons in volcanic-hydrothermal gases under crustal
conditions, whilst the second goal was to study the secondary processes affecting the
composition of CO,, CHy4 and light hydrocarbons in natural fluids during their uprising from
the deep reservoirs to the surface in different geologic setting, ranging from active volcanoes
to sedimentary basins.

We demonstrated that hydrocarbons in hydrothermal fluids derive from biotic sources, i.e.,
predominantly from the thermal decomposition of organic matter. Meteoric waters and
seawater circulating through the crust shuttle organic matter from Earth’s surface into the
reservoir rocks. There, high temperature pyrolysis of organic matter and open system
degassing generates n-alkanes with isotopic compositions previously classified as being
indicative for abiogenesis. These results led us to question the dogma of crustal production of
abiotic hydrocarbons and highlighted the potential of n-alkanes to become sensitive indicators
of life on habitable (exo)planets. Investigation of geochemistry of hydrocarbons in high-
temperature magmatic-hydrothermal gases from Vulcano Island (southern Italy), an active
stratovolcano, suggested that within hydrothermal systems in contact with hot uprising
volcanic gases, physico-chemical conditions favorable for abiotic hydrocarbon formation may
be achieved. The second goal was to study the secondary processes affecting the composition
of CO,, CH4 and light hydrocarbons in natural fluids during their uprising from the deep
reservoirs to the surface in different geologic setting, ranging from active volcanoes to
sedimentary basins. Chemical and isotopic composition of hydrocarbons from hot magmatic-

hydrothermal vents of Vulcano Island, highlighted that these organic compounds may
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undergo heteroatomic reactions and being irreversibly transformed. At hydrothermal
conditions, we showed that mineral-assisted organic reactions strongly affect volatile organic
compounds, drastically changing alkanes-alkenes-aromatics relative abundances and isotopic
composition of C,—C4 hydrocarbons. In peripheral areas of volcanic systems, characterized by
diffuse degassing of CO,-rich gases, composition of CO, and CH,4 in soils and shallow
aquifers are controlled by supergene mechanisms, such as calcite precipitation and biological
processes. In particular, microbially-driven processes likely play a major role in modifying
the composition of methane prior to its emission from soils in volcanic and hydrothermal
systems. Finally, in tectonically active sedimentary basins, microbial processes at shallow
depth strongly affect the composition of uprising CH4 and CO,, primarily produced at depth
by thermal or microbial degradation of organic matter, and regulate their ultimate release into

the atmosphere.
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